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1. Introduction  

 

In the last two decades, few issues have attracted the attention of public discourse more 

than ‘global warming’ or in other words the ongoing and projected changes in earth’s climate 

state. From a scientific perspective, there is a consensus that the global temperatures are rising 

due to anthropogenic greenhouse gas emissions (e.g., Solomon et al., 2007). However, complex 

interactions between the different components of earth’s climate system make the prediction of 

future climate a challenging task, especially on regional and local scales. One example that shows 

this complexity in the system is the slow-down in warming during the last decade, while the 

atmospheric CO2 has been almost steadily increasing (e.g., Meehl et al., 2011). In addition to the 

rise in the average global temperature and its consequences as a result of increasing CO2 

emissions, the ocean pH has been decreasing referred to as ‘ocean acidification’ (e.g., Sabine et 

al., 2004). Increase in the acidity of the ocean has the potential to dramatically alter the marine 

ecosystem (e.g., Riebesell et al, 2000; Dèath et al., 2009). Past climate archives may provide an 

efficient tool to understand how the different components of the earth’s climate system interact. 

By past climate archives, I mean all temporal records (covering several decades to billions of 

years back in time) retrieved from ocean or land, that can give information about climate-related 

parameters (e.g., Solomon et al., 2007; Zachos et al., 2001; Erba et al., 2010). The climate 

information are extracted from these records  through ‘proxies’, which can be defined as indirect 

measurements of parameters that can give qualitative or quantitative information ideally about 

one climate-related parameter, but usually about a combination of parameters.  

In this thesis, we looked at marine sediment archives from the high latitude North Atlantic 

in order to extract information about changes in seawater carbonate chemistry, ventilation, 

temperature and nutrients. The target is to reconstruct past changes in the exchange between the 
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eastern Nordic seas and the North Atlantic in connection with changes in climate and carbon 

cycle during the last 135,000 years. Our methods (proxies) are mainly based on the isotopic 

(
11

B, ∆
14

C, 
18

O, 
13

C) and elemental (Cd/Ca, Mg/Ca and B/Ca) composition of the fossil shells 

of planktic and benthic foraminifera. Foraminifera are unicellular organisms adapted to a wide 

range of marine environments and secrete calcium carbonate tests. The isotopic and elemental 

composition of foraminiferal tests is sensitive to specific environmental factors like sea water 

temperature (Mg/Ca), carbonate chemistry (
11

B, B/Ca), ventilation (∆
14

C, 
13

C) and content of 

nutrients (Cd/Ca,
13

C ). The fossil tests of foraminifera, preserved on the sea floor, may then act 

as archives for ancient oceanographic conditions, when and where they lived. A detailed 

description of these proxies and their complications is introduced in papers II and III. I would like 

to emphasize that using a complex system i.e. ‘geochemistry of foraminiferal shells’ to infer 

information about another complex system ‘earth’s climate’, requires an acknowledgment of the 

‘uncertainty’ and how likely various sources of ‘error’ would affect acceptance/rejection of a 

proposed hypothesis. Starting my PhD in paleoclimate four years ago, it was a big shift from my 

master and bachelor interests and in fact the ‘uncertainty statement’ I wrote above might be the 

main take home message, I am carrying on out of my PhD-study for future work. 

 

2. Background and objectives 

 

Today, advection of heat and salt by northeastward inflow of Atlantic water (~8 Sv;  1 Sv 

= 10
6
 m

3
 s

-1
) across the Greenland-Scotland ridge into the Nordic seas and Arctic Ocean, where it 

loses heat and becomes fresher, and a southward return flow as cold and fresher surface outflow 

with the East Greenland Current (~1.3 Sv) as well as dense Iceland-Scotland (~3 Sv) and 
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Denmark Strait overflows (~3 Sv) represent the northern limb of the Atlantic Meridional 

Overturning Circulation (AMOC) (e.g., Hansen and Østerhus, 2000) (Fig. 1). The overflows from 

the Nordic seas contribute significantly to the North Atlantic Deep Water (NADW). This 

exchange of surface and deep water between the Arctic Mediterranean seas and North Atlantic is 

important for the global meridional ocean circulation and climate (e.g., Vellinga and Wood, 

2002; Rhines et al., 2008) and is thought to have operated differently in the past in relation to 

changes in regional and global climate (e.g., Broecker et al., 1989; Rasmussen et al., 1996; 

Dokken and Jansen 1999; Ganopolski and Rahmstorf, 2001; Thornalley et al., 2011; Ezat et al., 

2014; Skinner et al., 2014).  

 Millennial scale and abrupt climatic anomalies were a persistent feature during the last 

glaciation and deglaciation (e.g., Dansgaard et al., 1993; EPICA, 2006). Evidence for this climate 

instability first came from Greenland ice cores showing ~25 millennial-scale oscillations in air 

temperatures over Greenland, referred to as Dansgaard-Oeschger (DO) events (Dansgaard et al., 

1993). A typical DO cycle there is characterized by an abrupt atmospheric warming of 8–16 °C 

from cold stadial to warmer interstadial conditions followed by a gradual cooling and eventually 

a sudden cooling back to stadial conditions (Huber et al., 2006). In North Atlantic and Nordic 

seas sediments, DO events are associated with the occurrence of Ice Rafted Debris (IRD). In 

particular, several layers anomalously rich in detrital carbonate were recorded in the North 

Atlantic called Heinrich events and are thought to be correlated with the coldest periods of the 

longest lasting stadials in the ice cores (e.g., Heinrich 1988; Bond et al., 1993; Hemming et al., 

2004). The entire stadial periods during which a Heinrich event is recorded are defined as 

Heinrich stadials (HS). Apparent climatic reorganizations were recorded throughout the globe 

closely correlated with Greenland DO events, especially with those associated with Heinrich 

events (e.g., Voelker, 2002). However, this does not necessarily imply the same or connected 
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causal mechanisms (e.g., Wunch et al., 2006). The global expressions of DO events share some 

similar characteristics on a regional and global scale, but their detailed evolution differs (e.g., 

Gutjahr and Lippold, 2011; Standford et al., 2011; Bohm et al., 2015). Here we summarize the 

main climatic and carbon cycle observations for DO stadial 2 (also termed as HS1), which 

occurred during the early deglaciation (19–14.5 thousand years before present, hereafter ‘ka’). 

We chose to focus on this event as it has received the greatest attention in our study.  

Within this time interval of HS1 (19–14.5 ka), cooling over Greenland (Dansgaard et al., 

1993), warming of the Antarctic region (EPICA, 2006), net global warming (Shakun et al., 2012), 

weakening of the Asian monsoons (Wang et al., 2001), southward shift of the intertropical 

convergence zone (Lea et al., 2003), apparent reorganizations of the AMOC (e.g., McManus et 

al., 2004; Skinner et al., 2014), delivery of armadas of icebergs into the North Atlantic (e.g., 

Hemming, 2004), rises in atmospheric CO2 (e.g., Marcott et al., 2014) and abrupt decline in the 

δ
13

C and ∆
14

C of atmospheric CO2 (e.g., Schmitt et al., 2012; Reimer et al., 2009) were recorded. 

In addition, extensive deglaciation of the European Alps (Denton et al., 1999) took place at the 

same time, while the northwestern Europe and major parts of the North Atlantic Ocean cooled 

down (e.g., Bond et al., 1993; Renssen and Isarin, 2001; Denton et al., 2005). At the end of 

stadial 2 and onset of interstadial 1 (at 14.5 ka), the air temperature abruptly increased over 

Greenland, while it slowly decreased over Antarctica.  

Changes in the strength of ocean’s meridional circulation, and particularly in the AMOC, 

are usually invoked in explaining these mysterious climate and carbon cycle variations through 

its influence on heat redistribution, global transmission of regional climate anomalies, air-sea 

CO2 exchange and the efficiency of nutrient utilization (e.g., Stommel, 1961; Broecker, 1998; 

Ganopolsi and Rahmstorf, 2001; Vellinga and Wood, 2002; Clark et al., 2002; Anderson et al., 

2009; Barker et al., 2011; Skinner et al., 2014;). Several pieces of evidence support an AMOC 
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instability during the last glacial and deglacial climatic anomalies; inferred based on proxies of 

distributions of nutrients (Cd/Ca, δ
13

C), water mass sources (Nd isotopes), degree of ventilation 

(
14

C) and overturning rates (
231

Pa/
230

Th) (e.g., Sarnthein et al., 2000; McManus et al., 2004; 

Piotrowski et al., 2008; Roberts et al., 2010; Skinner et al., 2014). Whether the oceanic 

reorganizations were triggers or amplifiers for glacial/deglacial interhemispheric climatic 

anomalies remains a question (e.g., Broecker et al., 2003; Wunch et al., 2006). 

A transient slowdown in the formation of NADW, probably caused by instability of the 

ice sheets, would have reduced the northward heat export cooling the northern Hemisphere and 

warming of the southern Hemisphere via a mechanism called the thermal bipolar seesaw 

(Broecker, 1998; Stocker and Johnsen, 2003). Associated sea ice retreat in the Southern Ocean 

and a reorganization of the atmospheric circulation (including southward shift and/or 

intensification of southern westerlies) may have caused venting of an abyssal CO2-rich reservoir 

generated during the glacial period (e.g., Anderson et al., 2009; Skinner et al., 2010; Skinner et 

al., 2014). This glacial deep CO2 reservoir thought to have been isolated for several thousands of 

years must have become 
14

C-depleted and with exceptionally low δ
13

C values. Hence, venting of 

this reservoir may have caused the atmospheric rise in CO2 and decline in 
14

C and δ
13

C of the 

atmospheric CO2 during HS1 (e.g., Marchitto et al., 2007; Anderson et al., 2009; Skinner et al., 

2010; Schmitt et al., 2012). Proposed mechanisms for enhanced CO2 storage in the glacial deep 

ocean include an enhanced soft tissue-pump (Martin et al., 1990; Martinez-Garcia et al., 2014) 

and increased sea ice extension and ocean stratification (e.g., Stephens and Keeling, 2000). The 

extension and properties of this hypothesized 
14

C- and δ
13

C depleted CO2 reservoir in the glacial 

abyssal ocean and how and why it vented are still very open questions (e.g., Broecker and Clark, 

2010; Anderson et al., 2010; Hain et al., 2011). While most studies aimed at understanding the 

deglacial rises in atmospheric CO2 focus on the Southern Ocean (where most of the modern deep 
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water first see the sea surface), other areas such as in the North Pacific also seem to have played 

an important role (Rae et al., 2014). 

Key evidence for the link between the carbon storage (release) in (from) the ocean and the 

evolution in the content and isotopic composition of atmospheric CO2 during HS1 comes from 

the marine radiocarbon anomalies recorded at intermediate depth in the North Pacific and North 

Atlantic Ocean (e.g., Marchitto et al., 2007; Stott et al., 2009; Thornalley et al., 2011). Of 

particular interest to our study is the extreme and surprising mid-depth 
14

C anomalies recorded 

south of Iceland. These anomalies have been interpreted as a remote signature of the upwelled 

14
C-depleted deep water from the Southern Ocean and northward transport by Antarctic 

Intermediate Water (AAIW) (Thornalley et al., 2011). AAIW is thought to have expanded further 

north in the North Atlantic than it does today due to reduction in the formation of NADW and/or 

changes in their preformed density gradients (e.g., Rickaby and Elderfield, 2005). However, the 

southern source of these ∆
14

C anomalies south of Iceland remains in question (e.g., Sortor and 

Lund, 2011; Cleroux et al., 2011; Huang et al., 2014; Lund et al., 2015) as well as for those 

recorded in the North Pacific (e.g., De Pol-Holz et al., 2010). Another possible source for the 
14

C-

depleted and nutrient-rich water masses found in the northern North Atlantic is outflow from an 

aged reservoir in the Nordic-Arctic basins (Cleroux et al., 2011; Skinner et al., 2014; Lund et al., 

2015). Recently, Lund et al. (2015), based on a compilation of 
13

C records from the deep South 

Atlantic, found no evidence for increased ventilation of the deep ocean there during HS1, 

questioning the canonical view of venting of the Southern Ocean as the main trigger for the early 

deglacial rise in the atmospheric CO2. Instead, they suggested a northern hemisphere source for 

the early deglacial rise in the atmospheric CO2.  
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The stadials ended with a large and abrupt atmospheric warming in the northern high 

latitudes as seen in Greenland ice cores. In general, studies shows similar configuration and vigor 

of the AMOC during the interstadials compared to the present (e.g., McManus et al., 2004; 

Rasmussen and Thomsen, 2004; Piotrowski et al., 2008; Roberts et al., 2010; Thornalley et al., 

2011; Skinner et al., 2014). The invigoration of NADW formation has been suggested to be the 

cause of the abrupt North Atlantic warmings at the onset of interstadials (e.g., Ganopolski and 

Rahmstorf, 2001) and attributed to buoyancy removal from NADW formation sites (e.g., 

Broecker et al., 1990) or freshening of AAIW (e.g., Weaver et al., 2003). Recent modeling 

studies suggested that the extent of sea ice and subsurface temperatures in the Nordic seas may 

have played an important role in the North Atlantic warmings and rapid recovery of the AMOC 

at the end of stadial periods (e.g., Li et al., 2005, 2010; Mignot et al., 2007; Brady and Otto-

Bliesner et al., 2011; Singh et al., 2013).  

Thus, reconstructing the evolution of the Arctic Mediterranean seas hydrography and their 

exchanges with North Atlantic is crucial to understand the glacial and deglacial anomalies in the 

climate and the carbon cycle. This PhD study is based on sediment core JM11-FI-19PC retrieved 

from the Faroe-Shetland Channel (62°49'N, 03°52'W; 1179 m water depth) (Fig. 1). The core 

location is ideal for the study of the exchange between the eastern Nordic seas and North 

Atlantic. In the Faroe-Shetland Channel the largest inflow of Atlantic water into the Nordic seas 

and one-third of the entire overflows from the Nordic seas into the North Atlantic takes place 

today (Hansen and Østerhus, 2000). In brief, in the present study we sought answers for the 

following questions aiming to bridge some knowledge gaps about past changes in the AMOC and 

its impact on the marine carbon cycle and regional climate from a northern angle. 
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1- How did the hydrographic properties evolve in the Norwegian Sea during the past 135 

kyr? And what role they, if any, may have played in the recorded regional climatic 

anomalies? 

2- How was the exchange of surface and deeper waters between the Norwegian Sea and the 

North Atlantic during the past 135 kyr? 

3- Can the deglacial extreme ∆
14

C anomalies recorded south of Iceland be explained by a 

deep outflow from Arctic Mediterranean seas across the Iceland-Scotland ridge? 

4- The modern Norwegian Sea is among the most intense areas for CO2 uptake (Takahashi et 

al., 2009), how did this operate during the past 135 kyr? 

   

3. Approach 

 

The objectives of this study are approached mainly via reconstructing the following water 

properties from the southern Norwegian Sea and comparing them with those from northern North 

Atlantic: 

 

3.1. Seawater temperature and δ
18

O (Method: Foraminiferal δ
18

O and minor/trace 

elements) 

Foraminiferal δ
18

O values are a function of calcification temperature, seawater δ
18

O and 

carbonate chemistry (e.g., Shackleton et al., 1967; Spero et al., 1997). Seawater δ
18

O values at a 

specific location vary through time due to changes in global ice volume, salinity-related effects 

(evaporation/precipitation, meltwater and river runoff) and ocean circulation patterns (e.g., 

Dansgaard, 1964; Shackleton, 1967; Waelbroeck et al., 2011). Minor/trace element to calcium 

ratios measured in the same foraminiferal samples as δ
18

O have the potential to provide 
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independent information about the calcification temperature (e.g., Nürnberg et al., 1996), salinity- 

related effects (e.g., Wit et al., 2013; Bahr et al., 2013) and carbonate chemistry (e.g., Yu and 

Elderfield, 2007a). In particular, parallel measurements of δ
18

O and Mg/Ca on the same 

foraminiferal species may be used to infer information about the seawater δ
18

O and temperature 

at the calcification depth and seasons of the foraminiferal species under analysis.  

 

3.2. Seawater carbonate chemistry (Method: Foraminiferal δ
11

B) 

The boron isotopic composition of biogenic carbonate is sensitive to seawater-pH. 

Briefly, from the two dominant dissolved boron species in seawater, boric acid [B(OH)3] and 

borate [B(OH)4
-
], borate is the predominantly incorporated boron species into marine carbonate 

(Hemming and Hanson et al., 1992). The relative abundance of the two boron species as well as 

their boron isotopic composition changes with pH (Hershey et al., 1986). Culture experiments on 

planktic foraminifera gave an empirical support for using their boron isotopic composition as a 

proxy for pH (e.g., Sanyal et al., 1996), but species-specific offsets from the theoretical δ
11

B of 

seawater borate were also observed, which is widely ascribed to ‘vital effects’ (e.g., Hönisch et 

al., 2003) and/or incorporation of boric acid (e.g., Klochko et al., 2009). A diffusion-reaction 

model has shown that this species-specific offset is constant over a wide range of pH values and 

thus does not compromise the use of planktic foraminiferal δ
11

B as a pH proxy (Zeebe et al., 

2003). If two of the six carbonate parameters (total Dissolved Inorganic Carbon (DIC), total 

alkalinity, carbonate ion concentration, bicarbonate ion concentration, pH and CO2), are known 

in addition to temperature, pressure and salinity, the other parameters can be calculated (Zeebe 

and Wolf-Gladrow, 2001). The temperature and salinity may be estimated through a combination 

of foraminiferal δ
18

O and Mg/Ca. Using reasonable assumptions about changes in total alkalinity, 

the other carbonate parameters can then be calculated. 
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As the ocean is the largest dynamic carbon reservoir on millennial time scale, it must have 

played a dominant role at glacial/interglacial variations in atmospheric CO2. Constraining the 

seawater carbonate chemistry of the surface/deep ocean bears directly on the role of the ocean in 

shaping the atmospheric CO2. In addition, it provides a non-conservative tracer of water masses 

and oceanic processes. In particular relevance to our study is the sea-ice formation process. 

Studies from the modern East Greenland current region showed that total dissolved inorganic 

carbon is rejected more efficiently than total alkalinity during sea-ice formation, causing the 

brines beneath the sea-ice to be enriched in CO2 compared to normal seawater (e.g., Rysgaard et 

al., 2009). Seawater carbonate chemistry also is sensitive to changes in export production. 

  

3.3. Seawater 
14

C age (Method: Foraminiferal ∆
14

C) 

Radiocarbon (
14

C) is continually being produced in the atmosphere by cosmogenic 

interaction with nitrogen and is taken up by the ocean via air-sea CO2 exchange. The radiocarbon 

content of seawater DIC is expressed as 
14

C age or in ∆
14

C units. The 
14

C age of seawater DIC is 

a function of the air-sea CO2 exchange at the surface ocean and subsequent radioactive decay of 

14
C as the water circulates to the ocean’s interior. Benthic foraminiferal species record the 

14
C 

age of the ambient deep water, which is then a function of the time elapsed since this water was 

last in contact with the atmosphere. Planktic foraminifera record the seawater 
14

C age at their 

shallow subsurface calcification depth, which is a balance between the equilibration with the 

atmosphere and mixing with deeper 
14

C depleted waters. This provides the opportunity to 

estimate the changes in the ventilation age of water masses through time by comparing their 
14

C 

age recorded in foraminifera with the contemporary atmospheric 
14

C age. A challenging 

requirement for this approach is an accurate calendar chronology for the marine records.  
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4. Summary of papers 

 

Paper I 

Mohamed M. Ezat, Tine L. Rasmussen, Jeroen Groeneveld, Persistent intermediate water 

warming during cold stadials in the southeastern Nordic seas during the past 65 k.y. 

Geology 2014; Volume 42 (8), 663-666.  

In this paper we reconstruct the bottom water temperature (BWT) from the southern 

Norwegian Sea during the past 65 kyr based on Mg/Ca measurements in infaunal benthic 

foraminifera. The BWT record resolves most of the DO events, at least partly, during this time 

interval. The motivation of this work was to test a long-standing proposed hypothesis that the 

intermediate/deep water in the eastern Nordic seas and northern North Atlantic warmed up during 

the cold stadials. This hypothesis was suggested based on occurrence/increase of the abundance 

of a group of benthic foraminiferal faunas named as ‘Atlantic species’ (Rasmussen et al., 1996). 

Furthermore, a subsurface build-up of heat during the cold stadials is suggested to have been a 

key player in the onset of interstadials through destabilization of the water column stratification, 

causing melting of sea ice (Rasmussen and Thomsen, 2004), collapse of ice shelves (Marcott et 

al., 2011) and a rapid return to a vigorous mode of deep water formation in the Nordic seas 

(Brady and Otto-Bleiesner, 2011). This feature has also been frequently observed in fresh-water 

hosing (e.g., Brady and Otto-Bleiesner, 2011) and non-hosing (e.g., Singh et al., 2013) modeling 

experiments designed to simulate the abrupt glacial climate change. Our BWT record, which is 

the first Mg/Ca-based record from the Nordic seas on DO time scales, indeed shows prominent 

increases during the cold stadials (up to 5 °C) relative to the Holocene and interstadials. In 

agreement with previous studies (e.g., Rasmussen et al., 1999), we interpret the rise in BWT 

during stadials as a subsurface inflow of warm Atlantic water reaching >1.2 km water depth 
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below a well-developed halocline. We suggested that warm Atlantic water never ceased to flow 

into the Nordic seas during the glacial period; inflow at the surface during the Holocene and 

warm interstadials changed to subsurface and intermediate inflow during cold stadials. We 

conclude that ‘it is the vertical shifts in the position of the warm Atlantic water that caused the 

abrupt surface warmings’ based on the evidence of a gradual increase in BWT during the stadials 

and a sudden drop in BWT at the start of some interstadials. However, not all events follow this 

required pattern in our BWT record. In some part of the record (33.7 to 22.5 ka), we attribute this 

to the low temporal resolution in our record relative to the very short-lasting interstadials during 

this interval, as recorded in the Greenland ice cores. In any case, more and higher resolution 

BWT records are needed to further assess these hypotheses. 

 

Paper II 

Mohamed M. Ezat, Tine L. Rasmussen, Bärbel Hönisch, Jesper Olsen, Jeroen Groeneveld, Luke 

Skinner, A 135 kyr record of subsurface pCO2, nutrient levels and ventilation in the 

Norwegian Sea. In preparation for submission to Nature Geoscience. 

In this part of the study we were concerned with two questions: 

1- The modern Norwegian Sea is among the most intense areas for CO2 uptake (Takahashi et al., 

2009), how did this operate during the past 135 kyr? 

2- The deglacial extreme ∆
14

C anomalies recorded south of Iceland (Thornalley et al., 2011) 

represents a benchmark observation to understand the deglacial evolution of the North Atlantic 

circulation and the ocean release/uptake of carbon, though, the source of these anomalies is not 

known. Have these ∆
14

C anomalies originated from the Arctic Mediterranean seas via the 

Iceland-Scotland pathway? 

For this, we generated records of shallow subsurface seawater 
14

C ventilation age, pCO2 and 
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nutrients using ∆
14

C, 
11

B, Cd/Ca and 
13

C proxies measured in the planktic foraminiferal species 

N. pachyderma (s) and mid-depth 
14

C ventilation age based on ∆
14

C measurements in a specific 

group of benthic foraminiferal species.  

The difference between the pCO2 in the surface ocean and atmosphere (∆pCO2sea-air) is a 

measure of the tendency of a water mass to exchange CO2 with the atmosphere. Reconstructing 

pCO2 in the surface ocean would then provide solid constrains on the ocean role in past changes 

in atmospheric CO2. Reconstructions of sea surface pCO2 from the western Equatorial Pacific 

(Palmer and Pearson, 2003), Eastern Pacific and Atlantic sector of the Southern Ocean (Martinez-

Boti et al, 2015) suggested that CO2 has escaped from the ocean during the deglaciation, when 

atmospheric CO2 was increasing. The higher numbers of sea surface pCO2 records from different 

ocean areas, the better the understanding of the ocean’s role in control of the variations in 

atmospheric CO2. Here in the Norwegian Sea, we document large increases in ∆pCO2sea-air during 

some Heinrich stadials, correlating with rises in atmospheric CO2. However, the relatively deeper 

habitat of N. pachyderma (s), as well as the probability of episodes of perennial/seasonal sea-ice 

cover during Heinrich stadials renders the direct interpretation of ∆pCO2sea-air in terms of air-sea 

CO2 exchange difficult. We suggested that the increases in the pCO2 may represent episodes of 

enhanced sea ice formation (cf., Rysgaard et al., 2009). Also, the tight link between the increases 

in CO2 and Cd/Ca peaks suggest that the CO2 variations are, at least partly, due to changes in the 

level of nutrient utilization. 

Our 
14

C ventilation age reconstructions clearly preclude outflow of an ‘old’ water mass from 

the eastern Nordic seas to be a source of the extremely aged water masses found in the northern 

North Atlantic during the early and late HS1, while subsurface intrusions of these old water 

masses into the Nordic seas are more likely. During mid-HS1, a switch to well ventilated 
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intermediate water south of Iceland (Thornalley et al., 2011) and a decrease in the average high 

latitude North Atlantic reservoir age (Stern and Lisiecki 2013) were recorded. This occurred 

close in time to the ∆pCO2sea-air peak in our record. As we speculate that the increase in the pCO2 

may indicate an enhanced period of sea ice formation, it seems possibly that the North Atlantic 

was flushed with relatively well ventilated outflows generated by salt rejection in the Nordic seas 

during mid-HS1.    

 

Paper III 

Mohamed M. Ezat, Tine L. Rasmussen, Bärbel Hönisch, Jeroen Groeneveld, Downcore 

comparison of two planktic foraminiferal Mg/Ca cleaning protocols and reconstruction of 

the hydrographic changes in the southern Norwegian Sea during the past 135 kyr. In 

preparation for submission to G-cubed. 

The main target of this work is to reconstruct the shallow subsurface hydrography 

(temperature and seawater δ
18

O) for the last 135 kyr at the southern Norwegian Sea based on 

parallel measurements of Mg/Ca ratios and δ
18

O in shells of the planktic foraminiferal species 

Neogloboquadrina pachyderma sinistral. We initially cleaned the foraminiferal samples prior to 

minor/trace element analyses using the ‘Mg cleaning’ method (Barker et al., 2003), but a later 

need to measure Cd and Ba (Ezat et al., second paper) led us to repeat the analyses using the ‘full 

cleaning’ method (Martin and Lea, 2002). The ‘full cleaning’ method includes two additional 

steps: reduction step with buffered solution of hydrous hydrazine and alkaline chelation step with 

alkaline diethylene-triamine-pentaacetic acid (DTPA) solution. While the reduction step is 

standard for Ba/Ca and Cd/Ca, it is not very clear if it is necessary, adequate or even damaging 

for the Mg/Ca analyses (Pena et al., 2005; Martin and Lea 2002; Rosenthal et al., 2004; Barker et 

al., 2003; Yu et al., 2007b). Although comparable Mg/Ca results were obtained from the two 
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cleaning protocols, significant decreases in the Mg/Ca ratios at some intervals were recorded 

when the ‘full cleaning’ method was used. The decreases in Mg/Ca may be due to efficient 

removal of contaminants or partial dissolution as a side effect from the extra cleaning (e.g., 

Barker et al., 2005). We compared the differences in Mg/Ca between the two cleaning methods 

with ratios of Al/Ca, Fe/Ca and Mn/Ca (as monitors of contamination), shell weights (as a 

preservation index) and % weight loss during the cleaning process (as an indicator of the 

laboratory dissolution). If the decrease in our down-core Mg/Ca was caused by dissolution as a 

side effect from the extra cleaning (e.g., Yu et al., 2007b), we would expect this decrease to 

predominate in samples where the sample loss during the cleaning process is higher. The 

decreases in Mg/Ca are also accompanied with decreases in Mn/Ca. Altogether this indicates that 

the ‘Mg cleaning’ method was not sufficiently effective in removing different contaminants and 

that the differences in Mg/Ca are mainly due to more efficient removal of Mn-contaminated 

coatings, when the ‘full cleaning method’ was applied. This may also apply to areas with similar 

depositional settings and thus we recommend, similar to previous studies (e.g., Barker et al., 

2005), that a screening test for different cleaning protocols should be applied before deciding 

which cleaning protocol to use. We therefore used only Mg/Ca results from the full cleaning 

method. This is unfortunate, as those results are of much lower resolution than the results from 

the ‘Mg cleaning’ method. Mostly, our Mg/Ca record based on the full cleaning method is 

discontinuous and in certain intervals of low resolution and is not capable of resolving all glacial 

millennial scale climatic events.   

The results show a decrease of about 1‰ in seawater δ
18

O, increase in the subsurface 

temperature and stable dominance of N. pachyderma (s) (>80%) during HS1 suggesting a strong 

stratification in the upper water column and a possible subsurface inflow of Atlantic water below 

a well-developed halocline, at least during the calcification seasons of N. pachyderma (s). Similar 
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decreases in seawater δ
18

O are also recorded for the other resolved Heinrich stadials. In addition, 

our temperature estimates for the Eemian interglacial (~130–110 ka) are in a good agreement 

with previous estimates based on planktic foraminiferal assemblages and dinoflagellate cysts 

(Rasmussen et al., 2003; van Nieuwenhove et al., 2011) documenting a delay in the Eemian peak 

warmth compared to the North Atlantic and a late Eemian warming in the southeastern Nordic 

seas extending to the time of the summer insolation minimum at 60° N (e.g., Rasmussen et al., 

2003). However, relatively high δ
18

Oseawater during the early Eemian suggests a subsurface inflow 

of Atlantic water below a thin layer of polar water. Our bottom water temperature (BWT) 

reconstructions based on Mg/Ca measured in the benthic foraminiferal species Melonis 

barleeanus indicate early Eemian intermediate/deep circulation may have operated similarly to 

modern at this site.  

 

5. Concluding remarks and Outlook 

The overall objective of this study was to investigate the North Atlantic-Norwegian Sea 

exchanges in connection to the glacial and deglacial climatic and carbon cycle changes. Here we 

summarize our main findings and some suggestions for future work:  

1- We generated the first record of Mg/Ca-based bottom water temperature (BWT) record on 

DO time scales from the Nordic seas. The record suggests that warm Atlantic water never 

ceased to flow into the Nordic seas during the glacial period; inflow at the surface during 

the Holocene and warm interstadials changed to subsurface and intermediate inflow 

during cold stadials. These hypothesized vertical shifts in the position of the warm 

Atlantic water may have caused the abrupt regional atmospheric warmings at the onset of 

interstadials, but higher temporal resolution BWT records from the Nordic seas as well as 

modelling exercises are required to evaluate these hypothesizes.  
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2- We produced shallow subsurface pH and pCO2 records from the southern Norwegian Sea 

based on boron isotope measurements in the shells of the planktic foraminiferal species N. 

pachyderma (s). The direct interpretations of the CO2 record in terms of air-sea CO2 

exchange were found to be difficult. Areas south of the Greenland-Scotland ridge, where 

other planktic species with known shallower habitat (e.g., G. bulloides) may be available 

for glacial and deglacial reconstructions should be investigated in the future. We suggest 

that the increases in ∆pCO2sea-air during the resolved Heinrich Stadials may indicate high 

rates of sea ice formation and changes in the level of nutrient utilization. Based on 
14

C 

ventilation age and carbonate chemistry reconstructions from the Norwegian Sea and 

northern North Atlantic for mid-HS1, we speculate that salt-rejection mode of 

intermediate deep water formation may have operated at this time and flushed the North 

Atlantic with relatively well-ventilated water from the Nordic seas.  

3- Our 
14

C ventilation age reconstructions for the intermediate waters in the southern 

Norwegian Sea clearly preclude outflow of an ‘old’ water mass from the eastern Nordic 

seas to be a source of the extremely aged water masses found in the northern North 

Atlantic during the early and late Heinrich Stadial 1.  The Faroe Shetland Channel, our 

area of study, is a key area for exchanges between the Nordic seas and North Atlantic, but 

future work should cover other main gateways between the North Atlantic and Nordic 

seas. 

4- Our record spans the past 135,000 years including the last interglacial ‘the Eemian’, the 

Weichselian glaciation and the Holocene interglacial. In this thesis we focused on the 

glacial and deglacial events and little attention is paid to the interglacial periods. Our 

Mg/Ca- based temperature reconstructions during the Eemian confirm the previous 

findings of early cooling and late warming in the eastern Nordic relative to the North 
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Atlantic. However, we document a shallow subsurface inflow of Atlantic water during the 

early Eemian, probably below a thin layer of polar water. 

5- Comparing downcore Mg/Ca measurements in N. pachyderma (s) based on the use of two 

different cleaning protocols prior to the minor/trace element analyses yielded significantly 

different Mg/Ca results (for details see paper III). 
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Figure 1: Map showing the major surface and bottom water currents in the northern North 

Atlantic and the Nordic seas (Hansen and Østerhus, 2000; Mork and Blindheim, 2000; Orvik and 

Niiler, 2002; Jakobsen et al., 2003). The star and circle indicate the location of core JM11-FI-

19PC and cores studied in (Thornalley et al., 2011), respectively. 
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ABSTRACT
In the Nordic seas, conversion of inflowing warm Atlantic sur-

face water to deep cold water through convection is closely linked 
with climate. During the last glacial period, climate underwent rapid 
millennial-scale variability known as Dansgaard-Oeschger (DO) 
events, consisting of warm interstadials and cold stadials. Here we 
present the first benthic foraminiferal Mg/Ca-d18O record from the 
Nordic seas in order to reconstruct the ocean circulation on DO time 
scales. The record confirms that convection similar to modern took 
place in the Nordic seas during interstadials with cold bottom water 
temperatures (BWTs) close to modern temperatures. The results 
show gradual and pronounced BWT increases of 2–5 °C during sta-
dials, indicating a stop or near stop in convection. The BWT peaks 
are followed by an abrupt drop in temperature at the onset of inter-
stadials, indicating the abrupt start of convection and renewed gen-
eration of cold deep water. The rise in BWT during stadials confirms 
earlier interpretations of subsurface inflow of warm Atlantic water 
below a halocline reaching >1.2 km water depth. The results suggest 
that warm Atlantic water never ceased to flow into the Nordic seas 
during the glacial period; inflow at the surface during the Holocene 
and warm interstadials changed to subsurface and intermediate 
inflow during cold stadials. Our results suggest that it is the verti-
cal shifts in the position of the warm Atlantic water that cause the 
abrupt surface warmings.

INTRODUCTION
The North Atlantic Current transports warm and salty water masses 

into the Nordic seas, where they cool and sink to form North Atlantic 
Deep Water. The strength of deep water production influences the amount 
of heat transported northward, and has a major role in determining re-
gional climate anomalies and their global telecommunication. Greenland 
ice cores reveal prominent and pervasive millennial-scale climatic oscil-
lations, referred to as Dansgaard-Oeschger (DO) events, dating from the 
last glacial cycle. A typical DO cycle is characterized by an abrupt atmo-
spheric warming of 8–16  °C from stadial (cold) to interstadial (warm) 
conditions followed by a gradual cooling and eventually a sudden cooling 
back to stadial conditions (Dansgaard et  al., 1993; Huber et  al., 2006). 
DO events are manifested in marine and continental records in the cir-
cum–North Atlantic region and throughout the globe (Voelker, 2002). 
Associated with the DO events is the anomalous occurrence of ice-rafted 
debris (IRD) across the North Atlantic Ocean, forming particularly thick 
detrital carbonate-bearing deposits known as Heinrich layers, during the 
six longest-lasting stadials (Heinrich stadials, HS) (Hemming, 2004). 
Several studies suggest a vital role of the Nordic seas in regulating cli-
mate during the last glacial period (e.g., Rasmussen et al., 1996; Dokken 
and Jansen, 1999; Singh et al., 2013; Petersen et al., 2013). Proxy stud-
ies from the Nordic seas have revealed prominent benthic foraminiferal 
d18O depletions of ~0.5‰–2‰ during stadials. The causes of the deple-
tions in the benthic d18O signals are debated. Sinking of isotope-depleted 
brines formed due to sea ice production has been proposed (e.g., Dokken 
and Jansen, 1999); other explanations include warming of the intermedi-

ate water (e.g., Rasmussen and Thomsen, 2004) and hyperpycnal flow of 
sediment-rich freshwater (Stanford et al., 2011).

Oxygen isotopes in foraminiferal calcite are a function of calcifica-
tion temperature and seawater d18O; the latter is linked to glacio-eustatic 
changes and salinity (e.g., Skinner and Shackleton, 2005). The sea-level 
changes between the stadials and interstadials generally range between 
20 and 30 m (Siddall et al., 2008). Global sea level can account only for 
~0.25‰ d18O change (d18Osl ~1.1‰/100 m; Fairbanks, 1989). This con-
version does not account for the regional deviation of d18Osl from the 
global mean due to spatiotemporal variability of the d18Osl from the source 
to the study region (e.g., Friedrich and Timmermann, 2012). Especially 
during large ocean reorganization events, the regional deviation of d18Osl 
could be significant at our site close to the northern ice sheets. The Mg/Ca 
measured from foraminiferal tests has the potential to determine the tem-
perature component of the d18O signal. However, there are only very few 
benthic foraminiferal Mg/Ca records from the Nordic seas, and only for 
the period 18.7–14.2 ka (i.e., HS1) (Marcott et al., 2011).

In this study we present the first Mg/Ca-based bottom water tempera-
ture (BWT) record from the Nordic seas based on infaunal benthic forami
nifera (Melonis barleeanus and Cassidulina neoteretis) covering the past 
65 k.y. Although several studies (e.g., Raitzsch et al., 2008) showed a 
significant effect of carbonate ion saturation on Mg incorporation in epi
faunal benthic foraminifera below 3 °C, infaunal species do not seem to 
be significantly influenced by carbonate ion saturation (e.g., Skinner et al., 
2003; Elderfield et al., 2010). In addition, we estimate that the impact of 
salinity is minor (0.2–0.4 °C; e.g., Dissard et al., 2010). Accordingly, the 
variations in Mg/Ca are predominantly controlled by BWT.

MATERIALS AND METHODS
The study is based on the upper 7 m of piston core JM11-FI-19PC 

(62°49′N, 03°52′W), retrieved from a water depth of 1179 m northwest 
of the Faroe Islands (during the 2011 R/V Jan Mayen cruise by the Uni-
versity of Tromsø) (Fig. 1A). Today, about one-third of the cold overflow 
crossing the Greenland-Scotland Ridge passes the core site (Hansen and 
Østerhus, 2000). The overflow water has a temperature of <–0.5 °C and 
a salinity of 34.91 psu (Hansen and Østerhus, 2000) (Fig. 1B); it flows 
underneath the warm Atlantic surface water of the North Atlantic Drift 
flowing into the Nordic seas (Fig. 1A).

The magnetic susceptibility was measured using a GEOTEK multi-
sensor core logger. After logging, the core was split, scanned using X-ray 
fluorescence (XRF), and then sampled at 5 cm, 2.5 cm, or 1 cm intervals; 
~300 benthic foraminifera were identified and counted from the size fraction 
>100 µm at 5 cm resolution. Warm-water species were grouped as Atlantic 
species (Rasmussen et  al., 1996; see also the GSA Data Repository1). 
Tephra shards (rhyolitic and basaltic) were counted from the >100 µm size 
fraction. The concentration of tephra particles was calculated as the number 
of grains per gram dry weight sediment. Six tephra layers were identified by 
abundance counts (Table DR1 and Fig. DR1 in the Data Repository).

*E-mail: mohamed.ezat@uit.no.

1GSA Data Repository item 2014248, Tables DR1–DR4, Figures DR1–
DR4, and supplemental information, is available online at www​.geosociety​.org​
/pubs​/ft2014​.htm, or on request from editing@​geosociety​.org or Documents Sec-
retary, GSA, P.O. Box 9140, Boulder, CO 80301, USA.
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Only pristine foraminiferal tests with no signs of dissolution of the 
benthic foraminiferal species M. barleeanus (35–75 tests, size fraction 
150–315 µm) and C. neoteretis (70–100 tests, size fraction 150–250 µm) 
were selected for trace element and stable isotope analyses. The stable 
isotope analyses were performed using a Finnigan MAT 251 mass spec-
trometer with an automated carbonate preparation device at the Center for 
Marine Environmental Sciences (MARUM) at the University of Bremen 
(Germany). For trace elements, the foraminiferal tests were crushed and 
cleaned following the standard foraminiferal Mg/Ca cleaning protocol 
(Barker et al., 2003), centrifuged (10 min, 6000 rpm), and analyzed using 
an inductively coupled plasma–optical emission spectrometer (ICP-OES; 
Agilent Technologies, 700 Series with autosampler ASX-520 Cetac and 
micronebulizer). Instrumental precision of the ICP-OES was moni-
tored by analysis of an in-house standard solution with Mg/Ca of 2.93 
mmol/mol after every 5 samples (s = 0.012 mmol/mol). To allow inter-
laboratory comparison we analyzed an international limestone standard 
(ECRM752–1) with a reported Mg/Ca of 3.75 mmol/mol (Greaves et al., 
2008). The average of the ECRM752–1 standard, which was routinely 
analyzed twice before each batch of 50 samples, was 3.753 mmol/mol. 
Analytical precision based on 3 replicate measurements of each foraminif-
eral sample (n = 225) was 0.09% (1s = 0.001 mmol/mol).

The Mg/Ca values were converted to BWT using species-specific 
calibration equations [M. barleeanus Mg/Ca = 0.757 ± 0.09 × exp(0.119 ± 
0.014 × T )], and [C. neoteretis Mg/Ca = 0.864 ± 0.07 × exp(0.082 ± 0.020 
× T )] (Kristjánsdóttir et al., 2007). The average estimated standard error 
for the calibration equations is 1.2 °C (Kristjánsdóttir et al., 2007). Seven 

replicate samples were cleaned and analyzed during different ICP-OES 
sessions, yielding an average difference of 0.056 mmol/mol (0.5 °C). The 
average difference in reconstructed BWT between both species at the same 
sampling depth is 0.7 °C (n = 22). The close match between the average 
reconstructed BWT for five core top samples (<2000 14C yr; ~0.3 °C) and 
modern hydrographic conditions (~–0.5 °C) validates our benthic Mg/Ca 
and BWT reconstructions.

The age model is constructed by alignment of the JM11-FI–19PC 
record to the North Greenland Ice Core Project (NGRIP) ice core (Green-
land Ice Core Chronology 2005 time scale, GICC05; Svensson et  al., 
2008) using well-dated tephra layers, magnetic susceptibility, and XRF 
scanner K/Ti ratios (Fig. DR1 and Table DR3). Radiocarbon dates (n = 
11) were measured on monospecific planktonic foraminiferal samples and 
calibrated using the Calib7.01 and Marine13 software programs (Reimer 
et al., 2013) (Table DR2). The mid-point of the age ranges with 1s error 
was calculated; 50 yr were added to match with the ice core time scale b2k 
(before 2 ka). The calibrated radiocarbon dates show strong consistency 
with our tuned age model (Fig. 2). The average deviation between cali-
brated radiocarbon dates and tuned-NGRIP ages is 500 yr, and is probably 
related to uncertainties in reservoir age corrections.

RESULTS
The reconstructed BWT shows persistent intermediate water warm-

ing during the cold stadial events (Fig. 3C). BWT increased gradually 
during stadials to 2–3 °C and to 6 °C during Heinrich stadials, reaching 
the highest values at the transition to the interstadials and then being fol-
lowed by an abrupt drop in temperature. This suggests that generation of 
cold overflows in the Nordic seas must have stopped or become much 
reduced to allow for such high BWT during cold stadials. In general, the 
BWT is low during the interstadials and approaches modern tempera-
tures during the best resolved and largest interstadials (~0 °C). During 
interstadial 14, the BWT is ~–0.5  °C (Fig. 3C). Therefore, convection 
during interstadials might have been similar to today. A peculiar event 
with low BWT prior to HS2 is evidenced in late interstadial 3 above the 
Faroe Marine Ash Zone II (dated to 26.74 ka in the NGRIP ice core). 
BWT increased to 3 °C during HS2 and these rather high temperatures 
continued into the Last Glacial Maximum (LGM; ca. 22.5–19 ka), while 
interstadial 2 is barely visible (Fig. 3C).

Our BWT record does not capture the other brief interstadial events 
in late Marine Isotope Stage (MIS) 3 to early MIS 2 (ca. 33.7–22.5 ka), 
probably because of lower sampling resolution (>300 yr per sample). The 
interstadials during this period, as indicated from NGRIP d18O values, 
were of short duration and were followed by abrupt cooling to stadial 
conditions with no prolonged gradual cooling phase as in earlier inter-
stadials (Fig. 3F).

BWT increases gradually from the start of HS1 to >5 °C followed 
by a large and abrupt temperature drop at the transition to the Bølling-
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Figure 1. A: Map of North Atlantic; location of core JM11-FI-19PC (red 
circle) and major surface and bottom water currents are indicated 
(Hansen and Østerhus, 2000). Cores containing Atlantic species 
(Rasmussen and Thomsen, 2004) are also indicated (white circles). 
B: Conductivity, temperature, depth (CTD) profile for site JM11-FI–
19PC, April 2011. C: CTD profile from site HH13–294 (yellow circle in 
A), Iceland Sea, July 2013.

Figure 2. Age-depth plot 
with independent cali-
brated radiocarbon ages 
using the Calib7.01 and 
Marine13 software pro-
grams (Reimer et al., 2013) 
(red circles) and ice core 
tuned ages (blue circles; 
NGRIP—North Greenland 
Ice Core Project).
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Allerød interstadial, likely reflecting sudden onset of convection and re-
newed inflow of Atlantic water at the surface. The Younger Dryas cold 
stadial shows a temperature increase to 2.5 °C (another stop or reduction 
in convection) and an abrupt decrease in temperature at the start of the 
Holocene, indicating strengthening of convection at the start of the Holo
cene. BWT increased from –0.5 °C to ~1 °C in the early Holocene and 
remained stable until 3 k.y. ago, when it decreased to ~0 °C.

DISCUSSION
The presence of a group of subtropical-boreal benthic foraminiferal 

species termed “Atlantic species” in almost all stadials provides further 
evidence for intermediate water warming (Fig. 3A). These non-indigenous 
species were previously recorded from stadials in the Norwegian Sea and 
North Atlantic Ocean at intermediate depth (Rasmussen and Thomsen, 
2004) (Fig. 1A). In core JM11-FI-19PC, the Atlantic species group com-
poses ~5% of the benthic foraminiferal assemblages during most stadials. 
They are very abundant during HS6 (20%) and HS1 (45%), the two events 
with highest BWT (Figs. 3A and 3C). The occurrence of Atlantic species 
could be traced in the northern North Atlantic region, indicating that the 
North Atlantic Drift continued to flow across the North Atlantic and into 
the Nordic seas below a cold, light surface layer, warming the interme-

diate water masses as proposed in a conceptual model (Rasmussen and 
Thomsen, 2004).

Invasion of subtropical water throughout Sermilik Fjord, east of 
Greenland, underneath the polar water of the East Greenland Current 
with numerous floating icebergs (Straneo et al., 2010) may be a mod-
ern analogue to the reversed flow model of Rasmussen and Thomsen 
(2004). In Sermilik Fjord, Atlantic water with a temperature of 4.5 °C 
flows below a polar layer of –1.5 °C. Farther north in the Iceland Sea 
warm Atlantic water with a temperature of 2.2 °C is found underneath 
the East Greenland Current, which has a temperature below –1.5  °C 
(Fig. 1C). In a situation with spreading of polar water over the Nordic 
seas and the cessation or severe reduction in cold overflows, it is easy to 
picture a thickening and warming of the Atlantic water below the halo-
cline reaching deeper locations than it does today in the Nordic seas. In 
addition, the general southward shift of mid-latitude storm tracks during 
the glaciation (e.g., Laîné et al., 2009) would have made the halocline 
more stable compared to modern conditions (Singh et  al., 2013), and 
thus thickening of the Atlantic layer to deeper than 1000 m below the 
polar water would have been likely. The Atlantic water, being insulated 
by the thick polar water layer above the halocline, would lose almost no 
heat as it moves northward.

The benthic d18O changes at our site range from ~0.5‰ to 2‰. The 
BWT change we observe ranges from 2 °C to slightly more than 5.5 °C, 
which can explain as much as 1.5‰ (given that ~4  °C corresponds to 
1‰ d18O change; e.g., Duplessy et al., 1980). The recorded temperature 
change can explain as much as 70% of the d18O variability in some events 
(e.g., Fig. 3G). Other processes must have occasionally played a role, 
especially at the transition from the LGM to HS1, where the temperature 
increase can explain only 20% of the observed benthic d18O change.

DO events are generally thought to be associated with changes in the 
Atlantic Meridional Overturning Circulation (AMOC) probably caused 
by increased input of freshwater reducing the formation of North Atlantic 
Deep Water (e.g., Ganopolski and Rahmstorf, 2001). Modeling studies 
(e.g., Brady and Otto-Bliesner, 2011) suggested that subsurface warming 
at high latitudes in the North Atlantic Ocean is probably a prerequisite for 
a rapid recovery of the AMOC. The warming of the intermediate water 
could trigger further collapse of marine-based glaciers and ice shelves 
(e.g., Marcott et al., 2011) that would have been maintaining the halocline 
(see Petersen et al., 2013). In addition, sea ice can be easily eroded by the 
release of stored ocean heat, and retreat of the sea ice edge in the Nordic 
seas is thought to have added to the abrupt atmospheric temperature in-
crease (e.g., Gildor and Tziperman, 2003). Thus, the subsurface flow of 
Atlantic water into the Nordic seas and the intermediate water warm-
ing must have contributed substantially to the halocline collapse and the 
abrupt onset of interstadial conditions.

CONCLUSIONS
Our new benthic foraminiferal Mg/Ca-d18O record from the south-

eastern Nordic seas shows prominent intermediate water warming dur-
ing Heinrich stadials, the LGM, and some of the non-Heinrich stadials. 
The results show cold bottom water during interstadials and the Holo-
cene. The increase in BWT during stadials can explain a large part of the 
concomitant depletions in benthic d18O, but other factors must also have 
played a role.

Our results show that Atlantic water was continuously flowing into 
the Nordic seas during the past 65 k.y. During warm periods (the Holo-
cene and interstadials) it was most likely at the surface and convection to 
cold deep water was fairly similar to today. During cold periods (stadials 
and Heinrich stadials) the Atlantic water was present as a subsurface and 
intermediate water mass, and generation of cold deep overflows would 
have been severely reduced. Our results suggest that the vertical shifts in 
the position of the warm Atlantic water in the Nordic seas have played a 
key role in the rapid climate change of the DO events.
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Figure 3. Proxy records for core JM11-FI-19PC plotted versus North 
Greenland Ice Core Project (NGRIP) Greenland Ice Core Chronology 
2005 (Svensson et al., 2008) time scale (b2k, years before A.D. 2000). 
A: Percent Atlantic species. Note break in the y-axis. B: Benthic d18O 
values measured on Melonis barleeanus (blue) and Cassidulina neo­
teretis (red). Note that JM11-FI–19PC d18O is closely following the 
d18O record of nearby core ENAM93–21 (Fig. DR3; see footnote 1). 
C: Mg/Ca-based bottom-water temperature (BWT) measured on 
M. barleeanus (blue) and C. neoteretis (red). D: Sea-level record 
from Grant et  al. (2012). E: 231Pa/230Th0 record from Bermuda Rise 
(McManus et al., 2004) as proxy of Atlantic Meridional Overturning 
Circulation (AMOC) strength. Higher values refer to weaker rate of the 
AMOC. F: NGRIP ice core d18O values (Svensson et al., 2008). G: De-
tail of Dansgaard-Oeschger events 9–7 showing benthic d18O (black) 
and BWT (red) for M. barleeanus (squares) and C. neoteretis (circles). 
Gray bars mark Heinrich stadials (HS), stadials (S), Last Glacial Maxi-
mum (LGM), and Younger Dryas (YD). Numbers refer to interstadials.
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Supplemental Information for 

‘Persistent intermediate water warming during cold stadials in the SE Nordic seas 

during the last 65 kyr’ 

By 

Mohamed M. Ezat, Tine L. Rasmussen, Jeroen Groeneveld 

Table DR1. Tephra layers in JM11-F1-19PC. 

Tephra horizons 
Depth (cm) in JM11-FI-

19PC 

NGRIP Age 

(b2k) Svensson et al. 

(2008) 

Saksunarvatn tephra 83 10.347 

Vedde ash 130 12.171 

Faroe Marine Ash Zone (FMAZ) 

II 
305 26.740 

FMAZ III 440 38.122 

FMAZ IV* 540 

North Atlantic Ash Zone (NAAZ) 

II** 
~620 55.380 

* Located in the lower part of interstadial 12 (Wastegård and Rasmussen, 2014). It has not

yet been located in the ice cores. 

** Because of no distinct peak (Fig. DR1) it has not been included in the final age model. 
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Table DR2. Calibrated radiocarbon dates using the Calib7.01 and Marine13 programs 

(Reimer et al., 2013). The reservoir corrections of the Calib7.01 program were used.  

 

Depth 

(cm) in 

JM11-FI-

19PC 

Conventional 

Radiocarbon 

ages (kyr) 

Calibrated 

Ages (kyr) 

calibrated 

Ages ±1σ 

(b2k) 

Laboratory 

code 
Species 

15 2.229 ± 0.03 1.822 1.822 ±0.07 
UBA-

21487 
N. pachyderma s 

40 4.570 ± 0.03 4.774 4.774 ±0.09 
UBA-

21488 
N. pachyderma s 

70 8.083 ± 0.04 8.534 8.534 ±0.08 
UBA-

21489 
N. pachyderma s 

130 10.905 ± 0.05 12.418 12.418 ±0.17 
UBA-

21490 
N. pachyderma s 

150 12.186 ± 0.05 13.632 13.632 ±0.12 
UBA-

21594 
N. pachyderma s 

195 13.493 ± 0.06 15.663 15.663 ±0.19 
UBA-

21595 
N. pachyderma s 

230 15.786 ± 0.08 18.653 18.653 ±0.13 
UBA-

21492 
N. pachyderma s 

305 23.962 ± 0.17 27.709 27.709 ±0.17 
UBA-

21493 
N. pachyderma s 

350 27.459 ± 0.2 31.103 31.103 ±0.18 
UBA-

21494 
N. pachyderma s 

430 33.614 ± 0.41 37.41 37.41 ±0.89 
UBA-

21495 
N. pachyderma s 

555 46.045 ± 2.02 48.162 48.162 ±1.89 
UBA-

21496 
N. pachyderma s 
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Table DR3. Tie points of JM11-F1-19PC to NGRIP used in the construction of the age 

model. The final age model is based on a radiocarbon date from a core-top sample (15 cm, 

Table DR1), 4 tephra layers and 15 MS-K/Ti based tie points (see Fig. DR1). The ice core 

ages are taken from Svensson et al. (2008 and references therein). 

 

Tie Points 

Depth (cm) in 

JM11-FI-

19PC 

NGRIP Age 

(b2k) 

Svensson et al. 

(2008) 

Saksunarvatn 

tephra 
83 10.347 

Vedde ash 130 12.171 

IS 1 onset 190 14.692 

IS 2 onset 260 23.340 

FMAZ II 305 26.740 

IS 3 onset 313 27.780 

IS 4 onset 323 28.900 

IS 5 onset 348 32.500 

IS 6 onset 362 33.740 

IS 7 onset 387 35.480 

FMAZ III 440 38.122 

IS 10 onset 486 41.460 

IS 11 onset 513 43.340 

IS 12 onset 545 46.860 

IS 13 onset 567 49.280 

IS 14 onset 590 54.220 

IS 15 onset 625 55.800 

IS 16 onset 638 58.280 

IS 17 onset 670 59.440 
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Figure DR1.  Correlation of core JM11-F1-19PC to NGRIP based on location of tephra 

layers, magnetic susceptibility (MS) and XRF-K/Ti ratios. MS and K/Ti counts vary 

oppositely; high (low) MS correlates with low (high) K/Ti ratios during interstadials 

(stadials) (Rasmussen et al., 1996; Richter et al., 2006). Black and red lines mark the depths 

of the tephra and start of interstadials, respectively. Faroe Marine Ash Zone (FMAZ) IV and 

NAAZ II (North Atlantic Ash Zone) (dashed black lines) are used only as supporting tie 

points. Abbreviations: FMAZ (Faroe Marine Ash Zone), NAAZ (North Atlantic Ash Zone).  

NGRIP data are from Svensson et al. (2008). 
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Figure DR2. Plots of Mg/Ca versus Fe/Ca, Al/Ca and Mn/Ca ratios for both M. barleeanus 

and C. neoteretis showing the absence of contamination by clay minerals and/or Mn-Fe-

carbonates and oxyhydroxides (Boyle 1983; Barker et al 2003); for 13% of the samples the 

concentration of Fe, Al, and/or Mn was below the detection limit. All units are in mmol/mol. 
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Figure DR3. Correlation between benthic 18O records measured on Melonis barleeanus 

of JM11-F1-19PC and nearby core ENAM93-21 from 1020 m water depth (Rasmussen et al., 

1996). The two records are very similar and with similar values. The magnetic susceptibility 

and XRF-K/Ti ratios for ENAM93-21 (Richter et al., 2006) are the same as in JM11-FI-19PC 

(Fig. DR. 1). The percentage of planktic species N. pachyderma sinistral for ENAM93-21 

(green line) indicates relatively warmer surface/subsurface temperatures during the 

interstadials than in the stadials.  
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Figure DR4. A. XRF-scanner image of the upper 7 m of JM11-FI-19PC. The dark layers 

correlate with interstadials, while the light layers represent stadials/Heinrich events and the 

LGM. The same was recorded in ENAM93-21 (Rasmussen et al., 1998). Blue arrows refer to 

the tephra layers (see Table DR. 1). FMAZ: Faroe Marine Ash Zone. B. Sedimentation rate 

of JM11-FI-19PC based on the tuned age model. 
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Atlantic species 

Benthic foraminiferal species linked to warm bottom water were grouped as ‘Atlantic 

Species’ (Rasmussen et al., 1996) and comprised predominantly specimens of Epistominella 

decorata, Cibicidoides pachyderma (=C. aff C. floridanus), Gyroidina umbonata, 

Miliolinella irregularis, Sigmoilopsis schlumbergeri, Valvulineria sp., Anomalinoides 

minimus, Eggerella bradyi, Bulimina costata, and Sagrina subspinescens. The ecological 

preferences and systematics of those species assemblages are treated in detail in Rasmussen 

et al. (2003) and Rasmussen (2005). They are subtropical–boreal species adapted to low food 

supply. They do not occur in the Nordic seas today except two of them (Gyroidina 

neosoldanii and Sigmoilopsis schlumbergeri) that can be found on the shelf of western 

Norway in bottom water with a temperature >4 °C (Sejrup et al., 2004). 
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Table DR 4. Mg/Ca data for core JM11-F1-19PC. 

 

Depth (cm) Age (kyr) Mg/Ca 

(mmol/mol) 

BWT (°C) Species 

1 0.085 

 

0.78 0.3 M. barleeanus 

5 0.581 0.81 0.6 M. barleeanus 

5 0.581 0.91 0.6 C. neoteretis 

10 1.200 0.75 -0.1 M. barleeanus 

15 1.822 0.78 0.3 M. barleeanus 

20 2.448 0.84 0.9 M. barleeanus 

25 3.075 0.84 0.8 M. barleeanus 

30 3.702 0.82 0.8 M. barleeanus 

30 3.702 0.89 1.4 M. barleeanus 

35 4.329 0.81 0.7 M. barleeanus 

35 4.329 0.86 1.1 M. barleeanus 

40 4.956 0.90 1.5 M. barleeanus 

45 5.583 0.89 1.3 M. barleeanus 

50 6.209 0.86 1.1 M. barleeanus 

55 6.836 0.85 1.0 M. barleeanus 

60 7.463 0.86 1.1 M. barleeanus 

65 8.090 0.86 1.1 M. barleeanus 

65 8.090 0.83 0.8 M. barleeanus 

70 8.717 0.87 1.2 M. barleeanus 

75 9.344 0.86 1.1 M. barleeanus 

80 9.971 0.91 1.5 M. barleeanus 
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83 10.347 0.85 1.0 M. barleeanus 

85 10.425 0.80 0.4 M. barleeanus 

90 10.619 0.78 0.3 M. barleeanus 

95 10.813 0.73 -0.3 M. barleeanus 

100 11.007 0.74 -0.2 M. barleeanus 

105 11.201 0.73 -0.3 M. barleeanus 

110 11.395 0.87 1.2 M. barleeanus 

110 11.395 0.81 0.6 M. barleeanus 

115 11.589 0.70 -0.7 M. barleeanus 

117.5 11.686 0.74 -0.2 M. barleeanus 

120 11.783 0.81 0.6 M. barleeanus 

125 11.977 0.79 0.4 M. barleeanus 

127.5 12.074 0.78 0.2 M. barleeanus 

130 12.171 0.95 1.9 M. barleeanus 

133 12.289 1.01 2.4 M. barleeanus 

135 12.368 0.84 0.8 M. barleeanus 

137 12.447 0.86 1.1 M. barleeanus 

140 12.565 0.73 -0.3 M. barleeanus 

142.5 12.663 0.86 1.1 M. barleeanus 

145 12.762 0.76 0.1 M. barleeanus 

147.5 12.860 0.88 1.3 M. barleeanus 

150 12.959 0.84 0.9 M. barleeanus 

152.5 13.057 0.86 1.1 M. barleeanus 

152.5 13.057 0.96 1.2 C. neoteretis 
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155 13.156 0.81 0.6 M. barleeanus 

157.5 13.254 0.90 1.5 M. barleeanus 

160 13.353 0.76 0.0 M. barleeanus 

162.5 13.451 0.82 0.7 M. barleeanus 

165 13.550 0.74 -0.2 M. barleeanus 

167.5 13.648 0.76 0.0 M. barleeanus 

170 13.747 0.81 0.6 M. barleeanus 

172.5 13.845 0.79 0.4 M. barleeanus 

175 13.944 0.75 -0.1 M. barleeanus 

177.5 14.042 0.81 0.6 M. barleeanus 

180 14.141 0.75 -0.1 M. barleeanus 

185 14.337 0.76 0.0 M. barleeanus 

190 14.692 0.82 0.7 M. barleeanus 

192.5 15.001 0.88 1.3 M. barleeanus 

195 15.310 0.90 1.4 M. barleeanus 

195 15.310 1.11 3.0 C. neoteretis 

196 15.433 0.89 1.4 M. barleeanus 

197 15.557 0.93 1.7 M. barleeanus 

198 15.680 1.05 2.8 M. barleeanus 

198 15.680 1.06 2.5 C. neoteretis 

199 15.804 1.33 5.3 C. neoteretis 

200 15.927 1.29 4.9 C. neoteretis 

205 16.545 1.20 4.0 C. neoteretis 

210 17.163 1.25 4.5 C. neoteretis 
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210 17.163 1.37 5.6 C. neoteretis 

210 17.163 0.94 1.8 M. barleeanus 

212.5 17.472 1.21 4.1 C. neoteretis 

212.5 17.472 1.07 2.9 M. barleeanus 

215 17.781 1.13 3.3 C. neoteretis 

220 18.398 1.15 3.5 C. neoteretis 

225 19.016 1.09 2.8 C. neoteretis 

225 19.016 1.07 2.9 M. barleeanus 

230 19.634 1.15 3.5 M. barleeanus 

230 19.634 1.11 3.1 C. neoteretis 

235 20.251 1.12 3.2 C. neoteretis 

240 20.869 1.11 3.1 C. neoteretis 

245 21.487 1.13 3.3 C. neoteretis 

247.5 21.796 1.12 3.1 C. neoteretis 

250 22.105 1.08 2.7 C. neoteretis 

252.5 22.413 1.13 3.3 C. neoteretis 

255 22.722 1.04 2.2 C. neoteretis 

255 22.722 1.07 2.9 M. barleeanus 

260 23.340 1.12 3.1 C. neoteretis 

265 23.718 1.10 3.0 C. neoteretis 

270 24.096 1.12 3.2 C. neoteretis 

272.5 24.284 1.07 2.6 C. neoteretis 

277.5 24.662 0.89 1.6 C. neoteretis 

280 24.851 0.98 2.4 C. neoteretis 
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285 25.229 1.05 0.6 C. neoteretis 

290 25.607 0.91 1.5 C. neoteretis 

295 25.984 0.98 2.9 C. neoteretis 

300 26.362 1.1 2.0 C. neoteretis 

300 26.362 1.02 2.1 M. barleeanus 

302.5 26.551 1.03 2.2 C. neoteretis 

305 26.740 1.04 2.3 C. neoteretis 

307.5 27.065 1.02 2.0 C. neoteretis 

310 27.390 1.09 3.0 M. barleeanus 

312.5 27.715 1.02 2.0 C. neoteretis 

312.5 27.715 1.10 3.2 M. barleeanus 

317.5 28.284 0.99 2.3 M. barleeanus 

317.5 28.284 1.07 2.6 C. neoteretis 

320 28.564 1.12 3.3 M. barleeanus 

322.5 28.844 1.02 2.5 M. barleeanus 

322.5 28.844 1.04 2.2 C. neoteretis 

325 29.188 1.12 3.3 M. barleeanus 

327.5 29.548 1.04 2.7 M. barleeanus 

327.5 29.548 1.04 2.2 C. neoteretis 

330 29.908 1.19 4.0 C. neoteretis 

332.5 30.268 1.00 1.8 C. neoteretis 

332.5 30.268 1.04 2.7 M. barleeanus 

335 30.628 1.11 3.2 M. barleeanus 

335 30.628 0.97 1.4 C. neoteretis 
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337.5 30.988 1.03 2.1 C. neoteretis 

340 31.348 1.07 2.6 C. neoteretis 

342.5 31.708 1.06 2.5 C. neoteretis 

342.5 31.708 1.05 2.7 M. barleeanus 

345 32.068 1.10 3.2 M. barleeanus 

347.5 32.428 0.97 2.1 M. barleeanus 

347.5 32.428 1.09 2.8 C. neoteretis 

350 32.677 1.05 2.7 M. barleeanus 

352.5 32.899 0.91 1.5 M. barleeanus 

355 33.120 1.07 2.9 M. barleeanus 

357.5 33.341 1.07 2.9 M. barleeanus 

360 33.563 0.85 0.9 M. barleeanus 

362.5 33.775 0.99 2.2 M. barleeanus 

365 33.949 0.99 2.3 M. barleeanus 

367.5 34.123 0.96 2.0 M. barleeanus 

370 34.297 0.96 2.0 M. barleeanus 

372.5 34.471 0.96 2.0 M. barleeanus 

375 34.645 0.93 1.7 M. barleeanus 

377.5 34.819 0.92 1.6 M. barleeanus 

380 34.993 0.99 2.3 M. barleeanus 

383 35.202 0.89 1.4 M. barleeanus 

385 35.341 0.83 0.8 M. barleeanus 

387.5 35.505 0.93 1.8 M. barleeanus 

390 35.630 0.94 1.8 M. barleeanus 
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392.5 35.754 1.04 2.7 M. barleeanus 

395 35.879 0.94 1.8 M. barleeanus 

397.5 36.003 0.86 1.0 M. barleeanus 

400 36.128 0.80 0.4 M. barleeanus 

402 36.228 0.92 1.6 M. barleeanus 

405 36.377 0.86 1.0 M. barleeanus 

407.5 36.502 0.91 1.6 M. barleeanus 

410 36.627 0.85 1.0 M. barleeanus 

412.5 36.751 0.83 0.7 M. barleeanus 

415 36.876 0.83 0.8 M. barleeanus 

417.5 37.000 0.92 1.6 M. barleeanus 

420 37.125 0.93 1.7 M. barleeanus 

422.5 37.250 0.94 1.8 M. barleeanus 

425 37.374 0.98 2.1 M. barleeanus 

427.5 37.499 0.92 1.6 M. barleeanus 

430 37.624 0.84 0.9 M. barleeanus 

432.5 37.748 0.10 2.3 M. barleeanus 

435 37.873 0.92 1.6 M. barleeanus 

437.5 37.997 0.93 0.9 C. neoteretis 

440 38.122 0.94 1.8 M. barleeanus 

440 38.122 0.98 1.5 C. neoteretis 

442.5 38.303 1.22 4.2 C. neoteretis 

445 38.485 1.07 2.6 C. neoteretis 

447.5 38.666 1.14 3.4 C. neoteretis 
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452.5 39.029 1.19 3.9 C. neoteretis 

452.5 39.029 1.00 2.4 M. barleeanus 

455 39.210 1.11 3.2 M. barleeanus 

457.5 39.392 1.04 2.7 M. barleeanus 

457.5 39.392 1.11 3.0 C. neoteretis 

460 39.573 0.94 1.1 C. neoteretis 

462.5 39.755 0.91 1.5 M. barleeanus 

465 39.936 0.99 2.2 M. barleeanus 

467.5 40.118 0.91 1.5 M. barleeanus 

472.5 40.480 0.89 1.3 M. barleeanus 

475 40.662 0.81 0.6 M. barleeanus 

477.5 40.843 0.87 1.1 M. barleeanus 

480 41.025 0.92 1.7 M. barleeanus 

482.5 41.206 1.01 2.4 M. barleeanus 

482.5 41.206 0.99 2.3 M. barleeanus 

485 41.387 0.83 0.8 M. barleeanus 

487.5 41.564 0.93 1.7 M. barleeanus 

490 41.739 1.03 2.6 M. barleeanus 

495 42.087 0.98 2.2 M. barleeanus 

497.5 42.261 0.90 1.4 M. barleeanus 

500 42.435 0.86 1.1 M. barleeanus 

505 42.783 1.01 2.5 M. barleeanus 

507.5 42.957 0.94 1.8 M. barleeanus 

510 43.131 0.10 2.3 M. barleeanus 
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512.5 43.305 0.98 2.2 M. barleeanus 

515 43.560 0.92 1.6 M. barleeanus 

520 44.110 1.28 4.4 M. barleeanus 

525 44.660 1.04 2.7 M. barleeanus 

530 45.210 0.73 -0.4 M. barleeanus 

532 45.43 0.78 0.3 M. barleeanus 

535 45.760 0.87 1.2 M. barleeanus 

537 45.98 0.85 1.0 M. barleeanus 

541 46.42 0.85 1.0 M. barleeanus 

545 46.860 1.10 3.1 M. barleeanus 

547.5 47.135 0.87 1.2 M. barleeanus 

550 47.410 1.15 3.5 M. barleeanus 

555 47.960 0.95 1.9 M. barleeanus 

560 48.510 0.86 1.1 M. barleeanus 

565 49.060 1.01 2.5 M. barleeanus 

570 49.924 0.71 -0.6 M. barleeanus 

575 50.998 0.72 -0.4 M. barleeanus 

580 52.072 0.73 -0.3 M. barleeanus 

585 53.146 0.74 -0.2 M. barleeanus 

590 54.220 0.70 -0.7 M. barleeanus 

595 54.446 1.04 2.7 M. barleeanus 

600 54.671 0.90 1.4 M. barleeanus 

605 54.897 0.86 1.0 M. barleeanus 

610 55.123 0.75 -0.0 M. barleeanus 
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615 55.349 0.80 0.5 M. barleeanus 

620 55.574 1.03 2.6 M. barleeanus 

625 55.800 0.90 1.5 M. barleeanus 

630 56.754 0.91 1.5 M. barleeanus 

635 57.708 0.82 0.7 M. barleeanus 

640 58.353 0.72 -0.4 M. barleeanus 

645 58.534 0.88 1.2 M. barleeanus 

650 58.715 1.05 2.3 C. neoteretis 

655 58.896 0.79 0.3 M. barleeanus 

660 59.078 0.78 0.3 M. barleeanus 

660 59.078 0.90 0.5 C. neoteretis 

665 59.259 0.82 0.6 M. barleeanus 

670 59.440 0.96 2.0 M. barleeanus 

670 59.440 1.02 2.0 C. neoteretis 

675 60.893 0.93 0.8 C. neoteretis 

677.5 61.620 1.26 4.6 C. neoteretis 

682.5 63.073 1.15 3.5 C. neoteretis 

685 63.800 1.20 4.0 C. neoteretis 
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Deglacial ∆
14

C anomalies at mid-depth in the northern North Atlantic have been 

attributed to venting of an abyssal CO2-rich and 
14

C-depleted reservoir in the Southern 

Ocean and northward transport via the Antarctic Intermediate Water (Thornalley et al., 

2011). However, the southern source of these ∆
14

C anomalies remains in question (e.g., 

Cléroux et al., 2011; Sortor and Lund, 2011; Huang et al., 2014). An alternative source 

could be the Nordic and Arctic basins (Cléroux et al., 2011; Skinner et al., 2014; Lund et 

al., 2015). On the basis of 
11

B, ∆
14

C, Cd/Ca and 
13

C, measured in the shells of the 

planktic foraminiferal species Neogloboquadrina pachyderma (sinistral) and ∆
14

C 

measured in benthic foraminifera, we assess the evolution of subsurface seawater 

carbonate chemistry, ventilation age and nutrients in the southern Norwegian Sea. We 

find no evidence for a reservoir aged enough to explain the ∆
14

C anomalies in the 

northern North Atlantic during the early and late Heinrich Stadial (HS) 1, while 

subsurface incursions of these old water masses into the Nordic seas are more likely. At 

mid-HS 1 (~16.5 ka), our results indicate southward export of relatively well-ventilated 

waters, possibly by brine formation, potentially ventilating the thermocline in the 

northern North Atlantic.  

 

Terrestrial and marine sediment records document abrupt shifts in the glacial and 

deglacial climate (e.g., Dansgaard et al., 1993). In particular, the last deglaciation was 

interrupted by two climatic anomalies, Heinrich stadial (HS) 1 and the Younger Dryas stadial 

(YD) were characterized by cooling over Greenland, warming of the Antarctic region and rise 

in atmospheric CO2 (e.g., Petit et al., 1999; EPICA, 2006). Large scale reorganization of the 

Atlantic Meridional Overturning Circulation (AMOC) is thought to be a key player in these 

climatic transitions, through its influence on heat redistribution, global transmission of 
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regional climate anomalies, air-sea CO2 exchange and the efficiency of nutrient utilization 

(e.g., Broecker, 1998; Sigman and Boyle 2000; Skinner et al., 2014). However, the physical, 

chemical and biological impact of AMOC changes during these climatic events remains 

unclear. In this study, we focus on variations in the mid-depth circulation in the North 

Atlantic, a key component of the AMOC, from a northern polar angle. The modern mid-depth 

circulation in the North Atlantic is mainly set up by the balance between the export of North 

Atlantic Deep Water (NADW) formed in the Labrador and Nordic seas and the northward 

return flow of the southern-sourced Antarctic Intermediate Water (AAIW), in which the 

AAIW does not expand north of 30° N.  

In contrast, observations of elevated foraminiferal Cd/Ca and reduced δ
13

C during 

HS1 and the YD suggest the extension of a nutrient rich water mass up to 60° N in the North 

Atlantic, possibly indicating that AAIW extended further north due to a reduction in the 

formation of NADW and/or changes in the preformed density gradient between AAIW and 

NADW (e.g., Rickaby and Elderfield, 2005). Moreover, extremely old ventilation ages have 

been observed for this water mass (hypothesized stadial AAIW) south of Iceland and 

employed as a remote fingerprint of upwelled 
14

C-depleted and CO2-rich waters in the 

Southern Ocean (Thornalley et al., 2011), in agreement with the purging mechanism invoked 

to explain the stadial rises in atmospheric CO2 (e.g., Skinner et al., 2010).  Evidence from Nd 

isotope studies, however, debate whether the stadial AAIW was indeed more northerly 

expanded in the North Atlantic (Pahnke et al., 2008; Huang et al., 2014). Recently, Lund et al. 

(2015) studied a compilation of 
13

C records from the deep South Atlantic, and found no 

evidence for increased deep ocean ventilation during HS1, questioning the canonical view of 

Southern Ocean venting as the main pathway for the early deglacial rise in atmospheric CO2. 

Instead, they suggested a northern hemisphere source for the early deglacial rise in the 

atmospheric CO2.  
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An alternative source for the 
14

C-depleted and nutrient-rich water masses found in the 

northern North Atlantic is outflow from an aged reservoir in the Nordic-Arctic basins 

(Thornalley et al., 2011; Cléroux et al., 2011; Skinner et al., 2014; Lund et al., 2015). Thus, 

uncovering the stadial contribution from the Nordic seas is crucial to understand the evolution 

of deglacial North Atlantic circulation. So far, reconstructions from the Nordic seas show 

conflicting evidence and two opposite views of circulation patterns: a change of deep water 

formation from open convection to brine formation and southward propagation into the North 

Atlantic (e.g., Waelbroeck et al., 2011), or subsurface incursion of Atlantic water into the 

Nordic seas below a well-developed halocline (e.g., Rasmussen and Thomsen, 2004). To 

evaluate the above mentioned scenarios, we generated records of shallow subsurface 
14

C 

ventilation age (ventilation age is defined as the time since the water was last equilibrated 

with the atmosphere), nutrient and seawater carbonate chemistry using ∆
14

C, Cd/Ca,
13

C and 


11

B proxies measured in N. pachyderma (s). This species seems likely to reflect a thick part 

of the water column ranging from ~ 40 to 250 m (i.e., little bias due to regional or seasonal 

surface variability), which makes it a good tracer for water masses, but not ideal for inferring 

environmental conditions at the sea surface (Bauch et al., 1997; see Supplementary 

Information). Mid-depth ventilation ages are reconstructed based on ∆
14

C measurements in a 

specific group of benthic foraminiferal species (Methods), but mid-depth nutrient levels and 

seawater carbonate chemistry is hampered by the low and scattered abundance of epifaunal 

benthic foraminiferal species in our record. The sediments are from core JM11-FI-19PC, 

retrieved from a water depth of 1179 m from the Faroe-Shetland Channel (Ezat et al., 2014) 

(Methods), where one-third of the Nordic seas outflow into the North Atlantic takes place 

today (Hansen and Østerhus, 2000). Our record encompasses the past 135,000 years.  


11

B in planktic foraminifera shells is sensitive to seawater-pH (Hemming and Hanson 

et al., 1992), and in combination with temperature and salinity estimates from paired 
18

O and 
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Mg/Ca measurements, pH can be estimated from 
11

B (Supplementary Information). Further 

estimation of pCO2 requires a second parameter of the carbon system, and we applied the 

modern local relationship between the salinity and total alkalinity to estimate the temporal 

changes in total alkalinity (Supplementary Information). We calculated the difference 

(∆pCO2sea-air) between our reconstructed subsurface pCO2 and atmospheric CO2 from ice core 

measurements (Bereiter et al., 2015). Similar to earlier studies from tropical regions (e.g., 

Hönisch and Hemming 2005), our data show that glacial pH was elevated by ~0.2 units in the 

subsurface Norwegian Sea compared to the Holocene, but the record is punctuated by brief 

episodes of acidification during some Heinrich stadials (Fig. 1). The reconstructed subsurface 

pCO2 shows lowest values of ~160 µatm during the Last Glacial Maximum (LGM), whereas 

it increased up to 320 µatm in HS1 (at ~16.5 ka), and then gradually dropped to ~210 µatm 

over the Bølling-Allerød interstadials (14.7–12.7 ka). The ∆pCO2sea-air increased from ~-20 

µatm during the LGM to ~100 µatm during HS1 (~16.5 ka) and gradually decreased towards 

the Bølling-Allerød interstadials.  Similar prominent increases in ∆pCO2sea-air occurred during 

the late part of HS11 during Termination II and during HS4 (Fig. 1).  

Our 
13

C and Cd/Ca records generally show a good match, but important offsets 

throughout the record are also observed (Fig. 1). In general, high Cd/Ca and low 
13

C values 

refer to increase in nutrients (see Supplementary Information). The 
13

C record shows 

minimum values (~-0.4‰) during the Heinrich stadials HS1, HS3 and HS6 and ~-0.1‰ 

during HS11, HS4 and some non-Heinrich stadials. The highest Cd/Ca values are recorded 

during HS1, HS11 (~0.007 µmol/mol), HS3, YD (~0.004 µmol/mol) and HS4 (~ 0.0025 

µmol/mol). Collectively, the 
13

C and Cd/Ca values refer to an increase in the nutrients during 

the resolved Heinrich stadials (Fig. 1). The ~0.5‰ decrease in 
13

C during the LGM (24–19 

ka) compared to the Holocene with almost no concomitant change in Cd/Ca is likely due to 

the elevated pH (Fig. 1), which lowers the 
13

C recorded by planktic foraminifers relative to 
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
13

CDIC (Spero et al., 1997), and transfer of isotopically light terrestrial carbon (Keigwin and 

Boyle, 1989).  

The most striking observation in our records is the simultaneous increase in ∆pCO2sea-

air and nutrients during parts of HS1, HS4 and HS11. ∆pCO2sea-air is a measure of the tendency 

of a water mass to exchange CO2 with the atmosphere (e.g., Takahashi et al., 2009). However, 

the relatively deeper habitat of N. pachyderma (s), as well as the probability of episodes of 

perennial/seasonal sea-ice cover during Heinrich stadials (e.g., Rasmussen and Thomsen 

2004; Ezat et al., 2014) renders the direct interpretation of ∆pCO2sea-air in terms of air-sea CO2 

exchange difficult. Possible interpretations include changes in the level of nutrient utilization 

and/or mixing with/surfacing of older and CO2-rich water masses. Also, it could potentially be 

an indicator for high rate of sea ice formation as studies from the modern East Greenland 

region showed that total dissolved inorganic carbon is rejected more efficiently than total 

alkalinity during sea-ice formation, causing the brines beneath the sea-ice to be enriched in 

CO2 compared to normal seawater (e.g., Rysgaard et al., 2009). We further discuss these 

possibilities within the frame of the ventilation age reconstructions.  

The subsurface and mid-depth 
14

C ventilation ages were reconstructed by comparing 

our planktic and benthic radiocarbon dates with the contemporary atmospheric radiocarbon 

ages from Bronk Ramsey et al. (2012). We will refer to ventilation ages as Planktic-

Atmosphere (P-A), Benthic-Atmosphere (B-A) and benthic-planktic foraminifera (B-P) ages 

(Fig. 2i-k) (Methods). The ventilation age reconstructions show a gradual change from aged 

water masses at 21 ka (B-P=900 years, B-A= ~2100 years and P-A=~1200 years) to better-

ventilated water masses at 18.5 ka (B-P=270 years, B-A= ~700 years and P-A=~400 years). 

The B-P, B-A and P-A ages at 18.5 ka are comparable to the modern values, which are 100, 

500 and 400 years, respectively (Broecker and Peng, 1982). Comparable 
14

C ventilation ages 

were recorded at mid-depth south of Iceland at 21 ka (Thornalley et al., 2011), but no 
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measurements exist for the period until 18 ka (Fig. 2b, c). There is a general trend towards 

increasing ventilation ages over HS1 at our site (Fig. 2), reaching maximum values (B-

P=1000 years, B-A= ~1800 years and P-A=~800 years) at 15 ka. However, our ventilation 

ages are far lower than those recorded from south of Iceland during early and late HS1 (Fig. 

2), thus precluding our area as the source of the extremely old water masses found south of 

Iceland. It is possible that the relatively old water masses during the early and late part of HS1 

(18.5 to 17 and 15.5 to 14.5 ka) are due to episodic intrusions of old water from the south, 

although local aging or inflow from a relatively aged carbon pool in the Arctic Ocean cannot 

be excluded. Of particular interest is the interval of mid-HS1 (17 to 15.5 ka), where peaks in 

CO2 and Cd/Ca do not coincide with older ventilation ages (Fig. 2). It is possible that this 

event represents an episode of enhanced sea-ice formation and southward export of high CO2, 

but relatively well-ventilated brines. Minima in planktic 
18

O and B/Ca values are seen in our 

record and south of Iceland, but with a shift in timing of 1000 to 1500 years (Fig. 2), which 

may be due to errors in the age model. Synchronous with the decrease in the planktic 
18

O 

and B/Ca south of Iceland, the B-A and B-P ages decreased dramatically by 3000 years 

(Thornalley et al., 2011) to values similar to those we observe in the southern Norwegian Sea 

(Fig. 2). This ventilation event in the northern North Atlantic is likely caused by an outflow of 

better-ventilated water from the Nordic seas, as also suggested by Thornalley et al. (2011). 

High CO2 at the calcification depth of N. pachyderma (s) at this time may be due to enhanced 

sea-ice formation, changes in the level of nutrient utilization or outflow of high CO2, but 

younger waters from the Arctic Ocean. More and higher resolution records of CO2 from the 

high latitude North Atlantic as well as modelling exercises are required to assess their effect 

on the evolution of atmospheric CO2. Based on a compilation of planktic radiocarbon records 

from the high latitude North Atlantic, Stern and Lisiecki (2013) suggested a decrease in the 

reservoir ages (ventilation ages at the calcification depth of planktic foraminifera) around 16 
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ka. They interpreted this decrease by freshwater-induced stratification that isolated the upper 

part of the water column from the deeper and older waters and facilitated CO2-equilibration 

with the atmosphere. Our low ventilation ages of a hypothesized southward outflow from the 

Norwegian Sea to the North Atlantic at the same time may explain some of the decrease in the 

northern North Atlantic reservoir ages at 16 ka. Finally, we observe interspecies differences in 

the benthic radiocarbon ages from a few hundred years to several thousand years (Fig. 3), 

adding evidence for caution in using ‘mixed benthic species’ for 
14

C dates. 

Our results clearly exclude outflow of an ‘old’ water mass from the Eastern Nordic 

seas to be a source of the extremely aged water masses found in the northern North Atlantic 

during the early and late HS1, while subsurface intrusions of these old water masses into the 

Nordic seas are more likely. For the event around 16.5 ka (mid-HS1) our results suggest 

southward export of relatively well-ventilated and CO2-rich waters, possibly by brine 

formation, potentially ventilating the thermocline in the northern North Atlantic and which, 

may explain the decrease in high latitude North Atlantic reservoir age at that time. 

 

Figure Captions 

Figure 1: Seawater carbonate chemistry and nutrient reconstructions from the 

Norwegian Sea. a, 
11

B measured in  Neogloboquadrina pachyderma (sinistral). b, Seawater-

pH inferred from 
11

B. c, Estimated subsurface pCO2 at the calcification depth and season of 

N. pachyderma (s). d, Atmospheric pCO2 from Antarctic ice cores (Bereiter et al., 2015 and 

references therein). e, The difference between reconstructed subsurface pCO2 at our site and 

atmospheric CO2, (∆pCO2sea-air). f, Cd/Ca measured on  N. pachyderma (s). g, 
13

C measured 

on  N. pachyderma (s).  
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Figure 2: Comparison of ventilation age reconstructions between the Norwegian Sea and 

northern North Atlantic. a, Average regional surface reservoir age (=ventilation age at the 

calcification depth of planktic foraminifera) at high latitude North Atlantic from Stern and 

Liesecki (2013). b, Benthic-planktic 
14

C difference south of Iceland (Thornalley et al., 2011). 

c, Mid-depth ventilation age south of Iceland (Thornalley et al., 2011). d, B/Ca (Yu et al., 

2013) and. e, 
18

O (Thornalley et al., 2010) measured in N. pachyderma (s) south of Iceland. 

f, B/Ca,  and g, 
11

B measured in  N. pachyderma (s) in JM-FI-19PC. (see Fig. (S1) for a 

comparison between the 
11

B and B/Ca for all the records). h, Subsurface ventilation age. j, 

Benthic-planktic 
14

C difference. k, Mid-depth ventilation age, closed and open circles are 

based on infaunal and epifaunal benthic species, respectively (see Fig. 3). Modern subsurface 

and mid-depth ventilation ages for the high latitude North Atlantic are indicated by blue 

circles. Pink, grey and dark grey shaded areas refer to periods with relatively well-ventilated, 

aged and extremely aged water masses, respectively. The yellow shaded interval indicates a 

period with a potential southward export of relatively well-ventilated water from the 

Norwegian Sea during mid Heinrich Stadial 1, possibly triggered by sea ice formation and 

brine rejection. If the timing difference between minima in planktic 
18

O and B/Ca between 

our record and the records south of Iceland are just an artefact due to errors in the age models, 

this will have an impact on the ventilation age estimations. However, this would not have a 

significant effect given the >3000 years shifts in the ventilation ages recorded south of Iceland 

during this interval.  

 

Figure 3: Planktic (black symbols) and benthic radiocarbon dates plotted versus 

calendar age. Green symbols refer to benthic 
14

C dates, mainly based on Cassidulina 

neoteretis, Melonis barleeanus, Elphidium excavatum, Cassidulina reniforme and Astronion 

galloway (hereafter infaunal group). Blue symbols indicate benthic 
14

C dates, mainly 
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measured in Cibicidoides  floridanus and Cibicidoides  sp. (Cibicidoides group). Red symbols 

refer to radiocarbon dates measured in Pyrgo serrata, Pyrgo depressa and Pyrgo sp. The 

Pyrgo species dated 6000 to 8000 years older than the other benthic species from the same 

sample. Similar results of up to 2000 years older dates from Pyrgo species relative to other 

benthic species were also previously documented from Santa Barbara Basin, California 

(Magana et al., 2010). Here in the Norwegian Sea we observe a difference up to 8000 years 

and given the usual large size of these species, few specimens could have pronounced impact 

on the reconstructed ventilation ages. The Cibicidoides group gave 
14

C dates that are about 

300 years older than the infaunal group, which may be due to effects of bioturbation. We did 

not use the Pyrgo sp. dates for ventilation age reconstructions. 
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Methods 

Sediment core JM11-FI-19PC with a length of ~11 m, was recovered from the 

northwestern Faroe Islands slope (62°49'N, 03°52'W) at 1179 m water depth. The logging, 

scanning and sampling are described in Ezat et al. (2014). Pristine specimens with no visible 

signs of dissolution of N. pachyderma (s) were picked from the 150–250 µm size fractions for 

boron isotope (200–450 specimens), minor/trace element (70–160 specimens) and stable 

isotope analyses (~50 specimens). For boron isotope measurements, the foraminiferal shells 

were gently crushed, and cleaned following Barker et al. (2003). We measured the boron 

isotopes using a negative thermal ionization mass spectrometry at Lamont-Doherty Earth 

Observatory (LDEO) of Columbia University following the standard methods of Hemming 

and Hanson (1994) (see Supplemental Information for details). Two samples were repeated 

using the oxidative-reductive cleaning procedure from Pena et al. (2005), which yielded 

indistinguishable 
11

B values (Fig. S1).  

For trace and minor element analyses, we followed the cleaning procedure of Martin 

and Lea (2002) including clay removal, reductive, oxidative, alkaline chelation and weak acid 

leaching steps with slight modifications from Pena et al. (2005). These modifications are 

related to the number of cold/hot water rinses after the reduction and DTPA steps. Also, the 

samples were rinsed with NH4OH (Lea and Boyle, 1993) instead of using 0.01N NaOH 

(Martin and Lea 2002) to remove the DTPA solution. The samples were then dissolved in 2% 

HNO3 and finally analyzed by iCAPQ Inductively-Coupled Plasma Mass Spectrometry at 

LDEO. Based on repeated measurements of in-house standard solutions, the intra-run 

precision is < 1.4%, 1.9% and 2.1% for Mg/Ca, B/Ca and Cd/Ca, respectively. Five samples 
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were split after clay removal, reduction and oxidation steps; one half cleaned by the full 

cleaning procedure, while the alkaline chelation step was skipped for the other half. This was 

to test the influence of this rigorous step on Cd/Ca and B/Ca. The results with and without the 

alkaline chelation step showed an average difference of 0.0003 µmol/mol and 5 µmol/mol for 

Cd/Ca and B/Ca respectively (Table S1). The Mg/Ca values from the two cleaning methods 

are comparable but two samples showed a significant decrease in Mg/Ca, Fe/Ca, Mn/Ca and 

Al/Ca values. This might be due to a more efficient removal of contaminants that are rich in 

Mg but not in Cd or B (Table S1), but further tests are needed. All cleaning and loading steps 

for boron isotope and minor/trace element analyses were done in boron-free filtered laminar 

flow benches and all used boron-free Milli-Q water. The stable oxygen and carbon isotope 

analyses were performed using a Finnigan MAT 251 mass spectrometer with an automated 

carbonate preparation device at MARUM, University of Bremen. The external standard errors 

for the oxygen and carbon isotope analyses are 0.07‰ and 0.05‰, respectively. Values are 

reported relative to the Vienna Pee Dee Belemnite (VPDB), calibrated by using the National 

Bureau of Standards (NBS) 18, 19, and 20.  

Monospecific samples of N. pachyderma (s) (~1000–1300 specimens; 150–250 µm 

size fraction) and samples of mixed benthic foraminifera were 
14

C dated by accelerator mass 

spectrometry (AMS) at the 
14

CHRONO Centre facility at Queen’s University Belfast. Pre-

treatment of the foraminiferal samples followed the approach by Nadeau et al. (2001). 

Samples were converted into graphite for AMS analysis on a Fe catalyst using the hydrogen 

reduction method (Vogel et al., 1987). 

The identification of nine well-dated tephra layers in JM11-FI-19PC represents the 

backbone of our age model. The age model was subsequently refined by tying the start of DO 

interstadials (IS) as seen in the δ
18

O record of the Greenland ice cores (Rasmussen et al., 

2014) with the sharp transitions in the magnetic susceptibility and K/Ti ratio measured by 
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XRF scanning (cf., Ezat et al., 2014; see Supplementary Information).  

The 
14

C ventilation ages were reconstructed by comparing the planktic and benthic 

radiocarbon dates with the contemporary atmospheric radiocarbon ages from Bronk Ramsey 

et al. (2012). A challenging requirement to this method is an accurate calendar chronology for 

the marine records. For this, we included a possible range of sediment age-depth models for 

the interval between 26 and 12 ka that enabled us to assess the influence of uncertainty in 

calendar ages on the ventilation age estimations. Figure (S8) shows that our main inferences 

about the ventilation changes in the Norwegian Sea may not be significantly influenced by the 

errors in the age-depth model.  Another way to estimate the ventilation age of mid-depth/deep 

water is to compare the radiocarbon ages of co-existing benthic and planktic foraminifera, but 

the non-zero and very unlikely constant ventilation age for the subsurface water mass 

recorded by N. pachyderma (s) complicates this approach. As the complications of the two 

methods are independent, the very similar trends of the B-A and B-P ages (Fig. 2) support the 

reliability of our results. 
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Skinner 

 

1. Boron isotope analysis 

The foraminifer shells were gently crushed, weighed and cleaned following Barker et 

al. (2003). Thereafter, the samples were dried and weighed to determine the amount of acid 

for dissolution. Immediately prior to loading, samples were dissolved in 2M HCl, and then 

centrifuged to separate out any insoluble mineral grains. One µl of boron-free seawater 

followed by 2µl aliquot of the sample solution (with ca 1–1.5 ng B) were loaded onto 

outgassed Rhenium filaments, and then slowly evaporated at an ion current of 0.5A and 

mounted into the mass spectrometer.  Five to ten aliquots were loaded per sample. Boron 

isotopes were measured as BO2
-
 ions on masses 43 and 42 using a Thermo Scientific Triton 

multi-collector thermal ionization mass spectrometer (TIMS) at the Lamont-Doherty Earth 

Observatory (LDEO) of Columbia University. Each sample aliquot was heated up slowly to 

1000±20 °C and then 320 boron isotope ratios were measured over ~40 minutes. Boron 

isotope ratios are reported relative to the boron isotopic composition of SRM 951 boric acid 

standard, where δ
11

B (‰) = (43/42sample / 43/42standard -1)*1000. This procedure (cf., 

Hemming and Hanson (1994)) enabled us to monitor the in-run mass fractionation and discard 

the samples that showed excessive fractionation if the 43/42 ratio increased by >0.004 (equal 

to ~1‰ δ
11

B) over the data acquisition time. Up to 10 sample aliquots were analyzed to 

minimize analytical uncertainty, which is reported as 2se = 2sd/√n, where n is number of 

sample aliquots analyzed. The analytical uncertainty of each sample was then compared to the 
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long-term reproducibility of in-house vaterite standard (±0.34 for n=3 to ±0.19 for n=10) and 

the larger of the two uncertainties is reported. Two samples were repeated using the oxidative-

reductive cleaning procedure from Pena et al. (2005), which yielded indistinguishable values 

(Fig. S1).  

 

2. Salinity and temperature reconstructions 

Foraminiferal δ
18

O values are a function of calcification temperature, seawater δ
18

O 

and carbonate chemistry (Emiliani 1955; Shackleton et al., 1967; Spero et al., 1997). Seawater 

δ
18

O values at a specific location vary through time due to changes in global ice volume, 

salinity-related effects (evaporation/precipitation, meltwater and river runoff) and ocean 

circulation patterns (Craig, 1961; Dansgaard, 1964; Shackleton, 1967; Waelbroeck et al., 

2011; Friedrich and Timmermann, 2012). The calcification temperatures were reconstructed 

using the Mg/Ca-temperature calibration of Elderfield and Ganssen, 2000: Mg/Ca=Pre-

exponential constant * exp (0.1T) where the pre-exponential constant is calibrated to our core-

top samples yielding a value of 0.4 and T is the temperature. We used the equation of 

Shackleton (1974) to calculate 
18

OSW after correction for the global ice volume changes 

using the sea level record from Grant et al. (2012), assuming 1.1‰ increase in 
18

O values per 

120 m drop in sea level (Adkins et al., 2002) (the temperature and seawater δ
18

O are discussed 

elsewhere, Ezat et al., in preparation).  

There is a quasi-linear regional relationship between the salinity and 
18

OSW in the 

modern ocean as both parameters covary due to addition/removal of freshwater (e.g., 

LeGrande and Schmidt, 2006). The temporal changes in the 
18

OSW composition of the 

freshwater sources and/or their relative contribution to a specific region, as well as changes in 

ocean circulation complicate using a local modern 
18

OSW-salinity relationship to infer past 

changes in salinity. Therefore, we estimated salinity using the 
18

OSW-salinity mixing line 
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from the Norwegian Sea (LeGrande and Schmidt, 2006) for most part of the record. For the 

deglaciations and Heinrich events, we used the 
18

OSW-salinity mixing line from Azetsu-Scott 

and Tan (1997). This mixing line is based on data from Kangerdlugssuaq fjord, East 

Greenland, where the dominant source of freshwater is glacial meltwater from tidewater 

glaciers with 
18

O values ranging from -30 to – -20‰, which is more representative of the 

sources of deglacial freshwater in the Norwegian Sea. We tried several different mixing 

models, which yielded salinity values within our estimated error (1psu).  

It is also noteworthy that the applied correction for ice volume changes, using an 

eustatic sea level record, does not account for the spatiotemporal propagation of the δ
18

O 

signal due to ice sheets growth/collapse into the global surface/deep ocean especially during 

periods of a reduced AMOC during Heinrich events (e.g., Friedrich and Timmermann, 2012). 

Given the close location of our site to the glacial continental ice sheets, this adds to the 

uncertainty in our salinity estimations. A correction for the effect of carbonate chemistry 

changes on the δ
18

O based on the pH reconstructions from the same core record (section S4), 

and assuming a decrease of 0.22‰ in δ
18

O per 0.2 units increase in pH (Zeebe, 1999), would 

decrease the δ
18

OSW for the LGM by 0.22‰. The impact of pH change elsewhere in the 

record is almost negligible. The effect of uncertainties in temperature and salinity on our pH 

and pCO2 reconstructions is discussed in section (4). 

 

3. Neogloboquadrina  pachyderma (sinistral) 

N. pachyderma (s) is the most dominant planktic species in the polar and subpolar 

areas and the only planktic species that can be used to generate continuous paleoceanographic 

records on glacial/interglacial timescales. However, identifying which water mass N. 

pachyderma (s) records remains a challenge. N. pachyderma (s) is thought to exhibit a wide 

and variable range of calcification depths in the Nordic seas from 40 to 250 m water depth, 
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vertical migration in the water column, encrustation, and maximum production during late 

spring to early autumn (e.g., Bauch et al., 1997; Simstich et al., 2003; Kozdon et al., 2009). In 

general, the signal recorded by N. pachyderma (s) seems likely to reflect a thick part of the 

water column (i.e., little bias due to regional or seasonal surface variability), which makes it a 

good tracer for water masses (see discussion in Bauch et al., 1997), but not ideal for inferring 

environmental conditions at the sea surface. 

 

4. pH and CO2 estimations 

The boron isotopic composition of biogenic carbonate is sensitive to seawater-pH (for 

details see Hönisch and Hemming, 2007).  Briefly, of the two dominant dissolved boron 

species in seawater, boric acid [B(OH)3] and borate [B(OH)4
-
], borate is the species 

predominantly incorporated into marine carbonate (Hemming and Hanson et al., 1992). The 

relative abundance of the two boron species as well as their boron isotopic composition 

changes with pH (Hershey et al., 1986). Culture experiments with planktic foraminifera 

provide empirical support for using their boron isotopic composition as a proxy for pH (e.g., 

Sanyal et al., 1996), but species-specific offsets from the theoretical δ
11

B of seawater borate 

were also observed, which is widely ascribed to ‘vital effects’ (e.g., Hönisch et al., 2003). A 

diffusion-reaction model (Zeebe et al., 2003) has shown that this species-specific offset 

(δ
11

BC-B4) is constant over a wide range of pH values and thus does not compromise the use of 

planktic foraminiferal δ
11

B as a pH proxy. We calculated the δ
11

BC-B4 for N. pachyderma (s) 

by calibrating our core top foraminiferal δ
11

B to a calculated pre-industrial pH using modern 

hydrographic carbonate data (total Dissolved Inorganic Carbon ‘DIC’, total alkalinity, 

phosphate, silicate, temperature, salinity; Key et al., 2010) from the southern Norwegian Sea. 

We corrected for the anthropogenic CO2 effect by subtracting 50 µmol/kg from DIC 

(Jeansson et al., 2011). We used the hydrographic data collected during June 2002 and from 
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the 22
nd

 of September to the 13
th

  of October 2003) (i.e., within the assumed calcification 

season of N. pachyderma (s); e.g., Simstich et al. 2003; Jonkers et al., 2013) and at our 

assumed calcification depth (i.e., 40–120 m). The pre-industrial pH and subsequently δ
11

BC-B4 

were alternatively calculated based on hydrographic data from 50 and 200 m water depths to 

address the sensitivity of our calculated pCO2 to the uncertainty in the calcification depth of 

N. pachyderma (s) (Fig. S2).  

The δ
11

B values measured in N. pachyderma (s) were translated into pH estimates 

using this equation:  

 

pH = pKB - log(-(δ
11

BSW - δ
11

B CaCO3 - δ
11

BCaCO3-B4) / (δ
11

BSW - α* (δ
11

BCaCO3+ 

δ
11

BCaCO3-B4) – (α-1)*1000)) (Hemming and Hanson, 1992),   

 

where pKB is the equilibrium constant for the dissociation of boric acid for a given 

temperature and salinity (Dickson 1990), δ
11

BSW is the δ
11

B of seawater (=39.61‰; Foster et 

al., 2010), and α is the fractionation factor for boron isotope exchange between boric acid and 

borate. Klochko et al. (2006) and Nir et al. (2015) determined the boron isotope fractionation 

factor in seawater ~1.027. However, laboratory culture experiments with marine calcifiers 

over a wide pH-range display a lesser pH sensitivity than predicted from aqueous 

fractionation (e.g., Sanyal et al., 1996, 2000, 2001, Hönisch et al. 2004, Krief et al, 2010, 

Henehan et al. 2013). We therefore used the empirical fractionation factor for marine 

carbonates of ~1.020 and apply the temperature correction estimated by Kakihana et al. 

(1977). A sensitivity test to the use of different fractionation factors shows that any 

uncertainty in this estimate does not significantly affect our pH estimations (Fig. S3). 

If two of the six carbonate parameters (total Dissolved Inorganic Carbon (DIC), total 

alkalinity, carbonate ion concentration, bicarbonate ion concentration, pH and CO2), are 
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known in addition to temperature, pressure and salinity, the other parameters can be 

calculated (Zeebe and Wolf-Gladrow, 2001).  We used the modern local salinity-total 

alkalinity relationship to estimate the total alkalinity (Alkalinity = 69.127 * Salinity – 116.42   

(R
2
= 0.76)).  The pCO2 is calculated using CO2sys.xls (Pierrot et al., 2006), with the 

equilibrium constants K1 and K2 from Hanssen and Mehrbach, refit by Dickson and Millero 

(1987). The KSO4 is from Dickson (1990), and the seawater boron concentration from Lee et 

al. (2010).  

   The net effect of uncertainty of 1‰ salinity (including its effect on the total alkalinity; 

69 µmol/kg in total alkalinity per 1‰ salinity) and 1°C in temperature on the final pCO2 

calculations are ~ 9 and 12 µatm, respectively. The average analytical error in δ
11

B (= ~0.3‰; 

equal to ~0.03 pH units) translates to an average uncertainty of ~18 µatm in downcore pCO2 

estimations. According to these sources of uncertainty, an average total error of 23 µatm is 

adopted.   

 

5. Nutrient proxies 

Foraminiferal Cd/Ca ratios were found to reflect the Cd concentrations in seawater 

(Boyle 1988; Keigwin and Boyle 1989), an element that shows strong similarity to the 

distribution of phosphorous (Boyle et al., 1976). Thus, foraminiferal Cd/Ca can be used to 

reconstruct the levels of phosphate in seawater (see for details, Elderfield and Rickaby, 2000), 

which provide clues to infer the changes in the level of nutrient utilization and/or changes in 

water masses (Elderfield and Rickaby, 2000; Rickaby and Elderfield, 2005). However, 

Rickaby and Elderfield (1999) also found a temperature control on the Cd incorporation into 

planktic foraminiferal shells. The 
13

C values in foraminiferal shells vary due to changes in 

nutrient cycling, air-sea gas exchange, carbonate chemistry and exchange between global 

carbon reservoirs (e.g., Broecker and Maier-Reimer 1992; Spero et al., 1997). As the non-
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nutrient factors that affect both proxies are largely independent, a combination of the two 

proxies can be used as an indicator for the nutrient levels. Also, the absence of a correlation 

between our raw Cd/Ca data and Mg/Ca ratios, a temperature proxy, (R
2
=0.0001; Fig. S4) 

supports the interpretation of the recorded Cd/Ca variability as changes in nutrient levels (Fig. 

S4).  

 

6. Age model  

The age model for JM11-FI-19PC core is based on well-dated tephra layers, magnetic 

susceptibility, K/Ti ratios measured by XRF-scanning (Ezat et al. 2014) and planktic and 

benthic foraminiferal δ
18

O values. Tephrochronology represents one of the most accurate 

correlation tools between marine and continental climatic records (e.g., Davies et al., 2014). 

Six tephra layers were identified by abundance counts from the upper seven meters of JM11-

FI-19PC (Ezat et al., 2014). Five of these tephra layers (Saksunarvatn tephra, Vedde ash, 

Faroe Marine Ash Zone (FMAZ) II, FMAZ III, North Atlantic Ash Zone (NAAZ) II) are 

well-known tephra from the study area and synchronized to their counterparts in the 

Greenland ice cores (e.g., Wastegård et al., 2006; Svensson et al., 2008; Davies et al., 2008, 

2010 and references therein). A new tephra layer (FMAZ IV) was recently recorded in several 

records from the southern Norwegian Sea (Wastegård and Rasmussen, 2014). It dates c. 

46,800 years BP and occurs in the lower part of Greenland interstadial 12 (see below), but has 

not yet been located in the Greenland ice cores. Electron microprobe analysis of major 

elemental composition also confirmed its presence in core JM11-FI-19PC (Wastegård and 

Rasmussen, 2014). Four tephra layers (5e-Low/BAS-IV, 5e Midt/RHY, 5C-Midt/BAS and 

5a-top/BAS-I tephra layers) from the lower part of the core were identified under the 

binocular microscope in the size fractions >100 µm and 63–100 µm. The location of the 

tephra layers in relation to the magnetic susceptibility and via the correlation of the magnetic 
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susceptibility of JM11-FI-19PC with core LINK16 (Abbott et al., 2014) confirms the 

identification (Fig. S5). Due the heterogeneity in the elemental chemistry in the 5c-Midt/BAS 

tephra, Abbott et al. (2014) suggested that the basaltic particles within this layer were most 

likely transported by icebergs.  

Marine Isotope stage 5e (the last interglacial ‘Eemian’) can be recognized by a clear 

development of a gradient in the benthic and planktic foraminiferal δ
18

O values. This gradient 

is similar to the gradient of the Holocene section (Fig. S6). The lowermost part of JM11-FI-

19PC with low planktic and benthic foraminiferal δ
18

O values corresponds to HS11 in 

Termination II. We used the sharp increase in the benthic δ
18

O values at 1030 cm core depth 

as an indication for the beginning of MIS 5e and we adopted an average sedimentation rate 

from the last deglaciation for HS11.  

Within the firm constraints of the identified tephra layers, the age model was subsequently 

refined by tying the start of DO interstadials as seen in the δ
18

O records from the Greenland 

ice cores with the increases in magnetic susceptibility (Fig. S6). The magnetic susceptibility 

from the region is thought to reflect changes in the strength of deep currents transporting the 

magnetic particles from the source (the Icelandic volcanic province) to the site of deposition 

(e.g., Rasmussen et al., 1996; Kissel et al., 1999). This has been confirmed by a 

comprehensive investigation to the magnetic properties and mineralogy of sediment cores 

from the Nordic seas and the North Atlantic for Marine Isotope Stage (MIS) 3 (Kissel et al., 

1999). For MIS 5, 4 and 2, the relation appears more complicated. Other processes than 

bottom currents may be responsible for the transport of the magnetic particles (e.g., melt-out 

from icebergs). The variations in the magnetic susceptibility may also result from variant 

dilution due to changes in the amount of calcium carbonate and ice rafted debris. Thus, the 

interpretation of magnetic susceptibility in terms of bottom current strength for MIS 2, 4 and 

5 needs further investigations (cf., Kissel et al., 1999).  
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The increases in the magnetic susceptibility recorded in our sediment core are more 

gradual than the abrupt transitions seen in the ice core records (Fig. S6). This can be due to 

the use of a loop sensor, which tends to smooth the signal over 5–10 cm intervals. Therefore, 

we use the K/Ti ratio, which has better temporal resolution and which shows more abrupt 

changes. The magnetic susceptibility and the K/Ti ratios vary oppositely in our area (Richter 

et al., 2006); during interstadials high magnetic susceptibility correlates with low K/Ti ratios. 

This is due to an enhanced deposition of bottom current transported basaltic material derived 

from the Icelandic volcanic province (Rasmussen et al., 1996; Richter et al., 2006). During 

stadials low MS correlates with high K/Ti ratios due to increased contribution of continentally 

derived material, possibly through ice rafting from Fennoscandia (Rasmussen et al., 1996; 

Richter et al., 2006). The XRF-scanner measurements are subject to artifacts due to variations 

in grain size, interstitial water content and variable thickness of water films that form below 

the cover of the plastic foil during the analysis (e.g., Tjallingii et al., 2007; Weltje and 

Tjallingii, 2008; Hennekam and de Lange, 2012). The comparison of the XRF-counts with 

both water content and element counts of Cl and S (elements that are predominantly present in 

porewater) can provide indirect information about the variable thickness of the water film 

formed under the plastic foil (for details see e.g., Hennekam and de Lange, 2012).  In brief, 

high and variable counts of Cl and S in the upper and lower parts of the core with strong 

correlation with the K and Ti counts suggest that the elemental counts from these core 

intervals are highly affected by the variations in the water content and variations in the 

thickness of the water film (Fig. S7). Between 170 cm and 730 cm, the Cl and S counts are 

low with no correlation to the K/Ti ratios (Fig. S7). In addition, there is no correlation 

between the K/Ti ratios and grain size or water content. We therefore decided to use the K/Ti 

ratio only for this interval (Fig. S7). The final age model is based on a radiocarbon date from 

a core-top sample (at 15 cm), 7 tephra layers and 21 MS-K/Ti based tie points, and a benthic 
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δ
18

O tie point at the start of MIS 5e (Fig. S7). The correlation between magnetic susceptibility 

and planktic δ
18

O records of JM11-FI-19PC to nearby sediment cores ENAM93-21 and 

MD95-2009 (62°44'N, 03°52'W; 1020 m water depth) and to the δ
18

O records of Greenland 

ice cores is very close (Fig. S8). 

 

Figure Captions  

Figure S1: Comparison between 
11

B and B/Ca measured in N. pachyderma (sinistral). 

There is a general good agreement between 
11

B and B/Ca throughout the record especially 

across LGM-HS1, but some offsets do also exist. The B/Ca in planktic foraminifera is shown 

to vary with seawater carbonate chemistry but a quantitative assessment is complicated (Allen 

et al., 2012). The two red circles represent 
11

B replicate samples cleaned with the reductive-

oxidative cleaning method from Pena et al. (2005), while we followed the cleaning method of 

Barker et al. (2003) for the other 
11

B analyses (black circles). The two cleaning methods 

yielded indistinguishable values for these two samples.  

 

Figure S2: a, A sensitivity test of the downcore pCO2 estimations for the uncertainty in 

the calcification depth of N. pachyderma (s) including its effect on the choice of the depth 

of modern hydrographic data used to calculate δ
11

BC-B4 (see section S4). In this study we 

assumed a calcification depth range from 40 to 120 m water depth (black line). Alternatively, 

we calculated δ
11

BC-B4 based on data from 50 m water depth (red line) and 250 m water depth 

(blue line). This test shows no significant influence of the uncertainty in the calcification 

depth of N. pachyderma (s) on our pCO2 calculations.   

 

Figure S3: Sensitivity study to test the difference in downcore pCO2 between using the 

empirical boron isotope fractionation into marine carbonates (black dots and line) 
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(Kakihana et al., 1977) and boron isotope fractionation predicted from dissolved boron 

in seawater (red dots and line) (Klochko et al. 2006) (see section S4 for details).   

Figure S4: Cross-plot of Cd/Ca and Mg/Ca. Absence of correlation between both proxies 

hints to no significant dependency of our downcore Cd/Ca on temperature. 

 

Figure S5: A correlation between magnetic susceptibility between core LINK16 and the 

lower part (=135 to 75 kyr BP) of core JM11-FI-19PC. In this interval we identified 4 

tephra layers by vision. These tephra layers were recorded in nearby core LINK16 and 

confirmed by major and trace element analyses (ref). Therefore, we can confirm the location 

of these tephra layers in our record by correlation of magnetic susceptibility between the two 

cores. 

 

Figure S6: Correlation of core JM11-F1-19PC to Greenland ice cores based on location 

of tephra layers (Davies et al., 2008; 2010), magnetic susceptibility (MS), XRF-K/Ti and 

benthic (red) and planktic (black) 
18

O. The black and blue vertical lines refer to the 

locations of tephra layers and onset of interstadials in JM11-FI-19PC, respectively. 

Abbreviations: FMAZ (Faroe Marine Ash Zone), NAAZ (North Atlantic Ash Zone). 

Greenland ice core data from (Rasmussen et al., 2014; Seierstad et al., 2014 and references 

therein).  

 

Figure S7: XRF-scanner K, Ti, S and Cl counts plotted with % water content  and size 

fraction >100 µm.  

 

Fig. S8: Subsurface (a) and mid depth (b) ventilation ages based on different calendar 

age scenarios (dashed lines) for the time interval between 22 and 14 ka. The solid green 
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lines refer to average ventilation age from different possibilities. The solid black lines refer to 

ventilation ages presented in Figure 2. We will further estimate a best guess and a 

maximum/minimum range of sediment age-depth models using the Bayesian calibration and 

age-modeling program Bchron (Parnell et al., 2008). 

 

Table S1: A test for the influence of the alkaline chelation (using DTPA) step on the 

Cd/Ca, B/Ca and Mg/Ca. 
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Figure S2 
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Figure S3 
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Figure S5 
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Figure S6 
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Figure S7 
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Figure S8 
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Table S1 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Depth B/Ca Mg/Ca Al/Ca Mn/Ca Fe/Ca Cd/Ca

Cm umol/molmmol/molumol/mol umol/mol umol/mol umol/mol

215 77,0 0,695 4 92 14 0,0071

215 76,4 0,922 118 121 41 0,0074

345 87,2 0,607 2 89 35 0,0024

345 87,6 0,646 168 97 30 0,0026

490 90,3 0,788 43 25 48 0,0008

490 82,7 1,272 297 30 227 0,0013

670 78,6 0,671 9 75 36 0,0029

670 78,2 0,725 64 84 46 0,0030

682,5 86,6 0,583 2 31 21 0,0024

682,5 84,1 0,672 28 35 26 0,0026

No

Yes

No

Yes

No

Yes

DTPA step

Yes

No

Yes

No
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Abstract 

 

The subsurface hydrography in the southern Norwegian Sea during the past 135,000 

years was investigated using parallel measurements of Mg/Ca and δ
18

O in shells of the 

planktic foraminiferal species Neogloboquadrina pachyderma sinistral. Two cleaning 

methods were applied prior to Mg/Ca analysis, ‘Mg Cleaning’ (Barker et al., 2003) and ‘full 

cleaning’ (Martin and Lea, 2002) methods. Although comparable results were obtained, 

significant decreases in the Mg/Ca at some intervals were recorded, when the ‘full cleaning’ 

method was used relative to the ‘Mg cleaning’ method. Comparison of the differences in 

Mg/Ca with Al/Ca, Fe/Ca and Mn/Ca, as monitors of contamination, as well as the shell 

weight of N. pachyderma (s) and weight loss % during the cleaning demonstrates that the 

decreases in Mg/Ca are likely due to a more efficient removal of Mn-contaminant coatings of 
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the shells, when the ‘full cleaning’ procedure is applied. We further combined Mg/Ca and 

B/Ca from the ‘full cleaning’ method with δ
18

O values to constrain the calcification 

temperature and seawater δ
18

O in the past. A decrease of about 1‰ in seawater δ
18

O, increase 

in the subsurface temperature and dominance of N. pachyderma (s) (>80%) during Heinrich 

Stadial (HS)1 suggests a strong stratification in the upper water column and a possible 

subsurface inflow of Atlantic water below a developed halocline, at least during the 

calcification seasons of N. pachyderma (s). Similar decreases in seawater δ
18

O are also 

recorded for the other resolved Heinrich stadials (HS3, -4, -6 and -11). In addition, our 

temperature estimates confirm the delay of the Eemian ‘MIS 5e’ warm peak in the Eastern 

Nordic seas compared to the North Atlantic and a late warming extending to the time of the 

summer insolation minimum at 60° N (e.g., Rasmussen et al., 2003a). However, relatively 

high values of seawater δ
18

O during the early Eemian suggest a subsurface inflow of Atlantic 

water below a thin layer of polar water. Bottom water temperature (BWT) reconstructed 

based on Mg/Ca measured in the benthic foraminiferal species Melonis barleeanus reveal 

cold temperatures during the early Eemian similar to the late Holocene indicating that early 

Eemian intermediate/deep circulation may have operated similar to modern at this site.  

 

1. Introduction 

 

Advection of relatively warm and saline Atlantic water into the Nordic seas and 

outflow of deep water into the North Atlantic are among the key oceanic processes that 

determine the hydrographic properties and circulation dynamics in the high latitude North 

Atlantic (e.g., Hansen and Østerhus, 2000). This exchange of surface and deep waters 

between the North Atlantic, the Nordic seas and the Arctic Ocean represents the northernmost 

part of the Atlantic Meridional Overturning Circulation (AMOC), an important component of 
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the earth’s climate system. Changes in ocean circulation, and particularly in the AMOC, 

affect heat distribution, global transmission of regional climate anomalies and sea-air CO2 

exchange (e.g., Broecker, 1998; Wunsch et al., 2006; Sigman and Boyle, 2000), and are thus 

widely considered in explaining millennial scale and abrupt climatic anomalies during the late 

Pleistocene (e.g., Barker et al., 2011). Past archives of hydrographic changes at key areas of 

exchange between the North Atlantic and the Nordic seas could provide solid constraints to 

understand the past changes in AMOC and their linkage to climate change.  

In this study, we analyzed Mg/Ca and δ
18

O in the planktic foraminiferal species N. 

pachyderma (s) in order to reconstruct the subsurface hydrography for the last 135 kyr BP 

including the last interglacial ‘the Eemian’, the last glacial Dansgaard-Oeschger (DO) events 

and the Holocene interglacial. The study is based on sediment core JM-FI-19PC collected 

from the Northwest of the Faroe Islands (62°49'N, 03°52'W; 1179 m water depth), where the 

largest Atlantic water inflow into the Nordic seas and a significant outflow of deep water into 

the North Atlantic take place today (Figure 1). One striking feature in the Nordic seas records 

is the large decrease of 0.5 to 2.5‰ in both planktic and benthic foraminiferal δ
18

O, 

correlating with the millennial-scale climate swings (e.g., Rasmussen et al., 1996; Meland et 

al., 2008). Foraminiferal δ
18

O values are a function of calcification temperature, seawater 

δ
18

O (δ
18

OSW) and carbonate chemistry (Emiliani 1955; Shackleton et al., 1967; Spero et al., 

1997). δ
18

OSW values at a specific location vary through time due to changes in global ice 

volume, salinity-related effects (evaporation/precipitation, meltwater and river runoff) and 

ocean circulation patterns (Craig, 1961; Dansgaard, 1964; Shackleton, 1967; Waelbroeck et 

al., 2011; Friedrich and Timmermann, 2012). Differentiating between the various signals is a 

challenge, but imperative for our understanding of the temporal variability in foraminiferal 

δ
18

O. Minor/trace element to calcium ratios measured in the same foraminiferal samples as 

δ
18

O have the potential to provide independent information about the calcification 
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temperature (e.g., Nürnberg et al., 1996), salinity- related effects (e.g., Wit et al., 2013; 

Hönisch et al., 2011; Bahr et al., 2013) and carbonate chemistry (e.g., Yu and Elderfield, 

2007; Yu et al., 2007a; Raitzsch et al., 2008). In particular, Mg/Ca have been widely used in 

parallel with δ
18

O measurements to constrain calcification temperatures and δ
18

OSW (e.g., 

Elderfield and Ganssen, 2000; Skinner et al., 2003; Thornalley et al., 2009).  

Laboratory experiments have shown that the incorporation of Mg into planktic 

foraminiferal CaCO3 is primarily controlled by temperature, while other factors such as 

salinity and carbonate chemistry play a minor role (e.g., Nürnberg et al., 1996; Russell et al., 

2004; Hönisch et al., 2013, Spero et al., 2015). However, the primary Mg/Ca signal, as most 

other minor/trace element to Ca ratios, can be significantly modified by partial dissolution 

(e.g., Dekens et al., 2002; Regenberg et al., 2006), as well as contamination with organics, 

adsorbed clays and post-depositional overgrowths (Boyle, 1981). Two main procedures, the 

‘Mg cleaning’ and ‘Cd cleaning’ methods are currently used to clean foraminiferal samples 

prior to minor/trace element analyses in order to remove the different contaminants (Boyle 

and Keigwin, 1985; Barker et al., 2003; for review see Barker et al., 2005). The main 

difference is that the ‘Cd cleaning’ method includes an additional reduction step with buffered 

solution of hydrous hydrazine. The reduction step is a standard procedure for Cd/Ca and 

Ba/Ca analyses (Boyle and Keigwin, 1985), and because all elements can be analyzed 

simultaneously, it is tempting to apply the same cleaning procedure and measure all elements 

together. However, there is a debate whether the reduction step is necessary, adequate or even 

damaging for the Mg/Ca analyses (Pena et al., 2005; Martin and Lea 2002; Rosenthal et al., 

2004; Barker et al., 2003; Yu et al., 2007b). Finally, another additional step, which is specific 

for Ba/Ca analyses additionally requires treatment of the foraminiferal samples with alkaline 

diethylene-triamine-pentaacetic acid (DTPA) to remove authigenic barite (e.g., Lea and 
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Boyle, 1991; Martin and Lea, 2002). Hereafter, this latter cleaning method will be described 

as the ‘full cleaning’ method. 

For minor/trace element analyses in N. pachydema (s), we initially cleaned the 

foraminiferal samples using the ‘Mg cleaning’ method (Barker et al., 2003), but a later need 

to measure Cd and Ba (Ezat et al., second manuscript) led us to repeat the analyses using the 

‘full cleaning’ method (Martin and Lea, 2002). Although comparable Mg/Ca results were 

obtained, significant decreases in the Mg/Ca at some intervals were recorded when the ‘full 

cleaning’ method was used. Therefore, we first document the differences in down-core N. 

pachydema (s) Mg/Ca using the two different cleaning methods and subsequently, we discuss 

the variations in downcore Mg/Ca and δ
18

O records in terms of paleoceanographic changes. In 

addition, we analyzed Mg/Ca and δ
18

O in the benthic foraminiferal species Melonis 

barleeanus from the last interglacial ‘Eemian’ period (~130 to 110 kyr BP) in order to 

reconstruct the Bottom Water Temperature (BWT). 

 

2. Methods 

The magnetic susceptibility was measured using a GEOTEK Multi-Sensor Core 

Logger. After logging, the core was opened, split, X-rayed, XRF-scanned and sampled at 5 

cm intervals. Samples were weighed, freeze-dried and weighed again before wet sieving (Ezat 

et al., 2014). Only pristine foraminiferal specimens with no visible signs of dissolution were 

selected for minor/trace element and stable isotope analyses.  

 

2.1. Minor/trace element analyses for N. pachydema (s) 

For the first set of trace/minor element analyses in N. pachyderma (s), the 

foraminiferal tests (50–100 specimens, size fraction 150 to 250 µm) were gently crushed and 

cleaned following the ‘Mg cleaning’ method (Barker et al., 2003) with a slight modification: 
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the removal of coarse grained silicate was omitted and instead the samples were centrifuged 

after dissolution (10 min, 6000 rpm) to separate any insoluble particles. The samples were 

analyzed using an ICP-OES (Agilent Technologies, 700 Series with autosampler (ASX-520 

Cetac) and micro-nebulizer) at the Department of Geosciences, University of Bremen. 

Instrumental accuracy of the ICP-OES was monitored by analysis of an in-house standard 

solution with a Mg/Ca of 2.93 mmol/mol after every five samples (long term average of 2.917 

mmol/mol, standard deviation (σ) = 0.04 mmol/mol and relative standard deviation (RSD) = 

1.4%). The average relative precision of Mg/Ca for 16 replicate samples that were cleaned 

and analyzed at different sessions is 9%. Seventeen samples (~6% of the entire analyzed 

samples) with high Al/Ca, Fe/Ca, Mn/Ca (>average + 2σ) and 2 samples with exceptionally 

high Mg/Ca values were discarded from the record (Table 1). Eight samples with high Mn/Ca 

(>average + 2σ) from the interval 930–965 cm down-core and correlating with the mid 

Eemian gave consistent Mg/Ca values with samples having relatively lower Mn/Ca from the 

same interval. These were thus included in the study.  

For the second set of minor/trace element analyses performed on N. pachyderma (s), 

60–160 specimens (size fraction 150 to 250 µm) were gently crushed, weighed, cleaned 

following the full cleaning procedure of Martin and Lea (2002) with some slight 

modifications mainly from Pena et al. (2005). These modifications include the number of 

water rinses after the reduction and DTPA steps. Also, the samples were rinsed with NH4OH 

(Lea and Boyle, 1993) after the treatment with the DTPA solution instead of using 0.01N 

NaOH (Martin and Lea 2002). The samples were then analyzed by iCAPQ Inductively-

Coupled Plasma Mass Spectrometry (ICP-MS) at Lamont Doherty Earth Observatory 

(LDEO) of Columbia University. Based on repeated measurements of in-house standard 

solutions, the intra-run precision is <1.4%, 1.9% and 1.4% for Mg/Ca, B/Ca and Li/Ca, 

respectively.  The analyses of five replicate samples, picked and cleaned separately, showed 
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an average relative precision of 4.3%, 2.7% and 1.5% for Mg/Ca, B/Ca and Li/Ca, 

respectively. All cleaning and dissolution steps for the second set of analyses were done in 

boron-free filtered laminar flow benches and all used water was boron-free Milli-Q water. 

Four samples were omitted due to very high Al/Ca (Table 1). Sample weights were 

determined on a Mettler XP6 microbalance, and average shell weights were calculated using 

the number of tests in each sample. To evaluate potential instrumental bias between our ICP-

MS and ICP-OES analyses, a suite of standards (ECRM 752-1, BAM RS3, and CMSI 1767) 

(Greaves et al., 2008) were measured by both laboratories. The inter-laboratory accuracy for 

Mg/Ca is 2.6%, 0.2% and 1.4% for ECRM 752-1, BAM RS3, and CMSI 1767, respectively. 

For both sets of analyses, blank samples were performed within every batch of samples in 

order to monitor potential contamination from reagents and vials. 

 

2.2. Minor/trace element and δ
18

O analyses for M. barleeanus 

Core depth 910–1065 cm spans the Eemian interglacial and the latest part of Marine 

Isotope Stage (MIS) 6. From this interval, 18 to 60 specimens of M. barleeanus were picked 

from size fraction 150 to 315 µm for minor/trace element analyses. The foraminiferal tests 

were gently crushed and cleaned following the standard foraminiferal Mg/Ca cleaning 

protocol (Barker et al., 2003), then analyzed by ICP-OES at MARUM Bremen. Four samples 

were replicated by ICP-MS at LDEO, but cleaned following the ‘Cd cleaning’ procedure 

(Pena et al., 2005). The Mg/Ca values were converted to BWT using species-specific 

calibration equation (Mg/Ca = 0.757 ± 0.09 * exp(0.119 ± 0.014 * T)), (Kristjánsdóttir et al., 

2007).  

About 15 specimens of M. barleeanus (size fraction 150 to 315 µm) were picked for 

stable isotope analysis. The analyses were performed using a Finnigan MAT 251 mass 

spectrometer with an automated carbonate preparation device at the Department of 
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Geosciences, University of Bremen. The external standard error of the oxygen isotope 

analyses is 0.07‰. Values are reported relative to the Vienna Pee Dee Belemnite, calibrated 

by using the National Bureau of Standards NBS18, 19, and 20. 

 

2.3. Planktic foraminiferal assemblages 

Core depth 50–255 cm spans the Last Glacial Maximum (LGM) to the mid Holocene 

(21 to 6 kyr BP; see section 3 below). From this interval at least 300 planktic foraminiferal 

specimens from the size fraction >100 µm were counted and identified to species level. 

Kandiano and Bauch (2002) pointed out that in cold polar areas more reliable temperature 

estimates can be obtained by using counts from planktic foraminiferal assemblages with mesh 

sizes <125 µm. Larger mesh-sizes tend to loose important small-sized subpolar species 

Turborotalia quinqueloba and Globigerinita uvula. 

 

3. Age Model and Stratigraphy 

We use the age model from Ezat et al. (second manuscript). Briefly, a total of ten 

tephra layers were identified in JM11-FI-19PC by vision, counting, correlation with nearby 

sediment cores and/or elemental chemistry (Ezat et al., 2014; Wastegård and Rasmussen, 

2014; Ezat et al., second manuscript) (Figure 2). Five of those tephra layers are recorded in 

the Greenland ice cores (Davies et al., 2008; 2010 and references therein) and thus provide 

marine-ice tie points.  With firm constraints from the identified tephra layers, the age model 

was subsequently refined by tying the start of DO interstadials as seen in the δ
18

O record of 

the NGRIP ice core with the sharp transitions in magnetic susceptibility and K/Ti measured 

by XRF scanning (Ezat et al., 2014; Ezat et al., second manuscript).  The correlation between 

magnetic susceptibility and planktic δ
18

O records of JM11-FI-19PC to nearby sediment cores 
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ENAM93-21 and MD95-2009 (62°44'N, 03°52'W; 1020 m water depth) and to the δ
18

O 

records of Greenland ice cores is very close (Figure 2).  

JM11-FI-19PC spans the past 135,000 years, and includes the Holocene interglacial, 

the last glacial cycle with its characteristic DO events and the Eemian interglacial. A typical 

DO event in Greenland ice core records is characterized by three phases: the event begins 

with an abrupt warming of 8–16°C from stadial to interstadial conditions, followed by gradual 

cooling and finally a sudden cooling to stadial conditions (Dansgaard et al., 1993; Huber et 

al., 2006). In North Atlantic sediments, DO events are associated with the occurrence of Ice 

Rafted Debris (IRD). In addition, 11 layers rich in detrital carbonate were recorded in the 

North Atlantic dating from MIS 6–MIS 2. These events are called Heinrich events and are 

thought to be correlated with the coldest periods of the longest lasting stadials in the ice cores 

(Heinrich 1988; Bond et al., 1993; Broecker et al., 1994; Rasmussen et al., 2003b; Hemming 

et al., 2004). In this study we refer to the entire stadial periods during which a Heinrich event 

is recorded as Heinrich stadials (HS) (cf., Barker et al., 2009). Core JM11-FI-19PC recovered 

the latest part of MIS 6 representing the millennial scale event (HS11) deposited at transition 

into the full interglacial conditions of MIS 5e (the Eemian). During the Eemian, the summer 

temperatures at the northern hemisphere were higher than in the Holocene epoch (CAPE-Last 

Interglacial Project Members, 2006). 

 

4. Results and discussion of cleaning methods 

 

4.1. Comparison of N. pachyderma (s) Mg/Ca from ‘Mg cleaning’ and ‘full cleaning’ 

methods 

The Mg/Ca results from the ‘Mg cleaning’ and ‘full cleaning’ methods are compared 

in Figure (3), along with Al/Ca, Fe/Ca and Mn/Ca as monitors for contamination by clay 



10 
 

minerals and/or Mn-oxyhydroxides/carbonates (Boyle, 1983; Barker et al., 2003). Holocene 

samples cleaned with either method gave indistinguishable Mg/Ca values, while significant 

and non-systematic offsets are observed down-core (Figure 3E). In general, the glacial and 

Eemian samples that were cleaned by the ‘full cleaning’ method yielded lower Mg/Ca by 10 

to 50% than when the ‘Mg cleaning’ was applied. This decrease in the Mg/Ca is consistent 

with a decrease in both the Mn/Ca and Fe/Ca (Figure 3). If the decrease in our down-core 

Mg/Ca was caused by dissolution as a side effect from the extra cleaning (e.g., Barker et al., 

2003; Yu et al., 2007b), we would expect this decrease to predominate in samples where the 

preservation of N. pachyderma (s) is lower and sample loss during the cleaning process is 

higher. However, we observe the opposite; samples with lowest shell weights and largest 

sample loss during cleaning yield almost identical Mg/Ca values from both cleaning methods 

(e.g., Holocene and interstadial 8), while most of the significant differences in Mg/Ca values 

occur at intervals with highest shell weights and smallest sample loss during the cleaning 

process (e.g., Last Glacial Maximum (LGM) and HS4) (Figure 3). To directly assess on the 

effect of additional steps in the ‘full cleaning’ method relative to the ‘Mg cleaning’ method, 

weight loss% should be compared between the two methods. Unfortunately, we lack 

information about the weight loss % from the samples cleaned by the ‘Mg cleaning’ method 

for the minor/trace element analyses, but we have a very low resolution weight loss % from 

samples cleaned by ‘Mg Cleaning’ method for boron isotope analyses on the same sediment 

core (Ezat et al., second manuscript). The difference in weight loss% between the ‘full 

cleaning’ and ‘Mg cleaning’ methods (∆ weight loss %), when available, almost varies the 

same way as the weight loss % from the ‘full cleaning’ method (Figure 3H) and in antiphase 

with ∆ Mg/Ca (Figure 3F). Thus, it is unlikely that the ∆ Mg/Ca is caused due to partial 

dissolution as a side effect from the extra cleaning. These results support the distinction 

highlighted by Brian and Martin (2010) between natural dissolution and laboratory-induced 
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dissolution influences on Mg/Ca, while the effects of the natural dissolution in water column 

or at sea floor are known to preferentially remove the Mg-rich layers from the foraminiferal 

shells and lowers the initially incorporated Mg/Ca signal (e.g., Dekens et al., 2002; Regenberg 

et al., 2006), our results do not show the same effect from the laboratory-induced dissolution 

(Figure 3F&H).   

Sixteen samples, selected from different intervals were re-picked, and duplicated by 

the ‘Mg cleaning’ method. Regardless of their apparent noise in Fe/Ca and Al/Ca, their 

Mg/Ca and Mn/Ca show the same trend and consistent values (Figure 4). When the ‘full 

cleaning’ method was applied to samples from the same depths, considerable decreases in 

Mg/Ca only occurred in samples with high Mn/Ca from the ‘Mg cleaning’ method (Figure 4). 

Hence, the differences are not dependent on the preservation state of the samples as inferred 

from shell weights of the analyzed samples and the mass loss during the cleaning (Figure 4). 

This confirms that the difference between down-core Mg/Ca between the two sets of analyses 

is mainly due to more efficient removal of Mn-contaminated coatings, when the ‘full cleaning 

method’ was applied. 

It is notable that our Mg/Ca results from the ‘Mg cleaning’ method during HS4 show 

an increase in Mg/Ca coincident with a decrease in δ
18

O values of N. pachyderma (s) (Figure 

3). This result is similar in both trend and absolute values to those obtained by Jonkers et al. 

(2010) in samples from the Irminger Sea. However, this increase in Mg/Ca disappears in our 

samples, when the ‘full cleaning’ method is used. Again the decrease in Mg/Ca from this 

interval occurred in samples with the highest shell weights and lowest weight loss% and is 

consistent with a decrease in Mn/Ca (Figure 3).  

The relation between the differences in Mg/Ca and Mn/Ca due to variant cleaning 

methods is not linear (Figure 5). This may be a cause of presence of different Mn-contaminant 

phases and/or variation in the Mg enrichment in these coatings. It also seems that Mn-coatings 
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on Eemian samples contain much less Mg than in glacial samples. In addition, the ‘full 

cleaning’ method might have removed contaminating phases other than Mn-oxide/carbonate 

coatings that might have been trapped by such coating and were only released by its removal 

(Barker et al., 2005). We therefore limit our later discussions on N. pachyderma (s) Mg/Ca to 

the minor/trace element results from the ‘full cleaning’ method although these results are of 

much lower resolution than the results from the ‘Mg cleaning’ method.  

 

4.2. Benthic Mg/Ca 

Mg/Ca, Mn/Ca, Fe/Ca and Al/Ca measured in the benthic species M. barleeanus 

cleaned by the ‘Mg cleaning’ method indicate no correlation between Mg/Ca and Al/Ca and 

Fe/Ca (Figure 6). A correlation with Mn/Ca is only observed for the mid/late Eemian. Four 

samples cleaned by the ‘Cd cleaning’ method (Pena et al., 2005) show a good general 

agreement with the samples cleaned by the ‘Mg/Ca cleaning’ method. Mn/Ca values are 

relatively low in the early Eemian interval and even lower in the HS11 event. This may 

suggest that the large increase in Mg/Ca recorded for HS11 relative to the early Eemian is not 

an artifact of contamination from Mn-rich coatings. Unfortunately, there was not sufficient 

material in the HS11 interval to repeat analyses using the ‘Cd cleaning’ method. The Mn/Ca 

values are exceptionally high in samples from the mid/late Eemian interval, but two 

reductively cleaned samples gave Mg/Ca values lower by 0 to 0.2 mmol/mol (equivalent to ~ 

0 to 2 °C) (Figure 6). Altogether, the general trend in Mg/Ca from MIS 6 to MIS 5d does not 

look to be significantly affected by Mn-contaminant phases. However, the temperature 

reconstructions based on these Mg/Ca data for the mid/late Eemian may be overestimated 

because of the high Mn/Ca here (Figure 6) and we will thus avoid discussing this interval in 

terms of bottom water temperature.  
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5. Results and discussion of past hydrographic changes 

 

5.1. Estimating calcification temperatures of N. pachyderma s 

N. pachyderma (s) is the most dominant planktic species in the polar and subpolar 

areas (Bé and Tolderlund, 1971) and therefore most often used in paleoceanographic 

reconstructions in records from high latitudes. However, identifying which water mass N. 

pachyderma (s) records remains a challenge. Several studies from the Nordic seas show a 

wide, but region-specific range of calcification depth of N. pachyderma (s). For example, 

Simstich et al. (2003) suggested a calcification depth for N. pachyderma (s) between 70 and 

250 m off Norway, between 70 and 130 m in the region of the East Greenland Current, and 

between 20 and 50 m in the Arctic water domain of the central Nordic seas. In the central 

Irminger Sea, a recent study suggested a shallow (~50 m) calcification depth for N. 

pachyderma (s) based on comparison of the seasonal variability of δ
18

O and Mg/Ca in N. 

pachyderma (s) and Globigerina bulloides from sediment trap samples (Jonkers et al., 2013).  

In general, the signal recorded by N. pachyderma (s) seems likely to reflect a thick part of the 

water column (i.e., not overprinted much by regional or seasonal surface variability) which 

makes it a good tracer for water masses (Bauch et al., 1997), but not ideal for inferring 

environmental conditions at the sea surface. 

Core-top and sediment trap studies show an exponential Mg/Ca sensitivity of ~ 9–10% 

per 1°C in several planktic foraminiferal species based on calibration of the foraminiferal 

Mg/Ca to δ
18

Oforam-derived temperatures (Elderfield and Ganssen, 2000; Anand et al., 2003). 

The absence of such a clear relationship between N. pachyderma (s) Mg/Ca and δ
18

O-derived 

temperatures in core-top and sediment trap data (Meland et al., 2006; Nyland et al., 2006; 

Jonkers et al., 2013) suggests other factors affected the incorporation of Mg in shells of the 

species (e.g., seawater carbonate chemistry and salinity), variable degrees of encrustation 
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(Kozdon et al., 2009), and/or undetermined species-specific mechanisms of bio-

mineralization. Consequently, Mg/Ca measured in N. pachyderma (s) should be treated 

carefully and not directly interpreted in terms of calcification temperature (Hendry et al., 

2009; Jonkers et al., 2013).  

Culture studies show that Mg/Ca in planktic foraminifera decrease with increasing 

seawater pH and carbonate ion concentration, but the sensitivity is species specific. pH-

sensitivity ranges from ~7 to 16% per 0.1 unit change in pH for O. universa and G. bulloides, 

respectively (e.g., Russell et al., 2004). Importantly, it was noted that the effect of pH on 

foraminiferal Mg/Ca is insignificant above modern pH values (Russell et al., 2004). However, 

based on sediment trap samples off the West Antarctic peninsula, Hendry et al. (2009) found 

an increase in Mg/Ca in N. pachyderma (s) by ~10–20% per 10 µmol kg
-1

 increase in 

carbonate ion concentration, in clear conflict with the culture experiments that were 

performed on other planktic species. The carbonate ion concentration data in Hendry et al. 

(2009) are mainly derived from B/Ca measured in N. pachyderma (s) using a calibration 

based on measurements in Globorotalia inflata (Yu et al., 2007). Although, B/Ca in planktic 

foraminifera is shown to co-vary with seawater carbonate chemistry (Yu et al., 2007a; Allen 

et al., 2012), a quantitative assessment is complicated (Allen et al., 2012). As this study was 

performed on the same species and under oceanographic conditions likely not very different 

from the glacial and deglacial situation at our site, we attempted to correct for carbonate ion 

concentration influence on Mg/Ca assuming a 10% increase in Mg/Ca per 10 µmol kg
-1

 

increase in carbonate ion concentration. For this, we used our B/Ca to calculate the carbonate 

ion concentration using calibration from (Yu et al., 2007a) as in Hendry et al. (2009) (Figure 

7). Here, we are more assuming that the same environmental parameters affect the B/Ca in N. 

pachyderma (s) the same way in our area and in Hendry’s et al. (2009) area rather than 

assuming B/Ca as a proxy for carbonate ion concentration. Bryan and Marchitto (2008) 
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suggested that Li/Ca can be used to correct for the influence of carbonate ion concentration on 

Mg/Ca in benthic foraminifers. Investigating this hypothesis on four benthic foraminiferal 

species from core-top samples from the Florida Straits, they concluded that Mg/Li might 

serve as a more reliable proxy for calcification temperature. The good match between the 

carbonate ion concentration-corrected Mg/Ca and Mg/Li in our study derived from the B/Ca 

(Figure 7) is not surprising given the significant correlation between Li/Ca and B/Ca 

(R
2
=0.8). Further empirical studies are needed to evaluate the use of Mg/Li in N. pachyderma 

(sinistral) as a temperature proxy. Also, it might be possible that the sensitivity of Mg/Ca to 

changes in carbonate chemistry is different, or even has opposite responses, at different 

temperatures and/or saturation states as observed in benthic foraminifera (Elderfield et al., 

2006; Hintz et al., 2006; see also discussion in Bryan and Marchitto, 2008). A sensitivity of 

4–8% in Mg/Ca per salinity unit was recorded in other planktic foraminiferal species (for 

details see Hönisch et al., 2013), but no empirical attempts have been done to test the salinity 

influence on Mg/Ca in shells of N. pachyderma (s).  

The Mg/Ca values were used to reconstruct the calcification temperatures based on a 

Mg/Ca-temperature calibration: Mg/Ca=Pre-exponential constant * exp (0.1T) (Elderfield and 

Ganssen, 2000), where the pre-exponential constant is calibrated to our core-top samples 

yielding a value of 0.4 and T is the temperature. We then calculated δ
18

OSW by removing the 

temperature effect from N. pachyderma (s) δ
18

O using the equation from Shackleton (1974).  

We used the global eustatic sea level record of Grant et al. (2012) to correct for the temporal 

changes in ice volume, assuming a 1‰ increase in δ
18

O due to 120 m sea level drop (Adkins 

et al., 2002). We estimated the temperature and δ
18

OSW based on both crude Mg/Ca and 

carbonate ion concentration- corrected Mg/Ca as described above (Figure 7). Note that the 

main difference in temperature when correcting the Mg/Ca for carbonate ion concentration 

influence according to Hendry et al. (2009) is a decrease by ~2.5 °C during the LGM.   
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5.2. Reconstructions for the last deglaciation 

During the late LGM (21–19 kyr BP), the N. pachyderma (s)- based temperature and 

δ
18

OSW are ~2.5 °C and ~0.4‰ or ~4.5 °C and ~0.9‰ when using the raw Mg/Ca (see section 

4.3) (Figure 8). During HS1, the temperature increased to ~6 °C and the δ
18

OSW decreased to -

0.4‰ (Figure 8).  

At the onset of the Bølling-Allerød (BA) interstadials (~14.6 kyr BP), δ
18

OSW and 

temperature increased to 1‰ and 7 °C (Figure 8). Due to the relatively large sample size 

required for the full cleaning method and the low abundance of well-preserved specimens of 

N. pachyderma (s) from the Younger Dryas (YD), this period is poorly resolved in the Mg/Ca 

record. The ice-volume corrected δ
18

O values show a decrease of about 0.75‰ during the YD 

as previously recorded in the southeastern Nordic seas (Rasmussen et al., 1996; Meland et al., 

2008).  After the end of YD, the temperature and δ
18

OSW had values similar to those recorded 

during the early part of the BA interstadials. An average temperature of 6 °C and δ
18

OSW of 

0.35 ‰ are recorded for the past 9 kyr (Figure 7). 

Previous studies obtained conflicting temperature reconstructions for the LGM in the 

Nordic seas of Mg/Ca in N. pachyderma (s) compared to estimates based on planktic 

foraminiferal assemblage studies (e.g., Meland et al., 2005; see for review de Vernal et al., 

2006). The temperature estimates based on the corrected Mg/Ca (see section 4.3) shows a 

better match with the foraminiferal assemblages suggesting a decreased temperature by ~3 °C 

during the LGM relative to the Holocene (Figure 8). In general, there is an agreement between 

the % N. pachyderma (s) (which decreases with increasing northward advection of warm 

Atlantic water masses), and the Mg/Ca-based temperatures during both the LGM and the BA 

interstadial, while there is a large discrepancy between the two temperature proxies for HS1. 

This correlates with low δ
18

OSW values and can be explained by fresh water-induced 

stratification of the upper ocean and development of a halocline, at least during the 
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calcification seasons of N. pachyderma (s) (Figure 8). It has been suggested that subsurface 

inflow of relatively warm subtropical water into the Nordic seas occurred during the DO 

stadials (e.g., Rasmussen et al., 1996; Rasmussen and Thomsen, 2004; Ezat et al., 2014), 

which at the end of the stadial events destabilized the water column and resulted in the 

resumption of the open ocean convection in the Nordic seas. Such recurrent development and 

rapid erosion of a halocline in the subpolar North Atlantic was hypothesized to have 

significantly contributed to the abrupt onset of the regional warmings (Rasmussen and 

Thomsen 2004). Interestingly, the lowest reconstructed temperature in our record (between 

20–18 kyr BP) agrees with the hypothesized perennial sea ice cover at the western margin of 

Svalbard based on sea ice proxies (IP25 and brassicasterol) (Müller and Stein, 2014). An 

abrupt change to ice free summers in the eastern Fram Strait occurred at 17.6 kyr BP (Müller 

and Stein, 2014) coincident with the subsurface temperature increase at our site. Within the 

uncertainties in the age models, it is difficult to say if the inflow of subsurface warm water 

has contributed to sea ice melting in the eastern Fram Strait or the latter has contributed to the 

stratification of the upper water column. Melting of sea ice in the eastern Fram Strait can 

significantly increase surface buoyancy in the southern Nordic seas via the direct release of 

freshwater, but also through opening of the Fram Strait gateways and increase in the East 

Greenland Current allowing meltwater to reach south to the Nordic seas and into the North 

Atlantic.  

Our results show that the increase in temperature can explain up to ~1‰ of the large 

decrease in N. pachyderma (s) δ
18

O values during the late part of HS1, leaving ~1‰ still to be 

explained (Figure 8). Addition of low δ
18

O water from melt- and meteoric water could have 

been responsible for the ~1‰ decrease through a direct recording of the signal (e.g., Bond et 

al., 1993; Fronval et al., 1995; Rasmussen et al., 1996) or by transfer of the signal via brines 

deeper in the upper water column (Hillaire-Marcel and de Vernal, 2008) where N. 
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pachyderma (s) may have precipitated most of its calcite as suggested by some studies 

(Kozdon et al., 2009).  

It is also noteworthy that the applied correction for ice volume changes, using an 

eustatic sea level record, does not account for the spatiotemporal propagation of the δ
18

O 

signal, due to growth/collapse of ice sheets, into the global surface/deep ocean especially 

during periods of a reduced ocean meridional circulation (e.g., Friedrich and Timmermann, 

2012) and given the close location of our site to the glacial ice sheets. A correction for the 

effect of carbonate chemistry changes on the δ
18

O based on the pH reconstructions from the 

same core record (Ezat et al., second manuscript), and assuming a decrease of 0.22‰ in δ
18

O 

per 0.2 units increase in pH (Zeebe, 1999), would decrease the δ
18

OSW for the LGM by only 

0.22. The impact of pH change elsewhere in the record is almost negligible. 

Similar decreases in the δ
18

OSW at the calcification depth and seasons of N. 

pachyderma (s) of about 0.9‰ and 1.5‰ are also recorded for HS4 and HS6, respectively 

(Figure 7). The δ
18

OSW decreases during HS4 and HS6 can be explained similarly as for late 

HS1. 

 

5.3. Reconstructions of Termination II, Eemian and last glacial inception 

During the latest part of Termination II (=HS11), both N. pachyderma (s) and the 

benthic foraminiferal records show similar δ
18

O values (= 2.7‰) (Figure 9). At the beginning 

of the Eemian interglacial, the two records diverge significantly from each other. The δ
18

O 

values of N. pachyderma (s) increase slightly to 3‰, while the benthic δ
18

O values increase 

abruptly to 4‰. This is similar to previous studies from the southern Norwegian Sea (Balbon 

2000; Rasmussen et al., 2003) as well as in the central and northern parts of the Norwegian 

Sea (Fronval et al., 1998). The bottom water temperatures based on Mg/Ca measured in M. 

barleeanus decrease from ~5 °C during late HS11 to ~0 °C during the early Eemian (Figure 
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9). At the same time the calcification temperature of N. pachyderma (s) decreased by ~1.5 °C. 

These results show that the benthic and planktic δ
18

O variability at the MIS 6–5 transition is 

primarily due to temperature changes, at least in the southern Norwegian Sea.  The high 

deposition of IRD in the area (Rasmussen et al., 2003a) and the low δ
18

OSW during late HS11 

(Figure 9) indicate presence of icebergs and meltwater at the surface (see section 5.2 for 

discussing the low δ
18

OSW recorded by N. pachyderma (s)). Thus, the relatively high 

temperatures based on Mg/Ca in N. pachyderma (s) (~6.5 °C) and very high BWT (~4 °C 

higher than today and early Eemian) most likely indicate the presence of a strong halocline 

and thickening of the warm Atlantic waters to at least 1200 m water depth during HS11 (see 

also Ezat et al., 2014). The subsurface inflow of the Atlantic water into the Nordic seas and 

thickening to deeper than 1000 m during HS11 was previously suggested based on the 

disappearance of the gradient in the benthic foraminiferal composition between the north and 

south Iceland-Scotland ridge (Rasmussen et al., 2003a).  

The evolution in near-surface temperature during the Eemian based on our Mg/Ca 

measured in N. pachyderma (s) is in a good agreement with previous estimates based on 

planktic foraminiferal assemblages and dinoflagellate cysts (Rasmussen et al., 2003a; van 

Nieuwenhove et al., 2011) documenting a delay in the Eemian peak warmth and a late Eemian 

warming in the southeastern Nordic seas (see also Capron et al., 2014). The N. pachyderma 

(s)-based temperature gradually increased from 5 °C during the early Eemian (130–125 kyr 

BP) reaching its maximum ~8 °C during the late Eemian and early part of the glacial 

inception (120–116 kyr BP) (Figure 9). The temperature gradually decreased at 115 kyr BP to 

~5 °C at 111 kyr BP at the inception of the Weichselian glacial (Figure 9). Though the IRD 

significantly decreased at the onset of the Eemian (~126 kyr BP), there is almost no change in 

the % N. pachyderma (s) (>90%) from HS11 into the early Eemian until ~126 kyr BP 

indicating continued presence of polar water at the surface (Fronval and Jansen 1997; Fronval 
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et al., 1998; Rasmussen et al., 2003). The δ
18

OSW at the calcification depth and seasons of N. 

pachyderma (s) (=~0.6‰) was about 0.25‰ higher than the average values for the mid/late 

Eemian and the Holocene. Assuming that the δ
18

OSW composition of the freshwater sources 

and their relative contribution in our area did not change much through the Eemian and the 

Holocene, this may indicate presence of near surface Atlantic water below a thin layer of 

polar waters, as the polar water signature is not recorded by the relatively deeper dwelling N. 

pachyderma (s). The BWT was ~0.5 °C during this period, which is comparable to the late 

Holocene values (Figure 9). This supports that the deep outflow from this area into the North 

Atlantic was active at that time as also indicated by the dominance of modern-like benthic 

foraminifera (Rasmussen et al., 1999; Rasmussen et al., 2003a).  

The late Eemian warming in the eastern Nordic seas, which extended to the time of 

summer insolation minimum at 60°N (e.g., Figure 8) has been explained by weakening of the 

subpolar gyre (e.g., Born et al., 2011). Records show cooling at that time in the western 

Iceland Sea, which gives further evidence for the hypothesis of weakening of the subpolar 

gyre (Van Nieuwenhove et al., 2013). 

Both planktic (N. pachyderma (s)) and benthic δ
18

O values reached their maximum 

and similar values during the glacial inception (110 kyr BP; ~4.5‰). It is noteworthy that 

during late HS11, both planktic and benthic δ
18

O had also similar values, but to minima. The 

Mg/Ca results indicate very different situations. In late HS11 the modern-like stratification of 

the water column between the calcification depth of N. pachyderma (s) and >1 km had almost 

disappeared, where it clearly persisted during the glacial inception. Hence, caution is needed 

when using the difference between planktic and benthic δ
18

O values for inferences about the 

thermal structure and stratification of the water column. The increase in the N. pachyderma 

(s)- based δ
18

OSW during the glacial inception (Figure 8) may be due to the enhanced storage 

of freshwater in the ice sheets and reduced precipitation.  
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6. Conclusions 

 

We combined measurements of Mg/Ca and δ
18

O in shells of the planktic foraminiferal 

species Neogloboquadrina pachyderma (sinistral) to reconstruct the subsurface hydrography 

during the last interglacial-glacial cycle. First, we reported the downcore Mg/Ca, Al/Ca, 

Mn/Ca, Fe/Ca results from two different cleaning methods (‘Mg cleaning’ and ‘full 

cleaning’), along with the shell weights of N. pachyderma (s) and weight loss % during the 

cleaning. We concluded that the ‘Mg cleaning’ method was not sufficiently effective in 

removing different contaminants. This may also apply to areas with similar depositional 

settings and thus we recommend, similar to previous studies (e.g., Barker et al., 2005), that a 

screening test for different cleaning protocols should be applied before deciding which 

cleaning protocol to use.  

Low seawater δ
18

O, relatively high temperature and dominance of N. pachyderma (s) 

(>80%) are recorded during Heinrich Stadial (HS)1, which suggests a strong stratification in 

the upper water column and likely a subsurface inflow of Atlantic water below a well-

developed halocline. This adds to a growing evidence for a subsurface inflow of relatively 

warm Atlantic water into the Nordic seas, when the latter was covered by freshwater and sea 

ice at the surface. Similar hydrographic features were also observed during HS11 in 

Termination II. Mostly, our Mg/Ca record based on the full cleaning method is discontinuous 

and in certain intervals of low resolution and was not capable of resolving all glacial 

millennial scale climatic events.  However, low δ
18

OSW values were recorded for HS4, HS3 

and HS6, similar to HS1 and HS11. 

The evolution in the Mg/Ca-based subsurface temperatures during the Eemian 

generally agrees with previous estimates based on planktic foraminiferal assemblages and 

dinoflagellate cysts documenting an early cooling and late warming during the Eemian in the 
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eastern Nordic seas relative to the North Atlantic. However, our high values of δ
18

OSW during 

the early Eemian may refer to a subsurface inflow of Atlantic water below a thin layer of 

polar water. Furthermore, the results of bottom water temperatures suggest an active outflow 

of intermediate/deep water from our area during the early Eemian, similar to the modern 

situation.  
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Figure Captions 

Figure 1: Map showing the major surface and bottom water currents in the northern North 

Atlantic and the Nordic seas (Hansen and Østerhus, 2000; Mork and Blindheim, 2000; Orvik 

and Niiler, 2002; Jakobsen et al., 2003). The location of core JM11-FI-19PC is also indicated. 

 

Figure 2: Correlation of magnetic susceptibility and planktic δ
18

O in JM-FI-19PC to nearby 

sediment cores ENAM93-21 and MD95-2009 (Rasmussen et al., 1996, 1999, 2003) and to 

δ
18

O values from Greenland ice cores  (Seierstad et al., 2014; Rasmussen et al., 2014 and 

references therein). Solid black horizontal lines mark tephra layers identified in both marine 

and ice cores (Davies et al., 2008, 2010). Tephra layers not yet confirmed in the ice cores and 

their potential location in ice records are shown by dashed black lines. Interstadial (black) and 

Heinrich event numbers (brown) are indicated. 
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Figure 3: Comparison of downcore minor/trace element results for planktic foraminiferal 

species Neogloboquadrina pachyderma (sinistral) from the ‘Mg cleaning’ (Red) and ‘full 

cleaning’ (Blue) methods. (a) Oxygen isotopes measured in N. pachyderma (s). (b) Al/Ca in 

µmol/mol. (c) Fe/Ca in µmol/mol. (d) Mn/Ca in µmol/mol. (e) Mg/Ca in mmol/mol. (f) 

Difference in Mg/Ca (∆Mg/Ca) between the two cleaning methods calculated by subtracting 

the Mg/Ca values from the ‘full cleaning’ method from the Mg/Ca values from the ‘Mg 

cleaning method’ (g) shell weight of N. pachyderma (s) in µgram. Closed circles represent the 

shell weights based on samples used for minor/trace element analyses using the ‘full cleaning’ 

method (where number of specimens = 60–160) and open diamonds represent shell weights 

based on samples used for boron isotope analyses (where number of specimens = 200–450). 

(h) black line-scatter plot refers to weight loss% from samples cleaned by the full cleaning 

method, while green circles refer to weight loss% from the ‘full cleaning’ minus the weight 

loss% from ‘Mg cleaning methods’ (∆ weight loss%). Light blue bars refer to intervals with 

significant differences between the two cleaning methods and grey bars refer to intervals with 

almost no differences between the two cleaning methods. Abbreviations: HS; Heinrich 

Stadials, LGM; Last Glacial Maximum, IS; Interstadial. 

 

Figure 4: Al/Ca (a), Fe/Ca (b), Mn/Ca (c) and Mg/Ca (d) for N. pachyderma (sinistral) 

cleaned twice by the ‘Mg cleaning’ method (open and closed black circles) and once using the 

‘full cleaning’ method (green circles) (see text for explanation). (e) Shell weights based on 

samples cleaned by the ‘full cleaning’ method. Note the break in the y-axis of Fe/Ca plot. 

  

Figure 5: Relationship between the corresponding differences in Mg/Ca and Mn/Ca for N. 

pachyderma (sinistral) from the ‘Mg cleaning’ and ‘full cleaning’ methods. ∆Mg/Ca 
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(∆Mn/Ca) is calculated by subtracting the Mg/Ca (Mn/Ca) from the ‘Mg cleaning’ from the 

Mg/Ca (Mn/Ca) from the ‘full cleaning’ method. 

  

Figure 6: Al/Ca (a), Fe/Ca (b), Mn/Ca (c), Mg/Ca (d) for M. barleeanus cleaned by the ‘Mg 

cleaning’ method (black circles) and the ‘Cd cleaning’ method (open blue circles). 

Abbreviations: HS; Heinrich stadial. 

 

Figure 7: Downcore reconstructions of temperature and seawater δ
18

O at calcification depth 

and season of N. pachyderma (s). (a) δ
18

Ocalcite. (b) Mg/Ca in mmol/mol. (c) B/Ca in 

µmol/mol. (d) Li/Ca in µmol/mol. (e) Corrected Mg/Ca based on B/Ca (see text for 

explanation). (f) Mg/Li, calculated by dividing Mg/Ca by Li/Ca. (g) Temperature based on 

raw Mg/Ca data (red circles) and Mg/Ca values corrected for carbonate ion concentration 

Mg/Ca (black circles). Red and black lines represent 3-point moving averages based on raw 

Mg/Ca and corrected Mg/Ca, respectively. (h) seawater δ
18

O, calculated using raw Mg/Ca-

based temperatures (red circles) and using corrected Mg/Ca-based temperatures (black 

circles). Solid lines represent 3-point moving averages. Abbreviations: HS;  Heinrich Stadial. 

 

Figure 8: Near surface hydrographic details of the last deglaciation. (a) δ
18

O values measured 

on N. pachyderma (s). (b) Temperature based on Mg/Ca measured on N. pachyderma (s). (c) 

Seawater δ
18

O based on Mg/Ca and δ
18

O values measured on N. pachyderma (s). Ssolid and 

dashed lines in (b) and (c) are 3-point moving averages based on corrected (Figure 6) and raw 

Mg/Ca, respectively. (d) Percentages of planktic foraminiferal species: % Nps in black, % 

Turborotalia quinqueloba (T. q) in red and % Globigerinita uvula in green. Abbreviations: 

HS; Heinrich Stadial, BA; Bølling-Allerød interstadials, YD; Younger Dryas, Nps; N. 

pachyderma (sinistral). 
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Figure 9: Climate records for the last interglacial. (a) seawater δ
18

O based on Mg/Ca and 

δ
18

O values measured on N. pachyderma (sinistral). (b) Temperature based on Mg/Ca 

measured on N. pachyderma (s). Solid and dashed lines in (a) and (b) are 3-point moving 

averages based on corrected (Figure 6) and raw Mg/Ca respectively. (c) Bottom Water 

Temperature (BWT) based on Mg/Ca measured on M. barleeanus using the ‘Mg cleaning’ 

procedure. Open black circles represent four samples cleaned by the ‘Cd cleaning’ method. 

The blue circle at the y-axis represents the average BWT of the late Holocene based on 

Mg/Ca measured in M. barleeanus using the ‘Mg cleaning’ procedure (Ezat et al., 2014). (d) 

Summer solar insolation at 60°N (Berger et al., 1978). (e) Foraminiferal δ
18

O values 

measured in M. barleeanus (blue), N. pachyderma (s) (black). Yellow curve is a glacio-

eustatic sea level record from Grant et al. (2012). Abbreviations: HS;  Heinrich Stadial. 

 

Table 1: Excluded samples due to high Al/Ca, Mn/Ca and/or Fe/Ca (in red). 
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Figure 2 
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Figure 3 
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Figure 4 
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Figure 5 
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Figure 6 
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Figure 7 
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Figure 8 
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Figure 9 
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Table 1 

 

Depth Mg/Ca Al/Ca Mn/Ca Fe/Ca

Cm mmol/molumol/mol umol/mol umol/mol

128 1,38 599 13 205

240 1,19 393 164 159

290 1,00 153 273 76

305 0,86 110 289 125

310 1,01 140 349 112

360 0,81 635 33 133

360 1,12 613 11 162

365 1,12 374 17 47

380 0,97 520 28 341

390 0,82 453 16 133

390 0,55 433 9 63

495 0,59 564 17 80

635 0,66 555 27 1683

645 0,85 399 19 108

1010 0,68 35 34 413

1015 0,67 33 39 564

1020 0,85 8 77 597

1045 1,05 523 20 271

1065 1,60 476 26 399

1090 0,89 385 45 193

1105 1,30 787 63 261

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning

Full cleaning

Mg Cleaning

Full cleaning

Full cleaning

Full cleaning

Mg Cleaning

Mg Cleaning

Method

Mg Cleaning

Mg Cleaning

Mg Cleaning

Mg Cleaning
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