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Abstract

The processes leading to formation of rare-element enriched granitic pegmatites are
controversially debated amongst petrologists and economic geologists. Two contrasting
genetic models discuss the necessity of a parental granitic pluton as the magma source versus
an anatectic origin via partial melting of metasedimentary rocks. Geochemical tools such as
the analysis of stable isotopic compositions can be applied to trace the origins and evolution
of pegmatite-forming magmas. In this MSc thesis, analyses of the boron isotopic compositions
of tourmaline and the triple oxygen isotopic compositions of garnet from granitic pegmatites
were combined with their mineral major and trace element compositions to evaluate the
tectonomagmatic evolution of the North Helgeland pegmatite field (Nordland county, northern
Norway). The magmatic-hydrothermal evolution of this LCT-type pegmatite field is constrained

by a more detailed investigation of the previously mined pegmatite body at Agskardet.

Tourmaline compositions in the selected pegmatite bodies vary between dravite in the upper
pegmatite at Agskardet, schorl at Grgnngya, @rnes and in outer zones of the Agskardet old
quarry pegmatites, and F-schorl to F-rich elbaitic, tsilaisitic and F-liddicoatitic compositions in
the inner zone of the Agskardet old quarry pegmatite. Lithium contents in tourmaline increase
from the outer to the inner pegmatite zones. Tourmaline from the inner zone is enriched in Sr
and Pb compared to all other tourmaline crystals studied, and it shows complex replacement
textures. Garnet in the North Helgeland pegmatites is dominated by almandine and
spessartine components. Except for garnet from the old quarry pegmatite at Agskardet, the

garnet crystals are enriched in HREE.

Tourmaline &"'B values range from -15.5 to -1.9 %o (+ 0.9%o, 1-sigma). For tourmaline from the
two pegmatite bodies at Agskardet, the range in 8"'B corresponds to values typical for S-type
granites, whereas slightly heavier values were obtained for tourmaline from the pegmatites at
Grgnngya and Qrnes. The higher 8''B values may be explained by a larger proportion of I-
type granitic basement in the crustal source to the granitic pegmatite-forming magmas. Within
the old quarry pegmatite at Agskardet, isotopic fractionation between minerals-melt, melt-fluid
and fluid-minerals likely played a role in the observed tourmaline 3"'B variations. Garnet 5'80
values range from 5.03 to 11.15 (£ 0.1%o, 1-sigma). These values broadly coincide with the
whole-rock 3'0 range displayed by Paleoproterozoic basement gneisses in the study area.
Triple oxygen isotope data (-76 to -56 + 0.4 ppm A0, 1-sigma) for pegmatitic garnet reveal
a trend with a slope of 0.527 in linearized triple oxygen isotope space. This slope defined by

fresh magmatic garnet crystals indicates low-temperature oxygen isotope fractionation, which



is consistent with and affirms contributions from an anatectic melt sourced from metapelitic

rock units.

Tourmaline &"'B compositions, garnet 8'®0 compositions and triple oxygen isotope data are
consistent with the North Helgeland pegmatites being produced by partial melting of a
heterogeneous crustal source, which contained varying amounts of Paleoproterozoic
metasedimentary rocks intruded by ca. 1.8 Ga old granitic orthogneisses of the
Transscandinavian Igneous Belt. Oxygen isotope thermometry performed on garnet-quartz
pairs yielded apparent temperatures of 585 (+ 25 °C, 1-sigma) for the old quarry pegmatite at
Agskardet, 588 (+ 25 °C, 1-sigma) for the Grgnnaya pegmatite, 823 (+ 53 °C, 1-sigma) for the
Neverdalen pegmatite and 532 (+ 20 °C, 1-sigma) as well as 1139 (+ 115 °C, 1-sigma) for two
separate samples from the upper pegmatite at Agskardet. These contrasting values likely
indicate disequilibrium conditions in the upper pegmatite. Tourmaline B-isotope variations and
trace element characteristics within the old quarry pegmatite at Agskardet indicate a transition
from the main magmatic stage to a late stage dominated by a hydrosaline melt or fluid. This
led to crystallization of tourmaline with F-rich elbaitic, tsilaisitic and F-liddicoatitic compositions,
as well as to formation of Li-Rb-Cs enriched micas found as inclusions in late-stage tourmaline.
Possibly, an aqueous fluid led to changes in the compositions of the rims of these complex
tourmaline crystals. The late-stage paragenesis of LCT-type pegmatites presents a favorable
exploration target (i.e., the Agskardet old quarry occurrence), but the vast majority of pegmatite
bodies in northern Helgeland have not reached such an advanced stage in their magmatic-

hydrothermal evolution.
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1. Introduction

1.1. General

Granitic pegmatites are recorders of extreme magma differentiation and provide insight into
magma evolution and incompatible element enrichment processes (Cerny & Ercit, 2005; Cerny
et al., 2012). They are commonly interpreted as residual melts formed by extreme degrees of
fractional crystallization of large peraluminous granitic magma bodies and can serve as
significant sources of i) rare elements such as Ta, Nb, Li, Cs, Be, Y, and REE, ii) high-purity
quartz, feldspar and mica, and iii) exotic gemstones such as beryl and tourmaline. Hence,
granitic pegmatites are of both scientific and economic interest (Linnen & Cuney, 2005;
London, 2005; Linnen et al., 2012; London & Kontak, 2012).

The origins of pegmatites have been subject to debate. While the classic model suggests their
formation through fractional crystallization of granitic melts, a second model proposes partial
melting of metasedimentary rocks enriched in rare metals and fluxing elements or igneous
rocks along fluid-channeling shear zones in high-grade metamorphic settings (Kontak et al.,
2005; Melleton et al., 2012; Cuney & Barbey, 2014; Romer & Kroner, 2016; Muller et al., 2017;
Konzett et al., 2018; Mdller et al., 2022). Fractional crystallization of the partial melts results in
further enrichment of incompatible elements. Highly evolved pegmatites contain mineral
assemblages and trace element signatures diagnostic of either Li-Cs-Ta (LCT) or Nb-Y-F
(NYF) affinity (Cerny, 1991; Cerny et al., 2012) . The difference in formation and internal
evolution between pegmatites and other granitic intrusives is explained by highly water- and
flux-enriched magmas. These volatile components lead to a reduction of magma viscosity and
solidus, enhanced segregation between minerals and melt, and melt-melt-fluid immiscibility
(Veksler & Thomas, 2002; Veksler, 2004; Thomas & Davidson, 2012; Thomas et al., 2012).
Reaction of fluxing components with major elements within undercooled melts suppresses
nucleation, which can lead to rapid crystallization of the supersaturated melt inward, yielding
the characteristic crystal sizes and orientation, as well as pegmatite body zoning (London,
2009; Nabelek et al., 2010; Anderson, 2012). However, the necessity of undercooling for the
formation of the hallmark pegmatite textures features has been challenged (Thomas &
Davidson, 2012; Thomas et al., 2012). Extremely low melt viscosity and melt-melt-fluid

immiscibility alone might lead to these.

Some pegmatites lack evidence for fluid separation in late-stage melts, and the importance of
magmatic vs. hydrothermal processes has been discussed (London, 2008; Siegel et al., 2016;
Kaeter et al., 2018). A potentially useful tool to trace these processes is the analysis of stable

isotope variations. Boron isotope analysis of tourmaline from peraluminous granites and



pegmatites has gained popularity (e.g., Trumbull et al., 2008; Trumbull et al., 2013; Siegel et
al., 2016; Maner & London, 2017), because of the diagnostic fractionation of the two stable
isotopes '°B and "B between melt and fluid and because boron isotope ratios can be a tracer
of the magma sources (Marschall & Foster, 2018). Tourmaline is the most common B-rich
mineral and the predominant host of boron in most crustal rocks (Grew & Anovitz, 1996; Dutrow
& Henry, 2011; Trumbull et al., 2020). It is a common accessory or minor constituent in
peraluminous pegmatites and may record the isotopic composition of the medium it crystallized
from (Marschall & Jiang, 2011; Trumbull & Slack, 2018). Tourmaline can form in igneous,
diagenetic, metamorphic, metasomatic, and hydrothermal settings, and it has an extensive
pressure and temperature stability range (Dutrow & Henry, 2011; van Hinsberg et al., 2011).
The wide compositional range makes tourmaline adaptive to a variety of crystallization
conditions and varying chemical environments (Dutrow & Henry, 2011; van Hinsberg et al.,
2011). Its stability, paired with limited major and trace element diffusivity, enable tourmaline to
retain chemical, isotopic, and textural characteristics over prolonged periods of time (Dutrow
& Henry, 2011; van Hinsberg et al., 2011).

Another common accessory mineral in granitic pegmatites is garnet (London, 2008). Like
tourmaline, it is a refractory, chemically inert mineral exhibiting slow intracrystalline diffusion,
which enables it to retain petrogenetic information even at magmatic temperatures (Coghlan,
1990; Lancaster et al., 2009; Lackey et al., 2011). This makes magmatic garnet a very good
prospect for triple oxygen isotope analysis. Triple oxygen isotope geochemistry is an
advancing field investigating mass dependent and mass independent fractionation in 70/'6O
relative to '80/'Q, in a diverse range of geological materials (Bindeman & Pack, 2021). Triple
oxygen isotope measurements can provide insights on environmental conditions at the time of
mineral formation. Triple oxygen isotopic signatures get passed on from precipitation through
sedimentation and metamorphism to anatectic melts and eventually igneous rocks (Bindeman,
2021). In magmatic-hydrothermal systems, triple oxygen isotope systematics can therefore be
used to track meteoric components that may be preserved from the sedimentary stage in the

evolution of the crustal sources to pegmatites.
1.2. Previous research on the North Helgeland pegmatite field

The North Helgeland pegmatite field in the county of Nordland, North Norway, comprises
Caledonian pegmatites of late Silurian to Devonian ages (lhlen, 2004; Lomotey, 2023). The
presence of Li-mineralization in the most evolved pegmatite body at Agskardet in Melgy
municipality is known for more than 70 years (Oftedal, 1950), but received attention mainly
from mineral collectors. The limited scientific work focused on specific mineralogy questions

rather than tectonomagmatic processes that gave rise to this pegmatite field (Larsen et al.,



1999; Kolitsch et al., 2013; Kristiansen, 2019; Raade, 2020). In 2004, the pegmatite field was
mapped by the Geological Survey of Norway (lhlen, 2004). They identified more than 600
bodies and dykes, most of them barren, but with rare-metal enrichments in individual bodies
of the suspected younger generation, specifically at Agskardet. Due to a lack of potential
parental granites in the area, they interpreted the pegmatites to be sourced from
Paleoproterozoic orthogneisses and Caledonian supracrustal units by partial melting. Firm

evidence to support this interpretation was not published.

In 2023, two MSc theses were completed on i) the mineralogy of the Agskardet pegmatite
(Caixeta Borges, 2023), confirming LCT affinity, and ii) the origin and economic potential of Li-
mineralization in the North Helgeland pegmatite field (Lomotey, 2023). The latter study was
conducted at UiT and constitutes the current state of research my thesis builds on. Lomotey
(2023) conducted U-Pb zircon age dating and was able to distinguish between two pegmatite
generations. The older generation (422 + 5 to 412 + 5 Ma) is interpreted to be a product of
partial melting during the collisional stage of the Caledonian orogeny, whereas the younger
generation (403 + 6 and 387 + 6 Ma) represents decompression melting in the crust during
post-collisional extension (Lomotey, 2023). Lomotey confirms a trend of higher differentiation
among the younger pegmatites. This is especially true for the Agskardet pegmatite, which also
yielded the youngest age (387 + 6 Ma). Zircon Hf isotopic compositions are highly variable for
the Helgeland pegmatites (eHfi = -32 to -8). The Paleoproterozoic gneisses in the area show
a much smaller range between subchondritic and juvenile compositions (eHfi = -3.3 to +5),
which was interpreted as a combination of mantle and more evolved crustal components in the
melt source, likely in a subduction zone setting (Lomotey, 2023). The strong eHfi variation
within the pegmatites indicates isotopically heterogeneous sources, such as Paleoproterozoic
metasedimentary rocks and the regional orthogneisses. However, the orthogneisses, largely
displaying I-type signature, cannot be the sole source to the peraluminous LCT-type

pegmatites in Helgeland.
1.3. Aims and objectives

Building on these insights, this study aims to further investigate the origin and evolution of the
parental magmas to the Helgeland pegmatite bodies to better understand their tectonic setting.
Is there evidence supporting collision- and subduction-related anatexis of crustal rocks? What
is the role of melt-fluid interactions and volatile fluxes in highly evolved magmatic or magmatic-
hydrothermal systems and how do they affect rare-element mineralization processes in the

resultant pegmatite bodies?

To answer these research questions, a number of methods are applied. Mineral assemblages

and their crystallization sequences are identified for selected pegmatites by optical microscopy



and scanning electron microscopy (SEM) imaging, with special focus on the description of
tourmaline textures. In-situ analysis of the major element compositions of garnet, tourmaline,
and accompanying mineral phases were conducted using electron probe micro-analysis
(EPMA). EPMA analysis serves for further mineral identification and interpretation of melt
source and evolution through quantitative compositional characteristics. Garnet and tourmaline
from pegmatite samples were analyzed by LA-ICP-MS for their trace element compositions to
assess the geochemical signatures with regard to possible LCT affinity. Secondary ion mass
spectrometry (SIMS) facilitated the boron isotope analysis of tourmaline crystals to interpret
possible sources of boron and isotope fractionation processes in the magmatic-hydrothermal
system. The final objective was to trace source rock triple oxygen isotopic compositions by
laser-fluorination gas-source mass spectrometry, a novel technique applied to pegmatitic
garnet and quartz and bulk basement samples. A possibly shared signature between
pegmatites and basement rocks with potentially present meteoric components in the

magmatic-hydrothermal system is investigated.

Background information on the applied principles and the geologic setting of the investigated
pegmatite bodies is given in Chapter 2 and 3. Sample descriptions are provided in Chapter 4.
The analytical methodology is outlined in Chapter 5 and the results are described in Chapter
6. Chapter 7 presents a discussion by putting the results into context, dealing with the research

questions sequentially. The conclusions are presented in Chapter 8.

2. Theoretical background

2.1. What are pegmatites?

Pegmatites are igneous rocks of mostly granitic composition, characterized by coarse crystal
sizes and distinctive textures. They are commonly observed to form small lenticular or bulbous
intrusive bodies as well as dykes and sills (London, 2008; London & Kontak, 2012). Pegmatite
intrusions are characterized by coarsening crystal size and mineralogical zonation from the
margins toward the center. They typically show anisotropic fabrics such as concentric
magmatic layering and oriented crystal growth, as well as intergrowth of feldspar and quartz
known as the diagnostic ‘graphic granite’ texture. The main mineral assemblage comprises
quartz, K-feldspar (microcline), sodic plagioclase (often albite) and mica (biotite and
muscovite); i.e., a typical granitic mineralogy (Anderson, 2012; London & Kontak, 2012).
Garnet, tourmaline, apatite and a few other minerals can be present in minor amounts (London
& Morgan, 2012). Most pegmatites contain only a small range of accessory minerals and rare
element contents are not elevated. These are also referred to as abyssal, barren, or ceramic



pegmatites (e.g., London, 2008). Less than 1% of known pegmatites worldwide contain
uncommon minerals rich in rare elements such as Li, Be, Sn, Cs, B and Ta. This exotic

subgroup is therefore referred to as the rare-element pegmatites (London & Kontak, 2012).

According to Cerny (1991), two families of granitic rare-element pegmatites can be
distinguished, which differ in melt origin and composition and, thus, mineralogy and rare metal
association. Pegmatites of the LCT family, enriched in Li-Cs-Ta, are typically associated with
peraluminous S-type granites, formed by partial melting of metasedimentary rocks in post-
collisional orogenic settings. In contrast, pegmatites of the NYF family, enriched in Nb-Y-F, are
commonly associated with peralkaline A-type granites, formed in extensional anorogenic
settings. I-type granitic magmas are usually poor in B, P and F and thus rarely associated with
pegmatites (Cerny et al., 2012), although it has been suggested that pegmatites of both
families might in some cases be sourced from I-type melts, especially if contaminated with
other sources (Cerny & Ercit, 2005; Novak et al., 2012). Mixing of LCT and NYF sources can
also result in ‘hybrid’ pegmatites which carry a mixed signature of both families (Cerny & Erecit,
2005; Martin & De Vito, 2005; Novak et al., 2012). The concept of pegmatite families was
meant to be applied to swarms or fields of comagmatic pegmatites, not to individual bodies
(Cerny & Ercit, 2005). Many pegmatites within a swarm are barren, while only a few develop
the mineralogical characteristics diagnostic for the pegmatite families (Cerny et al., 2012). For
pegmatites lacking a diagnostic mineralogy, trace element contents of common minerals can
be used to constrain their affinity (Cerny et al., 1985; Cerny et al., 2012). Of all rare element
pegmatites, those with LCT affinity are far more numerous than those with NYF affinity, and

within the LCT family, Be- and Li-rich types are most common (Cerny et al., 2012).

The main repositories of trace element contents in metasedimentary source rocks forming S-
type granitic melts and subsequently LCT pegmatites are feldspars and, chiefly, micas (Dahl
et al., 1993; Cerny et al., 2012; London et al., 2012). Micas and to a lesser degree feldspars
are very reactive and readily transfer their trace element budgets into partial melts at the onset
of anatexis (London et al., 2012). Rubidium is slightly and Li and Cs are highly incompatible in
K-feldspar, which is continuously crystallizing from the granitic melt, and these elements
subsequently concentrate in the melt (Cerny et al., 2012). Another element diagnostic for
peraluminous S-type granites and enriched in LCT pegmatites is P (London et al., 1999; Martin
& De Vito, 2005).

A-type granites are sourced from pyroxene-bearing granulites and varying additional amounts
of mantle components or may be entirely mantle-derived (King et al., 1997; Christiansen et al.,
2007; Haapala et al., 2007). The signature of NYF pegmatites is consistent with those of

alkaline and peralkaline magmas derived from mantle sources considering F and Nb contents



but they carry considerably higher amounts of heavy rare earth elements (Martin & de Vito,
2005). Mantle-derived rocks are often rich in P and Ca, which is not true for A-type granites
and NYF pegmatites. Most pegmatites derived from enriched mantle sources do not entirely
fit the NYF family traits (Cerny et al., 2012). F contents of A-type magmas and NYF pegmatites
are ascribed to the decomposition of F-rich amphiboles and micas in the source (Skjerlie &
Johnston, 1992; Cerny et al., 2012). The predominance of Nb over Ta might originate from
their relative abundances in the source or from fractionation processes, but the high Nb/Ta

ratio is not entirely understood (Cerny et al., 2012; Ballouard et al., 2020b).

Pegmatite formation is commonly linked to fractional crystallization of granitic magma. In this
model, pegmatites represent fluid-saturated residual melts at the final stage of fractionation,
which explains the high contents of incompatible elements. Additional support for the
fractionation model comes from the spatial distribution of pegmatite bodies within and around
large granitic plutons of similar compositional affinity, which implies a genetic relationship (e.g.,
Cerny & Ercit, 2005; London, 2008; London & Kontak, 2012). Alternative models argue for
pegmatite formation by crustal anatexis in high-grade metamorphic settings, which is
appealing in cases where no parental granitic bodies appear to exist, or where regional granitic
intrusions differ in age, as well as mineralogical and geochemical compositions (Melleton et
al., 2012; Muller et al., 2017; Konzett et al., 2018; Miiller et al., 2022). This hypothesis has
been presented for pegmatites with NYF signature (e.g., Prol-Ledesma et al., 2012; Miller et
al., 2017) and LCT signature (e.g., Kontak et al., 2005; Melleton et al., 2012; Shaw et al., 2022).
Based on these studies, the genetic classification system of pegmatites needs a revision, and
a new mineralogical and geochemical classification system has been proposed recently (Wise
et al., 2022).

In contrast to earlier models that emphasized the role of H,O in the formation of pegmatites
and argued for very slow crystal growth to explain the occurrence of up to several meters large
crystals (e.g., Jahns & Burnham, 1969), recent research is focusing on the role of melt
undercooling, low viscosity, and presence of fluxing elements such as B, P and F (London,
2009; Anderson, 2012; Dill, 2015). Slow nucleation and rapid crystal growth are caused by
undercooling and the formation of a flux-rich crystal-melt boundary layer (London, 2005;
Simmons & Webber, 2008; London, 2009). Incompatible elements enrich in the boundary layer,
which is in disequilibrium with the bulk pegmatite melt (London, 2017). Once the bulk melt is
fully consumed, crystallization from the highly enriched boundary layer starts, precipitating
rare-element-minerals such as spodumene or pollucite. This process is supposed to be the
reason for the observed sharp zonation of many evolved pegmatites (London, 2008, 2014;
Lichtervelde et al., 2018), but has been reported by Thomas et al. (2012) as inconsistent with
melt and fluid inclusion studies. Instead, these authors argue for the importance of melt-melt—
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fluid immiscibility in pegmatite formation and deemphasize the need for liquidus undercooling.
Additionally, they report pegmatite melt formation also in the absence of the commonly implied
fluxing agents P and F, if other fluxing elements such as B and carbonates are present (Thomas
& Davidson, 2012; Thomas et al., 2012).

Pegmatite zonation typically occurs concentrically or layered around the pegmatite’s core or
along its length, recording the progressive crystallization from the margins inward (Cameron
et al., 1949; Jahns, 1982; London, 2008). Based on textural and mineralogical features, the

following zones are distinguished:

(1) The border zone is the outermost contact to the country rocks. It is often composed of fine-
grained quartz and feldspar and can contain larger crystals of accessory minerals (London,
2008). (2) The wall zone typically shows the same mineralogy plus mica but displays a coarser
grain size. Accessory garnet and tourmaline are common (London, 2008). (3) The intermediate
zones in the interior of a pegmatite body show an abrupt increase in grain size and tend to be
dominated by a single mineral phase, typically microcline, plagioclase, quartz, spodumene,
petalite or montebrasite (London, 2008). They can be asymmetrically distributed and pinch out
in thinning bodies (London, 2008). (4) The core is the innermost unit of a pegmatite body.
Monomineralic quartz cores are common, but perthite, albite, Li-aluminosilicates and
phosphates also occur (London, 2008). (5) Some evolved pegmatites contain a so-called
replacement zone, characterized by pronounced alteration of the pegmatitic minerals to a fine-
grained pseudomorphic assemblage (London & Burt, 1982; London, 2008). Replacement
zones often contain monomineralic (e.g., albite) masses or high concentrations of exotic
minerals, explained by hydrothermal activity (London, 2008). They are typically the
mineralogically most diverse unit of a pegmatite (Cerny & Ercit, 2005; London, 2008). In zoned
pegmatites, rare-element enrichment typically occurs from the intermediate zone inward
(Cerny, 1991). It is, however, important to note that not all chemically evolved pegmatites
exhibit zoning (London, 2008).

2.2. Tourmaline

Tourmaline is a borosilicate mineral with the generalized structural formula
XY3Z6(TeO18)(BO3)sVsW, which enables large compositional diversity (Hawthorne & Henry,
1999; Henry et al., 2011). The most common ions (or vacancy) are Na*, Ca?*, K*, and vacancy
on the X site; Mg?*, Mn?*, Al**, Li'*, Fe®', and Cr® on the Y site; AI**, Fe3*, Mg?*, and Cr®* on
the Z site; Si**, A**, and B* on the T site; B®* on the B site; OH and O? on the V site and OH

, F, and O% on the W site (Henry et al., 2011). The nomenclature of minerals of the tourmaline



supergroup is based on chemical systematics following the IMA-CNMNC dominant valency-
rule (Hatert & Burke, 2008) and is published by the Subcommittee on Tourmaline
Nomenclature (STN) of the IMA-CNMNC in Henry et al. (2011). For each distinct mineral
species there is an irreducible endmember composition. The subdivision into three primary
groups is based on X site occupancy. An alkali, a calcic, and a vacancy group are
distinguished. The different valencies of the cations, or vacancy respectively, on the X site are
charge-balanced by coupled substitution. For minerals that are dominated by OH or F* on the
W site, the OH" - dominant species is eponymous and considered the root composition.
Compositions with dominant F~ on the W site require a corresponding prefix, similarly to
compositions dominated by other cations in the specific sites than the reference root

composition (Henry et al., 2011).

Tourmaline commonly has an acentric and polar rhombohedral symmetry (space group R3m),
although lower symmetries have been reported for specific occurrences (e.g., Akizuki et al.,
2001; Shtukenberg et al., 2007). It forms prismatic to acicular and fibrous ditrigonal-pyramidal
crystals with vertical running dominant trigonal and subordinate hexagonal prisms (Hawthorne
& Dirlam, 2011; Nesse, 2014). In cross-section perpendicular to c the vicinal character of the
prism faces causes a spherical impression. The tetrahedrally coordinated T site is
predominantly occupied by Si but can also contain Al and B. Six [TO.]tetrahedra are connected
on their corners to form hexagonal [TeO1g] rings which make up the cyclosilicate structure (Fig.
1). The base of the [TO4] tetrahedra are parallel to and their free O atoms point towards (001),
which results in acentric symmetry and the polar properties (Hawthorne and Dirlam, 2011).
Boron forms trigonally coordinated [BOs3] rings. Y and Z sites are octahedrally coordinated.
Edge-sharing [ZOsOH] octahedra form left- and right-handed helical screw axes parallel to c,
which are connected to each other through their corners as well as through groups of three
edge-sharing [YO4(OH).] octahedra. The [BO3] rings are connected to both the [ZOsOH]
octahedra and the [YO4(OH);] octahedra. The large X atoms lie above the 6 free O atoms of
the [T6O1g] rings and below the 3 O atoms of the [BO3] rings. The X atoms are only weakly
bonded, and the X site can be partially unoccupied.
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Figure 1. Structural model of tourmaline. A) projected onto (001) and B) oblique view. Crystallographic data from
Tippe and Hamilton (1971). Visualized with Vesta 3.90 (Momma & Izumi, 2011).

The great diversity in tourmaline composition leads to a broad spectrum of colors from black,
brown, blue, green, pink, yellow to colorless. Chemical zoning is common and is often visible
both in hand specimen and thin section (Pezzotta & Laurs, 2011; Nesse, 2014). The most
common tourmaline is black Fe-rich tourmaline of schorlitic composition (Nesse, 2014). The
structural formula of the schorl endmember is NaFe? 3Als(BO3)3SisO18(OH)3(OH). Within the
alkali tourmalines, schorl forms a subsystem with dravite (endmember composition
NaMgsAleSisO1s (BO3)s(OH)3(OH)) and elbaite (Na(Li1sAl15) Alg (SisO1s) (BOs)s (OH)s (OH))
(Henry et al., 2011).

2.3. Boron isotopes with special reference to tourmaline and granite

Boron is a lithophile element that is incompatible in igneous systems, but it is essential for the
formation of tourmaline (London et al., 1996; Dutrow & Henry, 2011; Trumbull & Slack, 2018).
It is readily mobilized and transported by silicic melts and aqueous fluids and is therefore
enriched in the continental crust relative to the mantle (Dutrow & Henry, 2011; Trumbull &
Slack, 2018). Sea water is a significant boron reservoir, and boron transfers into Earth’s crust
through subduction of hydrothermally altered oceanic crust and B-incorporating pelagic
sediments. Increasing P-T conditions and circulating fluids in the subducting slab enable
tourmaline growth, making tourmaline an important factor in the boron geochemical cycle
(Dutrow & Henry, 2011). At the Earth’s surface, boron can be concentrated through evaporation
processes and is precipitated in borate minerals (Dutrow & Henry, 2011). In igneous settings,
boron enriches through partial melting of boron-bearing (often metasedimentary) source rocks
(Marschall & Jiang, 2011; Trumbull & Slack, 2018). Due to its incompatibility in major rock-
forming minerals in granitoids, it concentrates in fractionated granitic and pegmatite-forming
melts, and eventually in aqueous fluids (Morgan & London, 1989; Dutrow & Henry, 2011). In

the absence of tourmaline, boron is mainly hosted by micas in felsic rocks. Pelitic and



metapelitic rocks have the highest concentrations of boron, owed to their mica and clay content
(Gao et al., 1998; Trumbull & Slack, 2018).

Boron has two naturally occurring stable isotopes, '°B and ''B, which differ in their atomic
masses by 10% and show an abundance ratio of 1:4 (Kowalski & Wunder, 2018; Trumbull et
al., 2020). The ratio of the two isotopes is expressed as 8''B values as the %o deviation relative
to a standard (NIST SRM-951). The range of §''B values in nature is about 100%o. (Barth, 1993;
Palmer & Swihart, 1996). Seawater is enriched in "B, and rocks of the oceanic crust
incorporate the heavy isotope through alteration processes. For this reason, melts related to
subduction zone magmatism are typically isotopically heavier than common continental crust,
which is depleted in ''B due to subaerial weathering processes (Marschall & Jiang, 2011). The
commonly cited range for 8''B values of the upper continental crust is -8 to -12%o. (Marschall
& Jiang, 2011; Trumbull & Slack, 2018). S-type granitic rocks have a mean &"'B value of -11%o
(s.d. = 4), I-type granites of -2%o (s.d. = 5), and unaltered MORBs of -7%o (s.d. = 1) (Trumbull
& Slack, 2018).

There is significant fractionation of the two isotopes between minerals, melts and aqueous
fluids, which is dependent on temperature, melt and fluid composition and, most importantly,
the structural configuration of boron in the coexisting phases (Palmer & Swihart, 1996;
Marschall & Jiang, 2011; Kowalski et al., 2013; Kowalski & Wunder, 2018).

The small cation B3* can enter both trigonally and tetrahedrally coordinated sites in mineral
structures and occurs in trigonal and tetrahedral coordination in melts, where trigonal [BO3] is
considered the predominant species, particularly in peraluminous compositions and at higher
temperatures (Tonarini et al., 2003; Kowalski & Wunder, 2018; Li et al., 2021). In aqueous
fluids, boron forms tetrahedrally coordinated B(OH)4 in higher pH alkaline fluids and at higher
temperatures, but trigonally coordinated B(OH)s complexes in acidic solutions (Schmidt et al.,
2005; Dutrow & Henry, 2011; Kowalski & Wunder, 2018). The "B isotope prefers trigonal
coordination and '°B favors tetrahedral coordination (Kakihana et al., 1977). This is due to the
lighter isotope’s preference for longer B-O bonds present in higher coordinations (Hawthorne
et al., 1996; Wunder et al., 2005; Kowalski et al., 2013). Experimental studies on B-isotope
fractionation between tourmaline and aqueous fluid report an enrichment of "B in the fluid
under all conditions studied and a decrease in fractionation with increasing temperature and
pressure (Palmer et al., 1992; Meyer et al., 2008). There is currently only one experimental
study on the fractionation of B-isotopes between tourmaline and melt (Cheng et al., 2022). This
study reports enrichment of ''B in granitic melts relative to crystallizing tourmaline and stronger
fractionation at lower temperatures, assuming no exsolution of fluids. At the magmatic-

hydrothermal transition, "B partitions into the aqueous fluid, resulting in lower 3''B values for
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late magmatic tourmaline relative to the starting magma, whereas there is enrichment in ''B in
tourmaline crystallizing from the fluid (Trumbull & Slack, 2018, and references therein).
Fractionation between coexisting mineral phases (and involved fluids) is best studied for
tourmaline and mica, which are the main boron hosts in granitic melts (Trumbull & Slack, 2018;
Kowalski & Wunder, 2018; Li et al., 2021), in both experimental studies (Wunder et al., 2005;
Meyer et al.,, 2008) and natural samples (Klemme et al., 2011). These studies report
considerable fractionation between mica and tourmaline, with mica showing lower 3'"'B than
coexisting tourmaline. In mica, boron is tetrahedrally coordinated and enriched in '°B. Fluids
are enriched in "B in trigonal coordination (Wunder et al., 2005; Meyer et al., 2008).
Inconsistencies in the magnitude of the reported observations can be attributed to the presence
of tetrahedrally coordinated boron in neutral aqueous fluids at high temperatures (Kowalski et
al., 2013). The enrichment of '°B in micas and clay minerals due to tetrahedral coordination is
also the main reason for the light isotopic signature of S-type granites (Trumbull & Slack, 2018).
Analyses of natural samples show that while the crystallization of micas (and other phases
containing tetrahedrally coordinated B) can lead to enrichment of "'B in the residual melts,
crystallization of tourmaline might have the opposite effect (Trumbull et al., 2008; 2013; Siegel
et al., 2016).

2.4. Garnet

The garnet supergroup includes all minerals isostructural to garnet regardless of which
elements occupy the atomic sites (Grew et al., 2013). The general formula for the garnet
supergroup minerals is {X3}[Y2](Z3)$12, where X, Y and Z refer to dodecahedral, octahedral,
and tetrahedral sites, respectively, and ¢ is O, OH, or F (Grew et al., 2013). Except for two OH-
bearing species, all garnet supergroup minerals are of cubic symmetry, space group la 3d
(Grew et al., 2013).

The garnet supergroup is subdivided into five groups on the basis of the total charge of cations
in the tetrahedral site. The garnet group has 14 members, which have the Z site occupied by
Sizand the ¢ site by O+2. Species are distinguished based on the dominant-valency rule and
the nomenclature is approved by the IMA-CNMNC (Hatert & Burke, 2008; Grew et al., 2013).
The most common endmembers are pyrope, almandine, spessartine, uvarovite, grossular and
andradite (Baxter et al., 2013; Okrusch & Matthes, 2014). Before the revision in 2013 by Grew
et al. (and as still commonly used today), their formulas were reported as: MgsAlx(SiO4)3
(pyrope), (Fe?*)sAlx(SiO4)s (almandine), (Mn?*);Alx(SiO4)s (spessartine), CasCra(SiO4)s
(uvarovite), CasAlx(SiO4)s (grossular), and Cas(Fe?*)2(SiO4); (andradite) (Grew et al., 2013). In
revised form, the formula for pyrope reads: {Mgs}[Al2](Siz)O12 (Grew et al., 2013). The end-

members almandine + pyrope, as well as almandine + spessartine, and grossular + andradite

11



are solid solution series. The almandine - pyrope as well as the almandine - spessartine solid
solutions can incorporate up to 30 mol.% grossular or andradite component (Okrusch &
Matthes, 2014).

The structure of garnet is characterized by alternating Z¢4 tetrahedra and Y$6 octahedra,
which form angled chains parallel to the edges of the unit cell (Fig. 2). These tetrahedra and
octahedra share corners to create a three-dimensional framework. Within this framework,
triangular dodecahedral cavities form, which contain the X site. Each anion is coordinated by
one Z, one Y, and two X cations, resulting in a high number of shared edges between the
dodecahedra and the octahedra/tetrahedra (Grew et al., 2013). The large edge-sharing sites
can incorporate significant amounts of heavy rare-earth elements (Baxter et al., 2013). The
octahedra and tetrahedra do not share edges with each other (Grew et al., 2013; Baxter et al.,
2013).

‘ 7 [4]
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Figure 2. Structural model of garnet. Projected onto (001). Crystallographic data from Novak and Gibbs (1971).
Visualized with Vesta 3.90 (Momma & Izumi, 2011).

Garnet is a common rock-forming mineral stable over a wide range of temperatures and
pressures. It is highly refractory and shows low solubility as well as low diffusion (Coghlan,
1990; Baxter & Scherer, 2013). It predominantly occurs in metamorphic rocks of the continental
crust and garnet peridotites from Earth’s mantle (Baxter et al., 2013; Baxter et al., 2017), but
can also occur as accessory mineral in peraluminous granitoids and pegmatites (Stevens et
al., 2007; Erdmann et al., 2009; Villaros et al., 2009; Lackey et al., 2012; Mdller et al., 2012;
Melo et al., 2017).
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2.5. Stable oxygen isotopes

2.5.1. Applications of oxygen isotope analyses

Oxygen is the most abundant element on Earth and occurs in gaseous, liquid and solid phases
over a wide range of stability (Hoefs, 2018). Oxygen has three stable isotopes, which have
abundances of 99.757% ('®0), 0.038% ('"0O), and 0.205% ('®0) (Rosman & Taylor, 1998). The
8Q/'8Q ratio shows a variance of about 10% in natural samples and is most commonly applied
in geological studies because of the high abundances of these two isotopes and their great
mass difference (Hoefs, 2018). The oxygen isotope ratios 'O/'®0O and '80/'*O are commonly
expressed as 6170 and 6180, which is the per mil deviation from a standard (McKinney et al.,
1950).

Oxygen isotope geochemistry is applied for a variety of purposes, including paleoclimatology,
hydrology, biological and ecological studies, and research on hydrothermal systems and
geological processes (e.g., Koch, 1998; Muehlenbachs, 1998; Goodfriend, 1999; Yakir &
Sternberg, 2000). Variations in the oxygen isotopic compositions of water can, for example,
track mixing of different water sources (Gat, 1996). Furthermore, oxygen isotope analyses of
ice cores can provide insights into past temperature and precipitation patterns (Petit et al.,
1999; Landais et al., 2008). In rocks and minerals, oxygen isotopes can provide insights into
formation environment, metamorphism, and alteration processes. The oxygen isotopic
compositions of rocks and minerals are potentially preserved billions of years and their

interaction with atmospheric O, can be reconstructed (Hoefs, 2018; Pack, 2021).

2.5.2. Oxygen isotope thermometry

Oxygen isotope fractionation principles are also applied to estimate peak metamorphic or
magmatic temperatures (Garlick & Epstein, 1967; Bottinga & Javoy, 1975; Eiler et al., 1993;
Farquhar et al., 1996; Valley, 2001; Larson & Sharp, 2005). The so-called oxygen isotope
thermometry records equilibrium temperatures at peak metamorphic conditions or in a
magmatic system and employs the inverse variation of isotopic fractionation extent with
temperature. Different minerals have different closure temperatures for oxygen diffusion
(Dodson, 1973; Giletti, 1986). Garnet is characterized by slow oxygen diffusivity and a high
closure temperature of >800 °C. In garnet of magmatic origin, its oxygen isotopic composition
is therefore expected to be close to that of the magma and the source (Coghlan, 1990;
Farquhar et al., 1996; Harris & Vogeli, 2010). In contrast, quartz has a significantly lower
closure temperature of <550 °C, faster diffusivity, and it has the highest 5'80 of any mineral in

the same rock at equilibrium (Farver, 2010; Bucholz et al., 2017; Quinn et al., 2017). The order
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of equilibrium 'O enrichment in common igneous minerals is quartz > alkali-feldspar >
plagioclase > biotite > apatite > orthopyroxene > zircon > clinopyroxene > amphibole > garnet
> olivine > oxides (Zheng, 1993; Eiler, 2001; Valley et al., 2003). The extent of enrichment is
determined by a mineral’s cation-oxygen bond strength and cation mass. Bond strength is
dependent on the cation valence state, coordination number, and corresponding ionic radii
(Zheng, 1993; Hoefs, 2018). At equilibrium, the heavier isotope will tend to occupy the site with
the stronger bond, because it minimizes the energy of the system (Hoefs, 2018). In quartz,
each atom is strongly covalently bound in an infinite three-dimensional framework of silica
tetrahedra, where each tetrahedron is bonded to four other tetrahedra. The 'O isotope

partitions therefore preferentially into quartz (Zheng, 1993).

Due to the large oxygen isotope fractionation between garnet and quartz, thermometry on this
mineral pair can be performed with reasonable precision (A'®O(Qz-Grt) =2.71 at 1000 K;
Coghlan, 1990). Retrograde or sub-solidus isotope exchange or hydrothermal alterations
during cooling and exhumation can influence the accuracy of 8'®0 thermometry (Eiler et al.,
1993; Kohn, 1999; Valley, 2001). In magmatic systems, sub-solidus oxygen isotope re-
equilibration through diffusive exchange between quartz and feldspar can be observed in
slowly cooled plutons (Bucholz, 2017). Thus, empirically or theoretically obtained fractionation

factors can also be employed to test for disequilibrium in mineral assemblages (Zheng, 1993).

Although garnet is highly suitable for oxygen isotope studies, the application of the method to
non-metamorphic garnet has only recently gained momentum. Although there is now a number
of 5'80 studies on garnet from granitic plutons (e.g., King & Valley, 2001; Lackey et al., 2006;
Harris & Vogeli, 2010; Lackey et al., 2012; Quintero et al., 2021), 5'80 data for garnet from
pegmatites are scant (Zhang et al., 2001; Samadi et al., 2014; Yu et al., 2021).

2.5.3. The concept of ‘triple oxygen’ isotope analysis

Fractionation between 7O and '®0 is approximately half of the fractionation between 0 and
60, and it was therefore recognized as mass-dependent isotope fractionation by Craig (1957).
Measurements of 7O were not initially considered to offer any further insights beyond those
provided by the 80/'®Q ratio (Hoefs, 2018; Miller & Pack, 2021). During the past two decades,
with advancing analytical techniques, it was recognized that '7O/'®O data can yield additional
geoscientific information (Bindeman & Pack, 2021). So-called triple oxygen isotope analysis
helps to recognize the effects of water compositions and temperatures on oxygen isotope
fractionation. In a 8'7O vs. 8'®0 diagram, all terrestrial rocks and minerals plot along a line with
a slope (A) and an intercept (y) and the deviation from the chosen reference line is reported as
A'0. A commonly used slope value is 0.52 (Cao & Liu, 2011). This reference line used to be

referred to as Terrestrial Fractionation Line (TFL), but Pack and Herwartz (2014) demonstrated

14



that a single TFL is invalid because different geochemical reservoirs on Earth are characterized
by different mass fractionation lines. Fractionation factors between two isotopes of the same
element are commonly denoted a. The triple isotope fractionation exponent
(8 = In"%q/In'®"18q) for fractionation between two reservoirs can be determined experimentally
(e.g., Angert et al., 2003; Barkan & Luz, 2005; Luz & Barkan, 2005; Landais et al., 2006), or
theoretically (Cao & Liu, 2011). It can vary between 0.5 (lower limit for kinetic fractionation) and
0.5305 (equilibrium high temperature limit) (Matsuhisa et al., 1978; Young et al., 2002; Cao &
Liu, 2011). The variation results from energy differences between molecules incorporating
different isotopes, which depends not only on the respective masses of the isotopes, but also
on their reduced masses within the framework of a vibrating molecule (Matsuhisa et al., 1978;
Miller & Pack, 2021). The fractionation exponent indicates the slope of a line resulting from the
relevant fractionation process. The global meteoric water line has a slope of 0.528 and an
intercept of 0.033%. (Luz & Barkan, 2010). It is a result of combined equilibrium fractionation
(evaporation, condensation; 8 = 0.529, and kinetic diffusion; 6 = 0.518) (Pack & Herwartz,
2014). For rocks and minerals, the slope is typically reported as being between 0.524 and
0.526 (Miller et al., 1999; Rumble et al., 2007; Sharp et al., 2016).

The oxygen isotopic composition of silicates in the Earth’s crust results from complex
interactions between solids, melts and aqueous fluids, and is significantly influenced by
temperature (Miller & Pack, 2021). Studies on natural rocks and minerals show that their
oxygen triple isotope distributions result from the various combined various slopes of involved
fractionation processes, dominated by equilibrium processes (Miller & Pack, 2021, and

references therein).

Due to the not completely linear relationship of 8'70 vs. 8'80, the resulting slope is dependent
on the range of & values and the isotopic composition of the reference material. The mass-
dependent fractionation relationship that describes this oxygen triple isotope distribution has
the designated exponent term A (Miller & Pack, 2021). A is an empirical parameter based on
cumulative fractionation effects. To quantify deviations from a specific mass-dependent
fractionation curve, the term A"70 is used (Miller, 2002). It describes the linearized absolute &

70 and & 80 data in relation to the fractionation exponent A:
103 In(1 + AY70) = 103 In(1 + 670) — 2103 In(1 + §80) (1)

A'170 = 870 — A8'*%0 (2)
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The value of A is assigned arbitrarily. Commonly used is 0.528 (Sharp et al., 2018; Miller &
Pack, 2021). To account for any offset from the zero point of the & scale, the intercept y (y' =

10%In(1+ v ) is used:

A'170 = 870 — A8'*%0 — v (3)

To clarify that the reference line is pre-defined, the terminology Ar. and yrL is commonly
employed (Miller & Pack, 2021). There is, however, no general acceptance of the notations
used in the young field of triple oxygen isotope geochemistry, which is important to bear in

mind when comparing data from different publications (Miller & Pack, 2021).

2.5.4. Non-mass-dependent fractionation processes

Non-mass-dependent fractionation processes can lead to anomalous O enrichments or
depletions, typically observed in meteorites (e.g., Clayton et al., 1973; Thiemens &
Heidenreich, 1983; Chakraborty et al., 2013). These processes can usually be traced to
photochemical reactions and have only been observed in terrestrial materials that were in
contact with or influenced by the troposphere and stratosphere, for instance through explosive
volcanic eruptions (Bao et al., 2000; Savarino et al., 2003; Martin & Bindeman, 2009). Non-
mass-dependent fractionation of oxygen isotopes that does not involve photochemistry has so
far only been produced in laboratory experiments (Bhattacharya & Thiemens, 1988; Wen &
Thiemens, 1990, 1991; Sun & Bao, 2011).

3. Geological background

3.1. Tectonic setting

The Helgeland pegmatite district in Nordland County, northern Norway, is located in the
Paleoproterozoic Svecofennian basement domain of the Fennoscandian Shield, which is partly

overlain by Early Paleozoic Caledonian nappe complexes in the study area (Fig. 3).

The Svecofennian domain (2.0 — 1.75 Ga) is one of the major domains of the Fennoscandian
Shield, adjacent to the Archean domain (3.1 — 2.6 Ga) in the northeast and the
Mesoproterozoic Sveconorwegian domain (1.14 — 0.9 Ga) in the southwest (Ahall & Larson,
2000; Skar, 2002; Ahall & Connelly, 2008). It represents continental crust of several arc
systems that were accreted to the craton (Hogdahl et al., 2004). The Svecofennian domain is
exposed in several tectonic windows in central Nordland, namely Sjona, Hggtuva, Nasafjall,
Svartisen, Glomfjord, Fykan and Bjellatind (Wilson & Nicholson, 1973; Skar, 2002). The
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voluminous granites and granitic gneisses of this basement domain represent protracted
magmatic activity between 1.85 and 1.63 Ga (Svecofennian and Gothian orogenies (Bingen &
Solli, 2009), and they are part of the Transscandinavian Igneous Belt (TIB; Patchett et al.,
1987). The TIB comprises numerous batholiths, predominantly postorogenic granitoids,
stretching 1400 km from southeastern Sweden to northern Norway (Romer et al., 1992; Skar,
2002; Hogdahl et al., 2004; Bingen & Solli 2009). The granitoid magmatism was related to
convergent-margin tectonics in a continental arc setting along the western margin of Baltica
and sourced by partial melts of Svecofennian crust with additional mantle components (Ahéll
& Larson, 2000; Hogdahl et al., 2004). Two phases of magmatism are distinguished, the so-
called TIB-1 (1.85—-1.76 Ga) and TIB-2 (1.71 - 1.67 Ga) (Larson & Berglund, 1992; Romer et
al., 1992; Hogdahl & Sjostréom, 2001; Hogdahl et al., 2004). The TIB plutonic rocks are mainly
granitic or (quartz-) monzogranitic to monzodioritic rocks of alkali-calcic to calc-alkaline or
alkaline and peraluminous to metaluminous composition. In the S-I-A-M classification, they
range from I- to A-type granitic rocks (Skar, 2002; Hogdahl et al., 2004). Basement rocks of
the Sjona and Hggtuva tectonic windows are of quartz-monzonitic to granitic and syenitic to
granitic composition, respectively, and have TIB-1 ages (1797 £+ 3 Ma and 1800 + 2 Ma,
respectively) (Skar, 2002). Earlier age determinations of basement rocks in the study area
yielded 1747+86 Ma (Cribb, 1981) and 1694+73 Ma (Wilson & Nicholson, 1973) for the
Glomfjord window and 1749153 Ma for the Bjellatind window (Cribb, 1981). The lithologies
were described as microcline granite (Bjellatind; Cribb, 1981) and granitic to monzonitic and
granodioritic gneisses (Fykan and Glomfjord; Rutland et al., 1960). The deformation of the
basement gneisses is related to late Svecofennian orogenic processes. It is, however, more
pronounced close to the contact of Caledonian nappes (Andresen & Tull, 1986; Northrup,
1997; Skar, 2002).

The Caledonides cover up to 2000 km of western Scandinavia and major parts of Norway (Gee
et al., 2008; Corfu et al., 2014). The Caledonian orogenesis (490-390 Ma) started with
subduction along both margins of the lapetus Ocean during the early Ordovician, followed by
the collision of Baltica (i.e., the Fennoscandian Shield) and Laurentia with partial subduction
of Baltica during the mid Silurian to early Devonian (Gee et al., 2008). During the early
Devonian, rapid exhumation of the metamorphosed hinterland occurred, before a phase of
post-orogenic collapse and extension with persistent deformation into the late Devonian (Gee
et al., 2008).

The nappes of the Caledonian orogeny are preserved on either side of the North Atlantic (Gee
et al., 2008). The thrust systems are E-vergent in Scandinavia and W-vergent in Greenland,
and their opposing characteristics are ascribed to underthrusting of Laurentia by Baltica (Gee

et al., 2008). During the post-collisional extensional stage of the orogeny, the Caledonian
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nappes were transported on ductile shear zones parallel to the basement-allochthon contact,

exposing the underlying basement rocks (Larsen et al., 2002; Skar, 2002).

The current subdivision of the Caledonian nappe complexes describes four
tectonostratigraphic units: Lower, Middle, Upper and Uppermost Allochthons, which differ in
provenance, tectonic, and metamorphic history (Gee & Sturt, 1985; Roberts & Gee, 1985). The
Lower and Middle Allochthons where derived from the Baltoscandian platform and margin
(Roberts & Gee, 1985; Andréasson, 1994), the Upper Allochthon represents terranes of the
lapetus ocean and its eastern margin (Stephens & Gee, 1985; Andréasson, 1994), and
subunits of Laurentian origin (Spjeldnaes, 1985; Stephens & Gee, 1985; Andréasson, 1994;
Corfu et al., 2011). The Uppermost Allochthon was presumably derived from the Laurentian
continental margin (Stephens & Gee, 1985; Stephens et al., 1985; Roberts et al., 2007).

The exposed nappe complexes in the study area, namely Helgeland and Rédingsfjall nappes,
are part of the Uppermost Allochthon. The structurally higher Helgeland nappe complex
comprises five different nappe units, which consist of metasedimentary and migmatitic
metasedimentary units with inferred late Neoproterozoic to Palaeozoic depositional ages
(Yoshinobu et al., 2002; Barnes et al., 2007). The lower two metasedimentary nappes overlie
tectonically fragmented ophiolitic rocks and include metawackes, metapelites, calc-silicate
rocks, conglomerates and amphibolite-facies marbles (Loseth & Thorsnes, 1991). The
structurally higher nappes of the Helgeland nappe complex consist of migmatitic
quartzofeldspathic and semi-pelitic gneisses, calc-silicate gneisses, and marbles. The fact that
they are migmatized indicates upper amphibolite- to lower granulite-facies (e.g., Barnes &
Prestvik, 2000; Reid, 2004; Yoshinobu et al., 2005). The Rd&dingsfjall nappe complex
constitutes the lower part of the Uppermost Allochthon and comprises mica schists, quartzites
and marbles in greenschist-facies (Gustavson & Gjelle, 1991; Gustavson, 1996; Agyei-Dwarko
et al., 2012). The northern central part of the Caledonides hosts mafic and felsic plutons of
Caledonian age (Stephens et al., 1985; Barnes et al., 2004; Husdal et al., 2017), which are
only poorly studied (Husdal et al., 2017).
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Figure 3. A) Geological overview map of Norway. Caledonian nappes, the basement domains and the study area
are indicated. Modified from Larsen et al. (2002). B) Geological map of the study area. The sampled locations are
indicated and numbered. Pegmatites (1-6) are indicated with white markers and basement locations (7-12) are
indicated with grey markers. Sampled locations are: 1) Agskardet Old Quarry, 2) Agskardet Upper Body, 3)
Agskardet South, 4) Grennaya, 5) @res, 6) Neverdalen, 7) Asjord, 8) Reip& Kleiva Quarry, 9) Neverdalen, 10) Ytre
Holten, 12) Agskardet Upper Body. Base map: NGU’s bedrock geology of Norway 1:1 350 000 (2023).

3.2. The North Helgeland pegmatite field

Ihlen (2004) mapped more than 600 pegmatite bodies and dykes >2 m wide and up to 1000 m
long by means of field work and analysis of aerial photographs. They reported a larger number
and larger sizes of pegmatite bodies within the Caledonian nappes than in the
Paleoproterozoic basement. According to lhlen (2004), tourmaline only occurs in the
pegmatites hosted by Caledonian units, an inference that is not supported by the MSc thesis
of Lomotey (2023). Lomotey (2023) did further mapping and sampling of selected pegmatite
occurrences in the Glomfjord area. The largest pegmatite bodies in the area are those at
Rismalstind, Lysvatn, Bjerangsdalskaret, Solstrand, and Kvina, reaching up to 100 m in width
and 1000 min length (lhlen, 2004). Within the pegmatite field, occurrences are more numerous
toward the west. The grade of metamorphism of the Caledonian cover in the study area also
increases toward the west (Ihlen, 2004; Lomotey, 2023). Aside from the LCT-pegmatite at
Agskardet, the pegmatite bodies of @rnes and Grgnngya are reported to show zonation and
enrichment in Be-Li (Grenngya) and Be-Li-Sn (Drnes) (lhlen, 2004; Lomotey, 2023). There are
also occurrences of beryl or aquamarine in pegmatites at the contact to basement windows at
Storglomvannet and Fykavannet (Miller, 2010). The granitic gneiss of the Hagtuva window is

enriched in Be-REE-U-Sn and stream sediments originating from the mostly glacier-covered
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Svartisen window show elevated REE concentrations (Mdller, 2010). The pegmatites selected

for this study are described below.

3.2.1. Agskardet Old Quarry

The LCT-pegmatite at Agskardet was mined for coarse-grained muscovite during World War ||
(Ihlen, 2004). The remains of the small abandoned quarries offer the best outcrop conditions
in the otherwise forested area. The pegmatite forms a steep, lenticular body of 36 x 160 m
striking WSW-ENE and cuts the foliation of the host rocks at a low angle (lhlen, 2004). The
host rocks are a sequence of polydeformed banded gneisses and migmatitic biotite gneisses
(Ihlen, 2004). About 50 m north of the pegmatite body, there is a contact between the banded
gneisses and amphibolites (Caixeta Borges, 2023). lhlen (2004) reported an outer zone that is
dominated by plagioclase and contains K-feldspar, both 1-15 cm in size. Interstitial aggregates
of quartz together with biotite, muscovite, black tourmaline and garnet occur. The intermediate
zone shows an increase in crystal sizes (up to 1 m) and is dominated by K-feldspar. Quartz,
muscovite, garnet, black tourmaline and apatite also occur. The contact between these zones
commonly displays graphic intergrowth of K-feldspar and quartz (lhlen, 2004). Ihlen (2004) and
Caixeta Borges (2023) suggested a late hydrothermal stage that led to mineralization of rare-
metals and to albitization. No evidence of a quartz core has been found in the pegmatite
exposures. The U-Pb age for the Old Quarry pegmatite is 387 + 6 Ma (Lomotey, 2023).

3.2.2. Gronngya

The occurrence on Grgnngya consists of three N-S trending pegmatite bodies located west of
Jektvika. All three bodies have a massive quartz core enclosed by an intermediate zone of
blocky K-feldspar, albite and muscovite (lhlen, 2004; Lomotey, 2023). The wall zone consists
of coarse-grained quartz, K-feldspar, albite, garnet, biotite and black tourmaline, some of which
display oriented growth (Lomotey, 2023). The border zone consists of quartz and plagioclase
(Ihlen, 2004; Lomotey, 2023). The three pegmatite bodies were mined for feldspar during World
War II, and also for minor beryl (Adamson & Neumann, 1951; lhlen, 2004). Lomotey (2023)
mapped three additional pegmatite bodies. The old quarries provide the best exposures, and
a previously mined body had been chosen for sampling by Lomotey (2023). It has a strike of
010°N, is ~20 m wide and 70 m long and occurs as a discordant body hosted by amphibolite
(Lomotey, 2023). Lomotey (2023) also reports late veins of massive tourmaline with garnet

cutting the pegmatite body. For the Grgnngya pegmatite, no U-Pb age was determined.

3.2.3. Ornes

The pegmatite body is located close to the town of @rnes and has been described by lhlen

(2004) as possibly zoned and Be-Li-Sn mineralized. The pegmatite forms a cliff on the top of
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a steep scree slope and is therefore difficult to examine. The body has a general trend of
030°NE and is hosted by a partly migmatized amphibolitic gneiss (Lomotey, 2023). Sampling
of the pegmatite showed a mineral assemblage of coarse-grained feldspar and quartz with
minor amounts of muscovite, garnet, tourmaline and opaque minerals (Lomotey, 2023).
Apatite, zircon, monazite and beryl occur as accessory minerals (Lomotey, 2023). Typical
pegmatite textures are present in the form of graphic intergrowth between K-feldspar and
quartz, and as unidirectional crystallization textures marked by feldspar with quartz-tourmaline
pockets forming at the crystallization front of the feldspar (Lomotey, 2023). The body has been
dated to 400 + 7 Ma (Lomotey, 2023).

3.2.4. Agskardet Upper Body

The upper body at Agskardet is a lenticular pegmatite body of 50 x 150 m, located about 1 km
south of the Agskardet Quarry. It cuts the paragneiss basement at a 20° angle to the main
foliation (Lomotey, 2023). The pegmatite contains quartz, K-feldspar, plagioclase and biotite,
plus minor amounts of garnet, apatite and tourmaline. Muscovite, zircon and monazite are
present as accessory components. Graphic intergrowth of quartz and feldspar has been
observed. The poor outcrop conditions did not allow the identification of zoning (Lomotey,
2023). The margins of the pegmatite body are deformed and feldspars show signs of
secondary hydrothermal alteration (Lomotey, 2023). U-Pb age dating yielded 412 + 5 Ma
(Lomotey, 2023).

3.2.5. Agskardet South

This body is described as granitic gneiss with pegmatitic texture (R. Lomotey, personal
communication, 2024). It has a mineral assemblage of quartz, plagioclase, K-feldspar, biotite,
tourmaline, apatite, and muscovite (Lomotey, 2023). The crystallization age is 400 + 5 Ma
(Lomotey, 2023).

3.2.6. Neverdalen

A pegmatitic dyke at Neverdalen, about 7 km southeast of @rnes, was emplaced into a shear
zone between two contrasting basement rock units, a migmatitic mafic gneiss and a
metasedimentary rock unit (Lomotey, 2023). The dyke is about 15 cm wide and appears to be
syn-kinematic in origin coinciding with the second foliation of the migmatitic gneiss. It contains
quartz, K-feldspar, plagioclase, muscovite, biotite, as well as accessory zircon and opaque
phases (Lomotey, 2023). U-Pb zircon age dating yielded 413 + 2 Ma (Lomotey, 2023).
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4. Samples

This study focuses on 13 samples from 6 different pegmatite localities in the Glomfjord area of
Helgeland, complemented by 5 representative basement samples from the study area (Tables
1 and 2).

Table 1. Sample list of the studied pegmatite samples. Where several samples were taken from the same locality,

abbreviations or numbers indicate which sample is referred to. Abbreviations: OQ = Old Quarry, UB = Upper
Body, S = South.

Sample ID Locality Referred to as  Analyzed Analytical E N
minerals methods
RL2207E Agskardet Old  Agskardet OQ1  Tourmaline, EPMA, LAIICP-MS, 431138 7401858
Quarry garnet, quartz ~ SIMS, LF-MS
RL2208F1  AgskardetOld  Agskardet OQ2 Tourmaline EPMA, LA-ICP-MS, 431138 7401858
Quarry SIMS
RL2208F2  AgskardetOld  Agskardet OQ3  Tourmaline EPMA, LAIICP-MS, 431138 7401858
Quarry SIMS
RL2208F3 Agskardet Old  Agskardet OQ4 Tourmaline EPMA, LA-ICP-MS, 431138 7401858
Quarry SIMS
111 Agskardet Old  Agskardet OQ5 Tourmaline, EPMA, LAIICP-MS, 431138 7401858
Quarry (mica) SIMS
112 Agskardet Old  Agskardet OQ6  Tourmaline, EPMA, LA-ICP-MS, 431138 7401858
Quarry (mica) SIMS
RL2206A  Agskardet Agskardet UB1  Tourmaline, EPMA, LA-ICP-MS, 430960 7400672
Upper Body garnet, quartz ~ SIMS, LF-MS,
Raman
spectroscopy
RL2216 Agskardet Agskardet UB2  Tourmaline, EPMA, LA-ICP-MS, 430865 7400726
Upper Body garnet, quartz ~ SIMS, LF-MS
2904R Agskardet Agskardet S Garnet EPMA, LA-ICP-MS, 431011 7397201
South LF-MS
RL2201A Gregnngya Gregnngya Tourmaline, EPMA, LA-ICP-MS, 431085 7409524
garnet, quartz ~ SIMS, LF-MS
RL2204| drnes @rnes 1 Tourmaline EPMA, LA-ICP-MS, 442956 7418430
SIMS
RL2204J Jrnes Jrnes 2 Tourmaline EPMA, LA-ICP-MS, 442956 7418430
SIMS
RL2205J Neverdalen Neverdalen Garnet, EPMA, LA-ICP-MS, 445718 7412753
Road Section quartz LF-MS

Table 2. Sample list of the studied basement samples. Abbreviations: BM = Basement, Q = Quarry, UB = Upper
Bodly.

Sample Locality Will be referred  Type of rock Analytical E N

ID to as method
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RL2202 Asjord Asjord BM Granitic TIB gneiss LF-MS 445718 7412753

RL2203E Reipa Kleiva Reipa Kleiva Q Granitic TIB gneiss LF-MS 440814 7420880
Quarry

RL2205F Neverdalen Neverdalen BM Mafic TIB gneiss LF-MS 445718 7412753
Road Section

RL2213 Ytre Holten Ytre Holten BM Granitic TIB gneiss LF-MS 450310 7410688

2903R Agskardet Agskardet UB Paleoproterozoic LF-MS 430939 7400502
Upper Body BM paragneiss

Tourmaline was analyzed from 11 out of the 13 pegmatite samples. Garnet was analyzed in 6
samples, and quartz in 3 samples. Three polished 20 mm tourmaline grain mounts and one
polished 20 mm garnet grain mount were prepared (Fig. 4, Table 3). Tourmaline, garnet and
quartz mineral separates were prepared primarily for the oxygen isotope work. For the grain
mounts, which were produced at Universitat Minster by S. Tappe of UiT, grains with ca. 1 mm
diameter were used, and for the mineral separates 1-3 mm large grains were handpicked. The
grains were handpicked with tweezers under a microscope from crushed and milled rock
samples, originally processed during the study by Lomotey (2023). For the grain mounts, milled
rock samples in the size range between 0.5 and 1.18 mm were used. For samples that
contained both tourmaline and garnet in this grain size fraction, both phases were picked. The
mounts contain 6 to 7 grains per sample, mounted in rows, for 9 tourmaline samples (Mount A
and B) and 6 garnet samples (Mount D). The third tourmaline mount, Mount C, contains two
big tourmaline crystals up to 7 mm in size. These two crystals were provided by Professor Axel
Muller and remounted by S. Tappe of UiT. Additionally, tourmaline standards were included into
the tourmaline mounts, mainly for the purpose of data quality control during SIMS analyses.
The grain mounts were used for EPMA, SIMS, Raman spectroscopy and LA-ICP-MS, whereas
the mineral separates were used for laser fluorination MS. Tourmaline samples Agskardet OQ5
and OQ6 contain mica inclusions or fragments, which were also analyzed by EPMA and LA-
ICP-MS. Polished thin sections of the pegmatite samples, made available by Sebastian Tappe
of UiT, were used for petrographic characterization. All samples, except for Agskardet OQ5
and OQ6, were collected by Reginald Lomotey and Sebastian Tappe of UiT in May-June 2022,
with support of Kuniko Norge AS. The fieldwork was done within the framework of Reginald
Lomotey’s MSc thesis project at UiT. Tourmaline samples Agskardet 0Q2, OQ3 and OQ4 are
subsamples of the original sample RL2208F, which were subdivided on the basis of color and
morphology (Fig. 4). Agskardet OQ2 consists of dark idiomorphic crystals that may contain

quartz inclusions in the cores. The crystals of Agskardet OQ3 are grey to pale brown in color
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and also contain quartz inclusions. Agskardet OQ4 consists of subhedral dark crystals with

quartz inclusions.

Samples 111 and 112 of Agskardet OQ5 and OQ6 were kindly provided by Professor Axel
Muller from the Natural History Museum in Oslo. They are individual idiomorphic tourmaline
crystals that were studied in Caixeta Borges (2023) under the original sample names 20324
on mount 111 (OQ5) and 43643 on mount 112 (OQ6). The crystal of Agskardet OQ5 (7 mm
diameter) has a colorless to pale pink core and a narrow green margin with small inclusions of
mica and quartz. The crystal of Agskardet OQ6 consists of mica fragments and pink tourmaline
enclosed by a broad dark green tourmaline rim. The Glomfjord basement samples were
analyzed in the form of bulk rock powders and belong to the collection of Lomotey (2023). They
represent Paleoproterozoic granitic and mafic orthogneisses as well as Paleoproterozoic

metasedimentary rocks. The sampling locations are indicated in Figure 3.
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Figure 4. Documentation of tourmaline (A, B, C) and garnet (D) grain mounts, not in accurate scale. The numbers
refer to localities/sample IDs (see Table 3). The crystals labeled S, E and D in the tourmaline mounts are the schorl

(D), elbaite (E), and dravite (S) standards necessary for SIMS analysis.

Table 3. Row IDs of the grain mount documentation and corresponding sample.

Row ID Locality Row ID Locality

1 Agskardet 0OQ1 8 @rnes 1

2 Grgnngya 9 Jrnes 2

3 Agskardet UB1 10 Neverdalen

4 Agskardet 0Q2 11 Agskardet S

5 Agskardet OQ3 111 Agskardet 0Q5
6 Agskardet 0Q4 112 Agskardet OQ6
7 Agskardet UB2
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5. Analytical methods

5.1. Electron microprobe

Major element compositions of tourmaline, mica, quartz, sillimanite and garnet were
determined with a JEOL JXA-8530F field emission electron microprobe at Universitat Munster
in Germany. Operating conditions were 15 kV accelerating voltage, 15 nA beam current and 5
um beam diameter for the analyses of tourmaline, and 15 kV, 60 nA and 3 um for garnet
analyses. All elements analyzed were measured at 30 and 40 seconds peak counting times
for tourmaline and garnet, respectively. The following elements were quantitatively analyzed:
Si, Al, Ti, Cr, Fe, Mg, Mn, B, Ca, Ba, Sr, Na, K, Rb, Cs, F, Cl and P for tourmaline and mica,
and Si, Al, Ti, Cr, Fe, Mg, Mn, Ca, Na and P for garnet. It must be noted that the very light
element Li cannot be quantitatively analyzed by EPMA (Schweizer et al., 2022). Matrix-
matched natural and synthetic oxide and silicate reference materials were used for instrument
calibration, following Berndt and Klemme (2022) (Table 4). Following the procedure of
Flemetakis et al. (2020), F concentrations were corrected for the interference of F and Fe
signals, based on previously measured Fe concentrations, and both sets of analyses were
merged using the offline-matrix correction feature of the JEOL instrument software. In addition
to the quantitative analytical work, back-scattered electron (BSE) imaging and element
mapping were performed, with focus on the tourmaline crystals. It must be pointed out that
most of the BSE images show a very bright high-atomic-number phase that occupies fractures
or forms irregular spots. These domains are residues from the gold coating left after the SIMS

analyses due to incomplete removal.

Table 4. Electron microprobe analytical conditions and materials

Element Channel Diff. crystal  X-ray line Reference material
F 1 LDE1 Ka Ast_Topas

Na 2 TAP Ka H_Jadeit

Mg 2 TAP Ka U_OlivineSanCarlos
Al 2 TAP Ka H_DistheneR8

Si 2 PETJ Ka U_Hypersthene

K 3 PETJ Ka H_SanidineP14

Ca 3 PETJ Ka H_DiopsideST48

Cl 4 PETJ Ka Ast_Tugtupite

S 4 PETJ Ka Ast_Celestite

P 4 LIFH Ka U_Apatite P

Ti 5 LIFH Ka Ast_Rutile

Fe 5 LIFH Ka U_Fayalite
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Cr 5 LIFH Ka Ast_Cr203
Mn 5 LIFH Ka Ast_Rhodonite

Tourmaline structural formulae were calculated normalizing to 31 anions with B = 3 atoms per
formula unit (apfu), OH + F = 4 apfu, and Li= 15— (T + Z +Y) for grains on Mount C. For grains
on Mount A and B, the normalization procedure involved T + Z+Y = 15 and OH + F = 4 apfu.
The rationale behind the two different normalization procedures are the contrasting Li contents
of the sample suites, as measured by LA-ICP-MS. The T + Z + Y = 15 normalization procedure,
recommended for igneous tourmaline by Henry et al. (2011), does not allow for calculation of
Li content, which is the reason why it was only applied to Mount A and B, where tourmaline
crystals contain little or no Li. Both normalization procedures were applied to the SIMS
tourmaline standards embedded on the three tourmaline grain mounts (A, B, C) to evaluate
the effect of the chosen procedure on the results (Fig. A11). The calculated Li contents were
compared to Li contents measured by LA-ICP-MS (Fig. A12). To avoid effects from potential
interferences from Ca, Fe, and Mn on B20% measurements (Cheng et al., 2019), B contents

were calculated stoichiometrically.

Mica and garnet recalculations were done on the basis of 22 oxygen equivalents and 8 cations,
respectively. For estimations of Li2O contents in mica, two different approaches were used. For
Agskardet OQ6 and mica inclusion 3 in the crystal from Agskardet OQ5, the mean Li values
determined by LA-ICP-MS were used. For inclusions 1 and 2 from Agskardet OQ5, the
regression equation 0.237 * F'54 (R? = 0.852, n = 501; Tischendorf et al., 1997) was applied,
because only two LA-ICP-MS analyses had been carried out, which is insufficient to calculate
a meaningful average. The amount of mica Li analyses conducted by LA-ICP-MS was

insufficient for establishing a regression equation.
5.2. LA-ICP-MS

Mineral trace element analyses were conducted by LA-ICP-MS at the Universitat Minster in
Germany, using a 193 nm ArF excimer laser (Analyte G2, Photon Machines) coupled to a
ThermoFisher Scientific Element-2 SF-ICP-MS instrument.

Analyses were performed with a laser repetition rate of 10 Hz, a laser fluence of 4 J cm=2 and
a spot size of 80 um. For internal standardization of the LA-ICP-MS raw data, ?°Si was
calibrated against the SiO. contents of the minerals analyzed. The SiO:. contents were
determined earlier by EPMA. The following isotopes were measured: "Li, °Be, ''B, 2°Si, “*Ca,
4580, 47Ti’ 49Ti’ 51V, SSCF, 55Mn, 59007 60Ni’ GSCU, GGZn, 69(337 73Ge, 85Rb7 BBSr, 89Y, QOZr, 93Nb7 95M0,
1188”, 121Sb, 133CS, 137Ba, 139La, 140C€, 141P|", 146Nd, 147Sm’ 151EU, 157Gd, 159Tb, 163Dy, 165H0, 166E|",

169Tm, 172yb, 75Lu, "78Hf, 181Ta, 182w, 205T|, 208pp, 209Bj, 22Th and Z8U. For calibration of
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elemental concentrations, the NIST SRM 612 silicate glass was used as the primary standard
and the basaltic glasses BIR-1G and BHVO-2G were analyzed as secondary standards. After
every 23 sample spot analyses, the standards were measured to monitor data accuracy and
precision. Data reduction was performed with the software Glitter 4.4.4. Detection limits for

tourmaline, garnet and mica analyses are provided in Appendix B.

5.3. Raman spectroscopy

A Renishaw InVia confocal Raman microscope equipped with a 785 nm (red) diode laser was
used to identify the fibrous mineral phase included in the tourmaline samples from Agskardet
UB1. These analyses were conducted at the Department of Physics at UiT in Tromsg, and
employed a 100x objective, 10% laser power, and 2x10 seconds measuring time per spot. For
processing of the data, the software Renishaw WIRE 5.5.0.22400 was used, and phase
identification was performed with the aid of a published Raman spectra library (Lafuente et al.,
2015).

5.4. SIMS

The boron isotopic compositions of tourmaline were measured by secondary ion mass
spectrometry (SIMS) using the CAMECA 1280-HR instrument at GeoForschungs-Zentrum
(GFZ) Potsdam in Germany. Before analysis, the polished grain mounts were ultrasonically
cleaned in ethanol and then sputtered with a ~35 nm gold coat. The SIMS instrument was
operated in multicollector mode with Faraday cups. The analyses employed a 13 kV, 4 nA
primary beam of '®*O~, which was focused to a ~5 pm spot on the sample surface. Secondary
ions were accelerated at 10 kV with no voltage offset. The instrument was operated at a mass
resolving power M/AM of 2460, sufficient to separate isobaric interference of '°B'H and °Be'H
on the masses "'B and '°B, respectively. Each analysis consisted of a 70 s ‘preburn’ to remove
the gold coating and establish steady sputter conditions. This was followed by 20 cycles of

measurement on '°B and "B, with 4 s counting time each.

Instrumental mass fractionation (IMF) and analytical quality were monitored by regular
bracketing (every 15 analysis points) of samples and three tourmaline reference materials
(schorl, dravite, elbaite; described by Leeman & Tonarini, 2001). The internal precision of a
single analysis (20 cycles) was typically 0.1%0. The repeatability (10 /mean) of multiple
analyses of the same tourmaline reference was between 0.38 and 0.97%. for schorl, dravite
and elbaite. A slight chemical matrix effect among the three tourmaline reference materials is
inferred from the differences in IMF values: schorl = 0.976445 (Mount A), 0.975864 (Mount B),
0.976337 (Mount C); dravite = 0.978177 (Mount A), 0.976732 (Mount B), 0.977253 (Mount C);
and elbaite = 0.977165 (Mount A), 0.976781 (Mount B), 0.976755 (Mount C). The average IMF

factor derived from all analyses of reference tourmaline crystals was used to correct the data
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(0.976788, n = 213). The corresponding repeatability (1o/mean = 0.91%.) is taken as an
estimate of the total analytical error for the data collected during the analytical session from 6
to 8 December 2023. The IMF-corrected 5''B values were calculated relative to NIST SRM
951 as 8"'B = 0 using the '"B/'°B ratio of 4.04362 +/- 0.00137 (Catanzaro et al., 1970).

5.5. Laser fluorination mass spectrometry

Several mg of individual garnet and quartz crystals with a size range from 0.5 to 3 mm were
handpicked for triple oxygen isotope analysis by laser fluorination mass spectrometry.
Analyses on garnet were done for the following samples: Agskardet OQ1, Agskardet UB1,
Agsakrdet UB2, Agskardet S, Granngya and Neverdalen. Quartz grains were analyzed from
Agskardet OQ1, Agskardet UB1, Agskardet UB2, Grgnngya and Neverdalen. Additionally, 5
powdered bulk rock samples from the Paleoproterozoic basement were analyzed. Oxygen was
extracted from the silicate samples as O2 by laser fluorination, with BrFs as the fluorinating
agent. The analyses were conducted by Dr. Stefan Peters at the University of Géttingen in
Germany following the procedure of Pack et al. (2016). To remove contaminations by other
gases, freeze-thaw techniques and liquid nitrogen in combination with a 5 A mesh molecular
sieve and a gas chromatograph were used. The purified sample oxygen was then transferred
at 65°C into a MAT253Plus gas-source mass spectrometer. The oxygen isotopic compositions
of the sample gases were measured as m/z = 32, 33, and 34 relative to a reference gas
calibrated against Vienna Standard Mean Ocean Water 2 (VSMOW?2). For reproducibility
testing, the San Carlos olivine was used as a reference material (Pack et al., 2016). The
oxygen isotope ratios '"O/'®0O and '80/'®*0O were measured and are expressed as 870 and
580, which are the respective per mil deviations from VSMOW2 (McKinney et al., 1950). The
parameter A'170 describes the ppm deviation of a sample’s 8170 from its 6'180 in linearized
triple oxygen isotope space. The slope of the reference line used here is 0.528 after Sharp et
al. (2018). The A"170q 528 values for the samples are reported relative to VSMOW2, using the
calibration of San Carlos olivine on the VSMOW?2 scale by Pack et al. (2016)

5.6. Oxygen isotope thermometry

Employing the results from laser fluorination mass spectrometry, apparent crystallization

temperatures were calculated using the relationship:
1. A180(Qz—Grt) ~ 10° 1n[OZ(Qz—GTt)] = [A(Qz—Grt)106]/T2r (4)

where A"®Oqzcn) is the equilibrium fractionation between quartz and garnet, a.-cn) is the
fractionation factor, T is the equilibrium temperature in degrees K, and the coefficient A is equal
to A'0 at 1000 K. In this equation, it is assumed that A'®0 varies linearly against 1/T?, which

is commonly assumed for mineral systems above 600°C (Chacko et al., 2001), i.e., at
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magmatic conditions. Thus, some caution is warranted when applying this relationship to
evolved pegmatite magmatic-hydrothermal systems. Another factor of uncertainty is the
coefficient A. The empirically determined value of 2.71%o K2 for almandine-rich garnet was
employed, which had been calibrated at slightly higher temperatures than those expected for
garnet crystallization from pegmatite-forming magma (Valley et al., 2003). The coefficient A
also varies with cation substitution. For grossular garnet, Valley et al. (2003) reported an
experimental value of 3.03%. K2. Effects by Fe?*to Mg?* substitution between almandine and
pyrope are negligible (Rosenbaum & Mattey, 1995), as are substitution effects by Ca?*to Mn2*
between grossular and spessartine (Lichtenstein & Hoernes, 1992). Among the studied
garnets, only Neverdalen garnets are dominated by [Grs + Sps] in composition (78 mol.%). All
other garnet samples have [Alm + Prp] = 51.4 mol.%. Effects by the substitution of Fe3* for AI**
are slightly larger, but the andradite component of the studied samples is very small and
therefore negligible. Linear interpolation between A-values results in a range of A = 2.76%o K2
to A = 2.96%0 K? for the garnets studied. To keep the dataset consistent, A= 2.71%. K2 is

employed for thermometry calculations on all samples.
5.7. Petrography

For petrographic descriptions and photomicrographs, the polarization microscope Leica
DM4500 P was used to study polished thin sections. For Agskardet S, Agskardet OQ5 and
0Q6, and Drnes 1, no thin sections were available. BSE images were taken for the three
tourmaline grain mounts to guide subsequent analyses using the Hitachi TM3030 Tabletop
Microscope SEM at UiT. The sample mounts were carbon coated before analysis in full

vacuum. Additional BSE images were taken during EPMA work in Munster, Germany.

6. Results

6.1. Petrographic features of tourmaline and garnet

Tourmaline and garnet are common minor minerals in these pegmatitic samples, but not all
samples contain both minerals. The results for tourmaline and garnet are summarized in Table

5 and Table 6, respectively.

6.1.1. Agskardet 0Q1

In the old quarry of Agskardet, textures vary between the different samples. The sample
RL2207E from Agskardet OQ1 is taken from a layered portion of the pegmatite body. In thin
section, a garnet-rich layer is separated from a tourmaline-rich layer. The interstitial spaces

between garnet and tourmaline crystals, and in between garnet and tourmaline layers are filled

29



by quartz, plagioclase, K-feldspar and small amounts of white mica. Some of the quartz is
deformed and dynamically recrystallized. Garnet forms subhedral, mostly rounded crystals up
to 15 mm in size. Up to 12 mm large tourmaline crystals are blue in color and often poikilitic
with quartz inclusions (Fig. 5A). Many of the subhedral to anhedral crystals show a distinct
core and rim (Fig. 5B) with strong pleochroism from blue to violet. The modal abundance of

both tourmaline and garnet is about 25 vol.%.

6.1.2. Agskardet 0Q2-4

The tourmaline of Agskardet OQ2, OQ3 and OQ4 forms a breccia together with quartz,
plagioclase, K-feldspar and small amounts of white mica in one of the two thin sections (Figs.
5C and 5D). The breccia indicates brittle deformation. Many of the euhedral to subhedral
crystals are fractured, poikilitic with quartz inclusions, and show compositional zoning from
core to rim (Fig. 5C and 5D). They are of blue-green color and up to 2 mm in size. The quartz
inclusions were confirmed by EPMA. The modal abundance of tourmaline is about 5 vol.%. No
garnet is present. Adjacent to the tourmaline breccia, there is a cumulation of large, blocky
albite crystals up to 20 mm in diameter. They are partly strongly sericitized and contain
inclusions of K-feldspar and white mica. The second thin section of Agskardet 0Q2-4 displays
elongated pale blue crystals of tourmaline up to 15 mm long. These crystals are intergrown
with quartz, forming elongated lamellae. This skeletal intergrowth is also seen in BSE images
from Agskardet OQ3 (Fig. 5E). The thin section is dominated by albite (>70 vol.%) and quartz,
with smaller amounts of K-feldspar and white mica. Albite forms large crystals (30 mm) and
encloses optically continuous microcline. This replacement texture suggests that the albite is
secondary. Along fractures in albite, there are fine-grained phyllosilicates and the albite is

sericitized, which are further signs of hydrothermal alteration.

6.1.3. Agskardet UB1

The sample RL2206A from Agskardet UB1 contains garnet and brown-green tourmaline, which
both show abundant inclusions of acicular to fibrous sillimanite (Fig. 6A). The included phase
was confirmed as aluminum silicate by EPMA and more specifically as sillimanite by Raman
spectroscopy (Fig. A8). For garnet, the sillimanite inclusions concentrate in the rims and are
overall less abundant, whereas in tourmaline the sillimanite needles are continuously included.
The Agskardet UB1 sample is sheared and deformed. Tourmaline and garnet crystals are often
in direct contact, with tourmaline forming tails on the euhedral, >10 mm large, porphyroclastic
garnet crystals. The modal abundance of garnet is about 5 vol.% and of tourmaline about 2-3
vol.%. Other main constituents are quartz, K-feldspar and albite. There is little biotite and white
mica (<2 vol.%), which is severely altered. K-feldspar and albite are intergrown with or partly

replaced by sillimanite.
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6.1.4. Agskardet UB2

The sample RL2216 from Agskardet UB2 contains anhedral poikilitic and fractured brown
tourmaline (<1 vol.%), as well as subhedral garnet (3 %), surrounded by quartz (25 %) and K-
feldspar (60 %), with minor amounts of albite, biotite, and other accessories. K-feldspar shows
perthitic exsolutions, which indicates crystallization at higher temperatures in a relatively dry
system. Several albite crystals show myrmekitic textures. Fractures in garnet are filled by
biotite.

6.1.5. Gronngya

Sample RL2201A from Grgnngya shows a mineral assemblage of mainly albite, K-feldspar
(microcline), quartz and white mica, with subhedral garnet (5 vol.%) and subhedral to anhedral
tourmaline (15 %). Quartz fills interstitial space, which indicates late crystallization relative to
the other minerals. Garnet is partly intergrown with white mica. White mica shows intergrowth
structures with K-feldspar; both are optically continuous. Some crystals of white mica have
recrystallized edges. Tourmaline has blue cores, dark blue outer cores and brown rims with
concentric zoning. Some tourmaline crystals show poikilitic texture and inclusions (optically
continuous mica, microcline and albite; Fig. 6B). Tourmaline is enclosing parts of an albite
crystal that is optically continuous outside of the tourmaline, which suggests late replacement
of the original mineral assemblage by tourmaline. Albite is often sericitized and some K-
feldspar crystals show perthitic exsolutions. Some of the tourmaline crystals are elongated
reaching 13 mm in length. Garnet shows replacement by fine-grained radial aggregates of

chlorite along fractures.

6.1.6. Ornes 2

Sample RL2204J from @drnes 2 contains large anhedral crystals of tourmaline (9 mm) and
‘nests’ of euhedral to subhedral tourmaline, euhedral garnet and some accessories surrounded
by quartz (35 vol.%), large crystals of partly sericitized albite (55 %), white mica and K-feldspar.
Some of the quartz is dynamically recrystallized. The tourmaline is dark blue-brown and has a
modal abundance of 3 vol.%. Some crystals are poikilitic and fractured. Garnet has a modal

abundance of <2 vol.%.
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Table 5. Summary of the microscopic features of the studied tourmalines.

Locality
Agskardet OQ1

Agskardet 0Q2-4

Agskardet OQ5

Agskardet OQ6

Agskardet UB1

Agskardet UB2

Grgnngya

Jrnes 2

Texture

Subhedral, often
poikilitic

Euhedral - subhedral,
often poikilitic;

fractured

Euhedral

Euhedral, majority of
the core consists of
mica fragments
Anhedral in
aggregates,
fractured, sheared,
abundant sillimanite
inclusions
Anhedral, poikilitic,
fractured

Subhedral —
anhedral, often
poikilitic

Euhedral - anhedral

Abundance Zoning

25 vol.%

5vol.%

Whole
crystal
Whole
crystal

2-3vol.%

<1 vol.%

15 vol.%

5vol.%
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Concentric

Concentric

Concentric
(rim)
Concentric

(rim)

None

None

Concentric,

diffuse

None

Size
1mm-12
mm
0.1-2mm
(brecciated);
elongated 15
mm

7 mm

4 mm

0.1-10 mm

0.3 -3 mm

0.5mm-13

mm

0.1mmto9

mm



Table 6. Summary of the microscopic features of the studied garnets.

Locality Texture Abundance Zoning Size

Agskardet OQ1 Subhedral, rounded 25 vol.% None Upto 15 mm

Agskardet UB1 Euhedral, 5 vol.% None Upto 12 mm
porphyroclastic,

abundant sillimanite

inclusions in the rims

Agskardet UB2 Subhedral, fractured 3 vol.% None Up to 7 mm
Grgnngya Subhedral 5vol.% None Up to 5mm
Jrnes 2 Euhedral <2 vol.% None Upto4 mm
Neverdalen Subhedral, fractured 2 vol.% None Up to 5 mm

6.1.7. Neverdalen

The mineral assemblage of the Neverdalen pegmatite is dominated by plagioclase (60 vol.%),
K-feldspar (10 %) and quartz (10 %). Other constituents are biotite (5 %), garnet (2 %), an
opaque phase (determined as hematite with minor magnetite and rutile by Raman

spectroscopy, 5 %), and allanite (<1 %). Garnets occur as subhedral fractured crystals.
6.1.8. Agskardet 0Q5-6

BSE images of Agskardet OQ5 show a distinct compositional zoning. The rim is sharply distinct
from the core and then diffusely changes composition towards the interior (Fig. 6E). The sharp

rim may follow after a resorption event. The core hosts quartz and mica inclusions.

The core of Agskardet OQ6 consists almost exclusively of mica fragments (Fig. 6F). In between
the mica fragments are ‘islands’ of tourmaline. Tourmaline of different compositions fills cracks
within mica and tourmaline. The mica fragments and tourmaline components of the core are
overgrown by a distinctly different tourmaline rim. Within the rim, compositional zoning is
observed. The gradations between different tourmaline compositions suggest they represent
several generations of tourmaline growth, and the rather unique texture of the crystal may
indicate hydrothermal replacement of tourmaline by mica, and subsequently beginning

replacement of mica by tourmaline.
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A D84 x100 1mm

Figure 5. Photomicrographs and BSE images of tourmaline from the study area. Abbreviations: Tur = tourmaline,
Qz = quartz, Pl = plagioclase (Warr, 2021). A) Poikilitic tourmaline from a tourmaline layer, Agskardet OQ1. PPL.
B) Color zoning between core (lighter blue) and rim (dark blue) of a tourmaline crystal from Agskardet OQ1. PPL.
C) Tourmaline — quartz — feldspar -breccia with fractured euhedral crystals of tourmaline, Agskardet 0Q2, OQ3,
OQ 4. PPL. D) Euhedral crystal of tourmaline with quartz inclusion in the core. Color zoning from core (blue) to
outer rim (blue-green). PPL. E) Skeletal intergrowth of tourmaline and quartz, Agskardet OQ 2. BSE. F) Skeletal
crystal of tourmaline intergrown with quartz next to albite, Agskardet 0Q2, OQ3, OQ4. PPL.
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100pm WWU 1/10/2024 o0pm WWU  1/10/2024
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Figure 6. Photomicrographs and BSE images of tourmaline and garnet of the study area. Abbreviations: Tur =
tourmaline, Qz = quartz, Pl = plagioclase, Kfs = K-feldspar, Ms = muscovite, Grt = Garnet, Sil = sillimanite (Warr,
2021). A) Sillimanite inclusions in tourmaline, garnet and quartz from Agskardet UB 1. Garnet and tourmaline are
in direct contact, the sample is sheared. PPL. B) A dark blue crystal of tourmaline with brown rims showing poikilitic
structure and mica and alkalifeldspar inclusions. The inclusions are optically continuous with crystals adjacent to
the tourmaline. The strong mineral color of the tourmaline masks interference color. Grenngya, XPL. C) Sharp core-
rim contact in euhedral tourmaline crystal, Agskardet OQ5. D) Aggregate consisting of mica fragments and a first
generation of tourmaline (Tur 1), enclosed by a rim of second-generation tourmaline (Tur 2) and replaced along
cracks by a third generation of tourmaline (Tur 3). Agskardet OQ6.

6.2. Tourmaline major and trace element compositions

Complete tourmaline major element compositions are listed in Appendix C. The trace element
data set is provided in Appendix B. Some 271 major element analyses were carried out on
tourmaline by EPMA and 215 trace element analyses by LA-ICP-MS. Following the
classification of Henry et al. (2011), the majority of tourmalines studied here plot as alkali group,
with the exception of a measurement from Agskardet OQ1, which plots at the limit to X-vacant,
and a measurement from Agskardet OQ6, which plots as a member of the calcic group (Fig.
7). Within the alkali group, schorl compositions are dominant. Other compositions are found in
tourmalines from Agskardet UB1 and UB2, which mostly plot as dravite, with some of the rims

showing schorl compositions (Fig. 7), and in several crystals from the old quarry in Agskardet.
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Tourmalines from Agskardet OQ2, OQ3, and OQ4 vary from schorl to fluor-schorl. Following
Henry et al. (2011), the tourmaline compositions from Agskardet OQ5 can be identified as
tsilaisite (11 analyses), fluor-schorl (7), elbaite (7), fluor-elbaite (4) and schorl (4). The
remaining 4 out of the 36 analyses would classify as fluor-tsilaisite, a species that was only
described in 2015 by Bosi et al. and is therefore not included in the classification of Henry et
al. (2011). It is Mn-dominant on the Y site and contains more than 0.5 apfu F on the W site.
The tourmaline compositions from Agskardet OQ6 were identified as fluor-schorl (16
analyses), fluor-elbaite (15), schorl (9), ‘fluor-tsilaisite’ (9), elbaite (7), tsilaisite (3) and fluor-
liddicoatite (1).

Ca 10
e Agskardet 0Q 1

Agskardet 0Q 2
e Agskardet 0Q 3
e Agskardet OQ 4 Foitite Mg-foitite
e Agskardet 0Q 5
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Figure 7. Tourmaline classification according to Henry et al. (2011) based on A) Ternary diagram of primary groups
after X site occupancy. All analyses except for one plot as alkali group. B) Vacancy / (Na + K + Vacancy) vs. Mg /
(Mg + Fe). The majority of tourmaline from Agskardet UB 1 and UB 2 plot as dravite. This classification does not
identify Li-rich endmembers.

The overall large variation in major element chemical composition displays a divide between
the less evolved pegmatites Agskardet UB, Grenngya, and @rnes, and the more evolved
Agskardet Old Quarry. The less evolved pegmatites show narrow compositional ranges in both
major and trace elements, whereas the evolved pegmatite shows a large compositional range
at only little overlap with the less evolved pegmatites. The ‘least evolved’ sample of the zoned
pegmatite exposed in the old quarry at Agskardet (OQ1) shows similarities to the simpler

pegmatites but has lower Mg contents.

Within the sample population from Agskardet Old Quarry, a trend of increasing F, Mn, Ca, Al,
Fe/(Fe+Mg), Li and decreasing Mg-Fe emerges (Figs. 8, 9), with tourmalines from Agskardet
OQ1 containing more Fe and less Li and tourmalines from Agskardet OQ5 and OQ6 containing
more F, Mn Ca, Al and Li. The most primitive pegmatites contain the highest amounts of Mg
and Fe on the Y site. With increasing evolution, Mn?* as well as (Li* + AI**) replace Fe?* and
Mg?*. In the X site, Ca?* replaces Na*, which is charge-balanced by a greater ratio of Li*to A**

in the Y site. Fluorine replaces OH" in the W site. In these samples, Mn ranges from 0 to 0.7
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apfu and Ca from 0 to 0.5 apfu. In the rims of tourmalines from Agskardet OQ5 and OQ6, the
increase in Ca is accompanied by an increase in REE and Fe, Ti and Mg (Figs. 18, A1, A2, A5,
A6 and A7). The location of the measured profiles for the crystals from localities Agskardet
0OQ5 and OQ6 are indicated in Figures A3, A10 and 19, A4 for OQ5 and OQ6, respectively.
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Figure 8. Chemical composition of tourmaline. A) Ca vs. F (apfu) diagram. B) Fe vs Mg (apfu) diagram. C) Fe vs.
Mn (apfu) diagram. D) Na / (Na + Ca) vs. Fe / (Fe + Mg) diagram. E) X vacancy (apfu) vs. Alwt (apfu) diagram.

The Al contents range from 6.2 to 8.4 apfu (Fig. 8E). There is a positive correlation between

the total Al and the X vacancy for tourmaline from the less evolved pegmatites, including
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Agskardet OQ1. This can be explained by foitite substitution (YR?* + XR'*) = (*vac + YAl); R =
cation. The Al content in tourmaline from Agskardet OQ2 to OQS6, ranging from 7.0 to 8.4
apfu, outranges the beforementioned correlation. These values and elevated Li contents (Fig.

9A) are consistent with elbaite substitution, where (Li* + AI**) fill the Y site instead of (Mg?*,
Fe?").
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Figure 9. Trace element composition of tourmaline. A) Li (ppm) vs. Zn (ppm) diagram. B) Ga (ppm) vs. Sn (ppm)
diagram. C) V (ppm) vs. Sc (ppm) diagram. D) Co (ppm) vs. Be (ppm) diagram.

For Agskardet UB, Granngya, and @rnes, the Li contents of tourmaline are very low and range
mostly between 15 and 250 ppm, with some single spot analyses showing higher values of up
to 780 ppm (Drnes 1; Fig. 9A). Tourmaline from Agskardet OQ1 ranges from 209 to 1086 ppm
in Li concentration. Analyses from Agskardet 0Q2, OQ3 and OQ4 cluster between 2190 and
4190 ppm Li, with a few outliers between 330 and 640 ppm. Tourmalines from Agskardet OQ5
and OQ6 show elevated Li contents, ranging from 5555 ppm to 10183 ppm for OQ6 and from
8501 ppm to 11678 ppm for OQ5. Zn contents range from 0 to 1573 ppm for Agskardet OQ5
and OQ6, Agskardet UB, Grgnngya and @rnes, with each locality forming its own data cluster
(Fig. 9A). Tourmalines from Agskardet 0Q2, OQ3 and OQ4 contain, excluding outliers, 1450
to 2840 ppm Zn. Values for Agskardet OQ1 range from 2071 to 5185 ppm Zn. In terms of V
and Sc contents, all localities range between 0 and 54 ppm (V) and 0 and 97 ppm (Sc). The
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highest concentrations of both elements are present in tourmaline from Agskardet UB2 (Fig.
9C). For all localities except for Agskardet OQ5 and OQ6, the V/Sc ratio is between 0 and 2.5,
while Agskardet OQ5 and OQ6 show ratios up to 24. Be contents for all samples range
between 4 and 30 ppm, with one outlier at 49 ppm, which was measured in a rim from
Agskardet UB1 (Fig. 9D). For the localities that show the lowest values, the occurrence of beryl

and / or other Be-minerals has been reported.

Importantly, the Pb and Sr contents mark a clear distinction between Agskardet OQ5 and OQ6
and the rest of the samples. Agskardet OQ5 and OQ6 have elevated contents of both Sr (132
to 327 ppm) and Pb (32 to 277 ppm). Agskardet OQ1-4, Agskardet UB, Grgnngya and @rnes
vary between 0 to 27 ppm Sr and 0 to 12 ppm Pb. In Agskardet OQ5, the tourmaline core is
richer in Pb, whereas the rim is richer in Sr (Fig. 10). The same trend also holds for Agskardet
OQ6. Gallium and Sn contents show variation within the samples (Fig. 9B). Values range from
68 to 236 ppm (Ga) and 8 to 126 ppm (Sn). @rnes 1 shows the largest variation in Sn, with a
bimodal distribution of values clustering around 9 -14 ppm and 110 -126 ppm. @rnes 1 shows
the largest variation in Sn, with a bimodal distribution of values clustering around 9-14 ppm
and 110-126 ppm. Most of the high values were measured in rims and most of the low values
come from the cores. Analyses of trace elements in the tourmaline crystal of Agskardet OQ5
show elevated Rb and Cs contents close to a mica inclusion (Fig. A10). Figure 11 displays
chondrite-normalized REE patterns for the studied tourmalines. For all samples, normalized
REE concentrations decrease from LREE to HREE and are generally very low. For Grgnngya,
Agskardet OQ1, 3, 5 and 6, concentrations mostly were below detection limit. The tourmaline

crystals from Agskardet OQ5 and 6 show an increase in LREE (La to Sm) in the rim (Fig. A1).
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Figure 10. Pb vs. Sr diagram for tourmaline. Samples from Agskardet OQ5 and OQ6 show significantly higher
concentrations than the other samples. Core-rim profiles from Agskardet OQ5 show the core rich in Pb with
decreasing concentration towards the rim, and an opposite trend for Sr.
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Figure 11. Chondrite-normalized REE patterns for tourmaline from the sampled localities. Normalized to chondrite
values published by Palme and Jones (2003). For Gronngya, Agskardet OQ1, OQ3, OQ5 and OQ6, no sufficient
data was retrieved (analyses below detection limit).

6.3. Garnet major and trace element compositions

Complete garnet major element compositions are listed in Appendix C. The trace element data
set is provided in Appendix B. A total of 117 EPMA spot analyses and 114 LA-ICP-MS spot
analyses of garnets from Agskardet OQ1, Agskardet UB1 and UB2, Agskardet S, Grenngya
and Neverdalen were carried out. Garnets analyzed are dominated by either almandine
(Agskardet UB1, UB2, S, OQ1 and Grenngya) or spessartine (Neverdalen, Fig. 12). Aimandine

and spessartine components sum up to more than 80 mol.% for most samples, and 96 mol.%
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and 98 mol.% for Grgnngya and Agskardet OQ1, respectively. Agskardet OQ1 shows the
largest range in composition, from 40 to 65 mol.% spessartine, and from 58 to 34 mol.%
almandine. Agskardet UB1 and UB2 garnets contain 13-14 mol.% pyrope component, and
Neverdalen garnet has a grossular component of 11 mol.%. The ratio of MnO to FeO + MnO
is highest for Neverdalen garnet, followed by Agskardet OQ1 and Grgnngya garnets (Fig. 13).
This ratio is an indicator for the degree of fractionation of pegmatite-forming magmas (Muller
et al.,, 2012). Another indicator for the stage of evolution of pegmatite magmas is the
relationship MnO + CaO vs. FeO + MgO (Fig. 13), with increasing MnO + CaO indicating more
evolved magmas (Baldwin & von Knorring, 1983; Moretz et al., 2013). Neverdalen garnet
contains the highest MnO + CaO contents of 35.7 wt.%, followed by Agskardet OQ1 and
Grenngya garnets. Garnet from Agskardet UB2 contains only 6.3 wt.% MnO + CaO and 35.5
wt.% FeO + MgO. Some of the garnet crystals show increasing MnO + CaO towards the rims,
but there is no clear global pattern emerging, which may be due to the rather limited number

of analyses per crystal (n=3).
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Figure 12. Chemical composition of garnet in a ternary diagram of almandine vs. spessartine vs. grossular +
andradite + uvarovite + pyrope. Full circles display the analyses from this study and half circles show data from
Lomotey (2023) for the same localities.
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Figure 13. Chemical composition of garnet. A) MnO + CaO vs. FeO + MgO diagram. B) (FeO + MnQO) vs. MnO

diagram.

The garnet Li contents vary from 24 ppm (Neverdalen) to 203 ppm (Agskardet OQ1, Fig. 14).

These two samples also display the most extreme Y contents, with 4680 ppm for Neverdalen

and Agskardet OQ1 ranging from below detection limit at 0.11 ppm to 11 ppm. Grgnngya

garnet clusters around 1000 ppm Y and 175 ppm Li, and garnets from Agskardet UB1, UB2

and S show increasing Li and Y contents from 25 ppm Li and 500 ppm Y towards 80 ppm Li

and 2100 ppm Y. One analysis of Agskardet UB2 garnet reaches 2835 ppm Y. Ta and Nb

contents are highest for Granngya and Agskardet OQ1, up to 17 ppm Nb, 13 ppm Ta and 10

ppm Nb, 6 ppm Ta, respectively (Fig. 14B). In Figure 15, the > REE, Y, Sc and P contents of

garnets are compared to literature data for different types of pegmatites and granites.
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Figure 14. Garnet trace element composition. A) Li vs. Y (ppm) diagram. The garnet from Neverdalen displays
enrichmentin Y. B) Ta vs. Nb (ppm) diagram. C) Mean chondrite-normalized REE-patterns. Normalized to chondrite
data published by Palme and Jones (2003).

Neverdalen garnet contains the highest amount of all the rare-earth elements, except for Sm,
which is highest in Grenngya garnet (Figs. 14 and 15). Garnets from Agskardet OQ1 show
depletion in HREE, which is distinct from all other localities. They also show a relative
enrichment of Ce. Grgnngya shows a slight depletion in HREE. There is a negative Eu
anomaly for all samples, which is strongest for Grgnngya and Agskardet OQ1 garnets, and

very subtle for Neverdalen garnet.
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Figure 15. Box-whisker plots of garnet trace element compositions compared to literature data of various types of
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6.4. Mica major and trace element compositions

The simplified chemical formula of minerals of the mica group is: 12M4.s0TsO20A4 (Rieder et al.,
1998), in which | is K, Na, Cs, NH4, Rb, Ba, Ca; M is Li, Fe?*, Fe3*, Mg, Ti, Mn?*, Mn%*, Zn, Al,
Cr, v; O is vacancy; T is Al, Be, B, Fe®, Si; Ais Cl, F, OH, O, S. Other substitutions are possible
(Rieder et al., 1998). The number of formula units can vary depending on structure (Rieder et
al., 1998). The analyzed mica crystals are inclusions in a large tourmaline crystal (Agskardet
OQ5), or fragments enclosed by a large tourmaline (Agskardet OQ6). Complete mica major
element compositions are listed in Appendix C. The trace element data set is provided in
Appendix B. A total of 30 analyses were carried out by EPMA for major element compositions
and 18 analyses by LA-ICP-MS for trace element compositions. Micas from Agskardet OQ6
are dioctahedral and show a narrow compositional range. They classify as muscovite in the
diagram by Tischendorf et al. (1997, 2001), which is based on the Mg, Li, Fe and V'Al contents
(Fig. 16). Micas from Agskardet OQ5 range in composition from muscovite to Li-muscovite,
and structurally from dioctahedral to trioctahedral. Inclusion 3 has Li contents between 860
and 2222 ppm. The mica inclusions closer to the core show higher Li contents (19240 to 21425
ppm or 4.1 to 4.6 wt% for Inclusion 2; Fig. 17). The mica fragments within the tourmaline crystal
of Agskardet OQ6 show a Li range between 600 and 1498 ppm.

All mica analyses, except for two, show a correlation between Cs and Rb from 1204 to 2341
ppm Cs and 2655 to 3241 ppm Rb, as well as 600 to 2222 ppm Li (Fig. 17). Values for
Agskardet OQ5 are slightly higher than for OQ6. The two anomalous analyses, which belong
to mica Inclusion 2 in the tourmaline crystal of Agskardet OQ5, show highly elevated values of
Rb (4226 and 4380 ppm) and Li (see above). The Cs contents are relatively low (995 and 1211
ppm. Elevated contents of these trace elements are indicative of advanced pegmatite magma
evolution (e.g., Cerny & Burt, 1984; Kile & Foord, 1998; Cerny et al., 2003). The B contents of
micas range from 305 to 578 ppm (Agskardet OQ5) and from 275 to 696 ppm (Agskardet
0Qo).
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6.5. Boron isotopic compositions

Boron isotopic compositions range from -15.5 to -1.9%. 5''B for the sample suite studied
(n=213 spot analyses, Fig. 18). The complete dataset is provided in Appendix C. The
tourmaline crystal from Agskardet OQ5 yielded the lowest 8''B values, from -15.5 in the core
to -9.3%o in the rim. The &''B values for the tourmaline crystal from Agskardet OQ6 range from
-14.4 in the core to -9.7%o in the crack-filling third-generation tourmaline. The 5''B values for
tourmalines from Agskardet 0Q1, 0Q2, OQ3, OQ4 and UB2 lie between -11.4 and -8.1%o, and
they overlap slightly with the range of values obtained for Agskardet UB1 at -8.2 to -6.8%. 5''B.
Values for tourmalines from Grgnnaya include one outlier at -2.6%o 8''B, while the rest of the
values ranges between -6.4 and -5.0%0 8"'B. Tourmalines from @rnes 1 and 2 show the highest
5'""B values, ranging from -4.4 to -1.9%o. Tourmalines from Agskardet 0Q2, OQ3, OQ4 and
@rnes 1 show a wide range in 8"'B (up to 1.9%o for Agskardet OQ3), which cannot be identified

as a core-rim relationship.

The chemical and B-isotopic compositions of the tourmalines show some correlation. The Li-
rich tourmalines from Agskardet OQ5 and OQ6 yield lower mean &''B values than the fluor-
schorls, schorls and dravites from the other samples, although ranges overlap. Both elemental
and B-isotopic compositions of tourmalines from Agskardet OQ5 and OQ6 change from core
to rim (Fig. 19). The dravitic tourmalines from Agskardet UB1 and UB2 lie within the ''B range
of the schorlitic tourmalines. The median 8''B values of the two dravitic tourmaline samples
differ by 2.9%o. Schorlitic compositions are found in tourmalines from Agskardet OQ5, which
yield the lowest 8''B values, and in tourmalines from @rnes 2, which yield the highest 5''B

values.
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6.6. Oxygen isotopic compositions

The 8'®0 values of the bulk rock basement samples range from 6.50%. for the mafic gneiss
from Neverdalen to 10.86%o for the paragneiss from Agskardet UB. The &'®0 values for the
pegmatite-derived garnet samples range from 5.03 (Neverdalen) to 11.15%o (Agskardet UB1;
Fig. 20, Table 7). Grenngya shows the second lowest value after Neverdalen with 7.92%o 5'20.
Pegmatite-derived quartz ranges from 7.28 (Neverdalen) to 15.32%o0 &0 (Agskardet UB1).
The 1-sigma standard deviation is 0.1%o for 50 measurements of garnet and quartz, and

0.4%o for 580 measurements of the bulk rock basement samples.

Regarding the results from the triple oxygen isotope measurements, the corresponding
A'""Oo 526 values for garnet vary between -76 ppm (Agskardet UB1) and -56 ppm (Grgnngya).
For quartz, A'"7Oq 526 ranges from -75 ppm (Agskardet UB2) to -55 ppm (Grgnngya). The bulk
rock basement samples range from -67 ppm (Neverdalen) to -49 ppm (Agskardet UB). The 1-
sigma standard deviation falls between 4 and 7 ppm for A'"7O measurements of garnet and
quartz, and between 7 and 10 ppm for A'"7O measurements of the basement samples. If the
somewhat anomalous Neverdalen pegmatite sample is excluded, then garnet fractions from
the other pegmatite samples define a trend with a slope of 0.527 in linearized triple oxygen
isotope space (Fig. 20B). This observation suggests low-temperature oxygen isotope
fractionation, as will be discussed in Chapter 7.1.3.

6.7. Oxygen isotope thermometry

The A®0(qz-an is highest for Agskardet UB1 (4.17%o) and lowest for Agskardet UB2 (1.36%o),
followed by Neverdalen (2.25%.). Lower quartz—garnet fractionation suggests higher
equilibrium temperatures in the magmatic system. The calculated apparent equilibrium
temperatures range from 532 + 20 °C (Agskardet UB1) to 1139 + 115 °C (Agskardet UB2). The
result for Agskardet OQ1 is 585 + 25 °C, for Ggnngya 588 + 25 °C and for Neverdalen 823 +
53 °C (Table 7).

The difference in thermometry results from applying either A= 2.71%o K2 or the interpolation
mentioned in Chapter 5.6. is strongest for Neverdalen, where the applied A-coefficient of
2.96%0 K?yields +63°C. A second set of temperature calculations was performed based on the
modified increment method after Zheng (1993), which is a theoretical method considering
chemical composition and crystal structure. This thermometer has an applicable temperature
range of 0 - 1200°C, but it has been shown to not be as precise and accurate as empirical
calibrations (e.g., Chacko et al., 2001). The results from this method yield temperatures that
are 50 to 105 °C higher than results using the empirical method after Valley et al. (2003).
Quartz-garnet oxygen isotope thermometry is expected to yield minimum equilibrium

temperatures, because of isotopic exchange between quartz and minerals with a lower closure
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temperature (e.g., muscovite, plagioclase, K-feldspar), which further enriches '®0 in quartz
(Moecher & Sharp, 1999).

Table 7. Results of triple oxygen isotope analysis for garnet, quartz and basement samples, normalized to San
Carlos olivine with 5780 = 5.23%0 and A'70O = -52 ppm, and calculated apparent temperatures for quartz-garnet
pairs from the pegmatites. Temperatures calculated using the equation A'®0 ¢t =~ 103 ln[a(QZ_GTt)] =
[A(Qz-6rty10°]/T?; where A(az-an) = 2.71 (Valley et al., 2003). The given temperature range per sample represents
analytical error, not uncertainties connected to coefficient A.

Garnet Quartz
5"®0vsmow  *1  A""Ooszs 5"®0vsmow  *1  A"Opszs 1 | T calculated (°C, Ref. used for
(%o) s.d. (ppm) +1s.d. (%o) s.d. (ppm) sd. | +2s.d.) calculation
Valley et al.,
Grenngya 7.92 0.1 -56 4 11.57 0.1 -55 4 588 + 25 °C 2003
Valley et al.,
Agskardet 0Q 1 8.72 0.1 -62 4 12.39 0.1 =72 4 585 + 25 °C 2003
Agskardet S 8.60 0.1 -64 4 - -
Valley et al.,
Agskardet UB 1 11.15 0.1 -76 4 15.32 0.1 -56 4 532 +20°C 2003
Valley et al.,
Agskardet UB 2 10.03 0.1 -64 4 11.39 0.0 -75 0 1139+ 115°C 2003
Valley et al.,
Neverdalen 5.03 0.1 -69 4 7.28 0.0 -59 0 823 +53 °C 2003
Basement
A"700.528
5'80vsmow (%) +1s.d. (ppm) +1s.d.
Neverdalen 6.5 0.4 -66,8 10.2
Ytre Holten 7.3 0.4 -49,7 10.2
Asjord 9.0 0.4 -50,8 10.2
R. Kleiva Q 8.4 0.4 -56,8 10.2
Agskardet UB 10.9 0.0 -48,7 7.0
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Grgnneya - garnet

Neverdalen - garnet

Agskardet S - garnet

Agskardet UB 1 - garnet
Agskardet OQ 1 - garnet
Agskardet UB 2 - garnet
Agskardet OQ 1 - quartz
Grgnngya - quartz

Agskardet UB 1 - quartz
Agskardet UB 2 - quartz
Neverdalen - quartz
Neverdalen BM (mafic gneiss)
Ytre Holten BM (granitic gneiss)
Asjord BM (granitic gneiss)
Reipa Kleiva Quarry BM (granitic gneiss)
Agskardet UB BM (paragneiss)
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Figure 20. Oxygen isotopic composition of garnet, quartz, and basement samples. A) A" Oo 528 (ppm) vs. "8 Ovsmow
[%o] diagram of all measured samples. BM = Basement. Neverdalen basement consists of mafic TIB gneiss, and
Ytre Holten, Melay, and Reipa Kleiva Quarry are granitic TIB gneisses. The basement of Agskardet UB consists of
Paleoproterozoic paragneiss. Except for Neverdalen, the basement samples show a similar range as garnet. The
mafic gneiss of Neverdalen shows a slightly lower 5780 value than the granitic gneisses and the paragneiss shows
a slightly higher value. B) A"7Qo.52s (ppm) vs. 8"8Ovsmow [%o] diagram of garnet and quartz. The garnet samples
show a common trend indicated by a fitted line, which only the Neverdalen sample is not part of. C) 5"8Ovsmow [Y%o]
values per locality. Where the immediate basement was sampled, it is included. Quartz shows systematically higher
values than gamet. D) Garnet, quartz, and basement samples compared to typical 580 values of important
geological reservoirs. Adapted from Hoefs (2018). E) Diagram of 5780 of garnet vs. &'80O of quartz from the
pegmatite samples. Lines of constant difference (AQz-Grt =2, 3 and 4) correspond to temperatures of 910, 680 and
550 °C, respectively. Notice the contrasting results for the samples from Agskardet UB. Temperatures calculated
using the equations of Valley et al. (2003) for quartz-almandine.
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7. Discussion

7.1. Sources of the pegmatite-forming magmas

Classic models of LCT pegmatite formation suggest that they are derived from fertile parental
granites by magmatic differentiation. In the larger Glomfjord area, however, no granitoids of
the same age as the pegmatites are exposed or known to exist otherwise. It could be
suggested that parental granites of Caledonian age exist at depth. Drivenes et al. (2016)
inferred an underlying S-type granitic pluton in the larger Glomfjord area to explain the
occurrence of high-salinity fluids and corresponding W-mineralization at Bjellatind, about 10
km northeast of the @rnes pegmatite. Lomotey (2023) dated the North Helgeland pegmatites
to ages between 422 + 5 and 412 + 5 Ma for an older generation, and between 403 + 6 and
387 + 6 Ma for a younger generation, which might have formed by partial melting of the deeper
crust during the collisional stage and by decompression melting of the crust during post-
collisional extension of the Caledonian orogen, respectively. Partial melting of heterogeneous
crustal basement sources, such as the TIB orthogneisses and Paleoproterozoic
metasedimentary rocks was suggested. Lomotey (2023) did not find any geochemical

evidence for an underlying pluton in the larger Glomfjord area.

7.1.1. Constraints from major and trace element compositions

Tourmaline compositions in the selected pegmatite bodies vary between dravite at Agskardet
upper body and schorl at Grgnngya, @rnes, and in the outer zones of the Agskardet old quarry
pegmatites. The inner zone of the Agskardet old quarry pegmatite contains F-schorl, F-elbaite,
elbaite and F-rich tsilaisite, as well as F-liddicoatite (1 spot analysis). The dravitic compositions
of the upper pegmatite at Agskardet may indicate crystallization at higher temperatures
(Selway, 1999). Schorlitic compositions are expected in less evolved pegmatites and the outer
zones of evolved pegmatites (Selway, 1999; London, 2008). For Grenngya and Qrnes,
pegmatite bodies for which rare-element mineralization has been reported (Ihlen, 2004), these
compositions could therefore be indicative of sampling of tourmalines in the outer zones and
do not preclude the occurrence of Li-rich tourmaline in other parts of the pegmatite bodies.

However, such an occurrence cannot be assumed either.

Caixeta Borges (2023) compared the Li concentration and the REE pattern of the Agskardet
pegmatite to those of the amphibolite and banded gneiss host rocks, and they suggested that
several of the observed similarities indicate partial melting of the wall-rocks as a possible
source for the pegmatite magma. My study shows that garnet from the other pegmatite bodies
in the larger Glomfjord area have notably different REE patterns compared to garnet from the
Agskardet OQ pegmatite, which might indicate different sources or a different degree of
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magmatic or magmatic-hydrothermal evolution (Fig. 14). The first option would support the
theory of local pools of partial melts and varying degrees of melting. The garnet REE pattern
for the Agskardet OQ pegmatite is similar to the bulk pegmatite REE pattern in Caixeta Borges
(2023), which renders fractionation of REE into certain accessory minerals unlikely as the main
reason for the rather depleted REE pattern. The depletion could also be caused by a tetrad
effect that can occur in highly differentiated granitic rocks and leads to trace element behavior
that is similar to that in aqueous systems (Irber, 1999). This effect reflects selective partitioning

and chemical complexation of REE by F during fluid exsolution (Irber, 1999).

Garnets from Neverdalen are enriched in Y and > REE compared to the other pegmatite
localities (Fig. 15). Yttrium and the HREE are compatible in garnet, especially Mn-rich garnet,
following the substitution of (Y**, REE®*) + A** for Mn?* + Si** (Jaffe, 1951; Geller & Miller,
1959). The Neverdalen garnets also have the highest (MnO + CaO) / (FeO + MgO) ratio of all
studied garnets (Fig. 13A). According to Baldwin and von Knorring (1983) and Moretz et al.
(2013), this major element ratio is an indicator for melt evolution. The Neverdalen dyke is a
small narrow body and zonation appears to be absent. The high Mn contents of the garnets
are therefore unlikely to represent a high level of fractionation but are rather indicative of a Mn-
rich protolith. This interpretation is supported by comparison of the Neverdalen garnets to
garnets from the other localities, which define a common trend in the (FeO + MnQO) vs. MnO
diagram, which Neverdalen is not a part of (Fig. 13B). This ratio is also a sensitive indocator
for the degree of fractionation of pegmatite-forming melts (Mdller et al., 2012). The elevated
Ca content and the smaller Eu anomaly of the Neverdalen garnets support the suggestion of
a more primitive parent melt with regard to granitic magma differentiation, which is in
agreement with observations by Lomotey (2023) on compositional trends of micas from
Neverdalen and the North Helgeland pegmatites. Lomotey (2023) reports plagioclase from the
Neverdalen pegmatite dyke to be of oligoclase composition, with a CaO content of 3 to 3.5
wt%. For comparison, plagioclase from the Agskardet S locality has a CaO content of up to
4% but does not show Ca enrichment in garnet. Therefore, a generally Ca-enriched bulk

pegmatite composition is not necessarily the main reason for Ca-rich garnets in Neverdalen.

For the other localities than Neverdalen, the (MnO + CaO) / (FeO + MgO) ratio and (FeO +
MnO) vs. MnO ratios seem to represent the state of evolution of the single pegmatite bodies,
which is also indicated by tourmaline major element compositions (Fig. 8) and might be listed
as follows: Agskardet OQ > Grenngya (+ @rnes) > Agskardet S > Agskardet UB. This is
supported by the garnet Nb and Ta contents, which correlate for all localities, but are very low

for all localities except for Grgnngya and Agskardet OQ1 (Fig. 14).
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The geochemical peculiarities of the Neverdalen dyke could be a result of local biotite-
dehydration melting related to crustal thickening during the collisional stage of the Caledonian
orogeny, which is in agreement with the age of 413 + 2 Ma determined by Lomotey (2023).
Biotite can be enriched in rare metals, especially after further enrichment through previous
muscovite-dehydration melting, and the solubility of accessory enriched phases in the melt is
higher due to the higher melting temperatures of restitic biotite-rich components (Wolf et al.,
2018; Romer & Pichavant, 2021). This interpretation might be in agreement with the elevated
apparent temperature of the Neverdalen pegmatite dyke as inferred from oxygen isotope
thermometry (see Chapter 7.1.3.). A higher crystallization temperature accords with less
fractionation observed in the pegmatite. However, the high apparent temperature could also
reflect disequilibrium between garnet and quartz. In terms of pegmatite families, biotite-
dehydration melting might account for NYF or mixed LCT-NYF signatures (Romer & Pichavant,
2021).

The Neverdalen dyke is emplaced in a shear zone between a mafic biotite-rich TIB gneiss and
a fertile metasedimentary unit. Partial melting of both units to varying degrees at high
temperatures could be in agreement with high Mn and Ca contents, REE enrichments, low
levels of Li and absence of P in the garnets, as well as the abundance of biotite and the
occurrence of Fe-oxides and allanite in the pegmatite dyke. A more likely explanation with
respect to biotite-dehydration melting is a peritectic origin of the garnet that can scavenge Mn
(Clemens & Stevens, 2012; Dorais & Tubrett, 2012). Fe-Ti oxides and relatively calcic
plagioclase are also common peritectic phases (Clemens & Stevens, 2012). Referring to the
new pegmatite classification system by Wise et al. (2022), this pegmatite body shows a higher
affinity to Group 2 pegmatites. Interpretations of Hf isotopic compositions by Lomotey (2023)
are in agreement with the partial melting of the metasedimentary unit as source to the

Neverdalen dyke.

Circling back to REE characteristics of garnets from the selected pegmatite bodies, when
comparing the chondrite-normalized patterns for all localities, similarities between Neverdalen,
Agskardet UB1-2, Agskardet S and to a large extent also Granngya are obvious (Fig. 14). Due
to the affinity of garnet to HREE, left-inclined chondrite-normalized REE patterns might be
expected. However, for LCT pegmatites, a depletion in HREE to some extent would be
presumed, as observed in the Agskardet OQ pegmatite (Mitchell, 2017; Feng et al., 2023). In
many analyses, the chondrite-normalized REE contents exceed the value of 10° x chondrite,
which has been named as a threshold to distinguish between LCT pegmatites that have lower
values and NYF pegmatites that exceed the threshold (Mitchell, 2017). It might therefore be
suggested that the North Helgeland pegmatite field does not show pure LCT affinity, but a
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mixed LCT-NYF affinity (see Fig. 15). A mixed affinity would be reasonable if the I-type TIB

gneisses were involved in the partial melting (Cerny & Ercit, 2005).
7.1.2. Possible sources of boron in the pegmatite-forming magmas

S-type granitic melts and their associated pegmatites form from melting of mica-rich
metasedimentary rocks (Martin & De Vito, 2005; Acosta-Vigil et al., 2010; Cerny et al., 2012;
London & Morgan, 2012). Boron and Li, as well as Rb and Cs, are considered to be sourced
from micas, although some studies also mention a role for evaporites in the metasedimentary
rock sequences as sources for B and Li (Jiang & Palmer, 1998; Simmons & Webber, 2008;
Bradley, 2019). Boron-isotopic compositions can record the source of B in magmas (Fig. 18).
Generally, the B-isotopic compositions of the North Helgeland pegmatites lie within the
expected range for partial melts from the deeper heterogeneous continental crust. The old
quarry and upper body pegmatites at Agskardet are in good agreement with the commonly
cited range of 8"'B (-8 to -12%.) from the continental crust (Marschall & Jiang, 2011), which
would be expected for siliciclastic sediments and S-type granites. The Grgnngya (-5.6 £ 0.6%o
5""B) and @rnes (-3.6 + 0.5%0 &''B) pegmatites have a somewhat heavier tourmaline B-isotopic
composition. This could indicate a metasedimentary rock sequence of marine affinity, such as
evaporites or carbonates, within the magma source. Alternatively, given that I-type granitoids
commonly have a heavier B-isotopic signature than S-type granitoids, a larger proportion of
TIB gneisses could have been involved during crustal melting. Distinguishing between different
source lithologies involved requires mass-balance constraints and can therefore be difficult
and highly model-dependent (Trumbull et al., 2020). A third option to explain the heavier B-
isotopic signature is interaction between pegmatite-forming magma and the host country rocks.
The Grgnngya and @rnes pegmatites are both hosted by amphibolite, a rock type that contains
an average of 9 pg/g boron (n=189; Trumbull & Slack, 2018). The B-isotopic composition of
amphibolites may vary depending on the protolith. However, no extensive alteration of the wall-
rocks to these pegmatites is reported, which makes it difficult to sustain this idea in the absence

of additional analyses of these country rocks.

7.1.3. Insights from oxygen isotopes

The analysis of oxygen isotopic compositions may also offer insights into possible magma
sources. Garnet has a high closure temperature for oxygen diffusion and the isotopic
composition of magmatic garnet is therefore expected to be close to that of the magma and,
thus, the source (Coghlan, 1990; Farquar et al., 1996; Harris and Vogeli, 2010). The use of
garnet mineral separates rather than whole-rock powders additionally allows to circumvent

problems associated to post-magmatic alteration and surface weathering.
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The mafic TIB gneiss from Neverdalen has a slightly lower 580 value than the granitic TIB
gneisses, whereas the paragneiss from Agskardet UB has a higher & '®0 value than the granitic
TIB gneisses (Fig. 20A, C). The basement gneisses from the Glomfjord area and the pegmatitic
garnets have similar 8’80 compositions. The basement gneisses can therefore be considered
a potential source to the pegmatite melts. An exception to this is the Neverdalen occurrence.
The pegmatitic garnet from the Neverdalen dyke has a rather low §'®0 value (5.0 + 0.1%o),
which is difficult to explain by melting of the mafic TIB gneiss (6.5 + 0.4%. §'®0), as it is below
the mantle value. According to Bindeman (2008), magmatic rocks with 5'80 values below the
mantle value of 5.7%o are likely derived from rocks altered hydrothermally at high temperatures
involving small isotope fractionations, which means that a significant portion of their oxygen
has a surface origin. Based on the indications from Hf-isotopic compositions, the next logical
step would have been oxygen isotope analysis of the adjacent metasedimentary rocks, a task
that remains to be done in the near future. In general, the garnet 5’80 values are quite variable,
which may reflect pegmatite magma formation by melting of an isotopically heterogeneous

source. This source likely involved several different crustal lithologies.

Results from triple oxygen isotope analysis support partial melting of metasedimentary rocks
and TIB orthogneisses as a possible source of the granitic pegmatite magmas. The triple
oxygen isotopic signature reflects exchange reactions with the hydrosphere, indicating
recycling of continental crust (Bindeman, 2021), best achieved by the transfer of water-lain
sediments to great crustal depths during orogenesis. In linearized triple oxygen isotope space,
the pegmatite-derived garnet samples define a trend with a slope of 0.527, typical for low-
temperature oxygen isotope fractionation, as it occurs in sediments (Fig. 20B). These data are
a powerful indicator for the involvement of metasedimentary rocks in the source to the
pegmatite magmas in northern Helgeland. By contrast, mantle-derived rocks and their
differentiates, such as I-type granites, define a trend with a slope of 0.523 in linearized triple

oxygen isotope space (Bindeman, 2021).

Another application of oxygen isotope analysis is geothermometry. By analyzing mineral pairs
from a magmatic rock paragenesis, an empirically or theoretically determined fractionation
factor can be employed to calculate a crystallization temperature, assuming equilibrium. The
interpretation of thermometry results needs consideration of various factors. Most importantly,
oxygen diffusion closure temperatures and magmatic crystallization temperatures are not
identical. The apparent temperatures yielded by the A0 of mineral pairs can record post-
crystallization exchange with deuteric fluids or even alteration, if the closure temperatures of
the studied minerals are comparatively low. There are various estimates for the closure
temperature of garnet, ranging from 812 to 1198°C (Hoffbauer et al., 1994; Farquhar et al.,
1996; Kohn & Valley, 1998). Assuming the garnet closure temperature is higher than that of
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crustal anatexis, the garnet 380 composition would not be altered by diffusion after
crystallization from an anatectic melt. In contrast, quartz has a closure temperature of <550°C,
which means that oxygen diffusion continues after magmatic crystallization at higher
temperatures. Slow closed-system cooling, as typical for intrusive granitic rocks, will therefore
further fractionate 80 in quartz. If the temperature of anatexis and the A'®0O of the main rock-

forming minerals are known, equilibrium fractionation factors can be inferred.

For the pegmatites studied, the correlations between garnet and quartz 'O values for each
pegmatite occurrence imply little or no influence by external fluids or a change in melt source
(Fig. 20C). The crystallization temperature of pegmatite-forming magmas is 700 to 400°C, and
for rare-element pegmatites a narrow range between 560 and 500°C has been determined
(McCaffrey & Jowitt, 2023). The temperatures obtained for the Agskardet OQ1 (585 + 25°C)
and Grgnngya (588 + 25 °C) pegmatites therefore seem reasonable. The temperature
determined for the Neverdalen pegmatite dyke is significantly higher (823 £ 53 °C), and the
different nature of this granitic magma is also indicated by the distinctly different garnet major

and trace element compositions (Figs. 13, 15 and 20E).

The apparent temperatures obtained for the two pegmatite samples from the upper body at
Agskardet are more difficult to explain, because they are significantly different from each other.
The quartz-garnet mineral pair from UB1 yielded a temperature of 532 + 20°C and the pair
from UB2 yielded 1139 + 115°C (Fig. 20E). This discrepancy is mainly caused by the strongly
deviating quartz 8'®0 values for these two samples from the same pegmatite body. The
difference in garnet &'®0 values between the two samples can be explained by a
heterogeneous magma source, or by contamination of the melt with wall-rock materials
resulting in a garnet '®0 composition that was not fully homogenized due to the high closure
temperature of garnet. These processes have been suggested as the main reasons for a wider
than expected 5'0 range observed in magmatic garnet suites from other localities worldwide
(King & Valley, 2001; Lackey et al., 2006; Harris & Vogeli, 2010). The sample RL2206A from
Agskardet UB1 was taken from the outer deformed margin of the pegmatite body. Therefore,
it is possible that late-stage contamination of the magma led to an increase in §'®0, as is
recorded by the quartz. The occurrence of sillimanite in Agskardet UB1 supports this proposal.
Crystallization of sillimanite in contaminated granites has been reported from other localities
(Lackey et al., 2006). In these cases, sillimanite is often localized near metasedimentary wall-
rocks at pluton margins. For Agskardet UB1, the paragneiss host rock could potentially be a
source of the excess Al. Sillimanite is a late phase in this sample and typically associated with
K-feldspar. It may have resulted from the breakdown of magmatic muscovite, possibly
facilitated by decompression, or change in melt/fluid behavior, or temperature increase:

muscovite + quartz = sillimanite + K-feldspar + H>O + melt (Lackey et al., 2006). Temperature
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increase related to the observed ductile deformation, potentially combined with fluid infiltration,
could be a likely explanation for the crystallization of sillimanite and disequilibrium A0 for

quartz-garnet pairs.

The dravitic composition of tourmalines and the larger pyrope component in garnets for the
upper pegmatite body at Agskardet may indicate a higher crystallization temperature.
However, the temperature obtained for Agskardet UB2 appears to be unreasonably high,
especially when considering the high water contents expected for pegmatitic magmas. The
presence of graphic texture in the pegmatite body emphasizes its low-temperature nature near
the eutectic point, as opposed to coarse-grained granites crystallized at much higher
temperatures. This strongly suggests that the quartz-garnet pair does not record oxygen

isotope equilibrium conditions for Agskardet UB2.

7.2. Magmatic-hydrothermal evolution

7.2.1. Major element fractionation trends

For the old quarry pegmatite at Agskardet, the major and trace element trends defined by
tourmaline suggest crystallization from a progressively more evolved granitic magma, as
previously shown by others for zoned pegmatites (e.g., Jolliff et al., 1986; Soares et al., 2008).
The innermost zone of the Agskardet pegmatite, mapped as albite replacement zone by lhlen
(2004) and Caixeta Borges (2023), might record the influence of a late aqueous fluid on the
mineral assemblage, including tourmaline addition. The Fe contents of tourmaline decrease
from the outer zones of the Agskardet pegmatite towards the inner zones, and Li and Mn
contents increase in the same direction. This trend is expected from igneous fractionation of
an inward crystallizing magmatic body (Selway, 1999). The stability of different tourmaline
compositions with progressive crystallization is also related to the temperature-pressure
conditions. For example, Mg is preferred in the Y-site at higher temperatures, Fe at
intermediate temperatures, and Li at lower temperatures (Selway, 1999). The observed trend
in X-site variation in tourmaline from the old quarry is consistent with the description of X-site
variations in the lepidolite sub-type of Li-rich pegmatites (Selway et al., 1999). With ongoing
evolution, they describe early vacancy-rich foitite, intermediate Na-rich schorl and elbaite, and
late tourmaline (rossmanite) with lower Na content and more vacancies. Tourmaline of the old
quarry follows this trend, except for a change in composition at late stage. Tourmalines from
Agskardet OQ1, a layered segment of the outer zone of the pegmatite body, are vacancy-rich
on the X-site. Tourmalines from Agskardet OQ2, OQ3 and OQ4 have schorl and Na-rich F-
schorl compositions. There is a positive correlation between Na and F in tourmaline controlled

by crystal chemistry (Selway et al., 1999). The large crystals of OQ5 and OQ6, however,
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increase in Ca toward the rims. The increase in Ca is accompanied by an increase in Fe, Mg,
Ti and REE, and a decrease in Mn. The correlation between Ca and REE is also explained by
crystal chemistry. Tourmaline zoning is usually ascribed to an influx of components either from

elsewhere in the pegmatite or from the host rock (London, 2016).

The first explanation refers to the availability of these elements from interaction of an aqueous
fluid with the host rocks, in this case banded gneisses, leading to dissolution of those elements
and contamination of the fluid. Foord et al. (1986) argued for hydrothermal alteration of
intermediate to mafic host rocks to explain the crystallization of Ca- and Mg-rich minerals in
pegmatite pockets at a relatively late stage to the main pegmatite assemblage. According to
London (2016), the fluor-liddicoatite-bearing pegmatites of Madagascar were contaminated
with Ca by their marble host rocks. Caixeta Borges (2023) offered a similar explanation for the
evolved Ca-rich tourmaline compositions observed in the Agskardet old quarry pegmatite, but
also mentioned the possibility of Ca enrichment in the residual melt or fluid. Calcium?* partitions
strongly into hydrosaline or borosilicate melts over granitic silicic melts (Veksler et al., 2002;
Veksler, 2004; Veksler et al., 2012). Melt immiscibility and preferential partitioning of Ca into
the hydrosaline melt or fluid might be a source to late Ca enrichment from within the pegmatite,

as explained below.

Albite replacement zones in pegmatites, as mapped by Ihlen (2004) and Caixeta Borges (2023)
in the Agskardet old quarry, may be formed by metasomatism through a Na-rich aqueous fluid
or hydrosaline melt, which can develop during melt-melt or melt-fluid immiscibility (Thomas et
al., 2012; Mdller et al., 2018; Ballouard et al., 2020a). Melt and fluid inclusion studies on
pegmatite minerals show that below ~720°C the coexistence of at least three liquid or liquid
and vapor phases with contrasting physical and chemical characteristics is possible: (i) a
peraluminous silicate-rich, water-poor melt; (ii) a silicate-poor hydrosaline melt; (iii) a lower
salinity aqueous fluid (Thomas et al., 2000; Thomas et al., 2006; Thomas et al., 2012). The
viscosities of such hydrosaline melts might be low enough to move as supercritical or trans-
magmatic fluids (Thomas & Davidson, 2012), and they can dissolve high concentrations of
rare elements (Thomas & Davidson, 2016). Element partitioning between silicate and saline
melts is dependent on the ionic charge and the atomic radius of the cation (Veksler, 2004).
Thomas and Davidson (2012) describe the following path of pegmatite melt and fluid evolution:
melt — magmatic fluid — fluid — fluid-gas — fluid hydrothermal — hydrothermal. Later
involvement of external fluids and possibly meteoric water are also plausible, depending on
tectonic setting and emplacement depth (Bakker & Elburg, 2006; Piilonen et al., 2012; Audétat
& Edmonds, 2020).
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For elbaite-subtype pegmatites, Selway (1999) describes tourmaline compositions as
commonly Na-rich schorl in massive pegmatites, Mn-rich elbaite in pockets and late-stage
enrichment of Ca and F in elbaite and fluor-liddicoatite. The subtype classification is dependent
on the predominant Li-mineral and correspondent pressure, temperature and geochemical
compositions (Novak & Povondra, 1995). No subtype has been determined for the Agskardet
OQ pegmatite, which contains both lepidolite and elbaite, as well as spodumene (lhlen, 2004;
Caixeta Borges, 2023). Ca-rich rims on late-stage elbaite are, however, within the expected
compositional range of evolving pegmatite magmas so that external fluids may not be required
to explain this trend. It must be noted, however, that along the wall zones of pegmatites and
wherever the reactive melts or fluids are in contact with the host rocks, chemical exchange

typically occurs (London, 2008; Thomas & Davidson, 2012).

7.2.2. Textures of tourmaline and accompanying minerals

The intergrowth between quartz and tourmaline in Agskardet OQ2-4 suggests that they
crystallized at the same time (Figs. 5 and 29). Skeletal tourmaline with quartz cores or graphic
intergrowths of tourmaline and quartz in the outer zones of pegmatites are commonly observed
(Jolliff et al., 1986; London, 1996; Hulsbosch et al., 2019; van der Does et al., 2024). Graphic
intergrowth can be attributed to highly supersaturated, undercooled viscous silicate melts, high
crystal growth rate, heterogeneous nucleation of crystals from the pegmatite fluid, or liquid
immiscibility in low viscous silicate melts (Manning, 1982; Fenn, 1986; Thomas & Veksler,
2002; London, 2009; Thomas & Davidson, 2012; Sirbescu et al., 2017). Tourmalines with
quartz cores in Agskardet OQ2 and 4 could have formed by heterogeneous nucleation and
rapid crystal growth, followed by crystallization of quartz. The quartz filled the open end of the

tapered tourmaline crystals (Manning, 1982; Jolliff et al., 1986; Selway, 1999).

The textures of the large Agskardet OQ5 and OQ6 tourmaline crystals represent complex
crystallization and resorption processes. Agskardet OQ5 shows elevated Rb and Cs contents
in the tourmaline in contact with Rb- and Cs-enriched mica inclusions. This suggests
interaction between the two phases. Most likely, tourmaline is replacing mica and inheriting
some of its trace element content (Fig. A10). The Ca-rich green rim is clearly distinct from the
rest of the pink crystal (Figs. 6C and A2). This is indicative of a resorption event rather than
continuous crystallization. The complex crystal Agskardet OQ6 contains multiple generations
of tourmaline. Most of the grain with a euhedral tourmaline rim consists of mica fragments. An
apparently younger generation of tourmaline, the rim, replaces or grows around earlier mica.
The third generation is of a later stage, since it fills fractures within the mica fragments,
between mica and tourmaline and within the tourmaline rim (Fig. A7). In major element
composition, this third generation is similar to the outermost rim of the Agskardet OQ5 crystal
(Figs. A2, A7). The oldest generation of tourmaline might be the primary phase, which then
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was partly replaced by mica. The complex texture of ‘islands’ and inclusions of tourmaline
within the mica suggests this (Figs. 6D, 19, A4 and A7). The texture of this tourmaline crystal
suggests changing conditions and several pulses of liquid. Multistage tourmaline growth is not
uncommon in hydrothermal environments (Slack & Trumbull, 2011). Another possible
explanation of the peculiar texture is selective replacement of the tourmaline core by mica,
while the rim stayed intact. This could be due to a different chemical composition or a more
porous structure of the core which was more susceptible to dissolution by hydrothermal fluids.
This phenomenon has been observed in several evolved pegmatites, where the cores of zoned
tourmalines have been replaced by quartz or lepidolite, while the rim stayed intact (Shigley et
al., 2001; London, 2008). This explanation requires significantly different core and rim
compositions to be feasible. Selective dissolution and precipitation of minerals in a pegmatite
system can occur due to disequilibrium conditions, which lead to an oscillating system
approaching a state of equilibrium between solid and fluid phases (Korzhinskii, 1959; Burt,
1981; London, 1996; London, 2005). Repeated precipitation and dissolution of minerals,
changing the mineral assemblage, has been proposed as one of the main processes during
pegmatite magmatic-hydrothermal evolution (London, 1996; London, 2008). A third possible
explanation is rapid crystallization of tourmaline from a highly supersaturated solution leading
to rapid growth at crystal corners and along edges. This typically leads to skeletal growth,
growth of hollow crystals and crystals filled by a different mineral, as observed for Agskardet
0Q2-4 tourmaline (Manning, 1982; Fenn, 1986; Jolliff et al., 1986).

Further observations include two generations of feldspar and late masses of tourmaline filling
fractures in garnet in the Agskardet OQ2-4 sample. This indicates the operation of late-stage
processes and their influence on the final mineral assemblage, also involving disequilibrium
processes during pegmatite evolution. For Agskardet OQ2-4, both magmatic or late-stage
magmatic to fluid-facilitated crystallization seem possible. The same is true for Grenngya,
where optically continuous inclusions in tourmaline and feldspar indicate two stages of crystal
growth. The trace element patterns of tourmaline from the other pegmatite localities studied
do not show indications of precipitation from hydrothermal fluids. It is more likely that a
magmatic fluid was involved in the development of these textures. It should, therefore, be
considered that a pegmatite system is more complex than early- to late-stage crystallization
from a single melt. Dissolution and reprecipitation processes as well as coexisting immiscible
phases likely play an important role in the formation and evolution of pegmatites (London,
1996; Thomas & Davidson, 2012).

7.2.3. Tourmaline trace element characteristics

Other indicators for involvement of an aqueous fluid in the formation of the late-stage
tourmalines Agskardet OQ5 and OQ6 are the highly elevated contents of Sr and Pb compared
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to the other tourmaline samples (Fig. 10). The compositional difference is about one order of
magnitude, possibly indicating precipitation from a fluid foreign to the dominant pegmatite
magma, which may have leached Sr and Pb plus other elements from the host rock
paragneisses and amphibolites. Caixeta Borges (2023) reported bulk rock Sr concentrations
of 191 ppm for the amphibolite country rock, 153 ppm for banded gneisses and 140 ppm for
the pegmatite, where the analyzed sample was a combined bulk powder from three different
zones of the Agskardet pegmatite. Our own unpublished bulk rock data from the intermediate
zone of the pegmatite show a Sr concentration of <5 ppm and an average value of 190 ppm
Sr for the basement TIB gneisses of the study area (Tappe et al., 2024, unpublished). For Pb
concentrations, published and unpublished bulk rock data for the pegmatite, country rocks and
basement gneisses range between 11 and 24 ppm. The large difference in Sr concentrations
between the intermediate zone and the mixed bulk pegmatite might indicate enrichment of Sr
in the late-stage minerals of the albite replacement zone. Incompatible elements, such as Sr
and Pb, generally are expected to enrich in a highly fractionated melt. Ihlen (2004), however,
reported very low Sr contents for feldspars from the Agskardet OQ pegmatite core and higher
contents for feldspars from the outer zones. This is somewhat expected due to the compatible
nature of Srin albite (e.g., Blundy & Wood, 1991). In the Varutrask LCT pegmatite in Sweden,
Siegel et al. (2016) observed increasing Pb and Sr concentrations from the wall zone to the
outer intermediate zone, and Pb further increasing towards the core. For tourmalines from the
border zone they report much higher Sr/Pb ratios, which they explain by Sr contamination from
the amphibolite host rocks. The low Sr content in feldspars from the inner zones of the
Agskardet OQ pegmatite contrasts the elevated Sr contents of the tourmalines from Agskardet
OQ5 and 0Q6, as enrichment in albite would be expected with Sr availability. Strontium
concentrations are, however, expected to be higher in hydrothermally formed tourmaline due
to Sr enrichment in high-salinity aqueous fluids or melts (Bai & Van Groos, 1999). This indicates
crystallization of the Agskardet OQ5 and OQ6 tourmalines from an exsolved or external fluid

that was in contact with the host rocks.

The major element and B-isotopic compositions of the third generation tourmaline of Agskardet
OQ6 are quite similar to those of the tourmalines of Agskardet 0OQ2, OQ3 and OQ4. The
elevated Sr and Pb contents in Agskardet OQ6, as well as the higher Zn contents in 0Q2,
0OQ3 and OQ4, make it however unlikely that these crystallized at the same time from the same
source fluid. According to Selway (1999), Zn contents in pegmatitic tourmaline initially increase
from the border zone, until they reach their maximum in the inner wall zone. Then they
decrease toward the core of the pegmatite. This is consistent with observations from the
Agskardet OQ pegmatite, where tourmalines from the outer zones (OQ1) have the highest
average Zn contents of about 3000 ppm, the intermediate zone tourmalines (OQ2-4) have
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average Zn contents of around 2000 ppm and the crystals from the inner zone (OQ5, OQ6) do

not exceed 500 ppm (Fig. 9).

Vanadium is preferentially partitioned into tourmaline over the melt and is therefore only
expected in tourmaline of the outer zone (Selway, 1999; Drivenes et al., 2015). This is not
observed in the old quarry pegmatite, where tourmaline from the outer zone does not contain
any V (i.e., below method detection limit). The intermediate zone tourmalines contain up to 7
ppm V, and OQ5 and OQ6 tourmalines contain up to 35 ppm V (Fig. 9). This could be explained
by the abundant biotite in the outer zone (Caixeta Borges, 2023; Lomotey; 2023), which
incorporates V (Drivenes et al., 2015). Marks et al. (2013) reported an increase in V from
magmatic to hydrothermal tourmaline. They also report a decoupling of the V/Sc ratio in
hydrothermal tourmaline. OQ5 and OQ6 tourmalines show a decoupled V/Sc ratio compared
to all other samples, which supports their hydrothermal origin. The V/Sc ratio is increasing
toward the outer rim. For Sn, a gradual increase in concentration between tourmaline of the
outer zone and the crystals of OQ5 and OQ6 is observed. Beryllium increases slightly and Ga
concentrations scatter (Fig. 9). The concentrations of all these trace elements are higher in the
mica inclusions. Generally, most trace elements lack systematic trends in pegmatitic
tourmaline, because they commonly are partitioned into mica and feldspar (e.g., Rb and Cs),
apatite (REE) and (Nb,Ta)-oxides (Cerny et al., 1985; Selway, 1999). The Li-muscovite
inclusions in the tourmaline crystal from Agskardet OQ5 have higher Li contents than any other
micas from the Agskardet OQ pegmatite studied by Lomotey (2023) and comparable Li
contents to micas from the albite replacement zone studied by Caixeta Borges (2023). Li
contents are greater in albitized than non-albitized pegmatites (Selway, 1999), but this does
not indicate that all elbaite is of hydrothermal origin. The principal Li-minerals spodumene,

petalite and lepidolite are in most cases considered to be of magmatic origin (London, 2008).

Another restricting factor in the interpretation of magmatic-hydrothermal interplay in the North
Helgeland pegmatites (other than Agskardet OQ) is the limited number of samples per
pegmatite, which are mostly not linked to internal pegmatite zonation. Sampling of tourmaline
from outer zones and the core or replacement zone, if possible, would have allowed for a
comparison of compositional characteristics. It is evident that the @rnes and Gregnngya
pegmatites are also highly fractionated and enriched in certain rare elements. Due to limited

outcrop conditions, mapping and sampling may not cover the existing compositional variation.

7.2.4. Constraints from boron isotope variations in tourmaline

The boron isotopic compositions of the large Agskardet OQ6 crystal support the interpretation
of several tourmaline generations formed during different growth events. The tourmaline

‘islands’ in the core have a light B-isotopic composition. The third tourmaline generation is
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about 5%o heavier and the margin shows a range of values, which get heavier toward the outer
rim but are on average lighter than the third tourmaline generation (Figs. 19 and A13). This is
consistent with the indications by textural and compositional observations for the crystallization
sequence of the three generations. The comparatively narrow 8''B range observed for the
large Agskardet OQ5 tourmaline crystal is similar to the range of values for the rim of the
Agskardet OQ6 crystal.

Based on the boron isotope fractionation trends outlined in Chapter 2.3., a possible

interpretation of the 3''B data for the old quarry pegmatite can be as follows:

The tourmalines from the outer pegmatite zone (Agskardet OQ1), which crystallized first, have
an average 8''B value of -10.2 + 0.2%.. According to the experimental study by Cheng et al.
(2022), the temperature-dependent boron isotope fractionation between melt and tourmaline
is A" Bmeittur = +0.90 + 0.05%0 at 660°C. Their experiments were performed between 660 and
800°C. If we extrapolate their results to 585°C, which is our oxygen thermometry result for
Agskardet OQ1, then a fractionation factor of A'"Bmer-ter = +1.31%o0 is obtained. Note that
extrapolation beyond the tested temperature range should be treated with caution. Tourmalines
from Agskardet OQ2-4 have a combined average &''B value of -9.2 + 0.6%o. This fits well with
the assumption that these tourmalines crystallized from the same melt as OQ1 at a later stage
when it had been further fractionated, as also supported by their major and trace element
compositions. Uncertainties may stem from the accuracy of the temperature estimate, the
mentioned extrapolation of the isotope fractionation factor, the relative timing of crystallization,

and the analytical error of 0.91%o of the SIMS-determined boron isotope data.

A 4 to 5% difference in 8''B is observed between tourmalines from Agskardet OQ2-4 and
tourmaline cores in Agskardet OQ5 and OQ6. As mentioned, the boron isotopic composition
of Agskardet OQ6 is rather heterogeneous. The Agskardet OQ5 tourmaline shows a trend of
increasing &''B values from -13.5 to -10%. from core to rim. The 8"'B increase from core to rim
is consistent with crystallization from an evolving hydrothermal fluid. Although boron is in
trigonal coordination in both the tourmaline structure and in fluids, minor isotopic fractionation
is expected (A" Bpyig—tur = +1.6 to +2.3%0 at 550 to 440°C; Meyer et al., 2008). Combined with
the observed textures and measured trace element compositions, the boron isotopic
compositions of the large Agskardet OQ5 and OQ6 tourmaline crystals suggest a hydrothermal
origin. Alternatively, the increasing 8''B values from core to rim may record continued crystal
growth from an increasingly differentiated granitic melt that underwent significant mica
crystallization among other phases in which boron is tetrahedrally coordinated. Micas occur in
all pegmatite zones at Agskardet, from the wall zone to the late-stage albite replacement zone

(Caixeta Borges, 2023), but their abundance has not been quantified. Siegel et al. (2016)
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explained a 5%o shift in 3"'B between two tourmaline types in the Varutrask pegmatite in
Sweden by co-crystallization of muscovite. These two main hypotheses may apply to
Agskardet, but they cannot explain the elevated Sr and Pb contents of the OQ5 and OQ6
tourmalines, which appear to require input from an external fluid component (i.e.,

contamination).

A remaining question is why the boron isotopic compositions of the cores of the two large
crystals are relatively light. There are several options to explain this. The first option is
abundant crystallization of tourmaline, which was described by Trumbull et al. (2008, 2013),
Drivenes et al. (2015) and Siegel et al. (2016) to lead to a shift in 3''B toward lower values in
the residual melt. This option is, however, inconsistent with the newer experimental data by
Cheng et al. (2022). A second possibility is the exsolution of an aqueous fluid from the granitic
melt. The "B isotope would partition preferentially into the fluid and tourmaline crystallizing
from the melt would inherit a lighter 8''B signature. This explanation requires that the cores of
the tourmalines are of magmatic origin, which is not in agreement with the earlier interpretation
of the elevated trace element contents (see Chapter 7.2.3.). A solution could be a scenario
where immiscible melt-melt-liquid coexist. For example, a low-viscosity hydrosaline melt (i.e.,
brine melt) could transport trace elements, while a coexisting aqueous fluid would be enriched
in "B, especially if of low alkalinity. A third option is the influence of fluids external to the
pegmatite system. These would lead to a change in isotopic signature and could also explain

the different trace element signatures of the different tourmaline generations.

8. Summary and conclusions

The results of and findings from this MSc project can be summarized as follows:

e Tourmalines from Agskardet OQ show an evolution from vacancy-rich schorl to Na-rich
and Ca-bearing schorl and fluor-schorl to elbaite, fluor-elbaite, tsilaisite and fluor-
liddicoatite. Tourmalines from Grgnngya and @rnes are Na-rich schorls and
tourmalines from Agskardet UB mainly show dravitic compositions.

o Garnets from the North Helgeland pegmatites are dominated by almandine and
spessartine components and are enriched in HREE in all localities except for Agskardet
oQ.

e The B-isotopic composition of tourmaline from the two pegmatite bodies in Agskardet
is similar to average values for S-type granites reported in the literature. Slightly heavier
values for the pegmatites in Grgnngya and @rnes can be explained by a larger, but

limited fraction of I-type granitic basement in the magma source.
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e Results from triple oxygen isotope analyses of pegmatitic garnet indicate low-
temperature fractionation of oxygen, which is in agreement with a metasedimentary
melt source. The 6180 values of those garnets, however, do not preclude the basement
orthogneisses as protoliths.

o An exception to these two trends defined by oxygen isotope characteristics is the
Neverdalen locality, where the light O-isotopic signature could reflect influence of
heated meteoric water. Additionally, the Neverdalen pegmatite shows anomalous major
and trace element compositions compared to the other pegmatites.

o Oxygen isotope thermometry yielded a higher apparent temperature for Neverdalen
than for Agskardet OQ and Grgnngya and indicates disequilibrium conditions for
Agskardet UB.

¢ Many of the textural and compositional features the textural and compositional features
observed for the Agskardet OQ pegmatite can be explained by involvement of more
than one melt or fluid phase.

o The B-isotopic and trace element characteristics of late-stage tourmaline suggest co-
existence of a silicic and a hydrosaline melt. Early-magmatic minerals seem to have

crystallized from a silicic melt.

The two main aims of this MSc study were to i) investigate the origin and evolution of the
parental magmas to the Helgeland pegmatite bodies to better understand their tectonic setting,
and ii) understand the role of melt-fluid interactions and volatile fluxes in highly evolved
magmatic or magmatic-hydrothermal systems and their effect on rare-element mineralization

processes in the resultant pegmatite bodies.

The here proposed formation of the North Helgeland pegmatites by partial melting of varying
amounts of Paleoproterozoic I-type orthogneisses and Paleoproterozoic metasedimentary
rocks in a mostly post-collisional tectonic environment during the Caledonian orogeny is
supported by B- and O- isotope data, as well as by the trace element signatures of the
pegmatitic minerals. This is in agreement with pegmatite U-Pb ages of 422 + 5 to 387 + 6 Ma.
The crustal source was rather heterogeneous and it is not straightforward to pinpoint specific
basement lithologies as melt sources in the study area. However, magma contamination by

the wall-rocks during emplacement is possible for some of the pegmatite bodies.

The genetic sequence in the Agskardet OQ pegmatite is interpreted as a first stage
crystallization of the main mineral assemblage from a viscous silicic melt, a second stage of
albitization and late tourmaline and mica growth from a hydrosaline melt, and potentially a third

stage dominated by an aqueous fluid, which might have induced the compositional changes in
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the rims of late tourmalines. Tourmalines and micas crystallized during the second stage have
higher Li contents than tourmalines and micas from the first stage. In terms of rare-element
mineralization, significance can be attributed to this second stage and possibly also to the third
stage. Zones of albitization in evolved pegmatites might therefore be a favorable target for

rare-metal exploration.

9. Outlook

To gain a more complete picture on potential magma sources to the North Helgeland
pegmatites, more metasediments in the study area could be sampled for oxygen isotope
analysis. The TIB gneisses as main source to the melts are unlikely, and additional
investigation could help identify further influences and sources of rare-element enrichments.
Detailed mapping, lithostratigraphic work and analysis of the internal tectonic structure of the
potential source metasedimentary units, if exposed, would help to gain a better understanding.
Based on geochemical major and trace element investigations of the potential source rocks
and constraints on pressure and temperature during melt formation and emplacement, melt

fractionation and transfer could be modeled.

Additional future research on the North Helgeland pegmatite field could be directed towards
melt and fluid inclusions. This could help to gain a better understanding of the role of water
and volatile flux contents and of fluid-fluid and fluid-solid interactions in the Helgeland
pegmatites. To evaluate the hydrothermal influence on the pegmatite assemblages,
cathodoluminescence imaging of quartz occurring together with tourmaline could be helpful.
Additionally, O-isotope analysis of feldspar could yield information because the mineral’s low
closure temperature would record changes in isotope composition resulting from hydrothermal
alteration. Multiple isotope system studies could be applied not only to tourmaline, but also
other pegmatitic minerals, such as mica. Mica can be both magmatic and hydrothermal, and
is like tourmaline an important host of boron, oxygen, hydrogen and lithium. Analysis of B-
isotopes in micas co-crystallizing with tourmaline would be a great help in interpreting
fractionation patterns and can even be employed for muscovite-tourmaline boron isotope
thermometry (Codego et al., 2019). Concerning B-isotope fractionation behavior, more
experimental work on the partitioning between minerals and melt, melts and fluids and minerals
and fluids would be needed, because the number of existing studies is small and the results

are somewhat contradictory.
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Appendix A
Complementary figures
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Figure A1. Profile through the outer core and rim of the tourmaline crystal 111 from Agskardet OQS5. The left scale indicates
concentrations of selected REE and the right scale shows the concentration of Ca (ppm).
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Figure A2. Element maps showing increase of Ti, Fe, Ca and Na in the rim of tourmaline crystal 111 from Agskardet 0Q5.
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Figure A4. EPMA profile 3 in tourmaline (yellow) and analysis spots in mica (green) in crystal 112 from Agskardet OQ6.
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Figure A6. Major element profiles from core to rim on tourmaline crystal 112 from Agskardet 0Q6.
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Figure A7. Element map of tourmaline crystal 112 with abundant mica inclusions from Agskardet OQ6. It shows the
difference between mica (rich in K) and tourmaline (low in K). Tourmaline shows variation in composition with Ca-rich rims
and a Fe- and Ti-rich ‘late’ generation in addition to a low-Fe, medium-Ca composition in the inner fragments
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Figure A8. A) Element map showing high Al contents in acicular sillimanite inclusions within tourmaline. B) Raman spectrum

of sillimanite from Agskardet UB1 (yellow) to sillimanite data from the RRUFF database (Lafuente et al., 2015). Due to the
small grain size of the analyzed sillimanite, the analysis is partially mixed between sillimanite and dravite.
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Figure A9. Element maps and BSE image of a tourmaline grain from Agskardet OQ4. It has quartz inclusions in the core. The
tourmaline in vicinity to the quartz richer in Ca and poorer in Fe than the mean composition.
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Figure A10. Tourmaline crystal 111 from Agskardet 0Q5 with indicated analysis profiles of EPMA (profile 1, profile 2, profile
2 detailed margin) and LA-ICP-MS (profile 1 and profile 2) analyses (yellow). Additionally indicated are the analyzed mica
inclusions. The two white points indicate tourmaline analysis points adjacent to mica inclusion 3 with elevated Rb and Cs
concentrations.
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Figure A11. Effect of normalization procedure on reported major element composition of tourmaline, by the example of the
tourmaline standards embedded for use in SIMS analyses. Norm. 1 = Y+Z+T=15 normalization procedure; norm. 2: 31 anions
normalization procedure. Values labeled ‘Potsdam’ are taken from Wiedenbeck et al. (2021). Lower reported B,0sis due to
normalization effects. A) Dravite standard. B) Elbaite standard. C) Schorl standard.



= LA-ICP-MS
061 — calc. from EPMA

2 4 6 8 10 12 14
core --> rim (relative distance)

0.7 1 —— LA-ICP-MS

~——calc. from EPMA
0.6
0.5 1

0.4

wt %

0.3 1

0.1

00{B

2 4 6 8 10 12
core --> rim (relative distance)

Figure A12. Comparison of Li,O content measured by LA-ICP-MS and calculated stoichiometrically based on EPMA results. A)
Profile 1 on crystal 111 from Agskardet OQ5. B) Profile 2 on crystal 111 from Agskardet 0Q5.
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Figure A13. Tourmaline crystals 112 and 111 from Agskardet 0Q6 and OQ5, respectively, with indicated boron
isotope profiles and 5B values measured within the different tourmaline generations. A) Agskardet 0Q6. B)
Agskardet 0Q5.
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Appendix B
Trace element analyses by LA-ICP-MS
Appendix B is attached as supplementary data file.

Table B1. Trace element analyses of tourmaline from the North Helgeland pegmatites
Table B2. Trace element analyses of garnet from the North Helgeland pegmatites
Table B3. Trace element analyses of mica from the North Helgeland pegmatites

Appendix C
Major element analyses by EPMA
Appendix C is attached as supplementary data file.

Table C1. Major element analyses of tourmaline from the North Helgeland pegmatites
Table C2. Major element analyses of garnet from the North Helgeland pegmatites
Table C3. Major element analyses of mica from the North Helgeland pegmatites

Appendix D

Boron isotope analyses of tourmaline from the North Helgeland pegmatites by
SIMS
Appendix D is attached as supplementary data file.
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