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Abstract  19 

The ~2.0 Ga Zaonega Formation (ZF) holds one of the oldest phosphorites in the geologic record, 20 

reaching >15% P2O5. Understanding the depositional conditions that enabled sedimentary 21 

phosphorus enrichment in this unit will thus help us to interpret the significance of the temporal 22 

distribution of phosphorites in Earth’s early history. Here we use an array of major and trace 23 

element data to constrain the redox conditions in the water column and extent of basinal 24 

restriction during deposition of the ZF. We also present new selenium (Se) abundance and 25 

isotopic data to provide firmer constraints on fluctuations across high redox potentials, which 26 

might be critical for phosphogenesis. We find that Se isotope ratios shift over a range of ~3‰ in 27 

the ZF, with the earliest stratigraphically-resolved negative Se isotope excursion in the geologic 28 

record, implying at least temporarily suboxic waters in the basin. Furthermore, we find that 29 

redox-sensitive element (RSE) enrichments coincide with episodes of P enrichment, thereby 30 

implicating a common set of environmental controls on these processes. Together, our dataset 31 

implies deposition under a predominantly anoxic water column with periodic fluctuations to 32 

more oxidizing conditions because of connections to a large oxic reservoir containing Se 33 

oxyanions (and other RSE’s, as well as sulfate) in the open ocean. This is broadly consistent with 34 

the depositional setting of many modern and recent phosphorites, thereby tying these ancient 35 

deposits to a common depositional mechanism. In light of these data, we propose that the 36 

broader prevalence of phosphogenesis in the Paleoproterozoic Era was driven by growth of the 37 

seawater oxidant reservoir (namely sulfate), thus enabling diagenetic apatite precipitation in 38 

basins with high rates of export production, particularly by facilitating the activity of sulfide-39 

oxidizing bacteria. This suggests that the muted authigenic P burial observed in marginal, marine 40 

siliciclastic sedimentary rocks during other intervals of the Precambrian was not merely a result 41 

of low dissolved P levels in the global deep ocean, but also was influenced by sulfate scarcity and 42 

strongly reducing bottom-water conditions.   43 
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1. Introduction 44 

Phosphorus (P) is an essential macronutrient and its availability in seawater is thought to 45 

exert the dominant control on the rate of marine primary productivity over long (106-109 yr) 46 

timescales (Broecker and Peng, 1982; Tyrrell, 1999). Reconstructing marine P levels across Earth’s 47 

history is thus a major focus of paleo-biogeochemical research, since it may enable an assessment 48 

of marine primary productivity in Earth’s distant past. To date, several studies have analyzed the 49 

P content of ancient marine sedimentary rocks (Bjerrum and Canfield, 2002; Planavsky et al., 50 

2010; Reinhard et al., 2017) and offered quantitative interpretations of the paleo-concentration 51 

of P in seawater (Bjerrum and Canfield, 2002; Jones et al., 2015; Konhauser et al., 2007). 52 

However, there remains some disagreement as to whether P was scarce or abundant in the 53 

Precambrian ocean (Poulton, 2017). Moreover, it is even unclear what mechanism exerted the 54 

dominant control on marine P levels in Earth’s early history (Kipp and Stüeken, 2017; Reinhard et 55 

al., 2017). The resolution of these issues will thus require an improved understanding of the 56 

mechanisms controlling P enrichment in ancient marine sedimentary rocks.   57 

To understand ancient sedimentary P fluctuations and the earliest enrichments observed 58 

during the Paleoproterozoic Era (Papineau, 2010), we must first consider the P cycle in the 59 

modern ocean. As an essential and rate-limiting nutrient, P is efficiently scavenged in surface 60 

waters by phytoplankton (reviewed in Benitez-Nelson, 2000). The dominant supply of P to the 61 

ocean is the riverine input of continentally-derived material (Meybeck, 1982), but the recycling 62 

of P within the modern ocean proceeds 2-3 orders of magnitude more rapidly than riverine P 63 

delivery (Schlesinger and Bernhardt, 2013), thereby extending the marine residence time of P 64 

and enabling high rates of primary productivity. The small proportion of P that escapes this 65 

recycling process (associated with organic matter exported from the photic zone) is transported 66 

to deep waters, and ultimately marine sediments.  67 

Upon reaching marine sediments, P can be buried through multiple pathways (reviewed in 68 

Ruttenberg, 2003). First, P can be retained in organic matter if the organic matter escapes 69 

remineralization. Second, if organic-bound P is liberated during the oxidation of biomass, P can 70 

become sequestered in an inorganic mineral phase. One route for this mineral-trapping of P is 71 

the adsorption of P (as orthophosphate, PO4
3-) onto iron (Fe) minerals (Berner, 1973). In the 72 



modern, oxygenated ocean, this is typically dominated by Fe-(oxyhydr)oxides (e.g., ferrihydrite; 73 

Berner, 1973; Feely et al., 1998). However, reduced or mixed-valence Fe minerals can also bind 74 

anions (Zegeye et al., 2012), including phosphate (Hansen and Poulsen, 1999), and so it is thought 75 

that these phases could also have scavenged P in the anoxic Precambrian ocean (Derry, 2015; 76 

Halevy et al., 2017). Importantly, all these minerals can trap liberated P – either in the water 77 

column or sediment porewaters – and immobilize it in sediments. However, if porewater 78 

chemistry shifts toward a regime that favors the dissolution of these Fe minerals, P will be 79 

released into solution. In addition to the release of the Fe-adsorbed P, porewater P can also be 80 

continually supplied through progressive diagenetic remineralization of biomass (Ruttenberg and 81 

Berner, 1993). Thus, on diagenetic timescales, P in modern marine sediments typically undergoes 82 

a “sink switch,” where liberated P can precipitate as an authigenic apatite mineral phase 83 

(predominantly carbonate fluorapatite, CFA) upon accumulating to sufficient porewater 84 

concentrations, with a smaller amount of P being incorporated in secondary Fe-(oxyhydr)oxide 85 

phases (Poulton and Canfield, 2006; Slomp et al., 1996). So, in sum, P buried in ancient marine 86 

sedimentary rocks is predominantly found in the authigenic (apatite) phase, with lesser amounts 87 

bound to organic matter or diagenetically-stable Fe minerals (Ruttenberg, 2003).   88 

 Despite the many routes for P burial in marine environments, most modern marine 89 

sediments have fairly low (<0.3 wt. % P2O5) P concentrations (Ruttenberg, 2003) that are similar 90 

to the P content of the upper continental crust (0.15 wt. % P2O5; Rudnick and Gao, 2003). This is 91 

a testament to the low abundance of P relative to carbon in phytoplankton biomass (i.e., the 92 

Redfield ratio, 106 C: 1 P; Redfield, 1958) as well as the selective removal of P from biomass 93 

during remineralization (Clark et al., 1998). These processes thus conspire to make P enrichment 94 

a rarity in marine sediments. The few modern environments that do promote higher P 95 

concentrations (>1 wt. % P2O5) tend to favor authigenic precipitation of CFA through a 96 

combination of factors (reviewed in Filippelli, 2011; Föllmi, 1996; Ruttenberg, 2003), including (i) 97 

high rates of export production (i.e., a large organic-bound P flux to sediments), (ii) high 98 

sedimentation rates, which can facilitate burial of organic matter and associated P (Föllmi, 1996; 99 

Ingall and Van Cappellen, 1990), (iii) bottom-water redox conditions that are amenable to CFA 100 

precipitation (Jahnke, 1984), and (iv) high phosphate concentrations in porewaters due to the 101 



activity of sulfide-oxidizing bacteria (Schulz and Schulz, 2005). In the modern ocean, such 102 

conditions tend to be found under regions of nutrient upwelling and high productivity (e.g., the 103 

Peru margin, Burnett, 1977; Namibian shelf, Price and Calvert, 1978). 104 

 Based on this understanding of P burial in modern marine sediments, an empirical record 105 

of P concentrations in ancient marine sediments spanning Earth’s history should be able to 106 

inform us about the secular evolution of one or more of the processes controlling P enrichment. 107 

Specifically, by tracking the magnitude of P burial through time, we should be able to make 108 

inferences about the rate of P export to sediments and prevalence of authigenic P precipitation 109 

in ancient marine sediments. Such a record was recently compiled by Reinhard et al. (2017), who 110 

showed that the P content of marginal, marine siliciclastic sedimentary rocks was in fact lower in 111 

the Precambrian than in the Phanerozoic by a factor of ~4 on average. These authors surmised 112 

that the lower P concentrations (and higher C:P ratios) were a result of limited P export to 113 

sediments in a low-productivity ocean, which thereby muted the precipitation of authigenic 114 

apatite.  115 

 While this record clearly demonstrates a shift in the marine P cycle near the end of the 116 

Precambrian, some important questions remain. First, the compilation of Reinhard et al. (2017) 117 

was filtered to target “typical” marginal marine siliciclastic sedimentary rocks. In doing so, it 118 

leaves out most phosphorites, which are extremely P-enriched sedimentary rocks (e.g., Sheldon, 119 

1981). Phosphorites in fact show a significant peak in temporal and spatial abundance during the 120 

Paleoproterozoic (Papineau, 2010), suggesting that there was a shift in marine P burial at this 121 

time that was distinct from the Archean or mid-Proterozoic.  122 

 Second, while the record of P concentrations in marginal marine settings (Reinhard et al., 123 

2017) clearly shows that the rate of P burial was muted in the Precambrian, there are multiple 124 

viable interpretations for the dominant mechanism controlling the rate of P burial. Reinhard et 125 

al. (2017), following previous workers (Bjerrum and Canfield, 2002; Derry, 2015; Laakso and 126 

Schrag, 2014), invoked scavenging of P by Fe-minerals as the main reason for low seawater P 127 

levels in the Precambrian (Fig. 1a). As a result, in their modeling scenarios net primary 128 

productivity is kept low due to P scarcity (and is accompanied by an imposed increase in the 129 

“Redfield” C:P ratio of phytoplankton biomass), thereby limiting export production and the flux 130 



of P to sediments (Reinhard et al., 2017). Another mechanism has recently been invoked for 131 

Precambrian P scarcity, which postulates that higher burial efficiency in the reducing 132 

Precambrian ocean would have limited the recycling of P, thereby promoting efficient P burial 133 

with organic matter and low steady-state P concentrations in seawater (Fig. 1b; Kipp and Stüeken, 134 

2017; Laakso and Schrag, 2018). Lastly, it has also been argued that low P would be expected in 135 

Precambrian marine sediments because P burial is ineffective in anoxic settings due to the 136 

dissolution of adsorbed P phases and inhibition of CFA precipitation (Ingall and Jahnke, 1994; 137 

Poulton, 2017; Van Cappellen and Ingall, 1996). Thus, some authors have cited this mechanism 138 

in support of a high-P Precambrian ocean with inefficient burial in sediments (Fig. 1c; Lenton et 139 

al., 2014; Poulton, 2017).  140 

 Each of these proposed scenarios has slightly different implications for the sedimentary 141 

geochemistry of P in the Precambrian (Fig. 1). In the first scenario, P would be expected to co-142 

vary with Fe in many marine sediments. In settings were phosphogenesis was favored (i.e., in 143 

certain environments in the Paleoproterozoic), this relationship might break down, with more 144 

organic-bound P being sourced to sediments and authigenic phosphate precipitation becoming 145 

important. In the second model, P would be expected to occur in stoichiometric proportions with 146 

organic matter in most Precambrian marine sediments, with little or no relationship to Fe 147 

minerals sourced from the water column. In phosphogenic settings, this relationship would 148 

change as authigenic P burial became more important (thus lowering the sedimentary C:P ratio). 149 

In the third model, there would not necessarily be a clear preference for P burial with Fe versus 150 

organic matter. However, there should be geochemical signatures of high export production in 151 

such a high-productivity world, even in non-phosphogenic settings.   152 

 Here, we aim to explore these possible controls on P burial in ancient marine sediments. 153 

We studied ~2.0 Ga black shales of the Zaonega Formation (ZF) in the Karelia region of NW Russia 154 

(Fig. 2). This unit contains abundant organic-rich shales that are thought to have been deposited 155 

under predominantly anoxic waters that experienced occasional redox oscillations. Certain 156 

horizons of the ZF display large authigenic P enrichments, in places exceeding 15% P2O5 (Lepland 157 

et al., 2014), thus representing one of the earliest phosphorites in the geologic record, and 158 

perhaps recording more oxidizing conditions. This stratigraphic variability makes the ZF a fitting 159 



place to examine the various controls on sedimentary P enrichment in the Precambrian. We 160 

present a suite of major and trace element data from the ZF in order to constrain the redox 161 

conditions and extent of basinal restriction during deposition. We also present new selenium (Se) 162 

abundance and isotopic data to more precisely identify fluctuations across high redox potentials, 163 

which could have been important for enabling phosphogenesis. Together, we use this dataset to 164 

assess the dominant controls on P burial in Precambrian marine sediments.   165 

  166 

2. Materials 167 

2.1 Geologic Setting 168 

The Onega Basin of Karelia, NW Russia hosts a large succession of volcanic and 169 

sedimentary rocks deposited atop granitic Archean basement in the Paleoproterozoic (Melezhik 170 

et al., 2013) (Fig. 2). All units in the Onega Basin were deformed and regionally metamorphosed 171 

to greenschist facies during the 1.89-1.79 Ga Svecofennian orogeny (Melezhik and Hanski, 2013); 172 

since that time they have been relatively undisturbed on the Russian portion of the Karelian 173 

craton. The modern exposure of these units across NW Russia has made them a well-studied 174 

archive of Earth system evolution across the interval of rising atmospheric oxygen in the early 175 

Paleoproterozoic. 176 

The Zaonega Formation (ZF) lies in the upper portion of the Onega succession (Fig. 3) and 177 

is composed of ~1500 m of organic-rich siliciclastic and carbonate sedimentary rocks as well as 178 

abundant magmatic bodies including mafic tuffs, lavas and dolerite sills (Melezhik et al., 2013). 179 

The early recognition of high 13C values in carbonates of the Tulomozero Formation, which 180 

conformably underlies the ZF, led to an association of these two units with the Lomagundi-Jatuli 181 

carbon isotope excursion (Karhu and Holland, 1996; Melezhik et al., 1999a). Specifically, the 182 

organic-rich ZF was considered a possible candidate for the elusive sedimentological counterpart 183 

to the carbon isotopic evidence for extreme organic carbon burial during the Lomagundi-Jatuli 184 

Event (Melezhik et al., 1999b). Since the original identification of these pivotal events, 185 

subsequent geochronological work in the Onega Basin has aimed to place them in a firmer 186 

temporal context.   187 



The maximum age for all deposition in the Onega Basin comes from a Pb-Pb ID-TIMS date 188 

of 2449  1.1 Ma on the Burakovka Pluton (Amelin et al., 1995), which cross-cuts the granitic 189 

Archean basement. A lower bound on deposition of the Tulomozero and Zaonega Formations 190 

was originally provided by the overlying Suisari magmatic complex, which was dated at 1988  191 

34 via Sm-Nd whole rock + clinopyroxene dating (Puchtel et al., 1998) and 1969  18 Ma via a Re-192 

Os isochron (Puchtel et al., 1999). Carbonates of the Tulomozero Formation were later Pb-Pb 193 

dated at 2090  70 Ma (Ovchinnikova et al., 2007), which is consistent with the canonical 194 

interpretation of the Lomagundi-Jatuli carbon isotope excursion as a global event lasting from 195 

2220 to 2060 Ma (Karhu and Holland, 1996; Melezhik et al., 1999a). In this view, the organic-rich 196 

ZF was thus deposited either during or shortly after the Lomagundi-Jatuli event, consistent with 197 

the U-Pb zircon age of 1982  4.5 Ma from a tuff in the lower Zaonega Formation (Martin et al., 198 

2015). This is further corroborated by Pb-Pb dating of zircons from dolerite sills intruding the ZF, 199 

which yielded ages of 1919  18 Ma (Priyatkina et al., 2014) and 1956  5 Ma (Stepanova et al., 200 

2014).  201 

For the purpose of this investigation, we adopt a ~2.0 Ga age for the ZF, noting that its 202 

precise temporal relationship to events in Earth system evolution in the early Paleoproterozoic 203 

may be revised by future geochronological work. In any case, though, these rocks clearly post-204 

date the permanent rise of atmospheric oxygen in the Great Oxidation Event (GOE), which 205 

occurred at ~2.4 Ga (Gumsley et al., 2017); this is supported by an absence of significant mass-206 

independent sulfur isotope fractionation in sedimentary sulfates and sulfides in the 207 

Paleoproterozoic succession of the Onega Basin (Blättler et al., 2018; Paiste et al., 2018; 2020; 208 

Scott et al., 2014). Furthermore, these sediments were deposited during an interval of the 209 

Paleoproterozoic that was characterized by an increase in phosphorite deposition worldwide 210 

(Papineau, 2010).  211 

 212 

2.2 Paleo-environmental context 213 

The abundance of magmatic rocks in the ZF indicates deposition in a magmatically-active 214 

setting. In addition to interbedded tuffs and late-stage dolerite intrusions, some mafic sills in the 215 

ZF display peperite contacts, indicating emplacement into wet and unlithified sediment (Črne et 216 



al., 2013b; Galdobina and Sokolov, 1987). Thus, the sedimentary facies of the ZF must be 217 

interpreted within the context of this magmatically-influenced dynamic environment. 218 

As noted above, early work inferred that the extremely organic-rich deposits of the ZF (up to 219 

tens of percent organic carbon by weight) were indicative of a global organic carbon burial event 220 

(Karhu and Holland, 1996; Melezhik et al., 1999a,b). This view was refined by a study of organic 221 

carbon and nitrogen isotope ratios in which a step-wise decrease in 13Corg  from roughly -25‰ 222 

to -40‰ was interpreted as a sign of massive oxidation of sedimentary organic matter resulting 223 

from global atmospheric oxygenation (Kump et al., 2011). Since this early work considering the 224 

deposition of these organic-rich mudstones in the context of global redox evolution, more 225 

detailed regional studies have revealed that local factors likely also contributed to the unique 226 

geochemical signals observed in the ZF. 227 

Qu et al. (2012; 2018) analyzed organic carbon isotope ratios throughout the ZF at high 228 

stratigraphic resolution and attributed the very negative 13Corg values to methanotrophy 229 

occurring via sulfate reduction in a depositional setting experiencing methane seepage. This 230 

inference is supported by the abundant evidence of syndepositional magmatism, which readily 231 

provides a mechanism for hydrocarbon generation and consumption that is analogous to modern 232 

systems (e.g., Niemann et al., 2005; Orphan et al., 2002). One consequence of such vigorous 233 

methane cycling could have been depletion of the basinal sulfate reservoir, which is indicated by 234 

34S values in sedimentary sulfides that are typically positive (+15 to +25‰; Paiste et al., 2018; 235 

2020; Scott et al., 2014). While depletion of seawater sulfate is difficult to achieve at modern 236 

concentrations (~28 mM), this could have occurred in the Onega Basin either due to globally low 237 

sulfate levels (Scott et al., 2014) and/or because of restricted watermass exchange with the open 238 

ocean (thereby cutting off re-supply of sulfate). Transient excursions up to even more positive 239 

34S values (up to +45‰) seem to support the latter scenario (Paiste et al., 2018; 2020), as does 240 

the occurrence of massive evaporite deposits in the Onega Basin stratigraphically below the ZF 241 

(Blättler et al., 2018).  242 

In the midst of variable basinal restriction and methane seepage, it is conceivable that the 243 

redox chemistry of the water column was also characterized by substantial temporal variability. 244 

Evidence for such redox fluctuations is indeed found in trace element geochemistry. Kipp et al. 245 



(2017) found small Se enrichments and negligible Se isotopic fractionation in organic-rich 246 

horizons in the middle part of the ZF, implying local redox conditions that were strongly anoxic 247 

and perhaps impacted by basinal restriction. In the same samples, Asael et al. (2013) found 248 

muted enrichment and isotopic fractionation of molybdenum (Mo) and uranium (U), consistent 249 

with the Se data. However, Lepland et al. (2014) and Mand et al. (2020) have reported extremely 250 

large Mo and U enrichments in the upper part of the ZF. Such stark differences require a 251 

substantial change in local and/or global redox chemistry between the deposition of these 252 

different portions of the ZF. Joosu et al. (2015) documented negative cerium anomalies in 253 

diagenetic apatite from the upper, trace-metal-enriched portion of the ZF, suggesting that this 254 

enrichment in trace metals indeed corresponds to evidence for some amount of oxygenated 255 

seawater in the basin at that time. 256 

By analogy to modern settings, the evidence for organic matter accumulation and redox 257 

fluctuations in the Onega Basin suggest that this setting may have been ripe for phosphogenesis 258 

at times. Indeed, the fact that diagenetic apatite and trace metal enrichments broadly co-occur 259 

in the upper ZF (Lepland et al., 2014) seems to support the notion that there is a shared redox-260 

dependence of these processes. However, previous studies have not undertaken a 261 

stratigraphically-resolved investigation of various proxies for redox chemistry and basinal 262 

restriction. In the present investigation, we aim to use a suite of proxies for paleo-redox 263 

conditions and watermass restriction in order to tease apart the various controls on 264 

phosphogenesis in the ZF.  265 

 266 

2.3 Samples from FAR-DEEP 267 

Samples utilized in this study come from cores that were drilled as part of the Fennoscandia 268 

Arctic Russia – Drilling Early Earth Project (FAR-DEEP). In total the FAR-DEEP cores recovered 3600 269 

m of Paleoproterozoic volcanic and sedimentary rocks; two of the cores (12AB, 13A) intersect the 270 

middle and upper parts of the ZF (Figs. 2, 3). Both cores 12AB (504 m long) and 13A (240 m long) 271 

are predominantly composed of sedimentary rocks, with <30% of the stratigraphy consisting of 272 

magmatic units including tuff beds, dolerite sills, and putative mafic lava flows. The sedimentary 273 

rocks of the ZF are commonly very organic-rich,  sometimes referred to as “shungite” after the 274 



village of Shunga near the site of FAR-DEEP 13A (Melezhik et al., 1999b). This study focuses on 275 

the sedimentary rocks from the upper ~300 m of core 12AB and all of core 13A.  276 

The lower portion of core 12AB (>150 m depth) contains mostly greywackes, marlstones and 277 

mudstones, with minor dolostones and mafic intrusions (Črne et al., 2013a). A massive organic-278 

rich rock is present from 136 to 156 m and represents a petrified oil spill. Atop this layer are 279 

mudstone-marls and dolerite sills until ~50 m depth. The top ~50 m of the core is composed of 280 

organic-rich mudstones and dolostones.  281 

The lowermost portion of core 13A (196 – 240 m) is composed of mafic sill, followed by ~70 282 

m of moderately organic-rich (0 – 15% TOC) greywackes, marlstones and mudstones. Mafic sills 283 

comprise 86 to 129 m, with thin interbeds of siliciclastic sediments. The upper contact of these 284 

intrusive layers (86 – 91 m) displays a peperite texture indicative of emplacement into unlithified 285 

sediment (Črne et al., 2013b). Atop the magmatic rocks is a ~90 m succession of dolostones and 286 

organic-rich mudstones.  287 

Additional samples were obtained from a ~7 m outcrop section in an abandoned mining area 288 

near Shunga village, close to the drill site of core 13A (Fig. 2). These samples were studied by 289 

Lepland et al. (2014) and are extremely enriched in organic matter (up to >50 wt. % TOC) and 290 

phosphorus (up to >15 wt. % P2O5). Stratigraphically, the outcrop roughly corresponds to the 291 

uppermost portion of core 12AB (<12 m) and the ~35-40 m interval in core 13A (Lepland et al., 292 

2014).  293 

 294 

3. Methods 295 

3.1 Major and trace element concentrations 296 

The abundance of major and trace elements was determined by X-ray fluorescence (XRF) 297 

spectrometry at the Geological Survey of Norway using the Philips PW 1480 and PANanalytical 298 

Axios instruments. For major element analysis, pre-combusted (1000C) sample powders were 299 

fused to a bead with lithium tetraborate. For trace element analysis, sample powders were mixed 300 

with Hoechst wax in a Spex Mixer and then pressed into a pellet. Detection limits were <0.01% 301 

for major element oxides (Al2O3, Fe2O3, P2O5 and TiO2), <10 ppm for Mo and U, <4 ppm for Th, 302 



and <2 ppm for Ni and Cu. The XRF data were also used to constrain Se concentrations prior to 303 

isotopic analysis; the detection limit for Se by XRF was <5 ppm.  304 

Enrichment factors (EF) were calculated for P, Ni, Cu, Mo, U and Se following the approach 305 

described by Tribovillard et al. (2006) and Anbar et al. (2007). In all cases, the enrichment factor 306 

represents the abundance of the element of interest relative to a detrital tracer in the sample, 307 

normalized to the ratio of that element and its detrital tracer in the upper continental crust, such 308 

that 309 

𝑋 (𝐸𝐹) =
(𝑋𝑠𝑎𝑚𝑝𝑙𝑒/𝑌𝑠𝑎𝑚𝑝𝑙𝑒)

(𝑋𝑐𝑟𝑢𝑠𝑡/𝑌𝑐𝑟𝑢𝑠𝑡)
 310 

where X represents the element of interest and Y is its respective detrital tracer. 311 

Following previous work (Anbar et al., 2007; Cole et al., 2017; Tribovillard et al., 2006), 312 

aluminum was used as the detrital tracer for Mo, Cu and Se, titanium (TiO2) was used for P and 313 

Ni, and thorium (Th) was used for U. We used the upper crust composition estimate of Rudnick 314 

and Gao (2003) in all calculations except for two instances. For the crustal Mo/Al ratio, we 315 

followed Anbar et al. (2007) in using the estimate of 0.19 (ppm/wt. %) from Taylor and McLennan 316 

(1995) so that our results would be comparable to previously published data. Similarly, for the 317 

crustal Se/Al ratio we adopted a value of 0.017 (ppm/wt. %), following recent studies (Koehler et 318 

al., 2018; Stüeken et al., 2015a) that used data from Taylor and McLennan (1995) and Li and 319 

Schoonmaker (2003), in order for our data to be directly comparable with recent work on Se in 320 

Precambrian marine sedimentary rocks. 321 

 322 

3.2 Total organic carbon and total sulfur concentrations  323 

Total organic carbon (TOC) and total sulfur (TS) concentrations were measured at the 324 

Geological Survey of Norway using a LECO carbon/sulfur analyzer. De-carbonated powders were 325 

used for TOC measurements; bulk rock powders were used for TS measurements. The detection 326 

limits were <0.02% for TOC and <0.01% for TS.  327 

Additional total sulfur measurements on select samples were conducted in IsoLab at the 328 

Department of Earth & Space Sciences, University of Washington. Bulk sample powders were 329 

weighed into tin cups along with V2O5 as a combustion aid. Samples were analyzed on a 330 

Eurovector Elemental Analyzer coupled to a ThermoFinnigan MAT253 continuous flow isotope 331 



ratio mass spectrometer. The average analytical accuracy of TS measurements, determined by 332 

replicate analyses (n = 4) of an in-house BaSO4 standard, was 0.2%; average analytical precision 333 

was 2% (relative error).  334 

 335 

3.3 Selenium concentrations and isotope ratios 336 

Bulk rock powders were prepared for measurement of Se stable isotope ratios following 337 

published protocols (Stüeken et al., 2013). Rock powders were digested in a combination of HF, 338 

HClO4 and HNO3. Thiol cotton fiber was used to isolate Se from the digests. Purified Se solutions 339 

were treated with aqua regia prior to evaporative concentration for analysis.  340 

Selenium stable isotope ratios were measured using a multiple-collector inductively-coupled 341 

plasma mass spectrometer (Nu Instruments) fitted with a hydride generator (Teledyne CETAC 342 

Technologies) and housed in the Isotope Geochemistry Laboratory at the Department of Earth & 343 

Space Sciences, University of Washington. The operating environment (torch position, carrier gas 344 

flow rate, lens voltage potentials) was tuned daily to optimize signal strength and stability. All Se 345 

isotope data are reported in delta notation as 82/78Se values relative to NIST reference SRM 3149 346 

(cf. Carignan and Wen, 2007), because under our analytical protocol masses 82 and 78 are least 347 

affected by isobaric interferences (Stüeken et al., 2013).  348 

In-house standard UW-McRae (n = 22) and USGS standard SGR-1 (n = 10) were analyzed in all 349 

analytical sessions. The Se concentrations (3.1  0.4 ppm, 3.3  0.2 ppm) and 82/78Se values (0.76 350 

 0.20‰, -0.13  0.26‰) obtained for these materials are in agreement with previous studies 351 

(Kipp et al., 2017; Kurzawa et al., 2017; Mitchell et al., 2012; Stüeken et al., 2013). The average 352 

analytical precision (1) of all replicate samples was 0.24‰ (n = 24).  353 

 354 

4. Results  355 

The P2O5 content of samples from cores 12AB and 13A ranges from 0.01% to 1.38% (Figs. 4, 356 

5). Throughout most of the sedimentary portion of the core, P2O5 remains close to average 357 

Precambrian shale (~0.1%; Reinhard et al., 2017). Horizons of higher P2O5 concentrations are 358 

observed in both cores (Figs. 4, 5) as well as in the correlative outcrop section (Fig. 6), where P2O5 359 

exceeds 15% (Lepland et al., 2014). 360 



Moderate to weak correlations are observed between P2O5 and the detrital tracers TiO2 (core 361 

12AB: p < 0.01, R2 = 0.28; core 13A: p < 0.01, R2 = 0.10) and Al2O3 (core 12AB: p < 0.01, R2 = 0.24; 362 

core 13A: p = 0.05, R2 = 0.03) in both cores (Fig. 7), though both cores also contain many samples 363 

that have distinctly higher P2O5/TiO2 and P2O5/Al2O2 ratios. When normalizing the stratigraphic P 364 

trends to TiO2, the same horizons of P enrichment are observed (Fig. 8).  365 

The intervals of P enrichment (grey shaded regions in Figs. 4, 5, 8) also feature higher TOC 366 

and TS (Figs. 4, 5) as well as greater enrichment of Fe, Mo, Ni and Se (Figs. 4, 5) than non-P-367 

enriched intervals. In particular, P enrichments begin around an Fe/Al (wt. %/wt. %) ratio of ~0.6 368 

in both cores (Fig. 9) and co-occur with large Mo and U enrichments (Fig. 10). 369 

The abundance of P2O5 is weakly correlated with Fe2O3 in siliciclastic samples from both cores 370 

(core 12AB: p < 0.01, R2 = 0.19; core 13A: p = 0.01, R2 = 0.05) (Fig. 11A, C). In contrast, P2O5 does 371 

not strongly correlate with TOC in either core (core 12AB: p = 0.03, R2 = 0.02; core 13A: p = 0.31) 372 

(Fig. 11B, D). The Corg:P ratios in both cores are typically greater than 1000, which is much higher 373 

than the modern Redfield ratio or the values observed in modern marine sediments (typical Corg:P 374 

of ~250; Ruttenberg, 2003).  375 

The abundance of Se in the analyzed samples ranges from 0.1 to 161 ppm (Supplementary 376 

Data Files), with larger Se enrichments observed during P-rich intervals than in background 377 

intervals (Figs. 4, 5). Throughout both cores, most bulk-rock 82/78Se values are similar to the 378 

composition of the continental crust (~0‰) and modern seawater (+0.3‰) (Figs. 4, 5). Two 379 

exceptions are the negative 82/78Se excursions observed at ~140 m in core 12AB and at ~40 m in 380 

core 13A. In core 12AB, the negative excursion reaches a minimum 82/78Se value of -0.93‰ and 381 

occurs across at least 20 m of stratigraphy (148 – 128 m), mostly occurring within the petrified 382 

oil seep interval (Section 2.3; Fig. 4). In core 13A, the negative excursion reaches a minimum 383 

82/78Se value of -1.28‰ and occurs across at least 9 m of stratigraphy (45 – 36 m), overlapping 384 

with an interval of high P2O5 and high P (EF) (Fig. 5). In the outcrop samples, 82/78Se values are 385 

similar to or higher than crustal values (Fig. 6).  386 

 387 

5. Discussion 388 

5.1 Stratigraphic trends in phosphorus enrichment 389 



The “background” P concentrations throughout much of the ZF are similar to those of roughly 390 

co-eval Precambrian marine sediments (Reinhard et al., 2017). For instance, the intervals from 391 

205 – 240 m and >270 m in core 12AB (Fig. 4), as well as the interval >150 m in core 13A (Fig. 5) 392 

have a mean P2O5 concentration of 0.07%, which is similar to the mean of all Precambrian 393 

marginal marine siliciclastic sediments observed in Reinhard et al. (2017). Thus, despite the 394 

unique geologic setting, background P burial was normal through much of the ZF succession.  395 

However, notable exceptions occur in transient episodes of P-rich sedimentation (grey 396 

shaded regions in Figs. 4, 5). In these intervals, P2O5 reaches ~0.5% and even exceeds 1% in some 397 

cases (Figs. 4, 5). In the outcrop near Shunga village, P2O5 reaches >15% (Fig. 6). In the case of the 398 

Shunga outcrop samples, the extremely high P levels and previously-described phosphatic 399 

nodules clearly demonstrate that this enrichment is due to diagenetic apatite precipitation 400 

(Lepland et al., 2014). For the smaller enrichments observed in the drill cores, we sought to 401 

confirm that these are indeed authigenic enrichments (and not artifacts of differential detrital P 402 

delivery) by normalizing the P data to titanium (as TiO2) and aluminum (as Al2O3), both of which 403 

can be used as detrital tracers with similar geochemical behavior to P (e.g., Filippelli et al., 2003; 404 

Latimer and Filippelli, 2001; Tribovillard et al., 2006). We note that some studies of P enrichment 405 

in recent sediments (e.g., Filippelli et al., 2007) favor normalization to Ti instead of Al, since Al 406 

can be preferentially scavenged from the water column during episodes of high biogenic particle 407 

flux (Murray et al., 1993; Murray and Leinen, 1996). Thus, we follow these studies in ultimately 408 

using Ti normalization to calculate our phosphorus enrichment factors, while acknowledging that 409 

each approach has limitations (e.g. Ti can be diagenetically concentrated as authigenic brookite 410 

and anatase; Moorad and Aldahan, 1987). 411 

Across all siliciclastic samples (for which normalization to detrital tracers is valid), P2O5 is 412 

correlated with TiO2 (Fig. 7A, B) and Al2O3 (Fig. 7C, D), perhaps defining trends of varying detrital 413 

input. Many samples in fact have lower P2O5/TiO2 ratios than the upper continental crust (<0.23; 414 

Rudnick and Gao, 2003). This likely does not reflect a change in crustal composition, as estimates 415 

of Archean crustal P2O5/TiO2 ratios are not substantially different (~0.18; Greber et al., 2017) and 416 

many samples in our dataset plot below that value as well (Fig. 7A, B). Instead, the very low P 417 

levels in these sediments may derive from the fact that P burial is very inefficient in anoxic 418 



settings, with P tending to get recycled back into the water column instead of incorporated in 419 

authigenic phases (Ingall and Jahnke, 1994). This is supported by similar trends in P2O5 and Al2O3 420 

concentrations (Fig. 7C, D). Thus, these data support the notion that limited P burial during the 421 

Precambrian was related to inefficient anoxic P burial to some extent (Poulton, 2017). 422 

In contrast, many other samples in our dataset have P2O5/TiO2 and P2O5/Al2O3 ratios that 423 

substantially exceed the crustal value (Fig. 7). These samples are enriched in P relative to the 424 

upper continental crust by factors of ~10 to >100, likely suggesting that ample porewater P 425 

availability led to precipitation of diagenetic apatite. This quantification of P enrichment relative 426 

to crustal values makes the P2O5/TiO2 ratio useful for considering the environmental controls on 427 

P enrichment, which we will explore further below.  428 

Lastly, when the drillcore data are normalized for detrital inputs, the stratigraphic trends 429 

resemble those of total P2O5 concentrations (i.e. enrichments are identified in the same intervals; 430 

Fig. 8). The most parsimonious explanation of this similarity is that both parameters are tracking 431 

authigenic P enrichment. The intervals of high P2O5 and high P (EF) evidently represent deviations 432 

from the “background” conditions, during which times the cycling of P changed such that 433 

sedimentary enrichment became feasible. In the rest of the paper, we consider what 434 

environmental factors could have enabled certain horizons of the ZF to become enriched in P 435 

while others did not.  436 

 437 

5.2 Relationship between phosphorus enrichment and redox conditions 438 

One possible explanation for transient episodes of sedimentary P enrichment is that redox 439 

conditions shifted to a regime more favorable for phosphogenesis. In modern marine sediments, 440 

fluctuating redox conditions can favor phosphogenesis by promoting the activity of sulfide-441 

oxidizing bacteria (e.g., Thiomargarita and Beggiatoa). These bacteria accumulate phosphate 442 

within their cells and occasionally release it to porewaters under more reducing conditions, 443 

thereby stimulating diagenetic apatite precipitation (Schulz and Schulz, 2005). These bacteria 444 

require porewater sulfide, implicating sulfate reduction within the sediments, as well as a supply 445 

of oxidants at the sediment-water interface.  446 



Such a scenario has previously been invoked to explain phosphogenesis in the ZF on the basis 447 

of Thiomargarita-sized phosphate nodules as well as large trace metal enrichments suggestive of 448 

fluctuating redox conditions (Lepland et al., 2014). In this model, the background conditions in 449 

the basin are more strongly anoxic, with periods of redox fluctuations near “suboxic” conditions. 450 

Here we explore this hypothesis further using an array of major and trace element proxies with 451 

various redox sensitivities.  452 

First we consider the iron to aluminum (Fe/Al) ratio. In the modern ocean, the Fe/Al ratio of 453 

siliciclastic sediments increases under reducing conditions, particularly in anoxic and sulfidic (i.e., 454 

euxinic) settings, where Fe is efficiently scavenged during pyrite precipitation (Lyons and 455 

Severmann, 2006). In modern euxinic settings, such as the Black Sea, Fe/Al ratios range from 0.6 456 

to 1.2 (Lyons and Severmann, 2006). Phanerozoic oxic shales, in contrast, have an average Fe/Al 457 

ratio of ~0.53  0.11 (Raiswell et al., 2008), which roughly matches the Fe/Al ratio of the upper 458 

continental crust (~0.5; Rudnick and Gao, 2003), reflecting detrital input. Thus, if episodes of P 459 

enrichment were associated with the proliferation of sulfur-oxidizing bacteria, which thrive in 460 

settings with sedimentary sulfate reduction, we might expect to see P enrichment in intervals 461 

with Fe/Al ratios indicative of sulfidic porewaters. 462 

Across the siliciclastic samples in our dataset, P enrichments indeed seem to cluster around 463 

the modern euxinic Fe/Al values of 0.6 to 1.2 (Fig. 9A, B). This is consistent with higher sulfate 464 

reduction rates during episodes of phosphogenesis in the ZF. The fact that some Fe/Al ratios are 465 

much higher than observed in modern euxinic sediments (>2) may reflect hydrothermal Fe input 466 

in these intervals, as this is known to drive Fe/Al >> 2 in modern and recent sediments (Clarkson 467 

et al., 2014; Raiswell et al., 2018). In this scenario, sedimentary P enrichment could have been 468 

driven by scavenging onto hydrothermal Fe. However, the co-variance of TiO2 and Al2O3 likely 469 

explains the positive trend observed at high Fe/Al in Fig. 9A-B; bulk P2O5 concentrations in fact 470 

peak around the “euxinic” Fe/Al values of 0.6 – 1.2 (Fig. 9C, D), suggesting that authigenic P burial 471 

was more likely facilitated by redox chemistry in porewaters (i.e. sulfate reduction and sulfide 472 

oxidation) than by scavenging of P from the water column by hydrothermally-derived Fe 473 

minerals. Thus, we take the Fe/Al data as supportive of the hypothesis that redox fluctuations 474 

played a role in mediating phosphogenesis in the ZF. 475 



Another implication of this mechanism – namely, that redox fluctuations supportive of 476 

sulfide-oxidizing bacteria were enabling phosphogenesis in the ZF – is that diagenetic sulfide 477 

minerals should also be more abundant in the P-rich horizons than in the background intervals. 478 

This is precisely the pattern observed in total sulfur concentrations in the drill cores (Figs. 4, 5), 479 

and recent work by Paiste et al. (2018; 2020) has demonstrated that the sulfur in correlative 480 

horizons of nearby drill cores is predominantly comprised of sedimentary sulfides. Importantly, 481 

it is known from sulfur isotope ratios (34S) in these sedimentary sulfides of the ZF that the basin 482 

was sulfate-limited (Paiste et al., 2018; 2020; Scott et al., 2014). This means that the increases in 483 

the rate of sulfate reduction and diagenetic sulfide burial during these episodes were likely driven 484 

by growth of the basinal sulfate reservoir, instead of merely a shift in the redox potential of deep 485 

waters.  486 

An increase in the size of the basinal sulfate reservoir could have promoted phosphogenesis 487 

in multiple ways. First, stimulation of sulfate reduction in sediment porewaters could have 488 

promoted the proliferation of sulfide-oxidizing bacteria, which are known to directly mediate 489 

phosphogenesis through uptake and release of phosphate (Schulz and Schulz, 2005). Second, 490 

sulfate reduction can also indirectly promote diagenetic apatite precipitation by increasing 491 

alkalinity in porewaters (Jahnke, 1984). Third, if P burial in the basin was limited due to high burial 492 

efficiency during “background” intervals because of a scarcity of oxidants (including sulfate, cf. 493 

Kipp and Stüeken, 2017), then an increase in sulfate levels (globally or locally) could have 494 

stimulated P recycling and productivity, thereby promoting phosphogenesis.  495 

The latter scenario is consistent with the coincident increases in Ni and Cu in the P-rich 496 

horizons (Figs. 4, 5). Both Ni and Cu are predominantly sourced to sediments via organic matter 497 

and are efficiently scavenged under euxinic conditions, meaning that increases in Ni and Cu can 498 

reflect higher rates of organic matter export to sediments (Tribovillard et al., 2006). In both cores, 499 

enrichments of Ni and Cu are observed in P-rich intervals (Fig. 4, 5). This is consistent with greater 500 

organic matter export to sediments during episodes of phosphogenesis; however, other 501 

processes are also capable of contributing to Ni and Cu enrichment. Bottom-water euxinia can 502 

enhance Ni and Cu scavenging, making it difficult in this case to disentangle the competing role 503 



of benthic redox on these enrichments. In both cases, however, the coincident enrichments of Ni 504 

and Cu in the P-rich horizons would support the redox mechanism for phosphogenesis in the ZF.  505 

Post-depositional processes can also increase the Ni and Cu content of ancient marine 506 

sedimentary rocks. For instance, hypersaline diagenesis of carbonates can cause dolomitization 507 

(Machel, 2005) and associated trace metal enrichment via mobilization and re-precipitation (e.g. 508 

Kucha and Pawlikowski, 1986). Some of the Ni- and Cu-rich intervals indeed include interbedded 509 

dolostones (Figs. 4, 5); however, the most Ni- and Cu-rich samples are in fact those with lower 510 

total inorganic carbon (TIC) and higher TS and TOC (Fig. S1). This suggests that precipitation from 511 

burial brines is not likely driving the observed stratigraphic trends. Lastly, thermal maturation of 512 

ancient marine sediments can cause increases in trace element concentrations due to mass loss 513 

of volatile species (e.g. hydrocarbons) (Dickson et al., 2019). However, this unlikely to explain the 514 

stratigraphic trends in Ni and Cu enrichment because there is no evidence for thermal maturity 515 

gradients punctuating the same intervals as those of the trace metal enrichments. Thus, while 516 

some amount of thermal maturation likely contributed to trace metal enrichments in the ZF, it is 517 

unlikely to explain the observed chemostratigraphic trends.  518 

In addition to Ni and Cu enrichments, molybdenum (Mo) is enriched in the P-rich horizons, as 519 

shown by large increases in the Mo/TOC ratio (Figs. 4, 5). In the modern ocean, Mo is efficiently 520 

scavenged under euxinic conditions (Helz et al., 1996). Across basins with similarly reducing 521 

bottom waters, differences in sedimentary Mo/TOC ratios have been shown to correlate with 522 

aqueous Mo concentrations (Algeo and Lyons, 2006). The primary driver of these differences is 523 

watermass restriction, where more restricted basins tend to progressively deplete their Mo 524 

reservoir, leading to a “reservoir effect” where sedimentary enrichments become smaller with 525 

time (Algeo and Lyons, 2006). Thus, Mo/TOC can trace either benthic redox and/or the size of 526 

the aqueous Mo reservoir. 527 

The higher Mo/TOC ratios in times of P-rich deposition have two possible explanations. First, 528 

a shift from anoxic to (at least periodically) euxinic deposition could have promoted more 529 

efficient Mo scavenging to sediments. Second, the aqueous Mo reservoir may have grown due 530 

to influx of waters from the open ocean. These two scenarios are not mutually exclusive. As 531 

mentioned above, the fact that the basin was sulfate-limited implies that episodes of greater 532 



sulfate reduction would likely have been stimulated by an influx of sulfate. It is therefore 533 

conceivable that a flux of seawater into the basin would have also renewed Mo. Thus, the 534 

Mo/TOC trends suggest both seawater Mo and sulfate influx and increasing benthic sulfate 535 

reduction rates.  536 

Lastly, we use the Se data to disambiguate between some of the potential interpretations 537 

presented above. First, Se is also enriched in the intervals of P enrichment (Figs. 4, 5). As with 538 

Mo, this could either result from an increase in scavenging efficiency and/or an increase in the 539 

aqueous Se concentration. However, as Se is efficiently scavenged under anoxic (and not just 540 

euxinic) conditions (e.g., Cutter, 1982; Rue et al., 1997), and the background deposition of the ZF 541 

is thought to have been anoxic (Asael et al., 2013; Scott et al., 2014), it is unlikely that a shift in 542 

redox conditions explains the observed Se enrichment trend. Thus, we take the Se enrichments 543 

as further support for influx of oxygenated (and oxyanion-enriched) seawater to the basin during 544 

episodes of P enrichment.  545 

Second, we note that Se isotopes are not significantly fractionated within most of the P-rich 546 

horizons (Figs. 4,  5), with the exception of the interval near ~40m in core 13A (which will be 547 

discussed below). For the most part, 82/78Se values across both cores fall close to the crustal 548 

value (0‰; Stüeken, 2017) and modern seawater composition (+0.3‰; Chang et al., 2017; 549 

Stüeken, 2017; Stüeken et al., 2015b). This implies that sequestration of Se in sediments was 550 

proceeding efficiently, without a kinetic isotopic preference. Such a scenario is consistent with 551 

quantitative oxyanion reduction, which is thought to occur in restricted, anoxic basins in the 552 

modern ocean (Stüeken et al., 2015b; Stüeken, 2017) and recent geological past (Kipp et al., 553 

2020). This would further support the inference of basinal restriction, though we note that with 554 

a small global Se reservoir in the aftermath of the GOE (Kipp et al., 2017), it is perhaps likely that 555 

quantitative Se oxyanion reduction would have been more feasible in open marine settings as 556 

well.  557 

There are two notable instances where 82/78Se values do shift markedly. The first is around 558 

~140m in core 12AB (red shaded region in Fig. 4). This is an anomalous horizon of massive 559 

organic-rich rock that has been interpreted as an asphalt effusion onto the seafloor (Qu et al., 560 

2012). The 82/78Se values in this horizon are thus ambiguous, as it is unclear what proportion of 561 



the Se was sourced from export production (as typically occurs during marine Se burial) and what 562 

proportion derives from the hydrocarbons, which were subject to extensive diagenetic and 563 

catagenic re-working that could have altered Se isotope signatures. We therefore do not attempt 564 

to interpret this isotopic excursion in the context of water column paleo-redox.  565 

In contrast, another negative 82/78Se excursion occurs near ~40m in core 13A, coincident 566 

with one of the episodes of P enrichment (Fig. 5) and near the stratigraphic height of the 567 

extremely P-enriched Shunga outcrop samples. In this case, the sedimentological context 568 

(organic-rich dolostone and siltstone) does seem to suggest that the isotopic shift is recording 569 

paleo-redox conditions. The fact that 82/78Se is depleted relative to crustal values suggests non-570 

quantitative oxyanion reduction. In the modern ocean, this primarily occurs in open-marine 571 

settings where porewater Se reduction is coupled to a large Se supply from oxic ocean water 572 

(Mitchell et al., 2012; Stüeken et al., 2015b). Thus, the transition toward lighter Se isotope ratios 573 

might reflect a larger aqueous Se reservoir that was not being quantitatively consumed. It could 574 

also reflect less-reducing conditions, leading to less efficient Se reduction, which is also consistent 575 

with the smaller Se enrichments during the negative isotopic excursion. It is difficult to parse out 576 

which of these mechanisms was the dominant control on Se behavior, but it is possible that both 577 

were occurring to some extent. Most importantly, though, this negative 82/78Se excursion 578 

coincides with P enrichment, suggesting that the redox fluctuations toward suboxic conditions 579 

indeed corresponded to times of phosphogenesis.  580 

To summarize, a variety of paleo-redox indicators provide suggestive evidence that 581 

conditions shifted from anoxic (but not euxinic) during background intervals to more variable 582 

during times of P-enrichment, with higher rates of sulfate reduction and perhaps also periodic 583 

supply of oxidants to sediments. These inferences are consistent with previous hypotheses about 584 

redox conditions during phosphogenic episodes in the ZF (Joosu et al., 2015; Lepland et al., 2014), 585 

but now this array of stratigraphically-constrained geochemical data can be leveraged to address 586 

the underlying drivers of redox variability across the ZF. Below we explore one such mechanism.  587 

 588 

5.3 Relationship between phosphorus enrichment and basinal restriction  589 



As noted above, the trends in a number of the paleo-redox indicators could potentially be 590 

explained by prevailing basinal restriction punctuated by intervals of greater seawater influx to 591 

the basin. Higher Fe/Al and TS in P-rich horizons imply that sulfate reduction was promoted in 592 

these intervals, likely stimulated by a larger basinal sulfate reservoir. While such transient pulses 593 

could be attributed to waxing and waning of the global sulfate reservoir (e.g., Scott et al., 2014), 594 

recent work has established that the global marine sulfate reservoir approached about half its 595 

modern size during deposition in the Onega Basin (>10 mM; Blättler et al., 2018). Such a large 596 

reservoir would be well-buffered against rapid, large-magnitude fluctuations in sulfate 597 

concentrations, as evidenced by the 107-108 yr periodicity in reconstructions of large-magnitude 598 

oscillations in the Phanerozoic sulfate reservoir (Algeo et al., 2015; Berner, 2004; Halevy et al., 599 

2012), consistent with an inferred ~20 Myr marine residence time of sulfate (Claypool et al., 1980; 600 

Holland, 1973). Thus, we favor an alternative interpretation: that intervals of enhanced 601 

communication between the basin and open ocean brought a re-supply of sulfate from the global 602 

marine reservoir, thereby stimulating sulfate reduction and the observed transient episodes of 603 

redox-sensitive element enrichment and P burial.  604 

Along with sulfate, an influx of seawater would likely have also replenished the supply of 605 

macronutrients (i.e., N and P). The existing 15N data from the ZF show only slight changes across 606 

the core (Kump et al., 2011), implying consistent aerobic nitrogen cycling in surface waters of the 607 

basin – similar to other roughly coeval organic-rich shales that were deposited in open marine 608 

settings (Kipp et al., 2018). This suggests that surface waters remained oxygenated and amenable 609 

to nitrate accumulation even in the “more restricted” intervals. This is unlike the modern Black 610 

Sea, for instance, which has depleted its nitrate reservoir and is dominated by a 15N signature 611 

of nitrogen-fixation in its sediments (e.g., Fulton et al., 2012), providing a constraint on the 612 

severity of basinal restriction. Although the 15N data do not clearly point to a change in the 613 

macronutrient balance of the basin during phosphogenic episodes, the enrichment of Ni and Cu 614 

in these intervals suggests that rate of export production was perhaps higher at these times. 615 

Thus, it is possible that in influx of nutrients stimulated productivity (more likely via P than N) at 616 

these times.  617 



  Additionally, as noted above, the Mo/TOC and Se data are best explained by growth of the 618 

basinal Mo and Se reservoirs during phosphogenic episodes. This is particularly clear for Se, which 619 

would have been effectively scavenged during background anoxic deposition, and so likely 620 

requires an additional input to explain the large enrichments during phosphogenic episodes. One 621 

possible explanation for an increase in aqueous Mo and Se reservoirs is more intense oxidative 622 

continental weathering. Such a mechanism could explain the increase in sulfate as well, but this 623 

would require large-magnitude global changes in the sulfur cycle, which as mentioned above 624 

seems improbable on the timescales under consideration. We thus posit that the trends observed 625 

in these major and trace element proxies are better explained by changes in basinal hydrography 626 

(specifically, the degree of exchange between the basin and open ocean), where more marine-627 

influenced conditions were co-incident with the episodes of sedimentary P enrichment. 628 

This hypothesis can be further explored using molybdenum-uranium (Mo-U) co-variation, 629 

following Algeo and Tribovillard (2009) who pioneered the technique on Paleozoic black shales. 630 

The relative enrichment pattern of these elements can be informative of the redox and 631 

hydrographic conditions, since each element has distinct processes controlling transport to 632 

sediments and also a different abundance in seawater. Specifically, Mo, unlike U, can be 633 

transported to sediments via a Mn-oxide “particulate shuttle” when surface waters are oxic 634 

(Algeo and Tribovillard, 2009; Crusius et al., 1996; Morford and Emerson, 1999; Murray, 1975). 635 

In sediments of weakly restricted basins that deplete some of their trace metal inventory, Mo 636 

can thus become more enriched than U due to continued scavenging via Mn-oxides at the 637 

chemocline. If such settings become strongly restricted, a trend toward higher U (EF) but constant 638 

Mo (EF) is observed, reflecting depletion of the Mo reservoir under restricted conditions and 639 

euxinic bottom waters (Fig. 10B). In contrast to restricted basins, open marine settings follow a 640 

different trajectory with x-intercepts > 1 U (EF) (Fig. 10B). This is due to the fact that U can be 641 

scavenged under suboxic conditions, whereas Mo is only efficiently sequestered in the presence 642 

of sulfide (Morford and Emerson, 1999; Tribovillard et al., 2006). As open marine settings 643 

transition from suboxic toward anoxic and euxinic conditions, they follow a trajectory toward 644 

equal Mo and U enrichment factors (Fig. 10B). While this technique was developed using 645 

sediments deposited after oxygenation of the deep ocean (Algeo and Tribovillard, 2009), and 646 



thus has been calibrated to different marine trace metal inventories than are likely to have 647 

prevailed in the Paleoproterozoic, the relative pattern of Mo-U enrichment is still likely to hold 648 

due to the same removal processes dictating their behavior (i.e., the same redox thresholds).  649 

We find that siliciclastic samples from both cores plot near the “particulate shuttle, weakly 650 

restricted basin” trajectory (Fig. 10A). This is consistent with the basin having limited exchange 651 

with the open ocean during much of its depositional history. Additionally, the lack of evidence 652 

for strong restriction is also consistent with the positive 15N values. There is, however, a slight 653 

trend toward the “euxinic” portion of the parameter space (Fig. 10A), suggesting some degree of 654 

watermass evolution. This would perhaps be expected during periods of greater communication 655 

of the basin with the open ocean and across fluctuating benthic redox conditions. However, 656 

within the limited subset of our dataset for which Mo (EF) and U (EF) data are available, there is 657 

no clear trend toward higher P (EF) along the trajectory in Mo (EF) vs. U (EF) space (coloration in 658 

Fig. 10A). While the inference from the P-rich samples is limited by the sample size, the more 659 

general trend reflecting a weakly restricted basin is consistent with the inferred role of basinal 660 

hydrography in explaining the geochemical trends observed across the ZF. 661 

To summarize: while no single proxy serves as a definitive indicator of stark changes in basinal 662 

circulation between phosphogenic and background conditions, the aggregation of evidence from 663 

a diverse array of proxies is better explained by such a mechanism than by invoking global-scale 664 

secular changes in oxidant inventories. We thus take this to be the most parsimonious provisional 665 

explanation for the control of P enrichment in the ZF.  666 

 667 

5.4 Dominant controls on P enrichment: Fe-scavenging, high burial efficiency, or muted anoxic 668 

burial? 669 

Finally, we consider whether the observed trends in P enrichment can tell us anything about 670 

the dominant mechanism causing limited background P burial in the Precambrian. Precambrian 671 

shales average <0.1 wt. % P2O5 (Reinhard et al., 2017), in contrast to the P-rich intervals of the ZF 672 

where P becomes enriched by up to two orders of magnitude. The fact that redox fluctuations 673 

and incursions of open marine waters may have stimulated P enrichment in the ZF can perhaps 674 

shed light on what was limiting P burial more broadly in the Precambrian ocean. 675 



At first glance, the role of basinal restriction provides a ready explanation. Since the geologic 676 

record is biased toward continental sediments (Husson and Peters, 2018), including restricted 677 

epicontinental seaways, it is plausible that the limited P burial observed in the Precambrian is 678 

influenced by a lack of data from truly open marine settings. However, this explanation does not 679 

explain why P burial increased suddenly in the late Neoproterozoic (Reinhard et al., 2017), or why 680 

all sedimentary archives from the Precambrian are generally characterized by low P, even though 681 

some are fairly certainly open marine deposits. So this explanation is insufficient, albeit possibly 682 

contributing to the observed secular trends.  683 

The traditionally favored mechanism for Precambrian P limitation has been that P was 684 

scavenged by Fe minerals in the anoxic Precambrian ocean. Both Fe-oxides (Berner, 1973; Feely 685 

et al., 1998) and reduced/mixed-valence Fe minerals (Hansen and Poulsen, 1999; Zegeye et al., 686 

2012) can scavenge dissolved P from seawater, and so could conceivably have restricted the P 687 

supply to the biosphere in the photic zone by efficiently transporting Fe-bound P to sediments in 688 

the deep ocean. While mid-ocean pelagic settings are not preserved in the earlier Proterozoic 689 

rock record, some signature of Fe-scavenging should be retained in marginal marine sediments. 690 

We searched for such a signature by comparing P and Fe concentrations in the siliciclastic 691 

samples from the ZF (Fig. 11A, C).  692 

In both cores, weak correlations are observed between P2O5 and Fe2O3 (R2 = 0.19, 0.05). Most 693 

samples have P2O5/Fe2O3 ratios that are similar to or less than that of the upper continental crust 694 

(Fig. 11A, C). Thus, we take these weak correlations as likely signatures of detrital P delivery 695 

rather than Fe scavenging from the water column. This is further supported by the fact that 696 

samples with Fe/Al ratios > 2 – likely indicative of hydrothermal Fe input (cf. Raiswell et al., 2018) 697 

– do not show a significant correlation between P and Fe contents (p = 0.42, 0.40). If any samples 698 

should show signatures of P scavenging onto Fe minerals, it would likely be those with evidence 699 

for elevated Fe input. Thus, in sum, despite observing weak to moderate correlations between 700 

P2O5 and Fe2O3, we find no obvious evidence for prolonged and substantial scavenging of P from 701 

the water column via Fe minerals. In the phosphogenic intervals, in particular, another 702 

mechanism must have been transporting P to sediments. 703 



The other viable route of P transport to sediments is via organic matter export. It has been 704 

proposed that high burial efficiency of organic carbon (and associated P) could have been the 705 

dominant throttle on low Precambrian P levels (Kipp and Stüeken, 2017; Laakso and Schrag, 706 

2018), rather than (or in addition to) Fe-scavenging. In such a model, P might be expected to 707 

occur in stoichiometric proportions with organic matter. While the molar C:P ratio of primary 708 

producers in the Precambrian is highly uncertain (Planavsky, 2014), we can consider a range of 709 

values that spans the modern (C:P = 106) to extremely high (C:P = 1000) to test the plausibility of 710 

this mechanism.  711 

In both cores, negligible correlations are observed between P2O5 and TOC (R2 = 0.02, 0.01) 712 

(Fig. 11B, D). This would seem to suggest that organic matter was not the dominant P source to 713 

sediments in background intervals or in times of phosphogenesis. However, there are multiple 714 

complicating factors precluding this simple interpretation.  715 

First, the remineralization and maturation of organic matter can variably increase the C:P 716 

ratio (Clark et al., 1998; Ruttenberg, 2003), thus obscuring the stoichiometric relationship 717 

between TOC and P2O5 in sediments. Tracers for original organic matter content, such as Ni and 718 

Cu, should allow stronger inferences about the relationship between P levels and exported 719 

organic matter. As discussed above, the correlation of P enrichment with both Ni and Cu 720 

enrichment is suggestive of such a relationship. However, this alone is not conclusive evidence 721 

that organic matter dominated the P flux to sediments. In phosphogenic episodes, it is likely that 722 

greater organic matter export brought more P to sediments; however, in background intervals, 723 

detrital P seems to dominate the signal.  724 

Second, migration of hydrocarbons during and after deposition of the ZF likely played a role 725 

in elevating the TOC content of these rocks (Qu et al., 2012; 2018). At the level of individual 726 

samples, it is extremely difficult to determine how much of the bulk TOC value comes from 727 

indigenous insoluble kerogen and how much from allochthonous migrated bitumen. Thus, it is 728 

unclear to what extent the Zaonega Corg:P ratios reflect processes akin to those in typical modern 729 

marine settings. 730 

While co-variation (or lack thereof) of P2O5 with Fe2O3 and TOC does not clearly implicate 731 

either the Fe-scavenging or limited recycling mechanism for low Precambrian P levels, this 732 



dataset can also be used to assess a third model (Fig. 1c): inefficient anoxic P burial (Ingall and 733 

Jahnke, 1994) leading to high marine P levels and high Precambrian productivity (Lenton et al., 734 

2014).  735 

The fact that Ni and Cu enrichments are stratigraphically-constrained to the same horizons 736 

that feature P enrichment (Figs. 4, 5) suggests an increase in export production at these times. If 737 

productivity were in fact high even during background intervals, we might expect to see greater 738 

enrichments of Ni and Cu in those intervals than are observed. This doesn’t mean that anoxia 739 

played no role in setting the efficiency of P burial – the many P2O5/TiO2 ratios plotting below the 740 

crustal ratio indicate that background P burial was indeed plagued by recycling of P out of 741 

sediments (cf. Ingall and Jahnke, 1994). Rather, such a mechanism must be co-occurring with one 742 

or both of the other mechanisms described above, such that episodes of sedimentary P 743 

enrichment are the result of both heightened export production and permissive benthic redox 744 

conditions.  745 

 746 

5.5 Synthesis: The temporal distribution of phosphorites and secular evolution of the seawater 747 

sulfate reservoir 748 

In light of the Zaonega data, we propose an over-arching mechanism for the broader 749 

occurrence of phosphorites in the Paleoproterozoic: that growth of the seawater sulfate 750 

reservoir caused an expansion of habitats for sulfate-reducing and sulfide-oxidizing bacteria, 751 

thereby promoting diagenetic apatite precipitation in sedimentary porewaters on continental 752 

shelves or in epicontinental seaways. The fact that our redox proxy data point to higher redox 753 

potentials during phosphogenic episodes, with oxidants (namely sulfate) persisting at the 754 

sediment-water interface, suggests that there is an important relationship between growth of 755 

the oxidant reservoir (i.e., O2, SO4
2-) in the global ocean and the extent of phosphorite deposition. 756 

Furthermore, the evidence for weak basinal restriction in background intervals punctuated by 757 

episodic seawater intrusion and introduction of oxidants (including sulfate) during phosphogenic 758 

episodes suggests a close temporal relationship between sulfate influx and precipitation of 759 

diagenetic apatite. Such a relationship between sulfide-oxidizing bacteria and phosphogenesis 760 

has been postulated before for the ZF (Lepland et al., 2014), but now we take this a step further 761 



to suggest that the secular record of phosphorite deposition across Earth’s history on 107 to 109 762 

yr timescales could perhaps be related to the waxing and waning of the seawater sulfate 763 

reservoir.  764 

Indeed, numerous lines of evidence – including carbonate-associated sulfate (Planavsky et 765 

al., 2012), sedimentary sulfide 34S values (Scott et al., 2014), and evaporite distributions and 766 

geochemistry (Blättler et al., 2018; Schröder et al., 2008) – all point to a growth of the marine 767 

sulfate reservoir in the Paleoproterozoic following the GOE. It has long been recognized that a 768 

widespread episode of phosphorite deposition occurred at a roughly similar time (e.g., Papineau, 769 

2010); however, a lack of geochronological constraints and stratigraphically-resolved paleo-770 

environmental studies has rendered it difficult to draw a clear causal relationship between 771 

growth of the seawater sulfate reservoir and phosphogenesis on a global scale. While the results 772 

presented here are only from a single formation, they are best explained by a globally-expanded 773 

seawater sulfate reservoir in the Paleoproterozoic that was variably introduced to the Onega 774 

Basin during deposition of the ZF (discussed in Section 5.3), thereby implying that similar 775 

processes could have been operating to bury P in other basins at this time.  776 

This hypothesis can be tested through future high-resolution paleo-environmental studies of 777 

other Paleoproterozoic phosphorites, as well as with targeted work to improve the 778 

geochronological constraints on many of these sedimentary successions. Furthermore, this 779 

proposal – that growth of the seawater sulfate reservoir enhanced phosphorite deposition – can 780 

be further tested by studying the later oxygenation of the oceans during the Neoproterozoic and 781 

early Phanerozoic. Many studies of this later interval have invoked an increase in marine sulfate 782 

concentrations (e.g., Algeo et al., 2015; Claypool et al., 1980; Halverson and Hurtgen, 2007), and 783 

other work has documented extensive phosphorite deposition at the same time (e.g., Cook, 784 

1992; Cui et al., 2016; Donnelly et al., 1990), perhaps suggesting that a similar control on marine 785 

P burial may have operated during Earth’s second oxygenation event. Unraveling such a first-786 

order control on marine P burial would have important implications for our understanding of the 787 

relationship between the oxidation of Earth’s surface and the cycling of major nutrients on a 788 

planetary scale.  789 

 790 



6. Conclusion 791 

We have used major and trace element proxies to show that sedimentary P enrichment in 792 

the ~2.0 Ga Zaonega Formation was influenced by variable redox conditions as well as basinal 793 

restriction. The addition of Se abundance data and isotopic ratios to this paleo-redox toolkit 794 

enabled disambiguation between possible interpretations, highlighting the utility of this novel 795 

proxy. On the one hand, our data suggest that the low P levels observed in Precambrian shales 796 

could in some instances be artifacts of deposition in restricted basins. On the other hand, the fact 797 

that communication with the open ocean stimulated phosphogenesis in the ZF seems at odds 798 

with the generally low P concentrations in other shales of this age. One explanation for this 799 

discrepancy is that transient global pulses of oxygenation spurred sporadic phosphogenesis 800 

throughout the Paleoproterozoic. Another, perhaps more parsimonious, interpretation is that 801 

semi-restricted basins are in some ways favorable for phosphogenesis, which is supported by the 802 

occurrence of other phosphorites in epicontinental seaways (Banerjee, 1971; Sheldon, 1981). 803 

Overall, this work suggests that the record of low P concentrations in marginal marine siliciclastic 804 

sedimentary rocks misses some of the dynamic behavior of the P cycle that was occurring during 805 

the Precambrian. Importantly, the fact that the first widespread episode of phosphogenesis is 806 

restricted to the mid-Paleoproterozoic highlights a significant change in sedimentary P burial at 807 

this time. Specifically, this phosphogenic interval indicates that certain basins featured high rates 808 

of productivity and persistence of oxidants (namely sulfate) at the sediment-water interface; the 809 

disappearance of phosphorites in the later Paleoproterozoic and Mesoproterozoic suggests that 810 

such conditions became rare in Earth’s middle history. We thus propose that the size of the 811 

seawater oxidant reservoir (namely sulfate) exerted a strong first-order control on the extent of 812 

phosphorite deposition during the Precambrian. Future high-resolution paleo-environmental 813 

studies can help to disentangle the role of marine sulfate fluctuations in mediating 814 

phosphogenesis during the Paleoproterozoic as well as in Earth’s later history.   815 
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 1146 
Figure 1. Proposed mechanisms for limited P burial in Precambrian marine sediments. In (a), P 1147 

is scavenged from the water column via adsorption to Fe minerals and buried with those phases. 1148 

In (b), P is buried efficiently with organic carbon due to a scarcity of oxidants for remineralization. 1149 

In (c), P is not efficiently buried with organic matter or Fe minerals, leading to high marine P levels 1150 

yet low sedimentary P concentrations. These 3 mechanisms have contrasting implications for 1151 

C:Fe:P stoichiometry in marine sediments (discussed in Section 1).   1152 



 1153 

 1154 
Figure 2. Geological map of Paleoproterozoic successions in the Onega Basin. Sites of cores 1155 

12AB and 13A are marked with red triangles. The Shunga outcrop is near the drilling site of core 1156 

13A. Figure modified from Melezhik et al. (2013).  1157 
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 1159 
Figure 3. Stratigraphic context of FAR-DEEP drill cores 12AB and 13A. Ages adapted from Martin 1160 

et al. (2015) and references therein.  1161 
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 1164 
 1165 

Figure 4. Chemostratigraphy of FAR-DEEP core 12AB. Grey shaded regions denote intervals of P enrichment. In TS (wt. %) plot, 1166 

diamonds denote EA data; circles denote LECO data. In Ni & Cu (ppm) plot, red circles denote Ni, blue crosses denote Cu. In Se (ppm) 1167 

plot, diamonds denote XRF data and circles denote MC-ICP-MS data; dashed line denotes crustal abundance. In 82/78Se plot, dashed 1168 

line denotes crustal composition, dotted red line denotes modern seawater composition; error bars are 1.  Detailed description of 1169 

core 13A can be found in (Črne et al., 2013a). 1170 
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 1172 
 1173 

Figure 5. Chemostratigraphy of FAR-DEEP core 13A. Grey shaded regions denote intervals of P enrichment. Annotations as in Fig. 3. 1174 

Detailed description of core 13A can be found in (Črne et al., 2013b).  1175 
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 1178 

 1179 
Figure 6. Chemostratigraphy of outcrop near Shunga village. Outcrop corresponds to <12 m in 1180 

core 12AB and 35-45 m depth in core 13A. Annotations as in Figs. 4 and 5. Samples were taken 1181 

from intervals of organic-rich mudstone; the interval from ~4.5 m to ~5.9 m is comprised of 1182 

dolostone. Additional geologic context of outcrop samples can be found in Lepland et al. (2014).    1183 
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 1185 
 1186 

Figure 7. P2O5 versus detrital tracers: TiO2 in core 12AB (A) and core 13A (B); Al2O3 in core 12AB 1187 

(C) and core 13A (D). White symbols denote carbonates, colored symbols denote siliciclastics. 1188 

Solid red line denotes P2O5/TiO2 ratio of upper continental crust (Rudnick and Gao, 2003); dashed 1189 

red line in panels A and B denotes estimated composition of Archean crust (Greber et al., 2017). 1190 

Grey dotted lines denote contours of P (EF) calculated with each respective detrital tracer, with 1191 

the most enriched samples plotted toward the top left of the plot.   1192 
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 1194 
 1195 

Figure 8. Profiles of P2O5, P2O5/TiO2 and P2O5/Al2O3 in cores 12AB (A) and 13A (B). White symbols denote carbonates, colored symbols 1196 

denote siliciclastics. Note log scale in P (EF) plots. Normalizing P2O5 to TiO2 and Al2O3 reveals the same intervals of P enrichment. 1197 
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 1200 
Figure 9. Phosphorus enrichment (A, B) and P2O5 (C, D) vs. Fe/Al in fine-grained siliciclastic 1201 

samples from core 12AB (A, C) and core 13A (B, D). Grey shaded region denotes range of Fe/Al 1202 

ratios observed in modern euxinic sediments (Lyons and Severmann, 2006). Dashed horizontal 1203 

lines denote crustal P2O5/TiO2 ratio (0.234; Rudnick and Gao, 2003), which corresponds to P (EF) 1204 

= 1 (A, B) and crustal P2O5 concentration (0.15 wt. %; Rudnick and Gao, 2003) (C, D). Dotted red 1205 

line and red arrow denote increasing hydrothermal Fe contributions at Fe/Al >> 2 (cf. Raiswell et 1206 

al., 2018). The largest P enrichments are observed at Fe/Al ratios similar to those of modern 1207 

euxinic sediments.  1208 
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 1211 
 1212 

Figure 10. Mo (EF) vs. U (EF) in fine-grained siliciclastic samples from both cores. Coloration of 1213 

points denotes P (EF). Panel (B) shows schematic of redox and basinal hydrographic controls on 1214 

Mo-U co-variation, following Algeo and Tribovillard (2009). Solid line denotes the Mo/U ratio of 1215 

modern seawater; dashed and dotted lines denote 0.3x and 0.1x the seawater ratio, respectively. 1216 

The trajectory of samples from both cores follows that expected for a particulate shuttle 1217 

operating in a weakly restricted basin, with a trend toward stronger restriction and possibly 1218 

euxinic conditions.  1219 
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 1223 
 1224 

 1225 

Figure 11. P2O5 vs. Fe2O3 (A, C) and P2O5 vs. TOC (B, D) in fine-grained siliciclastic samples from 1226 

core 12AB (A, B) and core 13A (C, D). Red band in panels A and C denotes crustal P2O5/Fe2O3 1227 

ratio (0.167; Rudnick and Gao, 2014). Contours in panels B and D denote molar C:P ratios of 106, 1228 

400 and 1000. Red circles denote samples with Fe/Al > 2, which is suggestive of hydrothermal Fe 1229 

input (Raiswell et al., 2018). 1230 
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