SVERg ).
§€Z
NES .
%e-d;’ A

TroW™

UNIVERSITY OF TROMSOQ UIT

FACULTY OF SCIENCE AND TECHNOLOGY
DEPARTMENT OF DEPARTMENT OF PHYSICS AND TECHNOLOGY

Reduced Models for Geophysical Fluid
Dynamics

Daniel Selnes Sortland

FYS-3900 Master’s Thesis in Physics

July 2013







Master Thesis
Reduced Models for Geophysical Fluid Dynamics

Daniel Selnes Sortland
Department of Physics and Technology,
University of Tromsg






Abstract

This thesis present a self-consistent derivation of reduced fluid models for geophysi-
cal dynamics confined to the midlatitude region. The reduced model will be derived
by use of a regular perturbation method, that gives the same result as the classical
models, such as the barotropic and baroclinic quasi-gestrophic potential vorticity
model. It will be shown that such a rigorous treatment self-consistently comprises
otherwise classic assumptions known as, the Boussinesq approximation, shallow-
water approximation, §-plane approximation (slab-approximation) and thin shell
approximation. We use the understanding of these reduced models to general-
ize the baroclinic quasi-gestrophic potential vorticity model to include interaction
with global scale. This will be done by using a multi-scale expansion, assosisert
with the separation of spatio-temporal scales.
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Chapter 1

Introduction and overview

For centuries, the ocean and the atmosphere has been a source of wonder and
curiosity. Phenomena such as buoyancy, transport of mass and heat, weather and
waves have given pleasure and rumination to the great philosophers, scientists and
artists. Take for instance Archimedes’s Eureka, Benjamin Franklin and Timothy
Folger’s first map of the Gulf stream or Jule Gregory Charney’s beautiful model
for quasi-geostrophic flow in the midlatitude. Archimedes motivation was to find
out if King Hieron II’s crown was made of pure gold, while Benjamin Franklin and
Timothy Folger would find the fastest path across the Atlantic by skip.

The common feature of the great thinkers were and are simplified models in order
to understand why the ocean and the atmosphere behaves as it do. One of the
first to do this in a structured and beautiful mathematical way was Jule Gregory
Charney, who introduced the use of scaling analysis to find reduced models for
large-scale midlatitude atmospheric circulation models [1]. This work has been
further developed by many other scientists, where perhaps the one that has con-
tributed most is Joseph Pedlosky who has written one of the most widely used
text books in geophysical fluid mechanics [2]. This book has been an inspiration
to many other books in the field, f.ex. Dynamical Oceanography by Henk A. Di-
jkstra and Atmospheric and Oceanic Fluid Dynamics by Geoffrey K. Vallis.

One problem with all these text books is that they treat the ocean and the at-
mosphere as a one-component system, so that the thermodynamic description of
the ocean is wrong, i.e., this means that they derive their models from the wrong
equations, since the ocean is a two-component system. This does not mean that
the models are wrong, but the models should be derived from the correct equa-
tions. Thus, in Appendix A of this thesis we derive the correct equations for a
two-component fluid.

This thesis present a self-consistent derivation of reduced fluid models for geophysi-

11



12 CHAPTER 1. INTRODUCTION AND OVERVIEW

cal dynamics confined to the midlatitude region. The reduced model will be derived
by use of a regular perturbation method, that gives the same result as the classical
models, such as the barotropic and baroclinic quasi-gestrophic potential vorticity
model. It will be shown that such a rigorous treatment self-consistently comprises
otherwise classic assumptions known as, the Boussinesq approximation, shallow-
water approximation, S-plane approximation (slab-approximation) and thin shell
approximation. We use the understanding of these reduced models to general-
ize the baroclinic quasi-gestrophic potential vorticity model to include interaction
with global scale. This will be done by using a multi-scale expansion, assosisert
with the separation of spatio-temporal scales.

The structure of this thesis is as follows: In Appendix A we give a brief derivation
of the equations of motion, where the main focus is a detailed derivation of the
thermodynamic equations that applies to a two-component, one-phase fluid such
as the ocean which consists of fresh water and salt. These equations are the all
calculations presented in the thesis. In chapter 2 we introduce normalization of
these equations and introduce dimensionless number that will be the key to de-
rive reduced models. In addition, we average these equations to apply on a large
scale. This process leads to introduction of turbulent fluxes. Since these equations
contains all types of phenomena that are associated by the ocean, we present in
chapter 3 an understanding of the various spatio-temporal scales. One of the main
focuses of my thesis is to derive a reduced model that describes the interactions
between global and local scales in the midlatitude region. To have some models to
compare this model with, we will in chapters 4 and 5 derive two classical models
for barotropic and baroclinic quasi-geostrophic flow that includes boundary layer
theory. The interacting model will be described in detail in Chapter 6.



Chapter 2

The fluid model equations

The main goal of this chapter is to derive the dimensionless equations that de-
scribes the dynamics of the ocean on large scale, i.e. on a length scale where
rotation, stratification, curvature may be important. The chapter starts with a
presentation of the equations of motion, followed by an introduction of scaling
analysis and normalization of these equations. In section 2.3, we will perform a
Hesselberg averaging of the normalized equations. This averaging leads to that the
fast turbulent fluctuations will be filtered out of the system, and the remaining
part will describe the large-scale motions. At the end of the chapter we will discuss
the background state of the ocean, by then deriving the evolution equations for
the mass density, velocity, pressure, temperature and salinity deviations from the
background state.

2.1 The equations of motion

The description of the ocean is given by the equations of motion, that is closed by
prognostic and diagnostic equations for the thermodynamic variables. Since the
ocean consists mainly of salt water that is in the liquid phase, the thermodynamic
description of the ocean must be represented by three independent thermodynamic
variables which completely determines the thermodynamic properties of the sys-
tem. This follows directly from the Gibbs phase rule. There are many different
independent variables that can be used, but we will use the pressure p, temper-
ature T and salinity S. In Appendix A 8 we have derived all the equations, so
we will just give an presentation of them here. The closed set of equations in the

13



14 CHAPTER 2. THE FLUID MODEL EQUATIONS

(p, T, S)-representation reads

dp
LA . 2.1
y7 pV - u, (2.1)
du /
= —Vp+ V-0 —2pQ x u+pg, (2.2)
drT’ dp ,
ds
= = _v-] 2.4
pdt V- Jg, (2.4)
p = ppT,9), (2.5)

where p is the mass density, u is the fluid velocity, p is the pressure, o’ is the
viscous stress tensor, D is the deformation tensor, €2 is the angular velocity of
the earth, r is the position to a fluid element, g is the gravity of the earth, T
is the temperature, ¢, is the specific heat capacity at constant pressure, q is the
conductive heat flux, p is the pressure, I' is the adiabatic temperature gradient,
S is the salinity, Jg is the diffusive salinity flux and Ah is the partial enthalpy
difference. It should be noted that

d )
% = a +u- V, (26)
D — % [Vu + (Vu)T] , (2.7)

is the material derivative and the deformation tensor, respectively. The molecular
fluxes in the equations are given by

B OAL

q = —kVT +kr ( 55 )p’T Js, (2.8)
kr k,
2

o = {Vu+(Vu)T—§(V-u) I} +¢(V-u)l (2.10)

where k is the thermal conductivity that specifies heat transfer in the absence
of salt flux. D is the salt diffusion coefficient that specifies salinity transfer in
the absence of thermal and pressure gradients. kp is the thermo-salt diffusion
coefficient that specifies salinity transfer in the absence of salinity and pressure
gradients. k, is the baro-salt diffusion coefficient that specifies salinity transfer
in the absence of salinity and temperature gradients. 7 is the dynamical shear
viscosity and ( is the bulk viscoisity due to compression and expansion, Apy is
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Coeflicient Definition

Thermal expansion Br = _% (g_p)ps

coefficient
S _1(9p

Compresibility By = P (ap>T7 s

coeflicient
.. _1(dp — _,(95u
Salinity Bs = P (ag)py = p( ap )T7S

contraction coefficient

Adiabatic compressibility k=p,—TIpr
coefficient
Adiabatic temperature = Bczg’
gradient
Speed of sound c= /pL%

Table 2.1: Definition of transport coefficients in fluid model equations

the chemical potential difference between sea salt and freshwater and | is the unit
tensor. However, experiments show that a very good approximation for the heat,
salinity and viscosity fluxes in seawater are

q ~ —kVT (2.11)

Js =~ —pD (VS + pr) = —rgVS — kg, VD (2.12)
2

o' ~ (Vu + (Vu)" — 3 (V-u) I) : (2.13)

where kg = pD and kg, = pDk,/p. See [9, p. 56] . All the thermodynamic
coefficients have to be specified as a function of (p,7T,.5). Other usefull relations
are given in table 2.1.
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2.2 Geophysical scaling

The full equations of a physical system consist of several terms of different orders
of magnitude, which describes the overall behavior of the system. Depending on
the magnitude of the terms, some are important and others will be less important
to describe the system. In this section we will go through scaling analysis and
show how we can simplify the full equations of a physical system by ignoring non-
important terms in a consistent manner without changing the basic physics, based
on the ratio between the magnitude of the terms. Let

Zn: fi=0 (2.14)

be a hypothetical equation which describes a physical system, for example the
momentum equation. The magnitude of each term,

is defined in a manner such that the dimensionless term
5 i
| fil,n

is of order unity, f; ~ O(1). According to equation (2.16), the hypothetical equa-
tion (2.14) can be written as

Z | fil,fi = 0. (2.17)
i=1

In order to compare the magnitude of the terms, we introduce dimensionless char-
acteristic numbers given by the ratio of the magnitude between term ¢ and term j

by
N, — il
|fj ’m
If we are interested in significance of the term j in comparison to the other terms,
we can divide |f;| ~on equation (2.17). This results in a dimensionless equation,

(2.18)

> Nijfi=o0. (2.19)
=1

where the characteristic numbers will determine the importance of term j. In
the limit where all the characteristic numbers N;; < 1, the term j will play a
dominant role. In contrast, if all the characteristic numbers V; ; > 1, the term
J has no significant role and may be neglected. It should be noted that the the
numbers n of characteristic numbers is unique, but the choice of parameters is not
unique.
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2.2.1 Dimensionless variables and parameteres

Let us now apply the scaling analysis on equations (2.1)-(2.5). We introduce a typ-
ical magnitude of mass density p,,, pressure p,,, horizontal velocity U, ,,, vertical
velocity U, temperature T,,, salinity S,,,, dynamical viscosity 7,,, horizontal spa-
tial scale L, ,,, vertical spatial scale L, and temporal scale ¢,,, and then define
the corresponding dimensionless quantities

. P . p . u . T A S
—_ — —_ — — —_, T — —_, S — —_,
O T, S
Y. S-S I I P
- LJ_,m7 Sm’ | LH m7 tm’ Tm
This implies that the dimensionless spatial and temporal differential operators
become
V.= 0LV, V= 0LV 2 = Gt
1 = 1lmV 1, — [[ym V|| af = mat

where the § in front of L,, and t,, represents respectively the characterisic length-
scale and temporal-scale for the change of some quantity. For example

Vol,,

represents the typical magnitude of the change in the density dp,, on length-scale
0L,,. Throughout the discussion, we will assume that the typical magnitude of the
change in the velocity is equal to the typical magnitude of velocity, i.e. U, ,, =
Ui m and 0U), = Ujm. This turns out to be a good assumption for scaling in
fluid mechanics. We will also assume that horizontal and vertival advection terms
are of the same order, i.e.

|uL . Vﬂm = ‘u” . V|||m. (2.20)

This means that the relationship between the characteristic value of the horizontal
velocity and vertical velocity are

= . (2.21)

Therefore, its natural to introduce the aspect ratio between the horizontal and
vertical motion

— L (2.22)
T=5L Lm '
We will also define the aspect ratio between large-scale and small-scale motion as
0L\
| e (2.23)

T'm
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This assumption is acceptable as long as we expect the fluid to be almost incom-
pressible. Either way it will come up later if the assumption is good or not. We
will later see that the advection with horizontal velocity is greater than the ad-
vection with vertical velocity. Furthermore, we will use the definition of the sound
velocity C; to find the relation between the typical scale for the variation of the
mass density and det variation of pressure, given by

_ 0pm

===, (2.24)

0Pm
Before we start on the discussion of the dimensionless form of the equations of
motion, we will present some characteristic dimensionless numbers to be used
extensively in the following.

5t OLum
the Strouhal number: St :ﬁ ~ i
\Y% ODm
the Euler number: FEu :ﬁ ~ mepm
-V mUm(SUm
the Reynolds number: Re :M ~  PmTmOTm
V.ol 00,
-V oU,
the Rossby number: Ro :H ~ 50 G
-V Un6U,,
the Centrifugal number: Ce = ) |>1<l © 1:<|”r"”)|m ~ m
-V UndUp,
the Froude number: F'r :u ~
the Mach number: Ma :M ~ Um
dp 1/2 Cs
(%)
the heat Peclet number: Per = pepu i ~Pmp,
the salinity Peclet number I: Peg = NL
RS m
Um0 Ly,
the salinity Peclet number II: Peg,= Nm
2
the Eckert number: Fc¢ = ~ Ui
CpmOT

We have not taken into account the anisotropy in the dimensionless numbers. This
will be clear in each case. Furthermore, for the viscosity tensor, the heat flux and
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the salinity flux, the magnitude of the fluxes will be estimated by the maximum
contribution. If it turns out that the magnitude is small compared to terms in
the equations, then the fluxes can be neglected. If not, then each term have to be
carefully normalized to find the contribution of each term.

The dimensionless continuity equation

Due to the anisotropy in the characteristic scale of the horizontal and vertical
direction, it would be advantageous to write the continuity equation for mass as

0
8—i+uL~VLp+u” Vip+p(V-u), +p(V-u) =0, (2.25)
where (V- u), and (V- u)|| are respectively the horizontal and vertical parts of the
divergence given by equation (9.15). By using the definition of the dimensionless
quantities, the continuity equation for mass can be written as

ap S AR A

o7 Tl Vpl, 0 Vip o+ fay - Vel 8- Vo

dp
ot

1o (7w, 0 (Vea) +|o(vew)y| 5(Vea) =0,

From equation (2.20) and the assumption that the typical magnitude of the change
in the velocity is equal to the typical magnitude of velocity, it follows that [u, - V1 p|, =

LUE V”p’m and [p(V-u), [, = |p(V-u), ‘m Hence, the continuity equation takes
the form

dp| 0p S S

Sl Vel @ (T, | T a0 (220

Since seawater is highly incompressible, it would be natural to compare all the
terms in the continuity equation with the compression term. In this case the
dimensionless continuity equation becomes

dp ~
2. 9 Vgl e. . e
ot N A~
— otlm OGP THL VAPl 5 754 5V - = 0,
p(V-u) |, 0t |p(V-u) |,

where the dimensionless numbers scales as

|% m -~ 5pm(5LJ_,m _ 5pm UJQ_,m 5LJ_,m ~ Eu M(IQ Sy
|p (V . U)J_|m pméULvmétm meJ_,m(SUJ_ym CSQ 5thJ_7m

. 5 U2
|uL valm UL,m Pm o 5pm 1.m ~ Eu MCL2

PV w ], pmUim  pmUimdUs,, O
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Therefore, the dimensionless continuity equation is

95 R .
EuMa? (Sr a;f +1- vp) +pV -1 =0, (2.27)

We will later discuss the various limits of the dimensionless numbers and see how
this will lead to a reduced equation of continuity.

The dimensionless momentum equation

Due to the anisotropy of the horizontal and vertical length scales, the momentum
equation can be split up into one horizontal component and one vertical component
as

du
p (5) = —Vip+ (Vo) —2p(2 xu),, (2.28)
1
du ,
A = —Vip+(V-0') —2p( xu) + pg, (2.29)
[
where the acceleration terms are given by
du du w U ~
(E)L = (W ei) +?ul+;tanl9r xXay, (230)
du du u
e — | =t E— 2.31
(dt)” (dt ei) r (2:31)

Note that the vertical line symbolizes that the unit vectors remain constant during
the differentiation. The horizontal and vertical part of the Coriolis force are

2Qxu), = 16 xu + fFxu,, (2.32)
(2@ xu), = 10 xuy, (2.33)

where, f = 2|Q| sinf and | = 2|Q| cosf. Let us first look at the scaling for the
horizontal part of the momentum equation. This part can be written as

Ou,
ot

L ouy

P ot

—l—\puL-VLuL\mﬁﬁ-@ﬂl

e; €i

m

~

w . U_. U ~ A
+ |p—uy| p—u, +|p-rxuy| p—tanfr x G,
T m T r m T

== IVupl, VsV o), (Vo)

—‘pb\xuu‘ ﬁl@xﬁ||—|p?>< uL|mpAﬁXﬁL. (234)
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Since there are many currents in the ocean that are determined by the balance
between the Coriolis force and the pressure force, it would be natural to compare
all the terms in the momentum equation with the inertia force. According to this
the momentum equation can be written in dimensionless form as

GuL A
|p at Im Aaui

= +pu-va
lpu, -Viuyl, " ot P +

e;
e; g

A U N
,,2

i L
u, + p—tanfr x 01
lpuy - Viug|, pu, - Vou,|, 7

|V 1p| - (Vo) S
lpuy - Viug|, lpur - Viu, 1

oo x ], 7

lpu - Viug],

plO x ) — PIT X 0. (2.35)

lpus - Viug|,

Hence, by using the definitions of the dimensionless numbers, the horizontal mo-
mentum equation can be written as

o6,
5[ sr L
p<r8t

. 1o _ 1
— —BuVip+ - (V- 0') =2 cosf x fy = = sindjF x L. (236)

+u-Vu,

€

w U ~ A
+’yF7uL+F7tan9rqu)
€; T T

The vertical momentum equation can be written as

811” 8f1|| ~ ui ﬁi,\
il B St Vi 51 Vi _ o= 5
”’at o ef""” vl P V| —lp=t P
== [Vip|,, Vip + ’(V ) ’m (@ ' ‘}'> |
— ‘pH X uL‘ ple x u, + |pgl,, P8. (2.37)
The dimensionless vertical momentum equation reads
8u” u2
\pm oy - s 0l
a < + pua- qu — —r
’puL-VLuH‘m ot e e |puL-Vlu”] T
Vol, o o] .,
- - i+ (Vo)
|pus - Vo |pus - Vo I
‘p/é X UJ_)
- m 8 i, + Bl (2.38)
|pus - Vi |pus - Vi
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By using the non-dimension numbers it becomes

o1 . raf .
ﬁ(ST 8111? —f‘ll'Vle _;11 I‘)
Fu 1 /o - 1 ~ 1 ..
= _W—SVﬁnLE <V'0’l>” - ECOSGH X U—J_‘i‘ﬁpgv (239)

where the dimensionless numbers we have used are

6L 1 0P PnUjmOLm
S — > E — R _ - W
" UJ_(Stm ’ B meJ_,m(;UJ_,m ’ ‘ Mm ’
6U UjjmOU)m
= — - F :;'
Ro=sosr. " 9OL)m

In the limit where v = 1 the momentum equation can be written as

where the dimensionless stress tensor is given by

o= Do |[Va (Ya) -2 (vea)]. (2.40)

We will later discuss the various limits of the dimensionless numbers and see how
this will lead to a reduced equation of momentum.

The dimensionless temperature equation

The temperature equation can be written as

oT| ., oT
'pcpm ppﬁA—i-]pcpuL V. T, péya- vT
9] dp
6? BTTap‘f”BTTuJ_ Vipl, brT0-Vp

+]o":D| o :D—|V-q|, V- q— |J5.v<Ah>|ij-©(Aiz).
(2.41)
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It will be natural to compare the temperature equation with the advection term.
According to this, the temperature equation can be written as
oT .
pc (9T
‘ L oL 5 + pépu - vT
lpepuy - Vi T\

I Aap BT u, -V, pl
lpepuL -V T, |PCpuL V. Tl,
"D A oa V- -
lo I o' :D— V-, V-q
lpeyur - VT, lpepur -V LT,

[Js - V(Ah)| ;
m .V (AR). 2.42
CJpeuL - Vo T, s < ) (2.42)

o 5TT11 VP

Hence, by using the definitions of the dimensionless numbers, the temperature
equation can be written as

or . . o R
PCyp <ST oy +u- VT) — BrmTmEu Ec BrT <Sra—]; +1u- Vﬁ)

EC |JS (A h)’ ~
_Ees oty m .V (Ah) , 2.43
Rea Pe |pcpuL v.T| (243)
where the new dimensionless numbers are
Ui PmCpmUjmOL
Ec = ,m P _ Pmtpm¥im ,m
¢ CpmOT’ r Ko,

In the limit where the horizontal and the vertical length scales are equal, we can
find explicit expressions for the dimensionless molecular fluxes. For example the
conductive heat flux can be written as

— |k T, &VT,
where the normalized thermal conductivity is defined by
K
R=—. 2.44
= (244)
Thus, the normalized heat flux is
oL An
q = " q=—iVT. 2.45
q Km0, mq RV ( )

The deformation tensor can be written as
. AT
Vu|, Vi + (Vu)T‘ (va) } ,

such that the normalized deformation tensor is

< SLm . 1], e AT
b= 5D =3 u+(vu>]. (2.46)
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The dimensionless salinity equation

The salinity equation can be written as

08 e .
ﬁatA+|PUL‘VLS|mPAu‘VSZ_|V'JS|mV'JS- (247)

05
P a1

It will be natural to compare all the terms by the advection term. According to
this, the salinity equation on dimensionless form is

a8s A
Potlm 05 | oo IV (5sVI)lne 3
W‘L'a—%LﬂpW—Fpu'vsz_V)uL-VLﬂ V- Js. (2.48)

Hence, by using the definitions of the dimensionless numbers, the dimensionless
salinity equation reads

ﬁ<5r8€+f1-@§) = ——V-Js. (2.49)

where the new dimensionless number is
— PnUjm0 Ly m
Rg '

Pes (2.50)

2.2.2 Asymptotic reductions of the equations

The dimensionless equations from the last section is

Eu Ma? (ST Z? +ﬁ-@,ﬁ) = —pV -1, (2.51)

o . . 1. - .
ﬁ(St61;+ﬂ-Vﬁ) — —FBuVp+—V-o' ——pQxu

1 ~ ~
— ) x <Q X r) 8, (2.52)

T . . 9p R
pPCp <Sraa£ +u- VT) = BrmInEu Ec T <Sra—]; +1- Vﬁ)
FEc ~ - 1 .
kY s QR v,
+Rea PeV 4
Js-V(AR)| =~ = .
— m7Jg . Ah 2.53
lpc,u-VT| 5 V( )’ (2.53)

ﬁ<5r83+ﬁ-@5*>:—iv<gﬁ§)— ! v(gs]ﬁﬁ). (2.54)

Pes Pesp
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These dimensionless equations show that the dynamical behavior of the fluid is
determined by the dimensionless numbers. When some of these numbers are very
small or large the equations can be reduced to a simplified model, without changing
the basic physics. In all the problems we will be discussing there is no external
forcing. Therefore, it is natural to assume that the temporal scale, scales as
0Ly, /U, which correspond to a Strouhal number of order unity, i.e. Sr = O(1).
There are basically two distinct limits that are interesting to study, one limit
where the compressible effects are important, i.e., FuMa* = O(1) and one limit
where the fluid may be considered incompressible, i.e., FuMa®* < O(1). When
compressible effects are important the pressure must scale in such a way that the
pressure variations gives an Euler number that compensates for the size of the
Mach number. If the Mach number is small then the Euler number must be large.
This is the typical scaling of acoustical dynamics. When compressible effects are
not important the pressure must scale in such a way that the pressure act as a
reaction force, i.e., that the pressure gradient is mainly balanced by some other
forces, for example the Coriolus force or the viscous force.

Incompressible flow

In the case that the Mach number Ma tends to zero and EuMa? < O(1) the
equations reduce to the equations for incompressible flows,

V.a = 0, (2.55)
1 . . 1o -~ 1 .
ﬁ(a‘;+ﬁ-v1&> = —BuVj+ Voo — o-pQ x i
1 . /A 1
0 (Q ) — e 2.56
oo P (X r ) + =g (2.56)

If the Reynolds number tends to zero and the Euler number Eu is of O(1/Re) the
momentum equation reduces to a balance equation between pressure and viscosity.
If the Reynolds number tends to infinity and the Euler number Eu is of O(1/Ro),
the momentum equation reduces to

- 1 . 1
0=—-FuVp— —pQ xu+ —pg, 2.57
P gop T (2.57)
where we have used that the centrifugal force is small compared with the other
forces. Note that these equations decouple from the thermodynamical equations
if the mass density and the viscosity are independent of the thermodynamical
variables.
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Parameter Symbol Value
Thermal expansion Brm 1.0 x 107*K~!
coefficient
Compresibility Bp.m 41 x10710pa!
coefficient
Salinity Bs.m 7.6 x 10”4 ppt!
contraction coefficient
Refrence mass density Pm 1.0 x 103kgm™
Refrence temperature T, 279K
Heat capacity Cpm 4.2 x 103Jkg K1
Speed of sound Csm 1.5 x 10°ms~!
Kinematic viscosity Upp = Z—: 1.3 x 10~%m?s~!
Salt diffusion coefficient D,, 1.2 x 107 9m?s~!
Angular velocity of the earth O 7.3 x 10 °rad s~*
Gravity of the earth Gm 9.8 x 10°ms—2
Mean radius of the earth Tm 6371 x 10°m
Molecular heat diffusion KT 1 x 107"m?/s
Molecular salt diffusion Ks 1 x107%m?/s

Table 2.2: Characteristic values for fluid parameters and transport coefficients for
large-scale circulation.

2.2.3 Typical values for the ocean circulation dynamics

In this section we will estimate the typical values of the dimensionless numbers for
large-scale flows discussed in section 2.2. We will see that the molecular transport
of momentum, heat and salt can be neglected compared to advection. We will
also see that the Reynolds number is much greater than the typical critical value
for the transition between laminar flow and turbulence. Therefore, geophysical
fluid motion is generally highly turbulent. For large-scale ocean circulation, the
typical velocity is U, ,,, = 6U, , = 5x 1072 m/s, the typical length-scale is L, ,,, =
0L m = 10° m and Lyjm = 0Lym = 10> m and the typical temporal-scale is t,, =
Otm = L1 m/ULm =2 x 10%. According to equation (2.21), the typical vertical
velocity Uy, will be of O(y U, ,,). For these given values, the order of magnitude
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of the dimensionless numbers relative to the Rossby number are

Sr ~ O(1), Ma ~ O(Re?), é ~ O(R?), Fr~ O(Ro"),
1 5 1 4
Per O(Ro”), Pes O(Ro%), ~v~O(Ro), I ~O(Ro),

Ec~ O(R0*)  (BrmTm) ~ O(Ro)

where the Rossby number is Ro ~ 1073. We will show later that the Euler number
will be of O(Ro™!), such that the horizontal pressure force will be of the same order
as the Coriolis force. The minimum value of the Reynolds number is Re = 107,
which is far above the critical value for the transition between laminar flow and
turbulent flow. Therefore, the ocean flow is generally highly turbulent and the
molecular viscous effects can be neglected in comparison with the other terms.
The same applies for the molecular transport of heat and salinity. In the next
section we will derive equations for large-scale motion.

2.3 Averaged equations for large-scale motions

In geophysical fluid dynamics we are particularly interested in the motion which
occurs on large spatial and slow temporal scales. The equations we presented
the in the previous section are valid for the motion at all scales. Thus, we must
performing an averaging of the equations of motion that remove the fast turbulent
fluctuations, but retains the variations in the mean large-scale variations.

2.3.1 Hesselberg averaging

Assume that any field variable G can be decomposed into one large-scale mean-
field part, denoted with angular brackets, (G), and one small-scale fluctuating
part, denoted with a tilde, G. Since the fluid is generally compressible it will be
appropriate to define the average as a mass-weighted average [9, p.70]

@) ="L° (2.58)
P
where
. 1 t+T/2
G- _/ Gt dt!, i< T<T (2.59)
T Ji—r)2

is the time-average and T} is the time scale for the turbulent fluctuations and 75 is
the time scale for the mean-field variations. It should be pointed out that (2.59), is
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not valid if there is not a distinct separation of time scales between the small-scale
fluctuations and the mean-field variations, i.e., 7y < T < Ty. From (2.58) and
(2.59) it can be shown that the following rules are valid

<pé>50, G =0, (@) = (@),
(G)(G) =(G)(G), (G)) =(aG), (G) F) =(G)(F),
(@ =0, (@FY=G(F), (G+F)=(G)+(F),
OTF-C+F \Zelvel %_f:g_f.

If we now apply the mass-weighted average (2.58), the field variabels (u, p, p, 0, S)
can be decomposed as

u=(W+ud, p=()+p p= +p 0=0)+0, ,S=(S)+5, (2.60)

where the mean-field part is given by

pu _ pp pt psS
(u) > (o) =70, (p) > {0) = () o (2.61)
Note that the mass-weighted average of the mass density is equal to the time
average of the mass density. Therefore, it follows that the time average of the fluc-
tuating mass density is equal to zero, i.e. p = 0. This is not the case for the other
fluctuating quantities. By substituting the decompositions into the definitions of
the mass-weighted average, (2.58), it follows that

() +7) ((6) + )
(G) = —
p —_— —
_ PO +F(G) +G+IC
.
= G
— () +G+Z
p
which is equivalent to o
G- (2.62)
p
Hence it follows that
= ou = = D ~ ~_§ = 7S
p p p
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It should be noted that in the limit where the fluid is incompressible the mass
density is approximately constant. Hence the mass-weighted average will reduce
to an time average, i.e., (G) = G, which is the same as the Reynolds average. By
using equation (2.62), it follows that the time average of the product of the mass
density and a dynamic variable G is

pG = (o) +p) ((G)+C)
= (M {G), (2.64)

and the product between the mass density and two dynamical variabels G and F
is

pGF = ((p+7) ((6)+G) ((F)+F)
— (p) (G) (F) + (p) GF + GF, (2.65)

For our purposes, the triple correlation can be neglected since the fluctuations in
the mass density is always very small compared to the tubulent fluctuations.

2.3.2 Averaged equations

According to equation (2.58), it will be advantageous to write all of the equations
in conservative form as

dp B
5 TV () =0, (2.66)
a(gtS) LV (pSu) = -V - Jg, (2.67)
%—i—V«(puu):—Vp—l—V'o"—Qpru—irf, (2.68)
d(pT) B d(pp)
% | a7 +V (pTu)} —ch[ 51 + V- (ppu)

+0':D—-V-q—Js-V(Ah) (2.69)
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By taking the time average of the equations above, and applying equations (2.64)
and (2.65), we obtain equations for the large-scale motion

% +V - {(p) (u) =0, (2.70)
o 24 ) )V () = v - (T4 39, (271)
() 2 4 ) () V) = T () £V (@ o) 20 2 x () 4 F
(2.72)
e (S + ) v @) = 00 (L2 + ) v ) + 57D
— V- (@+q™) - Js- V(Ah), (2.73)

where we have used that ¢, and I" are slowly varying, such that they can be treated
as constant. The turbulent fluxes are given by

I = () S (2.74)
ot = (p)Tm, (2.75)
a" = ¢ ()Tu, (2.76)

where the triple correlations and the turbulent heat flux due to turbulent pressure
fluctuations are neglected. The question now is: How to perform an averaging of
the equation of state? We will assume that the time-avarage of the fluctuating
terms in the equation of state is very small compared to the contributions from
the mean-field terms. Therefore, we will perform a Taylor series expansion around
the mean-field variabels ((p) , (T'), (S)) and then perform an averaging. The result
is

(o) = (p) ((p) (1), () + O(3. T 5). 2.77)
A consequence of averaging the equations of motion is the introduction of new
transport term, which has the same structure as the molecular fluxes. These
transport terms represent the turbulent transport of small-scale fluxes into the
large-scale dynamics. Since we do not know the small-scale fluctuating variables,
we get a closure problem for the average equations. In the next section we will try
to close the system of the averaged equations by parameterize the turbulent fluxes
in respect of the mean-field variables.

2.3.3 The turbulent mixing of momentum, heat and salt

The turbulent flow is characterized by rapid fluctuations which redistribute mo-
mentum, heat and salt. The fluctuations are assumed to be distributed randomly
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Mixing coefficients | Values from the deep ocean
to the upper ocean
Al 10 — 10°m?s!
A” 107° 10~ m?s~!
K, 10 — 10°m?s7!
KH 107° 10" m?s~!

Table 2.3: Typical values for the turbulent diffusivity.

and act as the molecular fluxes, but much more efficiently. Therefore, we assume
that the turbulent fluxes can be written as

U = — Kby, (2.78)

where W is the flux of the quantity 1 with turbulent diffusivity K**P. Since
the characteristic length scale in the horizontal and vertical directions are very
different, we assume that the fluxes of momentum, heat and salt are of the form |6,
p.57]

o™ = pnAL [VLU+ (VLU)T} + pmA| [VH“JF (VIIU)T} (2.79)
a"" = —pme, (K.V.T + K\VT) (2.80)
Jgurb = —pPm (KJ_VJ_S + KHV”S) (2.81)

where A, and Aj are the horizontal and vertical mixing coefficients of momentum,
and K, and K| are the corresponding mixing coefficients of heat and salt.

If one treats the mixing coefficients as constant, the turbulent mixing of mo-
mentum in spherical coordinates reads

(V . a_turb)J_ = AJ_ Viul’ei +A|| Vﬁul’ei +AJ_VJ_ (Vu)

A — A, 2A tanf__ ~
i L " L(r-V)uﬂei—F—L M5 <¢V> u |,
24, Al
+ r va_r%osZ@uL’
A —3A4 . 2A
+¥(V.u)r+ ;uH
r r
Ay —3A,
—%(P-V)UH»

and the turbulent mixing of heat and salt reads

-V - qturb —
urb
—V-Jer =

pmp (KL VAT + K\ViT)
Pm (KLVQLS + KHVﬁS) .
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2.3.4 The dimensionless equations

The dimensionless equations of motion are

d .
FEu Mad? (%)'ﬁ = —pV -1, (2.86)
~ EE turb
P _t :—Eule—l—R—(V U)J_—FFJ_
I
7 00 x 1 g fpr x (2.87)
g 80P ) — 5o sinfpr x )
du Eu 1 /- = .
~f 2 __ = ~ = P Fturb
p<dt)” 2 v||p+Re (V U>+ I
L o808 x iy + —pe (2.88)
g €08 a Frpg' )
d\ - d Ec ~ 4
oC, | — |T = Ty EuE T —o’:D
pcp(dt) (BrmTor) Bu B fr (dt) bt o
l o o [Js-V(Ah)| b
B v m_jg V(Ah) tb (989
Pe |pcpuL \AA +Q ( )
NP 1 -
where
E—‘T (s ] 4ava| 4% 1Y (an 0% x a (2.91)
it ), at |, He, TV FMETT + '
du T ra2
— ] =1 S5r — +u-Vu ———T ], 2.92
(dt) ( ai |, I, =57 (2.92)
i 0 .
(D)= (52 vu.5) -
and
1 . 1 . = 1 - - A
turb A - 2 .1
F RQEAL VLUL ei+ eﬁAH VHUL ei+R€E_ALVL (v 11>
it (9l ()
+R6 -V u e ’YRGT‘ 7 r-V
QF Altan9 Q’yFAJ_ FQ AJ_ i
Ret 7 <¢ V) e, R Cor vlw_Re 2 cos20

(2 94)
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A I ; = 1~ - /=
urb ~ ~ ~
F|t| = 65_ Al Viy . + _R6|t| A” VﬁuH . + _Reh ALV” <V . u>
AT A”<A A)A 3r AL<A A>A A2 A, .
= V- — (v L
TR YT SR T R
’yFAH <,\ A>A 3T /L_ (,\ A)A
- = -V -V 2.95
Ret 7 V) ut e (P V) (2.95)
[ L
b — L grpy Lo 2.96
T T Ppa T pa Vi (2:96)
L I
A 1 -5 A 1 ..
urb 2 2
where the dimensionless numbers that describing turbulent transport are
UlmdL, Um0 Ly m UimdoL, U|mOLy m
t ;1 ;1M t ) ) t ;1M ;1M t ) )
Re| = —AJ_,m Re = —AH,m Pe'| = —KJ_,m Pej = —KH,m .

These equations form the basis of all phenomena at large-scale. Together with
the thermodynamic equation of state these equations form a closed system of
equations. In order to have a well-defined problem, the system of equations need
complemented boundary value conditions. This will be discussed detailed in next
section.

2.4 Boundary conditions

The atmosphere and ocean is bounded by continents, topography and the inter-
face between the atmosphere and ocean. Through the boundary, there will be a
transport of mass, momentum and energy. Therefore it is necessary to specify
the boundary value conditions, in order to solve the equations of motion. In this
section, we derive the boundary value conditions to the equations described in the
previous section.

Let the surface and bottom of the fluid be described by the functions h (¢, ,t)
and hy, (¢, 6,1), and let the average height of the fluid be Hy, so that the deviation
from the average height is ¢ (¢, 6,t), such that

h(p,0,t)+ hy(p,0,t) = Hy+ C(0,0,1). (2.98)

The bottom topography is measured relative to the average radius rq of the Earth,
and specified by the function

r—ro=hy(4,0,t). (2.99)
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Thus, the interface between the bottom and the fluid will be described by the
surface function

Fb (¢,(9,7°,t) = hb (¢,9,t> — (7“—7“0) (2100)
and similarly will the interface between the fluid and the upper surface be described
by the surface function

F, <¢7 0,r, t) = (7“ - TO) - (hb (¢7 0, t) +h (¢> 0, t)) : (2101)
The unit vector normal to the bottom is
~ VF, 1 .
= = V hy — 2.102
n, ’va’ |VFb| ( 1y I‘) ( )
and the unit vector normal to the surface is
~ VF, 1

B = o = R (T—V.0). (2.103)

We will assume that the local curvature of interface between the ocean and the
atmosphere is very small, i.e.,

(I - A,f,) V - fi, ~ 0, (2.104)

such that the upper unit vector is approximately equal to the unit vector along
the radial direction, n, =~ T.

2.4.1 The kinematic boundary conditions
The boundary conditions of the bottom

At the bottom, r — rqg = hy, we assume that the tangential component of the fluid
velocity is equal to the tangential component of the rigid surface velocity. This is
the non-slip condition and can be expressed as

u-t=u-t, (2.105)

where t is the unit tangent vector to the bottom surface and u, is the velocity of
the bottom surface. We will only consider the case where the topography is only
a function of the space, therefore, the bottom does not have any velocity and the
non-slip boundary condition reduces to

u-t=0. (2.106)

In order to have no mass transfer across the boundary, the normal component
of the fluid velocity must be equal to the normal component of the rigid surface

velocity, i.e.
u - ﬁb = U - ﬁb, (2107)
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but since the bottom surface is static, the condition reduces to
u-n, =0. (2.108)

By using equation (2.102) and splitting the velocity field into a horizontal and a
vertical component, u = u; + uy, equation (2.108) can be written as a boundary
condition for the vertical velocity,

11|| i‘\ =u, - VJ_hb. (2.109)

Equation (2.105) and (2.107) implies that the fluid velocity must match the rigid
surface velocity. Since the bottom surface is static, the fluid velocity must be equal
to zero at the bottom.

The boundary condition of the upper surface

Simular to the lower boundary value condition, we will assume that there is no
mass transfer between the interface r — rg = ( + Hy, i.e. any fluid particle which
lies on the interface stays there for all time. Therefore, the normal component of
the fluid velocity must be equal to the normal velocity of the interface itself. This
is the upper kinematic boundary condition and can be expressed as

(u—u,) -n,=0 (2.110)

or .
= = 0. 2.111
o (2.111)

By using that the vertical velocity is defined as the material derivative of the
radial coordinate, and that the fluid hight is independent of the vertical coordinate,
equation (2.111) can be written as

N 0
u||-r:(a+uL-Vl>(hb+h). (2.112)
Analogous to the no-slip boundary condition, there must be a continuity in the
tangential component of the fluid velocity and the tangential interface velocity,

(u—u,)-t=0. (2.113)

Since the boundary value conditions (2.106), (2.109), (2.112) and (2.113) gives the
relationship between the kinematics of the bottom, upper surface and the fluid are
these boundary value conditions called the kinematic boundary value conditions.
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2.4.2 The dynamic boundary conditions
The normal and shear stress conditions for the molecular fluxes

In general the stress tensor o will be discontinuous at the boundary between two
fluids, and/or at a surface that is characterized by a surface tension. In this case
the fluids are the ocean and the atmosphere. First, we derive general boundary
value conditions between two fluids. Then, we make simplifications by assuming
that the atmosphere is dynamic neglectable on the boundary, and that the local
surface curvature is very small.

Applying the momentum equation to a Gaussian pillbox extending just slightly
into the fluids on either side of the boundary, where the pillbox is cylindrical with
height 2¢ and radius €, we obtain the force balance

d
/p—“dvz—/(ao—aa).ﬁudmfirsdu/pgdv. (2.114)
vodt s c v

Where S is the surface bounded by the closed curve C', where C' goes around the
periphery of the cutting line of the box between the fluids. The subindices o and a
refers to the ocean and atmosphere, respectively. Surface tension 7" is intended to
flatten the surface. Therefore, we have assumed that the force T's associated with
surface tension is directed normal to the curve C' and tangential to the surface
S. This direction is given by the unit tangent vector s. By using that the unit
tangetial vector along the curve C' is t and the Stoke’s therem, the force balance
can be written as

d ~
/ p—udV: —/ (0o —0,) -1, dS
voodt s
+ 7{ (P-VT — T, ((P-V)-5,)) ds+/ pgdV,  (2115)
S v
where P is the surface projection operator defined as
P=1—fi,f,. (2.116)

In the limit where the thickess of the pillbox goes to zero, i.e. € — 0, the surface
forces have to balance, since the body force will be of O(e?) and the surface force
will be of order O(¢?). The balance is

(00— 04) Ny +P-VT —Tn,[(P-V) n,] =0 (2.117)

If we use the assumption that the local curvature is very small, the surface tension
can be neglectet and if we assume that the mass density of the air is much smaller
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than the mass density of the ocean, the change in the pressure in the air due to the
ocean motion is negligible, hence the air is dynamically negligible. This implies
zero viscous stress at the surface. In this limit we say that the surface is free.
Applying this assumtion on equation (2.117), we find that the pressures must be
equal at the surface, i.e.,

Polly, = Pally, (2.118)
where the unit vector normal to the surface is approximately the unit vector in
the vertical direction, n, ~T.

The normal and shear stress conditions for the turbulent fluxes

Using the same analysis as above on the turbulent flux boundary value conditions,
we get
(a_gurb _ o.‘;urb) ‘n, =0 (2.119)

If we assume that the local curvature is small, the unit vector normal to the surface
is approximately the unit vector in the vertical direction. This leads to the balance

(J¢r_7—¢r)$+(0—9r_Ter)b\—{'(arr_ﬂ“?“)?:07 (2120)
where o;; and 7;; are the turbulent stresses in the ith direction acting on an element
of surface oriented in the jth direction. {a}ij is the turbulent stress in the ocean
and {7}, is the turbulent stress in the atmosphere. The turbulent stress acting on
the interface between the ocean and the atmosphere is due to the fluctuations in the
wind. Therefore, we call {7}, the wind stress. The wind that blows over the ocean
is approximately horizontal. Hence, we neglect the stress in the vertical direction
acting on the surface. Consequently, the boundary value condition reduces to

(Cor — Tor) D + (09, — T9,) 6 = 0. (2.121)
By using the expression for the turbulent stress tensor, we can write

1 ow w ou

Tor — m‘4 —— = — |+ mA a..

¢ P L<7"cos@(9gzﬁ r> Pl oy

o~ u R
= AL (qb Vw— —) + Ay F- V) u (2.122)
r

10w v ov
or = pmdl (2% - ;) omAig
~ v /\
= pmAlL (0 -Vw— ;) + p Ay (r-V)v (2.123)

Since the wind stress only contains a meriodinal component and a zonal compo-
nent, it is natural to define the vector
T = T¢T$ + mﬁ. (2.124)

We will use this later when we discuss the boundary layer theory.
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The boundary conditions for the temperature and the salinity

Since the normal and the tangetial compontents of the velocity is continuous at
the bottom, the fluid velocity is zero. Therefore, there can not be any transport
of heat and salt on either small-scala and large-scale,

-~

q-1ny

turb ﬁ

b

Js -y

turb =
JS * nb

or equivalently
q- 1y,
KJ_VJ_T . Vj_hb
Js -1y
KLVLS . Vth

o o o o

At the free surface we have applied the heat and salinity equation to a Gaussian
pillbox. The analysis is simular to the analysis of the boundary condition for the

stress. The result is

(4o

(q;c)urb turb
(Js0 — J s

)
a)

(Jturb Jturb) .

Since the atmosphere is dynamically negligible

small the boundary conditions reduces to

9o -
(Cl:;)urb qt;urb) .
JS’ o’

(Jturb Jturb)

or equivalently

qo -
PmCp K VT -
JS,O :
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Dimensionless boundary conditions

By introducing dimensionless numbers, the boundary value condition at the bot-
tom 2 = hym o/ Lj,m is given by

hbm ~ A
. -Vh 2.145
SLjm - (2.145)

W =

where Ny, is the typical magnitude in the bottom topograpy. The boundary value
conditions at the free surface 2 = 1+ (,, /0Ly, are

. G o . 2\
= (9= : 2.146
O o, e T Ve (2.146)
Al o+ [ ~ o s
O”A}br = AJ_’ vAL (’7¢ -Vw — F%) —|-AH (I‘ . V) Uu, (2.147)
Al o« [ & ; .
aty, = AL’ AL (WH-Vw—Fg>+A <r-V> 0, (2.148)
I,m r
p = Da (2.149)

where 7, is the typical magnitude in the wind stress, (,, is the typical magnitude
of the interface amplitude, p, is the dimensionless pressure at the interface and
the new dimensionless number is

Tm5L||7m
a =

Note that we have defined the vertical coordinate as z = r — r9 and used that the
typical magnitude in the average depth Hy is 0L ..

2.5 Slab coordinates

If one wants to describe phenomena on small scales in relation to the earth radius, it
will be advantageous to introduce a local rectangular coordinate system (X, Y, Z)
fixed on the Earth’s surface. Let the origin to this local coordinate system be
given by the position ¢g¢, + 0060 + roTo, where the unit vectors which span the
coordinate system are defined by

X = ¢, = —sindpX + cos doy, (2.151)
Y = 50 = — sin 6 cos ppX — sin O sin gy + cos 0z, (2.152)
7 = Ty = cos B cos ¢pX + cos by sin gy + sin Hyz. (2.153)
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For small excursions on the plane, the geometry gives that the slab coordinates
are related to spherical coordinates by

X = XX+YY+27Z,
= (6 — o) rocosOy X + (0 — 0) oY + (r —10) Z. (2.154)

By using the chain rule it follows that the relation between the derivatives in the
local coordinate system and the spherical coordinate system is

0 0 0 0
a6 PN x a9~ "oy’ ar o0z (2.155)

and d 1 dX do 1dy dr dZ
a9 _ @ Ldbdr_dZ (2.156)

dt  rocosty dt dt 7o dt dt dt

The first order gradient operator in this coordinate system is
o rgcosfy O ~1r9 O ~ 0
=X —+Y ——+7Z— 2.1

v rcosf 00X * rdY * 0z’ (2.157)

and the second order spatial derivative is

2 a2 2 2 2 2
o Tgcos by O rg (07 tanf 0 0 20
V= 00X <E)Y2 rg 0Y \ozz"raz) (2.158)

The velocity is given by

rcosf dX -~ rdY ~ dZ -~
MXg,rar g, 2y 2.1
rocoste dt o ar T T (2.159)

By introducing non-dimensional variabels, the spatial differential operators in hor-
izontal and vertival directions become

A ~1cosfy O ~1 0

= X- — +Y-——+ 2.160

Vi 7 cosf 8X+ FoY’ ( )
. ~ 0

V) = Z—, (2.161)
07

and the Laplacian become

. 1 2 2 1 2
2= Tcos 0o 8A L1 61 Ttand 8A 7
72 cos?h 9 X2 12 \9Y?2 oY

. 2 2
Vi o= <8822+ P;;ZA). (2.163)

(2.162)
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It should be noted that the introduction of slab coordinates has not resulted in
any loss of information in the equations, i.e., this is not some kind of approxima-
tion. The trigonometric functions can be expanded around the origin of the local
rectangular system,

o0

. 1 [(d 0
sinf = ZE(W (sm@)]e:ao) (0 —6,)", (2.164)

n=0
=1 /d» "
cosf = Z (@ (cos 9)|0:90> (6 —00)", (2.165)

n!

o0

1 [/ d n
tanf = ZE (W (tan0)|9_90> (0 — 60)". (2.166)
n=0

Since the dimensionless meridional coordinate Y is

V=T 0 ) = 5 (0 f0). (2.167)

00 1 n \n

sinf = Zﬁ(% (sin9)|990) (FY) , (2.168)
n=0

cosf = Z%(% (cos@)b:eo) <F}7>n, (2.169)
n=0
1 /d» A\

tanf = ZH(@ (tan@)\g_eo) (FY> . (2.170)
n=0

From equation (2.154) it follows that the dimensionless radial coordinate is given

by

F=1+TZ. (2.171)
Therefore, it follow that 1/7 can be expanded as
1 2\ L - B
Z= (1 + ’yFZ) ~1—ATZ + (W) 2% + O((D)). (2.172)

In the next three chapters, we will discuss models that are limited to a horizon-
tal length scale which is of the order much less than Earth’s radius. In this case
the introduction of slab-coordinates cause that the meridional and zonal coordi-
nates will be mapped into a rectangular coordinate system. The expansions of the
trigonometric functions will show in a consistent manner which part of the equa-
tions of motion where curvature is important. It will turn out that the curvature
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will be important in the Coriolis force, even where a local rectangular coordinate
system will be a good approximasjon. It should also be noted that the radius
(2.171) to O(1I") will be approximated constant, even without the introduction of
slab-coordinates. Therefore, we can in a consistent manner using equation (2.172)
to determine to which order the variation of the radius is important. Equation
(2.172) is indeed the relation that gives the widely used thin shell approximation
for dynamics described in spherical coordinates, in the limit where the fluid is
shallow.

2.6 The background state of the ocean

In the absence of motion, u = 0, d7'/dt = 0, dp/dt = 0 and dS/dt = 0, the fluid
will be in state of mechanical equilbrium, where the pressure is hydrostatically
distributed along the vertical direction and there will be no mixing of momentum,
heat and salt. The equations for this state is

Vipn = 0 (2.173)

Viph = prg (2.174)

Vg, = 0 (2.175)
V-Jsu = 0 (2.176)
on = p(Th,Sh,pn) (2.177)

where the h sub-script indicate the hydrostatic state. Since the acceleration of
gravity is constant and is pointing in the negative vertical direction and the hor-
izontal pressure gradient is zero, it follows that the pressure is only a function of
vertical coordinate, p, = py (r). The rotation of the hydrostatic equation is zero,
which implies that

Vph X Vph =0, (2178)

hence the density gradient is parallel with the pressure gradient, so that the mass
density associated with this mechanical equilibrium is only a function of the vertical
coordinate, i.e. pp = pp (r), or it is constant, p, = po. If the mass density is
constant, the thermodynamic equations become decoupled from the continuity
and momentum equations. If not, consideration of the thermodynamic equations
are necessary. In the case where the density is a function of the vertical coordinate,
the equation of state implies that the temperature and the salinity also must be
a function of vertical coordinate only. Such a fluid is said to be stratified. It
should be be noted that stratified fluids can never be in a state of thermodynamic
equilibrium, since the temperature is not constant. When the mass density is
constant, p, = pg, the solution for the hydrostatic equation is

pr (2) = pa — pog [z — (Ho + ()], (2.179)
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where p, is the atmospheric pressure at the interface between the ocean and the
atmosphere.

2.6.1 Stratification

Let a fluid particle move adiabatically by a small amount ( from its initial position
r. Assume that at each instant of time the thermodynamic state of the particle
may be assumed to be an equilibrium state. In this case the entropy s and the
salinity S are constant and hence the density of the fluid particle at position r 4 ¢
is

d
(pn (r+Q))g,.5, = Pu (1) + o C. (2.180)
dr /., s,
The density of the surrounding fluid is
dpn
pu(r+C) = pu(r) +—=C (2.181)

The fluid particle will thus experience a buoyancy force density

o= (o + Q= +0),5)

(e (e
— g < - ( = )Sh,s,l) . (2.182)

If f, < 0, the buoyant force will tend to return the fluid particle to it’s initial
position and the stability of the equilibrium is stable (stably stratified). Otherwice,
if f, > 0, the bouyanct force will accelerate the fluid particle away from it’s initial
position and the stability of the equilbrium is unstable. The change of the mass
density with height when the salinity and the entropy are constant can be written

(%) :(%) dpn (2.183)
dr sniSh Opn, sn.Sh dr

and the change of the mass density of the surrounding fluid is given by the equation
of state

dpn, opn dT Opn dpn Opn dsS
SPn_ (2P Sh o (SPn o (2P on 2.184
dr (QTh on.Sh dr + apy, .5, dr + a5, T on dr (2.184)

The adiabatic compressibility coefficient to the hydrostatic state is

PR <%) _ 1 (%) L (%) , (2.185)
Ph aph Sh,Sh Ph aph Th,Sh Ph aTh’ PhySh
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and the relation between the adiabatic compressibility coefficient and the sound
velocity is given by

1
G =— 2.186
" pwfn ( )
By using (2.185) and (2.186), equation (2.183) and (2.184) can be written as
d 1d
(ﬂ> T (2.187)
dr /. ¢ cr dr
dph dT 1 dph dSh
S r 2.188
T —PnPr, -+ ( 2 + pubr, h) 3 T PnBsi - ( )

By using these relations and that the pressure is hydrostatically distributed, it
follows that the buoyancy force density can be written as

dTj, ds,
o=y [_phﬁTh ( I + pthh) + pnBs, q h] C. (2.189)
Therefore, the force balance for the fluid particle is given by
d? dTj, ds,
Phd—tg =g {_phﬁTh ( I + pthh) + pnBs, q h} C. (2.190)

This equation has the same structure as for a harmonic oscillator, where the fre-
quency of the oscillator NV is given by

dT, ds
N*=yg [ﬁTh (d_rh + pthh> Bs, q h} (2.191)

This frequency is called the buoyancy frequency. The buoyancy frequency can be
used as a measure for the stability of the stratification. It follows directly that
the stratification is stable if N2 > 0, unstable if N2 < 0 and neutrally stable
if N2 = 0. It should be noted that another equivalent form for the buoyancy
frequency is given by

2
Ni= =~ _ = (2.192)

This formulation is better to use to estimate the magnitude of the frequency.
There are several dimensionless numbers that are associated with the buoyancy
frequency. The most common are the stratification Froude number F's and Burger
number Bu, define as
F Ui i 2.193
s = .
N2 N2S5L2 ( )

Hm

Nm(SLH,m . Ro 2
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where the stratification Froud number is associated with the importance of strat-
ification versus inertia and Burgers number is associated with the importance of
rotation versus stratification. Note that N,, is the typical magnitude in the buoy-
ancy frequency. For small values of F's, stratification is important compared to
inertia, and for large values of F's, stratification is unimportant compared to in-
ertia. When rotation is as important as stratification, then the Burger number is
of order one. By introducing dimensionless numbers, the dimensionless buoyancy
frequency becomes

o N2 . N2
N? = ;gmzv%ﬁ%zvg, (2.195)

where NTP is the dimensionless buoyancy frequency due to change in the mass
density because of the change of temperature and pressure, and Ny is the dimen-
sionless buoyancy frequency due to change in the mass density because of the
change of salinity. The dimensionless buoyancy frequencies are define as

~ ~ 5Th dTh Ec A
22— m T..) —~%p, T 2.1
Tp BTh ( (STm dr + (/BT,m m) FTIY Ph h) 5 ( 96)
. - [ 0ShmdS
Ng = —ﬂsh((ssh’ dfh>, (2.197)
(2.198)
and their typical magnitude is
gﬁT m(STm
NZ, .. = === (2.199)
Tp, 5L||’m
gﬂS mésm
Ng, = /=R (2.200)
’ 5LH7m

where 67,, and 05,, are the typical magnitude of the characteristic change in the
full temperature and salinity, respectively.

2.6.2 The equations for the deviation from the background
state

We denote respectively the mass density, pressure, temperature and salinity devi-
ations from the background state by p, p, T and S, defined as

p=p—pn P=p—pn, T=T-T, S=S-25, (2.201)
such that the equation of state for the deviation is

ﬁ: P (T7p7 S) — Ph (Thaplw Sh) . (2202>
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The thermodynamic evolution equation for the mass density is

iﬁ_ dp  dpn

— F_ 2 2.203
dt dt dt’ ( )
where
dp dT dp S 1 dp
—_— = — -T 2.204
Y o ( u dt) G+ T (2.204)
dpn Ph 72
—_— = — N — — . 2.205
% w 2 = ng ( )

Hence, the thermodynamic mass density equation can be written as

dp dT dp ds Ph 7o dp
i pﬁT(dt th)+ 55 ;tw N + s\ o wpg (2.206)

By introducing dimensionless numbers, the equation can be written in dimension-
less form as

6,0m ? o BT o ? A A ? R
= = FEu EcbrT| —
<dt>p , (PC (dt) (5Tm m) u Ecfr (dt>p>

+ (B5,m0Sm )Pﬁs( d )S—l— FEuMa i(i)ﬁ

8P . M A
+ ’; i (Bu FpnN? + 42 Fih%) W (2.207)
m h

where the new dimensionless numbers are

(2Q)*0L% SDhm UL
e — E _ . canm M _ m
9OLym o PmULm0U L “h Chom

(2.208)

respectively, the rotational Froud number, the hydrostatic Euler number and the
hydrostatic Mach number. We will later find the typical magnitude for the de-
viations in the pressure and the mass density. By using the dimensionless heat
equation and the dimensionless salinity equation, the evolution equation above can
be written as

6lom /d\ A 6lohm ~AT2 2Mai21/3h ~
— Py RN 2, Pn
<dt> W T g )

1/4d°
+EuMa —(dt)er i, (2.209)
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where H is the heat source function define as

BrlBe- o 1o o [Js V(AR = o/ xi) L Awb
H:_ _I:D__ . _ mJ Ah ur
¢, |Re” Pe¥ U e Vo T] V( )*QT
~ 1 -~ =« A
+ (Bsm0Sm) Bs | —5—V - Js + Q5" ) . (2.210)
PGS

In dimensionless form, the vertical pressure force can be written as

.1 L =
— Vip= — <Euh Vpn + Eu VHp) , (2.211)
v g
where we have introduced a new dimensionless number, the Euler number of the
pressure deviation,
Fu=—"——.
meJ_,méUJ_,m

The body force in dimensionless form is

(2.212)

1 An Ph,m 1 S ﬁm 1 Aa
—pg=tEm 5 P Ge 2.213
Frpg Prm F?"phg Pm Frpg ( )

such that the mass density in dimensionless form is

p="Lhm s 4 Pm 5 (2.214)

m m

The background state of the ocean satisfies the dimensionless hydrostatic balance,
0=——"Vpn+ e (2.215)

and the background pressure is independent of horizontal coordinates,
0 = Euy Viph. (2.216)

From equation (2.215) it follows that
20 P gy = 0(1), (2.217)

which is equivalent to say that the characteristic magnitude of change in the hy-
drostatic pressure is
5ph’m = O(ph,mg(SLH). (2.218)
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If (2.201), (2.211), (2.213), (2.215) and (2.214) are substituded into the horizontal
and vertical momentum equations, (2.87) and (2.88), the momentum equations for
the deviations from the background state becomes

du .
~f Y _ —E v - (v ) Fturb
p( 7 )L U Lp+ e o + B
Y cos 058 x Ty — — sin 5% x @ (2.219)
—— Cos — —ssin .
Ro p '™ Ro p L
du Fu -~ 1 /0 - .
~f WH _ __v - (v . /> Fturb
P(dt) ||P+R o), tE
1 N Nm 1 AN

If (2.201) and (2.215) are substituted into the heat equation, (2.89), the heat
equation becomes

5T, [d\~ (e, dT; Ee , -
pcp( )T = —pCpw <—h h‘i‘(ﬁT,me) ﬁ’ﬁ/ﬁzﬁ)

T dt or,, dr

7 ~ Fe~ 4
+ (/BT,me> E'U/ ECBTT(dt>p + _Co./ -D

Re
1o o |[Js-V(An) urb
[ . m J ur
Pev CJpeuy - v.T| . V( >+Q ’

where 67}, is the typical magnitude for the change in the deviation of the tempera-
ture from hydrostatic equilibrium. By using the dimensionless buoyancy frequency
associated with the temperature and pressure, equation (2.196), the deviation heat
equation can be written as

i [T\~ W o,
== \T P — mlm) Eu B T — |p
- <dt) b 4 (BruT) BuBe s (dt)p

Be. o 1o |5-V(Ah) -
: . m J Ah ke 2.221
Re pe 47 lpcyu -V T V( >+Q ’ ( )

If (2.201) and (2.197) are substituded into the salinity equation, (2.90), the heat
equation becomes

85, [d\ , N?
p [— (—)S 55 ] = _P—v Jg+ Qb (2.222)
S
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where 5§m is the typical magnitude for the change in the deviation salinity. If
(2.201), (2.215) and (2.195) are substituded into the mass continuity equation,
(2.86), the mass continuity equation for the deviation mass density becomes

5om (AN~ Opnm . Ma2 j o
BEuMa? L(—)p— Ph, (BuFﬁhNMy?ﬂ%)w = pV-i. (2.223)
Pm \ dt " Fr ¢

Using the continuity equation, (2.223), and the evolution equation for the equation
of state, (2.209), one can find an evolution equation for the pressure;

1/d .
(Eu Ma?)? = <&>]§ =—pV-u— EuMad’H. (2.224)

The equations derived in this section will be the basis for the remaining chapters in
the thesis. Note that all equations are driven by buoyancy. Except the horizontal
momentum equation.

2.7 Summary

In this chapter we have derived the general dimensionless equations of motion for a
two component, one phase fluid system. The continuity equation for the deviation
of the mass density around the background state is

5om (AN~ Opnm . Ma2 j o
FuMa? L(—)p— Ph, (BuF,?)hNQ—I—V2 ah[j—;) w| =—pV-u, (2.225)
Pm \ dt " Fr ¢

the corresponding momentum equations are

—

du ~ . A 1 /0~ - .
~ - _F A _( . /> Fturb
p( )L UVL]?—FRG V (o2 L+ 1

dt
— 2 cos 058 Xy — —— sin 6% x 1, (2.226)
- NRO Ro
du Fus ~ 1 /o = -
ﬁ(a) ” = —7V||p + e (V ~ a’> | + Fﬁ“rb
1 P A R
— —cosf0 x 0, +——7pg, (2.227)

Ro pm F'r
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and the corresponding heat and salinity equations are

—

5T [ d\ & N2 —~ . . (d\=
¢y, | =2 — | T+ =20 | = BrmTmEuEcBrT( — |p
Py (Tm <dt) + 7 w) O, uEc Br (dt)p

Beo ~ 1o _ [Jg-V(AR| + =/ o\ -«
2D —V.q— m . (Ah) twb (999
TR Pe” U e vor] 08 T, (22%8)
58n (d\ s N2 1o
~ m [ “ - N _ .J turb 2.99
P <_Sm <dt)S B, w> _Pesv s+ Q" ( 9)

where the thermodynamic evolution equation for the mass density is

—

0pm ((d )2 0Ph,m o o Magpn
— = = — | Bu Fp,N -
Pm <dt>p Prm wELNT Y Ty e v

—_

(i)m H. (2.230)

1
EuMa®>—
+ruMa®— T

e
Note that the mass density is given by equation (2.214). The total system of
equations consists of seven equations with seven unknowns. In the next chapter
we will consider the value of the dimensionless numbers for flow in the midlatitude.

Based on these values, we will use perturbation theory to derive reduced model
confined to the midlatitude.



Chapter 3

The dominant balance in the
ocean

In this section we want to find the different time scales in the equation of motion.
The method we will use is to look at the linearized motion equations, by then
finding their eigen modes in the Fourier space associated with the different time
scales. By writing the dimensionless numbers as the ratio between the different
time and length scales, we can detect the different regimes in time and space that
determines the dynamics. At the end of the chapter, we estimate the magnitude

of the various dimensionless numbers for the mid-latitude at ocean.

3.1 The local equations of motion

By introducing a local slab coordinate system around the latitude 6y, (2.154), and
expand the trigonometric functions,(2.168), (2.169) and (2.170), and the radius,

(2.172), to O(I'), the momentum equations read

—

_RLOL <R0L§ — rY) pY x iy — RLOL (1 + ROLBY) pZ x 1y(3.1)
ﬁ% - —%Wfﬂ % (V- &/)| +
- (m? . FY) ¥ xci + ’7—:%5 (3.2)
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where we have defined the new dimensionless numbers,

Ro UJ_ m
R = = : 3.3
oL sin 90 fo&LJ_’m ’ ( )
6, S L2
g = 2 _ g (3.4)

— Mo
Ro UJ_7m’

respectively the local Rossby and the S-number, where the S-number is associated
with importance in the meridional variation of Coriolis acceleration in relation
to inertia. In dimensional values, the Coriolis parameter takes the form f =
2Q)sin . For the slab-approximation to first order, the Coriolis parameter can be
approximated as f = fo + Boy, where fo = 2Qsiné, is the Coriolis parameter
evaluated at latitude 6, and [, is the the meriodional variation of the Coriolis
force. The slab-approximation has reduced the inertia terms to

du, i . -

% _ (Sr 8;; L Vi, +AToh, + Datan 6, Z x ﬁL) . (3.5)
duy, oy .. T .,5

_dt“ — (Sr 85” +a- Vi — ;uiZ), (3.6)

and the turbulent viscosity terms to

N A A 1 A A
urb ~ 2 A ~ 2 A
F! = R pA I Via, + @PAHV”UL (3.7)
L [
~ 1 . = 1 . -
turb N 2 A N 2 A

v, - x 2 43 aA, (3.9)
0X oY

N ~ 0

V” = Z—. (3.10)
07

Note that the unit vectors in the slab geometry are constant, hence we have re-
moved the vertical line. By introducing the slab-approximation to the boundary
conditions (2.145), (2.146), (2.147), (2.148) and (2.149), the lower boundary con-
dition at Z = h,m, be/(SL”m reads

hbm ~ >, 7
: . hp. 3.11

w =
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The boundary value conditions at the free surface Z=1+ Cm §A /Ly m reads

S Cm 8 A~ Z N
= 2 (Sr— -+ 12
m T Srﬁt +ua, -V, )¢, (3.12)
ALm In < i N N ~ s N
aTxyz = —yA, (WX -Viw—-Ta)+ A (Z-V))a, (3.13)
A ( )+ A (2%
Aim o+ [ o e N s fm e
aTyy; = AL’ vAL <7Y Vi — FU) + A (Z . V”) 0, (3.14)
P = Das (3.15)

Note that the wind stress has changed subindex from spherical description to a
local slab description.

3.2 Typical values for the midlatitude ocean

In this section we will calculate the typical values of the dimensionless numbers
for large-scale flows. We will see that the molecular transport of momentum,
heat and salt can be neglected compared to advection. We will also see that the
Reynolds number is orders of magnitude greater than the typical critical value
for the transition between laminar flow and turbulence. Therefore, the motion
is turbulent. In table 3.1 and table 3.2 we have calculate the magnitude of the
dimensionless numbers given by some typical values for the flow in the midlatitude.
Where the differences in the tables are the characteristic scales in the horizontal
length and velocity. This means that in table 3.1, the effect of stratification is
much less important than rotation, and in table 3.2, the effect of stratification is
equally important as rotation. In chapter 4 we will derive a reduced model for the
midlatitude based on table3.1 and in chapter 5 we derive a reduced model for the
midlatitude based on table 3.2.

For both tables, the Rossby numbers are small, so we can assume that the
dominant balance in in the horizontal direction is between the horizontal pressure
gradient and Coriolis force, i.e.,

EuRoy, = O(1), (3.16)

where Ror, = U,/ fo0L) m is the local Rossby number given at the latitude
0y, and fy = 2Qsinf, is the corresponding Coriolis parameter at this latitude.
Equation (3.16) is equivalent to say that the typical magnitude of the change in
the deviation pressure is

(552 O(meJ_’mf()éLJ_’m). (317)
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Parameter 0Ly m, oLy m ULm Al Alm
Value 10°m 10°m | 1072m/s | 10° — 10*m?/s | 107* — 1072 m?/s
Parameter Pm Tm, Ny, Kinm Km
Value 10°kg/m? | 107" Pa | 107%s7! | 10— 10°m?/s | 107° — 10~* m?/s
D. number r v Ro Roy, Ma
Value 1071 1073 1074 1074 107°
D. number Fr FEc Pep Peg F
Value 10~ 1078 104 10 10Y
D. number B Re Re', Re| Bu
Value 102 10% 102 — 10° 10?2 — 10Y 103
D. number Pe', Pej «
Value 10% — 10! | 10% — 10 | 10° — 103

Table 3.1: Typical values for large-scale flows at latitue 6, = 45°, which cor-

respond to a Coriolis parameter f; = 107%s~

1 and a meriodional variation to

Bo =10"" (ms)~'. Note that D. is an abbreviation for dimensionless

Parameter 5LL,m (3L||7m UL,m AL,m Ava
Value 10° m 10°m | 107 m/s | 10> — 10*m?/s | 107* — 107*m?/s
Parameter Pm Tm, Ny, Kim K m
Value 10°kg/m3 | 107'Pa | 1072s7! | 10 —10°m?/s | 107° — 107" m?/s
D.number r y Ro Roy, Ma
Value 1072 1072 102 10~2 10~4
D. number Fr FEc Pep Peg F
Value 10~10 1076 1013 102 10~2
D. B Re Re', Re| Bu
Value 109 10° 102 — 10° 10° — 10? 10°
D. Pe', Pe| «
Value 102 — 10 | 10° — 10* | 10* — 10?
Table 3.2: Typical values for large-scale flows given at latitue 6, = 45°, which

correspond to a Coriolis parameter f; = 107%s~

I and a meriodional variation to

Bo =10""" (ms)~'. Note that D. is an abbreviation for dimensionless
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The main balance in the vertical direction must be between the vertical pressure
force and the gravitational force, this impies that

D pr = 0(1). (3.18)

This expression gives that the typical magnitude of the change in the deviation
pressure is

(5?52 O(ﬁmg(SLH,m)- (319)
Since (3.17) and (3.19) must be equal, it follows that the typical magnitude in the

deviation mass density is
~ Fr
P e o,
where Fp, = f36L3 ,,/90Ljm is the local rotational Froud number, which corre-

sponds to the rotational Froud number F' = (29)2 5L2l’m/g5L||,m. The typical
magnitude in the mass denisty is the typical magnitude in the hydrostatic mass
density, hence the dimensionless mass density can be written as

p=pn+ Ro,Fpp. (3.21)

== meOLFL, (320)

The only dimensionless number that we have not calculated, is the Mach number
associated with the sound speed ¢, of the background state of the ocean. Mea-
surements show that [9, p.120]

Cs — Cp

~ 0.05,

Cs
so that the speed of sound to the background state is approximated given by
cn =~ 0.95¢,. Therefore, the Mach numbers are related by

1
May, = —— Ma. 3.22
=095 (322)

According to the scaling in the pressure deviation and density deviation, the slab-
approximated momentum equations becomes

Acﬁ A A ROL o ~ EkJ_AA DU EkHAA ~ o .
ROL,OW = —VLP+E(V-U')L—i-TpALVLuL—i-T,OA“V”uL

—~ (RoLg — rY) PO x 1y — <1 + RoLﬁff) Xy, (3.23)
N NS Ro Ao EFk, ~ ~. .
ROL”)/2p— = —V“p + ’YQR—eL (V . o'/) | + 72TL/)AJ_V3_UH
Bk ey Na s
+727HpALVﬁu|| — 72 (RoLg — FY) 0 xu, +pg, (3.24)
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where we have used equation (3.17) and equation (3.19) and defined two new di-
mensionless numbers, respectively the horizontal and the vertical Ekman numbers

R
Ek, = 2R—Zf, (3.25)
1
ROL
Ek = 2% (3.26)
ReH

The Ekman number is the ratio of viscous forces to Coriolis forces. One conse-
quence of equation (3.17) and (3.19) is that we can calculate the typical magnitude
for the interface amplitude (. By using the dynamical boundary condition at the
interface, (2.118), and use that the background pressure is hydrostatically dis-
tributed, (2.179), it follows from the scaling in the pressure deviation (3.17) that
the dynamical boundary condition is

Pa — Pm3 [Z - (HO + C)} - meL,mf05LL,m5: Pa-

Since the mean depth Hy, and the vertical coordinate Z is of O(0Ly ) and the
typical magnitude of the interface amplitude ( is (,, it follows that the boundary
condition can be written as

> Cm o~ UJ_ me(SLJ_mK/
—\Z =11 — = - n,
{ ( i 5L||,mc)] Y

We will assume that the interface amplitude ¢ is much less then the mean depth
Hy, hence it follows to lowest order that Z ~ Hj, or in dimensionless form that
Z =~ 1, which gives that

gm 2 A
Sm P Ro, F 3.27
SLym ¢ orLL'Lp, ( )
and since é and 5 are normalized such that they are of order unity it follows that
Cm
—— = Ro,F 3.28
OLjjm i (329
¢ = b (3.29)

at the interface. For midlatitude flows Roy F, has a maximum value of O(Roy).
Thus, this is a good approximation. Equation (3.28) implies that the kinematic
boundary value condition of the vertical velocity at the surface is

W = Ro,Fy (Sra% +a, - %) (. (3.30)

The Strouhal number Sr will be assumed to of order O(1) such that the typical
magnitude for the time is 7= 0L /UL m.



Chapter 4

The midlatitude barotropic ocean
circulation model

In this chapter we want to describe an ocean circulation model that includes wind
stress and topology, where the model is limited to midlatitudes. The idea is to re-
duce the geometry to a plane tangential to the Earth, where the origin of the plane
is centered in the middle latitude. It will be seen that this follows directly from the
scaling analysis. This shows the power of dimensional analysis, namely that the
equations reduce to a simplified model, without losing the essential physics. The
reduction of the geometry implies that the curvature disappears from the model,
except in the Coriolis term. In this model, we also use that the mass density is
constant, p = 1 and p = 0, so that the fluid is not stratified and that the equations
of motion disconnect from the thermodynamic equations. This means that the
total mass density is only a function of pressure and vice versa. Such fluids are
called barotropic. The consequence is that the flow is incompressible to all orders
and that the buoyancy force in the vertical momentum equation vanishes. This is
equivalent to letting the stratification Froude number F's go to infinity such that
rotation is the important effect. Accordingly, we will use the values in table 3.1 to
derive a reduced model describing the barotropic dynamics. Since the local Rossby
number is small, the phenomena described at this scales will be contained in the
equations of motion to order Ro. Therefore, we will truncate the equations of mo-
tion of order O(Roy). According to table 3.1, the truncate momentum equations,
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(3.23) and (3.24), and the continuity equation, (2.225), reads

—_

dllj_ AoA E/{J_ Ek‘|A

_ | &2
ROLW = —VLP VLUL TVHUL
FATVY x iy = (14 RopY) Z x i (4.1)
0 = Vp, (4.2)
= V,-u, + V” . fl||7 (4.3)

where we have assumed that the normalized turbulent mixing coefficients are con-
stant and where we have splitted the divergence of the velocity field into a hor-
izontal and vertical divergence. This is done since the unit vectors in the slab-
approximation are constant. The truncated horizontal inertia term is

CEI\L_ 8uL
W_ < af +u- Vul> (4.4)

Throughout the chapter we will assume that the topography h; is of order Roy,
relative to the average depth Hy, i.e., hypm /0L m ~ O(Ror), hence the truncated
boundary conditions, (3.11), at the lower boundary, Z = Rophy reads

v = ROLItlJ_ . @J_ilb, (45)

and the truncated boundary conditions, (3.30), (3.13), (3.14) and (3.29) at the
free surface Z = 1 + Rop F LC reads

0 N A
w = ROLFL <8—£—|—flJ_VJ_) C, (46)
ou
aTt = —, 4.7
Xz 7 (4.7)
o
QT = —=, 4.8
vz 7 (4.8)
5= ¢ (4.9)
Just to clarify, the nabla-operator in the slab-approximation is given by
. 0 ~ 0
oX oY
. = 0
V) = . 4.11
|| Y (4.11)

In the next sections we will describe the motion of the ocean for small Rossby
numbers using a regular pertubation method. This provides a systematic and
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physically transparent description of the motion to the desired order in the Rossby
number. The method is based on an asymptotic solution in a small parameter,
in this case the Rossby number. Therefore, we have to determine the order of
magnitude of the other dimensionless numbers with respect to the local Rossby
number Roy. According to table 3.1, the dimensionless numbers are related to the
Rossby number by, F, ~ O(1), 8 ~ O(1), Ek, ~ O(Ror), Ekj ~ O(Roy) and

O(1/Ror), where we have chosen the maximum probable value of the Ekman
numbers.

4.1 The asymptotic reduction

The dynamics described by equations (4.1), (4.2) and (4.3) are characterized and
determined by the small local Rossby number, Ro; < 1, such that the solution
of the equations depend on this small dimensionless number, i.e.

a, =10, (X,f; ROL> ;O =1 (X,f; R0L> , ﬁz ﬁ(X,f; R0L> . (4.12)

But exact solutions to the equations cannot be found, but since Ro;, < 1 one seeks
to find approximated solution. We will assume that the solution can be expanded
in a regular power series in Roy,

o ) - ZRcﬂLﬁli,L (Xt) (4.13)
i ) - ZRoiLﬁi,” (Xt) (4.14)

(x.i
f (X

B (X ) - ZROiL]%i (Xt) (4.15)
)

N

such that (uo 1, U, P ) are equal asymptotically to (ub ), p A) when Rop, — 0

and where (uZ 1,0, pz> are independent of Roy, for each order ¢. By substituting

the expansions (4.13), (4.14) and (4.15) into the equations (4.1), (4.2) and (4.3)
and collecting part of the same order, we obtain equations for determining the
dynamics to the desired order. Note that (4.1), (4.2) and (4.3) are truncated
equations which are only valid up to O(Roy). If we want to find the equations of
O(Ro?) or higher, we must include higher order correction terms to (4.1), (4.2)
and (4.3).
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4.1.1 The geostrophic flow

To zeroth order in Roy, the horozintal momentum equation reduces to a balance
between the zeroth order Coriolis force and the zeroth order pressure gradient,

0=—V.p,—2Zx ., (4.16)

which is known as the geostrophic balance. By taking the cross product of 7 with
the zeroth order balance, (4.16), we obtain a diagnostic equation for the zeroth
order horizontal velocity field 1y ; given by the zeroth order pressure gradient,

lAloyL = Z X @iﬁﬂ' (417)

Note that the horozontal divergence of the zeroth order horizontal velocity is di-
vergence free, i.e.

V. -1y, =0. (4.18)
Helmholtz’s theorem for vector fields in two dimensions, (?7), says then that the
zeroth order pressure deviation acts as a streamfunction in the horizontal plane.
The vertical momentum equation (4.2) to zeroth order gives that the zeroth order
pressure deviation is independent of the vertical coordinate Z,

0= V)P (4.19)

This implies that the zeroth order velocity field, (4.17), is also independent of the
vertical coordinate. Equation (4.16) and equation (4.19) show that the zeroth
order pressure deviation is undetermined to this order. The continuity equation,
(4.3), to lowest order in Roy, reads

0= @l . ﬁo,i + @H . 1A107||7 (4.20)

and since the first term on the right side is constrained to be zero according to
equation (4.18), it follows that the vertical divergence of the vertical velocity is
Zero,

V-t = 0. (4.21)
The lowest order boundary condition, (4.5), at the bottom Zo =0 is
QIJO = ROLﬁO’L : @th, (422)

and the lowest order boundary conditions, (4.6), (4.7), ,(4.8) and (4.9), at the free
surface Zy = 1 are

W = 0, (4.23)
P

0ixg = %, (4.24)
iy

0572 = —=, 425

vz 5 (4.25)

po = Co- (4.26)
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From equation (4.21) and (4.23) it follows that the zeroth order vertical velocity is
equal to zero, wy = 0 everywhere in space and time. However, there is a dilemma
in the boundary value conditions (4.22), (4.24) and (4.25). This is because hy,
7xz and Ty z are prescribed functions of O(1), which are given as an input to the
model, and since « is of O(1/Roy) and in addition, the horizontal velocity field is
independent of the vertical coordinate, the order of magnitude on the right hand
side is of a different order than the left side. This means that the lowest-order
equations, (4.16), (4.19), and (4.20), and expansions, (4.13), (4.14) and (4.15) are
not valid to describe the dynamics of the entire interval 0 < Z; < 1. So there
must exist a boundary layer at Zo =0 and Zy = 1 where the normalization of the
vertical coordinate Z is different than initially assumed such that the boundary
value conditions are correct. We will discuss this in detail in section 4.2. The
fact that there exists boundary layers does not mean that equations (4.1), (4.2)
and (4.3) are not valid, it just means that they are valid outside the region where
there is a boundary layer. Therefore, the expansions (4.13), (4.14) and (4.15) are
called an outer expansion and the solution of equations (4.1), (4.2) and (4.3) are
an outer solution which describes the dynamics of the interior. Therefore, the
boundary value conditions are connected to the interior via the boundary layers.

4.1.2 The ageostrophic flow

We have seen that to lowest order, the pressure deviation is undetermined. This
means that we need to look at the first order equations to see if we can find an
evolution equation for p,. To first order in Roy,, the horizontal momentum equation
is

<i+ﬁ0# @L> ﬁo,i = —@Lﬁl—FL@iﬁgL—ﬁyz ><1A107L—2X1A11L. (427)
ot Re', ’
This equation describes the dynamical deviation from geostrophic flow, often called
ageostrofisk flow. It should be noted that, since @y ; has no vertical dependency,
the advection term has been reduced to a pure advection of the horizontal velocity
by itself, and similar the turbulent mixing due to shear in the horizontal velocity
disappears. The vertical momentum equation to first order in Roz, implies that
also p; is independent of the vertical coordinate, such as the zeroth order pressure
deviation,

0=Vp. (4.28)

Hence the ocean in this model is hydrostatically distributed up to at least first
order in Roy. The continuity equation to first order in Roy, is as expected

0= @J_ . ﬁLJ_ + @H . 1A117||. (4.29)
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After we have treated the boundary layer problem, we will show how we can go to
the vorticity formalism to find the equation for p, from (4.27). This equation will
still contain the first order velocity field in the horizontal direction, but by using
the continuity equation (4.29), and the fact that the zeroth order velocity field in
the horizontal direction has no vertical dependency, we can integrate the equation
to eliminate the first order corrections.

4.2 The boundary layers

As discussed there must exist boundary layers at Zy = 0 and Zy = 1, so that
the scaling is consistent. According to the boundary value conditions, (4.24) and
(4.25), the vertical length scale must be rescaled in order to have balance on
both sides of the equations, i.e., that the characteristic length scale in the vertical
direction for the boundary layers are of a different order than the interior domain.
The characteristic vertical length scale in the interior is of O(dL,,), hence we
will assume that the characteristic vertical length scale in the boundary layer is of
O(ASLy,m), where A is a scaling parameter that specifies the relationship between
the vertical length scale in the boundary layer and the interior. This section will
consist of two subsections, the first will cover the lower boundary layer, called the
bottom Ekman layer, and the second sub section will cover the upper boundary
layer, called the upper Ekman layer.

4.2.1 The bottom Ekman layer

The dimensionless vertical variable in the lower boundary layer is

. A
7" = 4.

while the scaling in the horizontal direction will remain unchanged. Here and in the
following we use a single asterisk to denote scaled variables in the bottom Ekman
layer. Similar the scaling of the horizontal velocity will also ramain unchanged,
but according to (2.21), the new scaling for the vertical velocity is

Uf = AUl m, (4.31)

0L,
such that the dimensionless vertical velocity in the lower boundary layer is

. 1

||?m
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Note that the index x symbolizes that the variables are only valid in the boundary
layer. In order to rescale (4.1), (4.2) and (4.3) to boundary layer scale, we must
find a relationship between Z* and Z and between ﬁﬁ and 1. The relations are

A 14

A 4.33
)\ Y ( )

- I,

where the corresponding scaled vertical nabla-operator is

Vi=AV| or 0 92 (4.35)
VANV

This leads to the rescaled equations of motion in the boundary layers,

d ., e NS S Aoax Elﬂ 2 5 Eky - *2A*
ROL(a—f—i-uJ_VJ_—O—u”V”>U.J_:—le + VJ_ L+2)\2v
FATYY x i) — (14 Roy V) Z x
(4.36)
0:VL-1A1L+V‘*‘-1A1T|, (4.38)
and the rescaled lower boundary condition at 7% = Roy,/ )\fzb,
R .
W = %ﬁj V. (4.39)

The question now is: What should A be in the boundary layer in order to satisfy the
boundary condition? To get the boundary condition, (4.39), to be consistent, the
horizontal turbulent mixing of momentum due to shear in the horisontal velocity
u’ must be of O(1). This implies that Ekj/2A% ~ O(1) or equivalently

A= \/Ek, (4.40)

such that the characteristic length scale in vertical direction of the boundary layer
s \/Ekj 6Ly, The scaling (4.40) states that even for small values of Ekj the
friction will be of a significant importance and the boundary layers will be charac-
terized as a friction layers. Similar to the outer solution, (4.12), and the outer ex-
pansions, (4.13), (4.14) and (4.15), the boundary solution (more commonly known
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as the inner solution) must be a function of the new boundary layer coordinate,
(4.33), and the Rossby number Roy;

ﬁi:ﬁi (XJ_,ZA*,E;ROL> y 1?17 ﬁ7 (XJ_,ZA*,(%ROL), ﬁ*:ﬁ* <XJ_,ZA*,£;ROL> .

(4.41)
Just as for the outer solution there exists no general exact solution to the equations,
but since Ro;, < 1 one seeks to find an approximated solution. We will assume
that the solution can be expanded in a regular power series in Roy,

i (XL, AR? R0L> - S Rojur, (XL, Zt) (4.42)
1=0

a (XL, AR? ROL) - 3 Roju, (XL, Zt) (4.43)
=0

1%* (XL,ZA*JA; R0L> = ZROZE (XL,ZA*JA), (4.44)
1=0

such that (g, g ”,]';5;) are equal asymptotically to (ﬁj,ﬁﬁ,]’;ﬁ*) when Ro; — 0,
and where (1, |, 0y, I ﬁ;) are independent of Roj. The asymptotical requirement

consequently has the effect of stretching the region near Zy = 0 when Ro; —
0 (/Ek; — 0). This stretching ensures that Z* is of O(1), even though the
characteristic vertical length scale of the boundary layer approaches zero. By a
simple discussion of the stretched boundary layer coordinate, (4.33), it follows that
when Z is fixed and . /Ek) — 0, then Z* — 0o. On the other hand, it follows that
when Z* is fixed and ,/ Ek; — 0, then Z = 0. By substituting the expansions
(4.42), (4.43) and (4.44) into the equations (4.36), (4.37) and (4.38) and collecting
terms of the same order, we obtain equations determining the dynamics in the
boundary layer. To zeroth order in Roy, the horizontal momentum equation in
the boundary layer reduces to a balance between the zeroth order Coriolis force,
the zeroth order friction force and the zeroth order pressure gradient,

s AKX 1o %2 ok 7 A
The corresponding vertical momentum equation is
0 = V| py, (4.46)
and the corresponding continuity equation is



4.2. THE BOUNDARY LAYERS 65

Just as in the interior domain, the zeroth order pressure is independent of the
vertical coordinate Z*. There is no obvious link between the equations of motion
in the interior and the lower boundary layer, but there must exist a connection.
The key to finding this connection lies in the understanding that the inner and
outer expansions represent an approximation of the same physical quantities. This
means that the physical quantities must be continuous in the transition region
between the interior and the boundary layer and in this region the Ekman number
Ekj — 0. Hence, if we write the boundary layer solution in terms of of the interior
coordinate Z, and the interior solution in terms of the boundary layer coordinate
Z*, the continuity in the transition region requires

lim 5(2/\/Ew) = i v (\ERZ), (4.48)
Ell(ﬁd—fo E’Z:Tio

lim @y (Z/\/BR) = 1 ow) (\/BRZ), (4.49)
Eﬁlﬁﬁfo gﬁ‘dﬁo

limﬂ ﬁ|| (Z/ Ek”) = hm Ek’” ﬁ‘*‘ < EkHZA*> . (450)
By 30 o7ty

To zeroth order, this requires that the pressure ﬁ) and the horizontal velocity ug |

when leaving the boundary layer, 25‘ — 00, Is equal to the pressure ]250 and the
horizontal velocity 1y, when leaving the interior, Zy — 0,

lim p, = limp,, (4.51)
Z*—00 Z—0
Ahm ﬁEk)L = 11m 1A107L. (452)
Zx—o00 Z—0

Therefore, the connections between the interior and the boundary layer in the
transition region is

(4.53)

but since the pressure to lowest order is independent of the vertical coordinate
in both the boundary layer and the interior, equation (4.53) is valid for all Z* in
the boundary layar. By using equation (4.45) and (4.16) together with equation
(4.53), we find that the equation which connects the horizontal velocity fields is

@Lﬁo = @J_ﬁ(h

lao. = = .
§Vﬁ2uaL —Zxu), =-Zx .. (4.54)
This is a system of two second-order ordinary differential equations. By using the
vertical Laplace operator VWQ on equation (4.54), the system transfors into two

linear fourth-order differential equations

Vit + 485, = 4. (4.55)
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Assuming that the homogeneous solution is of the form ve” z gives that the eigen-

values are determined by the characteristic polynomial r* + 4 = 0. The solutions
are

rm=1+i, m=1—i rn=—0+1i), rp=—(1-1). (4.56)

Therefore, the general solution to (4.55) is
Uy | =Ug 1 + eZ <V1€Z*" + V2672*1> +e 2 <V3672*i + V4€Z*i) , (4.57)

where v, is the corresponding eigenvector to the eigenvalue r,, which is determined
by the boundary value conditions. Using Euler’s formula, the solution, (4.57) can
be written more compactly as

= ﬁovl+eZA* <A1 cos Z* + Ay sin Z*) —1—6_2* <A3 cos Z* + Ay sin Z*) , (4.58)

where Ay, Ay, Az, and A, are redefined eigenvectors. It can be shown from
equation (4.58) and equation (4.54) that the eigenvectors have the structure

A =[A-B", A,=[B A", A;=[C,D]", A,=[D,—-C]", (4.59)

so the task now is to determine A, B, C' and D from the boundary conditions. Ac-
cording to equation (4.52), the boundary layer velocity u; | must merge smoothly
with the geostrophic velocity 1 | in the transition region Z* — oo. This im-
plies that A = B = 0, since these represent growing solutions. At the bottom,
Z* = Roy, / \/FH lAzb, the boundary layer velocity must be zero, in order to satisfy the
boundary conditions (2.105) and (2.107). This gives that C' and D are determined

by
__Rop, ilb . .
0=ty +e V™I [Ag cos <ﬂhb> + Aysin ( for hb>] . (4.60)

VER VER

which gives

Royp 1
R A R A hy
C = [730 sin ( 22 hb> — 1l COS ( ;?ﬁhb)] eV (4.61)

Royp 7
R A R “ hp
D = — [@0 cos ( ;72” hb> + g sin< 22” hb>] eVER (4.62)
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Thus, by substituting the constants into the general solution, we obtain the specific
solution that satisfies the boundary value conditions,

5 Ro 7
R | z*— L hb>
) = u 1—cos| Z"— h < gl
0,L 0, b (&

Ik

R . ROL R —<Z*— ROELk ilb>
+7Z x 0y sin | Z*F — h w7 4.63
0. sin T b | e ( )

This solution we can used together with (4.47) to determine the vertical velocity
field in the boundary layer. By substituting (4.63) into (4.47), we get

sin (Z* — ROL ilb) -+ cos (Z* — ﬁh[;)]
VE Lk
~ .. |z b>
ROL (Z X ﬁoJ_) . Vlhbe ( il

+ cos | 7% — ftor hy | —sin | 2% — for 5
V EE| Ek Ek

R s
(vL X u0L> <Z V hb) sin (Z — %EJ : (4.64)
I

where we have used (4.18) and vV, - (2 XUy )= Z (@l X U ;). From equation
(4.64) we can find the vertical velocity field in the transition region. By 1ntegrat1ng
equation (4.64) from the bottom Z* = Roy/+/E hb to the transition region Z*

00, we get

vi S = ok
| Uy =—Vi-Ug,
. Ros -
Roy, A _<Z*_ o hb)
= (uQL . Vth) € I

A/ Ek”
Rog, iL

Roy, . ls /2 .
oL —=Uo,| - VJ_hb+ 2Z (VL X u07J_> . (465)

~ %

lim w

ZA**)OO 0 A/ E”

Here we have used that the velocity field is zero at the bottom. Since the vertical

velocity field must be continuous in the transition region, it follows from equation
(4.34), that to O(Roy) the interior velocity at Zy = 0 is

lim (i + Rogidy) = \/Eky lim (4.66)
Z—0 Z*aoo
which implies that
N A A A 1/ E)~ N
w1 <XL,O,7§> = 1A107L thb—f—é R HZ (VL X 1A107L> . (467)
oL,
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4.2.2 The upper Ekman layer

Similarly to the bottom boundary layer, there must exist an upper boundary layer
at Zy = 1 due to the wind-stess. The analysis of the upper boundary layer will
be very similar to the analysis of the lower boundary layer, only with some minor
adjustments. In the lower boundary layer, we saw that the boundary layer coordi-
nate, (4.33), had the property to stretch out the region around Zo = 0. Therefore,
we need to introduce a boundary layer coordinate which has the property to stretch
out the region around Zo = 1. Let Z** denote this coordinate, where *x indicates
that the variables are only valid in the upper boundary layer. Then it follows that
the upper boundary layer coordinate, Z**. must have the following properties;
when Z is fixed and A — 0, then Z** — co. On the other hand, when Z** is fixed
and A\ — 0, then Z — 1. This implies that the upper boundary layer coordinate
is given by

7 == 4.68
)\ ? ( )
and the corresponding vertical nabla-operator is
0 0
|| = —)\V” or = = <. (469)
0Z** o7z
This leads to the rescaled equations of motion in the boundary layer,
0 .
L\ oi L VLTH I 1
L, A Ekl ~ sk k %2 A kok
=-Vip +— Vil+2/\2v2
+ yrf/\? X ﬁﬁ* (1 v RoLBY) 7 x W, (4.70)
0=V,- al" — ” -y, (4.72)
and the rescaled boundary conditions for the free surface atZ* = —Rop Fy / )\é =
N ROLFL ( 0 N ~ ) 2
wr = —+u, -V - 4.73
3 5 TV ¢ (4.73)
o aa**
a Txgz = _82**’ (474)
ov**
™ T = ——, 4.75
YZ 95 ( )

p = {7 (4.76)
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where the new rescaled dimensionless number is a** = a A. Similar to the bottom
boundary layer, the scaling parameter is A = /Ek|, since the horizontal turbulent
mixing of momentum due to shear in the horisontal velocity u*}* must be of O(1) in
order to satisfy the boundary value conditions. If we now apply the same analysis
as for the lower boundary layer, and assume that the solution can be expanded
in a regular power series in Roy, it follows to zeroth order that the dynamics are
described by

kK 1

0 = —V.p, + 5@;"*211;;1 ~Z X, (4.77)
0 Vi'Dy . (4.78)
= Vo - Virew. (4.79)

As expected, the equations (4.77), (4.78) and (4.79) are exactly the same as the
equations in the lower boundary layer, except the minus sign in the equation of
continuity. Thus it follows that the equation that links the velocity fields in the
upper boundary layer and the interior is, (4.54), where the solution is given by

gy =g, + ez <A1 cos Z* 4 Aysin Z**) e ? (Ag cos Z* 4+ Ay sin Z**) :
(4.80)
where A, As, Az, and Ay are given by the scalar constants

A =[A-B]", A,=[B A", A;=[C,D]", A,=[D,—-C]", (4.81)

which must be determined from the boundary value conditions. According to
equation (4.52), the boundary layer velocity 5", must merge smoothly with the
geostrophic velocity 1 ; in the transition region Z* — oo. This implies that
A = B = 0, since these represent growing solutions. At the free surface Z** =
—RopFp/ )\f ** the horizontal boundary layer velocity must satisfy the lowest order
boundary conditions,

oug*
™ T = ——, 4.82
xz = -5 (4.82)
ou5*
o™ T = ——, 4.83
vz =~ (4.83)
which provides that C' and D are given by
a** . ~
C = 5 (TXZ + Tyz) (4.84)
a** . .
D = (Tyz—sz). (485)

2
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Thus, by substituting the constants into the general solution, we obtaine the spe-
cific solution that satisfies the boundary value conditions,

*x

[T (cos A sinZ**) _7ZxT (cos 7 4 sinZ**)] e’Z**,
(4.86)

where T = Tx Zf( + Ty Z? is the dimensionless wind-stress vector. The vertical
divergence of the vertical velocity, (4.79), is given by

e .
U, | = Up,1 +

Sk Ak A~ ok
I oy =Vi-Op,

= [VL -T (cos 7** — sin Z**) 1+ 7. <@L X T) (cos 7** 4 sin Z**)} 6_2**,
(4.87)

where we have used (4.18) and V- (Z x T) = —Z - (V. x T). From equation
(4.87) we can find what the vertical velocity field in the transition region is. By
integrating equation (4.87) from the free surface to the transition region Z** — oo,
we get

a**

2z (% x T> , (4.88)

Axk ROLFL <8

lim g 5

Z** 00 \/

where we have used the velocity field at the free surfaces is given by (4.73). Since
the vertical velocity field must be continuous in the transition region, it follows
from equation (4.34), that to O(Roy) the interior velocity at Zy =1 is

+U.J_ VJ_) *+

Z—1 Z** 00

from which follows that

i (Xl, 1,£> — (8% a, - %) B+ VER a® s (% X T) . (4.90)

ROL 2

4.3 The barotropic quasi-geostrophic vorticity equa-
tion

According to the discussion of the geostrophic and the ageostrophic flow, the
zeroth order pressure p, is determined by the first-order dynamics, (4.27), (4.28)
and (4.29). The only problem is that the horizontal momentum equation to order

O(Rop), (4.27), depends on the first-order pressure p1. This means that we must
eliminate the pressure p; in order to find an equation to determine p; po The way
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this will be done is to use the vorticity formalism. In general the vorticity © of a
flow field is given by the local rotation of its velocity field u, expressed by

®@=Vxu (4.91)

This implies that the zeroth order nondimensional vorticity ©, associated with
the geostrophic flow 0 is given by

©) = V x 1y, (4.92)

but since the zero-order velocity field tp only contains a horizontal component,
Uy |, and is independent of the vertical coordinate Z, the vorticity reduces to

Oy =V, x1yg,. (4.93)

A consequence of this is that vorticity ©, has only a vertical component along
2, which is independent of the vertical coordinate Z. By using the geostrophic
relation (4.17), one can show that the vorticity can be written as the laplacian of
the zeroth order pressure, A

Oy = V21, Z. (4.94)

Note that the advection term in the horizontal momentum equation (4.27) can be
rewritten as

@M.vgmu:chx%¢+¢LC&g§%), (4.95)

with help of the vector identity
Ax(VxB)=V(A-B)—(A-V) B-(B-V)A-Bx(VxA). (4.96)

This leads to an equivalent form of the horizontal momentum equation,

Oug, | . PSR § TONTRR ¢ O 1 ey
02 +@0Xu0,L:—Vl(p1+ N 5 0. +R€t VQLUOJ_
1

—BYZ x 0y, —Z x 0y, (4.97)

where all gradient fields appear explicitly. By taking the horizontal curl of (4.97)
the gradient fields vanish and the remaining part is the vorticity equation,

00, -

5 +V, X ((;)Oxﬁ[u>: !

t
Re',

V), x (@iﬁOQ —V, X <B}72xﬁo7L>

— @L X <2 X ﬁl,L> , (4.98)
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The second term on the left-hand side of the vorticity equation (4.98) can be
written as

V. x ((1)0 X ﬁo,l) — O, (% - ﬁo,l) + (ﬁo,L - %) O,
—— (% : @0> - (éo : %) .1, (4.99)

where the first term represents the stretching due to compressibility, which of
course vanishes since the horizontal velocity is divergence free according to equa-
tion (4.18). The second term represents the advection of the vorticity with the
horizontal velocity, and the third term is always zero since the vorticity is the curl
of the velocity field. The fourth term represent the stretching due to the velocity
gradient, but since the fluid flow to lowest order is confined to the horizontal plane,
and independent of the vertical coordinate, there can be no stretching due to the
velocity gradient, so this term also vanishes. Therefore, (4.99) reduces to a pure
advection term,

V. % ((i)O x ﬁO,L) - (13107L : %) O, (4.100)

The first term of the right-hand side of the vorticity equation (4.98) is a sink term
which is associated with damping of vorticity. This is best seen by writing the
term as a diffusion of vorticity,

1
Re',

1

= V2 0,. (4.101)
1

V), x (@iﬁOQ =

The last two terms of the vorticity equation (4.98) represent the production of
vorticity due to the Earth’s rotation. These contributions can be written more
compact as

V. X (5?2 x ﬁM) - Z [ﬁM V. (5?)] , (4.102)

V. x (2 x ﬁLL> - 7 [% : ﬁl,@ . (4.103)

If we now substitute the relations (4.100), (4.101), (4.102) and (4.103) into the vor-
ticity equation (4.98) and use the continuity equation (4.29), the vorticity equation
may be written as

((% . %) 6, :Riei@iéo ~Z[o0. V. (8Y))]
47 (@” ‘ﬁ1,||> ‘ (4.104)

This shows that the vorticity equation associated with the zeroth order geostrophic
velocity g |, still depends on a first-order quantity, namely the first-order vertical
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velocity uy . Fortunately, the zeroth order variables are independent of Z. Thus

by integrating the equation over the interval 0 < 7 < 1, everything will remain

unchanged, except the integral over the vertical divergence of the vertical velocity
field that is

1
/ Vi dZ =iy (X0,1,8) i (X0,0,0)
0

o . = A Ekja™~ /. .
= Fi (o 00 VL) By + Z-(VixT)

ROL 2
. o~ 1Bk 5 /- .
— g1 - Vihy— 3 I 17 . (VL X ugvl> : (4.105)
L

where we have used the boundary values conditions (4.67) and (4.90). Therefore,
the integrated vorticity equation (4.104) is

((%jtﬁo,r@l) (2-(1)())

1 vy (5 A ap, 9 -\ a
- v2(z-@)— DPop(Z1a, -V
Re "+ o) “Pax TGt Ve ) P
+ Eka**z'<@¢XT>_ﬁoL'@LiLb—l Ek”2'<@¢xflol>
ROL 2 ’ 2 ROL ' ’

(4.106)

where we have taken the dot product with Z and used that the vorticity due
to the meridional variation in the Coriolis force is given by g | - V. (5?) =
By = 68;50 / 0X, together with the definition of the meridional velocity oy =
(8/ ot+1, - @0’ l) Y. This is done without loss of generality, since all the terms
only have a component along Z. To sAhow that equation (4.106) is an evolution
equation for the lowest order pressure p,, we use that the lowest order vorticity is

given by equation (4.94) and the lowest order velocity is given by equation (4.17).
The resulting equation for the pressure is

a ~ 2 S 2 ~ pass @~ ~
(8_5 +Ug, | - VJ_) (VJ_pO — Frpg + hy + 5Y>

Ekj.,~ ~Ekjao*s /- 2
1 VBRI gy s Ila_z.(leT) (4.107)
ROL 2

A 1
R v -
- Rei J_pO 2 ROL J_po

~

Since equation (4.107) is a scalar equation and contains more terms than just the
vorticity on the left side, this equation is known as the barotropic quasi-geostrophic
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potential vorticity equation, where the quasi-geostrophic potential vorticity ¢ is
defined as R R
G=V3py— Frpy+ hy + Y. (4.108)

According to the definition of the Poisson bracket (9.48), the advection term can
be written as

ﬁO,J_'@J_:(Zxﬁlﬁ())‘@J_:{ﬁo,'}, (4109)
where the Poisson bracket is given by
N dp, O Opy 0
{po, } — % 9 TP 9 (4.110)
0X oY 9Y 0X
Hence, the quasi-geostrophic potential vorticity equation, (4.107) can be written
in terms of the quasi-geostrophic potential vorticity and the Poisson bracket as

= -V
ReY P07 9 Roy,

04 g~ . Uiz IVEIgon  VER ™S o 4
7 , voIe 7. ( T). 4111
97 + {po (1} Viby+ Rop 2 Vi X ( )

4.4 Physical interpretation

In the limit where the fluid is inviscid, the bottom is flat, the meridional variation
of the Coriolis force is zero (8 = 0) and the rotational Froud number approaches
zero, such that the charachteristic length scale in the horizontal direction is

géLJ_ m
oL \/ : 4.112
1m < 492 ) ( )

it follows that the dynamics occurs on a length scale where rotational effects be-
comes unimportant and the interface amplitude become very small. In this limit
the potential vorticity equation, (4.111) reduces to the two dimensional Euler
equation

g . - sg A
(a_f + i1 - V¢> V25, =0, (4.113)

which describes two-dimensional turbulence in incompressible fluids. Thus, it
would be natural to assume that equation (4.111) has many of the same prop-
erties as equation (4.113).

Let us consider the case when equation (4.112) is fulfilled and the fluid is inviscid.
In this case, the quasi-geostrophic potential vorticity equation, equation (4.111)
reduces to

O o \(ezr o oav
(a_tA _|— u07J_ * VJ_) <VLpO _|_ /3Y> — 0, (4114)
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such that the potential vorticity @iﬁo + ﬁf/ is a conserved quantity. Thus we
can study how the meridional variation of the Coriolis force will influence the
vorticity. Suppose there occurs an initial disturbance in the pressure p, at a given
time along a line of constant latitude in the northern hemisphere. This will give rise
to a production of vorticity, since the potential vorticity is conserved. Therefore,
all displacements directed in the positive meridional direction (northward) results
in a production of negative vorticity (clockwise), in order to compensate for the
increase in the vorticity that is associated with the increase in the Coriolis force.
On the other hand, all displacements directed in the negative meridional direction
(southward) result in a production of positive vorticity (counterclockwise), in order
to compensate for the decrease in the vorticity that is associated with the decrease
in the Coriolis force. The vorticity produced will thus cause the disturbance to
drift westward since the induced velocity field which is associated by the produced
vorticity will try to “push”the disturbances against the constant line of latitude.
These waves are called Rossby waves.

Let us investigate the wave propagation in more detail when the fluid is unbounded.
Just to simplify the notation we set 1) = p,, and write equation (4.114) as

aw

24+ {¢ V2 w} (4.115)
In order to have the disturbance/perturbation described above, there must be a
background. For simplicity, we will let this background be given by a constant

flow R o
U=ZxV V¥, (4.116)

such that the total velocity field is given by
ty, = U+, (4.117)

where ¥ is the background pressure and 1 is the perturbed velocity that corre-
spond to the perturbed pressure v)’. This means that the total pressure and the
perturbed velocity are given respectively as

~

=T+ ey (4.118)

and .
a=¢eZxV ) (4.119)

where € is a formal ordering parameter which representing that the perturbation
is small compared with the background. The background pressure ¥ must be a
linear function in X and Y to satisfy the condition that the background velocity is
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constant. Thus, we choose that background pressure is U = —VY, such that the
the background flow is zonal and constant. If we now substitute equation (4.118)
into equation (4.115) and linearize to first order in €, we get the evolution equation
for the perturbation

0 ey 0wy O
—ViY' +V —=Viy' +p— =0. 4.120
VLV VR T (4.120)
By assuming a plane wave solution of the form
B = Aeilke®i-6i) (4.121)

where k L= /%X)A( + /Acy? is the horizontal wave vector and @ is the angular fre-
quency, equation (4.120) reduces to an algebraic equation

(-o+ Vi) [l = iy 4 =0 (1.122)

A non-trivial solution implies that the expression inside the square brackets is zero,
hence the dispersion relation for the Rossby waves is

. k
& =Vhyx —f—3, (4.123)
e
and the zonal phase velocity is
. 1 R
&= —X=|V-p—3 | X (4.124)
. e

Note that the presence of the zonal flow have introduced a Doppler shift in the
frequency and a Galilean transformation in the phase velocity. The Rossby waves
will propagates westward as long as [/ ‘l; L‘z > V. Of course, in the absence of
the zonal flow, all Rossby waves will propagates westward as discussed previously.
er = [/V, these waves

An interesting case is Rossby waves with wave numbers

will be stationary Rossby waves.

Let us now consider the case when the interface amplitude contributes to the
potential vorticity, then the potential vorticity equation becomes

o . o . .
(a_f + g VL) (vi@zj — Fri+ 51/) =0, (4.125)
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or in terms of Possion bracket notaion

(V10 - Fud) + {5,920} + 5 gf( ~0. (4.126)

If we assume the same disturbance that without the contribution of the surface
amplitude ¢ = 1), it follows that the same mechanism will produce vorticity, but in
addition the local increase (or decrease) in the surface hight ¢ will give rise to a local
increase (or decrease) in the pressure '50. Therefore, all displacements directed in
the positive meridional direction (northward) will have larger value of pressure than
the local surroundings, which will set up a clockwise geostrophic flow. On the other
hand, all displacements directed in the negative meridional direction (southward)
will have less value in the pressure 1:50 than the the local surroundings, which
will set up a counterclockwise geostrophic flow. These two effects provide that
@il/} — F Llﬂ < 0, where @izﬂ < 0 and zﬂ > 0 in the positive meridional direction
and vice versa in the negative meridional direction. Once again the produced
vorticity in addition to the surface amplitude will thus cause the disturbance to
drift westward since the induced velocity field will try to “push”the disturbances
against the constant line of latitude. Similar as above, we will take a closer look
at the wave propagation properties.

If we use the same background as above and perturb the system around this basis
state, the linearized version of equation (4.126) to first order in € becomes

0 ( \ gt - 0wy O
Z (V2 - F ')+V—Av2 '+ B =0 4.127
Y = Fry 5% B Y ( )
This equation corresponds to the dispersion relation
- ~ VF
b= Vi — ey I (4.128)
Fr+ [k,
and the zonal phase velocity
VF -
&= V- L—+52 X, (4.129)
Fp+ kL‘

In the absence of the zonal background velocity, equation (4.128) is very similar
to the dispersion relation (4.123) except that the denominator has an additional
term because of the free surface. The main difference is that the phase shift due to
the zonal flow is not longer uniform, which implies that the phase velocity of the
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Rossby waves actually depends on the magnitude of the zonal background flow.
But the value of the zonal flow V' required to provide a stationary wave is the
same.

Finally, we look at the effect of bottom topography. In this case the potential
vorticity equation becomes

0 N Ao A A N
(a_f + 1,y - VL> (vi¢ — Frp + hy + BY) =0, (4.130)

or equivalent in terms of Possion bracket notation

a% (@31; _ FL@ + {¢ V3 + iu,} + 52?( = 0. (4.131)

Let us for simplicity assume that the bottom only varies in the meridional direction,
such that the variation is almost constant over one wavelength, i.e. 0h;/9Y will
be treated as constant and 0h,/0X = 0. For this case, the linearized version of
equation (4.131) to first order in € becomes

Ohy

0 =2 7/ Y d =2 7/
(vm —FL¢) FV SV (6+—)

— % =0
ot

ox

~ 4.132
oy ( )

This equation is almost the same equation as equation (4.127). The only difference
is that the last term on the right side of equation (4.132) has a correction due to
the variation in the bottom. Thus, the meridional variation of the bottom has the
same properties as the meridional variation of the Coriolis force, such that hy, will
actually give rise to an artificial S-plane effect.



Chapter 5

The midlatitude baroclinic ocean
circulation model

In this chapter we want to modify the dynamics described in previous chapter by
including the effect of stratification. When we derive this model we will use the
length scale that is described in Table 3.2. At this length scale the Burger number
Bu is of O(1). This means that the effect of stratification is equally important as
rotation. Similar to the barotropic model, this model will describe dynamics at the
midlatitude where the local Rossby number Roy, is small. Therefore, the dynamics
of interest may be of O(Roy,) and we will only consider of terms of order O(Roy) in
the equations. Since the dynamics are at a length scale that is much smaller than
Earth’s mean radius, i.e., I' ~ O(Royr,), we introduce slab-coordinates where the
origin is located in the midlatitude. This implies that to first order, the curvature
of the earth will disappear from the model except from the Coriolis force. Where
there will be a contribution from the meridional variation of Coriolis force (the (
number). The truncated equations of motion to O(Roy,) are

d o Fkie,. Bk,
Rop—u; = ————————=Vip+ —lViUL + —”Vﬁuj_
dt pn+ RopFrp 2 2
~ LR VY iy = (14 RouY) Zx 1, (5.1)

0 = —Vip+7g
0 = @J_‘ﬁj_"’@“‘ﬁ.”,

79
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and the truncated thermodynamic equations are

—

d\ =~ .
ROLFL(dt) - BuL FL,OAthuA)
+BuMd~ E p+H (5.4)
2\at )’ ‘
(6T, (?)x N2, 1 wya
pC T+ — = —ViT+ V T (5.5)
b ( T,, \ dt Br, PetL P ‘t‘
(55’ /C-l\ A N2 turb
S— S| = v? S YT 5.6
”(5 (dt) 5“’) Pt +Pt ! (5.6)
Sh €
where the truncate heat source function to the mass density deviation is
BT
H= T V 5.7
PeL TPt P t (5.7)
Note that we have used Bu F' = Buy, F;, where Buy, is the local Burger number
given by
B — (N0l )’ (5:8)
e fOéLLm . ‘
The truncated inertia term is
d [0 .
—=(=+u- : 5.9
o (8t +u V) (5.9)

Throughout this chapter we will assume that the topography hy is of order Roy,
relative to the average depth Hy, i.e. hy /0Ly ~ O(Ror), hence the truncated

boundary conditions, (3.11), at the lower boundary, Z = Rophy reads
b= Ropt, - Vihy, (5.10)

and the truncated boundary conditions, (3.30), (3.13), (3.14) and (3.29) at the
free surface Z = 1 + Rop F LC reads

w = ROLFL <%+ﬁL@L) 6, (511)
ou

aT = —=, 5.12

xz = o> (5.12)
00

aT = =, 5.13

V2 7 (5.13)

5= b (5.14)
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where 511 is the pressure deviation of the atmospheric pressure at the interface.
Just to clarify, the nabla-operator in the slab-approximation is given by

. -9 ~ 0

V, = X— +Y—, 5.15
* P Py % (5.15)

V) = Z—. 5.16
I 52 (5.16)

Similar as in the previous chapter we will use a regular pertubation method to
determine the dynamics of the zeroth- and first-order variables based on the small
parameter Roy. Therefore, we have to determine the order of magnitude of the
other dimensionless numbers with respect to the local Rossby number Ro;. Ac-
cording to Table 3.2, the dimensionless numbers are related to the Rossby number
by; F, ~ O(Rog), f ~ O(1), Eky ~ O(Royr), Ekj ~ O(Ro3), Buy ~ O(1),
Ma ~ O(Ro%), Eu ~ O(1/Ro}), P(itL ~ O(l/Rg%), Pej ~ O(1/Ro?) and
a ~ O(1/Royr), but the magnitude of §7,,,/T,, and 0S,,/S,, are not known. Since
the salinity deviation is not included in the thermodynamic equation for the mass
density, this equation is disconnected from the description. For the mass density,
we have that dp,,/pm = RopFL, so we will assume that this also applies for the
temperature, i.e., 5T /T = RopFr,. We have a dilemma in the equations, since
the fluid is incompressible to O(Ro?%), should this imply that sound waves are not
included in the description. However, The thermodynamic equation for the mass
density, (5.4), contains a pressure term that is associated with compression. This
term has to be neglected in order to obtain a consistent model. The beauty of
neglecting the pressure term is that the density varies only as a consequence of
changes in the temperature and advection with the background density. Since the
fluid in addition is shallow, i.e. v ~ O(Ror), we will assume that the background
density is constant, p, = 1, together with the thermodynamic coefficients , e.g.
Cp = BT = 1. Hence, the reduced continuity and the momentum equations are
given by

d ~ ~ Fki~, . Eky.. .
Rop—ua;, = ——=V.ip+ —LViU-L + —HVﬁuL
dt 1+ ROLFLP 2 2
~LRoYY x iy = (1+ RouBY) Zx 1, (5.17)
0 = —@”5—1- ;5@, (5.18)

= @J_‘ﬁj_‘i‘@”‘ﬁ”, (5.19)
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and the reduced thermodynamical equations are

W . 1 o2 1 . &
RopF| — |p = Buy FpN*w — V2T — — V3T 5.20
oL L(dt)p Yr AL Pet "t Pe|t| I (5:20)
Ro,F ) T+ N2 i = ! Lorpy Lo (5.21)
0 w = = . .

Note that the truncated equations indeed satisfy the Boussinesq approximation
because the density deviation is so small that it can be neglected to first order,
except in the buoyancy term (gravity term). This means that although the Boussi-
nesq approximation has the property that it filters out sound waves, it still exist
a compressibility term in the equation of state. Therefore one should have in-
troduced additional requirements that the Boussinesq approximation is only valid
when the sound speed is infinitely large.

5.1 The asymptotic reduction

Similar to the previous chapter, we will assume that the solutions of equation
(5.17), (5.18), (5.19), (5.20) and (5.21) can be expanded in a regular power series
in ROL,

= Y Roji (X.d), (5.22)

= Y Rojuy, (Xt) (5.23)

= 3 Roj, <X E), (5.25)

~

- i:; Ro. T, <X E) , (5.26)

(X o)
(% fow)
p(XoiRor) = > Roip, (X.6), (5.24)
(% fon)
(% o)

A~

such that <ﬁ07l, Uy, |, ffo’ ﬁo, f()) are equal asymptotically to (ﬁL, u, ff, ﬁ, T> when

~

Ro;, — 0 and where (ﬁn#, ﬁn,H?ﬁn?ﬁn? ,Tn) are independent of Roy. By substi-

tuting the expansions (5.22), (5.23), (5.24), (5.25) and (5.26) into the equations
(5.17), (5.18), (5.19), (5.20) and (5.21), and collecting parts of the same order, we
obtain equations determining the dynamics to the desired order.
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5.1.1 The geostrophic flow

To zeroth order in Roy, the horozontal momentum equation reduces to a balance
between the zeroth order Coriolis force and the zeroth order pressure gradient,

0=—V.p,—2Zx ., (5.27)

which is the geostrophic balance. By taking the cross product of Z with the
zeroth order balance, (5.27), we obtain a diagnostic equation for the zeroth order
horizontal velocity field 1ty ; given by the zeroth order pressure gradient,

o1 =Z x V], (5.28)

Note that the horozontal divergence of the zeroth order horizontal velocity is di-

vergence free, i.e., )
V-1, =0. (5.29)

Helmholtz’s theorem for vector fields in two dimensions, (?77), says then that the
zeroth order pressure deviation acts as a streamfunction for the horizontal velocity.
The vertical momentum equation (5.18) to zeroth order gives that the zeroth order
pressure gradient is balanced with the zeroth order buoyancy force,

0=V~ 2 (5.30)

where we have used that the unit vector along the gravity is in the negative vertical
direction, § = —Z. Equations (5.27) and (5.30) show that the zeroth order pressure
deviation is undetermined to this order. The continuity equation (5.19), to lowest
order in Roy, reads R A

0=V, 191 + V- ﬁ(]’”, (5.31)

and since the first term on the right hand side is constrained to be zero according
to equation (5.29), it follows that the vertical divergence of the vertical velocity is
zZero,

ﬁn g, = 0. (5.32)

So far we have seen that the dynamics of the baroclinic model to lowest order
is equal to the dynamics of the barotropic model to lowest order, except that the
pressure now depends on the vertical coordinate. Thus the horizontal velocity field
Uy | also depends on the vertical coordinate. This means that there exists a vertical
shear in the the horizontal velocity field 6 . By differentiating equation (5.28)
with respect to the vertical coordinate Z and use the lowest order momentum
balance in the vertical direction (5.30), it follows that the vertical shear in the
geostrophic flow is related to the horizontal gradient of the mass density deviations
by

Oug, |

L 7V 5.33
By 1Po ( )
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This equation is often referred as the thermal wind balance. The lowest order
boundary condition, (5.10), at the bottom Zy = 0 is

12)0 == ROLlAl07L . @th, (534)

and the lowest order boundary conditions, (5.11), (5.12), (5.13) and (5.14), at the
free surface Zy = 1 are

W = 0, (5.35)
afxg = %, (5.36)
afyz = %, (5.37)

po = 0. (5.38)

From equation (5.32) and (5.35) it follows that the zeroth order vertical velocity
is equal to zero, wy = 0 everywhere in space and time. Thus it follows that the
thermodynamic equations do not give any contribution to order Roy,. Similar to the
barotropic model there is a contradiction in the boundary value conditions (5.34),
(5.36) and (5.37). According to the discussion in section 4.1.1, the consequence of
the dilemma is that there must exist boundary layers at Zo=0and Zy=1.

5.1.2 The ageostrophic flow

To first order in Roy, the horizontal momentum equation is

(i—l—ﬁQL . @L) ﬁO,L = —@Lﬁl-l—it@iﬁ(u—ﬁifz><1A107L—2><1A117L,. (539)
ot ReY,

which is the same as for the first order horizontal equation in the barotropic model
(5.39). This is very useful since we can use some results from the vorticity formal-
ism of the previous chapter later. Note that the advection term is a pure advection
of the horizontal velocity by itself since the vertical velocity to lowest order is zero.
The vertical momentum equation to first order in Rog, provides that the vertical
gradient of p; is balanced by the first order buoyancy force,

0=-Vp, —pZ. (5.40)
The continuity equation to first order in Roy, is as expected

0= @J_ . ﬁl’J_ + @H . ﬁ17||. (5.41)
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The thermodynamic equation for the mass density to first order in Roy, is

0 A N A 1 1 - a
— 4109, -V, | py = Buy N*uw, — V2 + V2T 5.42
(at T oL l) Po = BULA W= o (PetL PeH ) o (542)

and the heat equation (5.21) to first order is

o R A 1 1 1 1 A
2 o T — N2 4 — V2 + — Vi | Ty (543
(at T oL VL) 0= F A Ror FT, (Petl Vit Pet V”> - )

5.2 The boundary layers

The boundary layers of the baroclinic model is quite similar to the boundary layers
in the barotropic model, except that we have a stratified fluid. Thus, we will refer
to some previous discussions that are valid for both cases, and instead concentrate
the discussion about, what is the effect of stratification on the boundary layers.
The method will be to introduce a stretched boundary layer coordinate, linking
together the variables in the boundary layer with the variables in the interior and
use this to determine the boundary value conditions of the interior. From the
beginning, we will use that the characteristic length scale of the boundary layers
must be of O(\/Ek|dL,,), in order to have that the horizontal turbulent mixing
of momentum due to shear in the horisontal velocity a7 is of O(1).

5.2.1 The bottom Ekman layer

As for the barotropic model, the stretched boundary layer coordinate at the lower
boundary Zy = 0 is

A 1 ~

7= —=7, (5.44)
Ek

where the corresponding scaled vertical nabla-operator is

@ﬁ = Ek’”@” & aA =/ Ek 8A. (5.45)
0z* oz

All other variables have the same scaling in the boundary layer as for the interior,
except for the vertical velocity, which is given by

0 = ———1. (5.46)
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Hence it follows that the rescaled equations of motion in the lower boundary layer
is

1 s Ekio, .,
———=V.ip vL—LViuL
1+R0LFLp 2

1. -
+5Viat - %Rom [ERYY x

. (1 + RoLBY) Zxa (547

0 Ak e Ak Tk | ok

0=—Vip —\/Ekp Z, (5.48)
0=V, -4} +Vj aj, (5.49)
and the rescaled lower boundary condition at 7 = R]‘;Z flb,
I
R L
W= 2LV Ty, (5.50)

If we now use that the solution of (0%, ﬁﬁ,;ﬁ*) can be expanded similar to (4.42),
(4.43) and (4.44), and that the solution to the mass density can be expanded as

5 (XL,Z*,f; R0L> =Y Roip, <Xth) (5.51)
=0

it follows to zeroth order in Roy that the the lowest order dynamics in the lower
boundary layer is dominated of a horizontal balance between the zeroth order
Coriolis force, the zeroth order friction force and the zeroth order pressure gradient,

o, AK 1 %2 Ak 7 ~
0=—-V.p, + §v”2uM —Zx0g,. (5.52)

The corresponding vertical momentum equation gives that the lowest order pres-
sure is independent of the vertical coordinate in the boundary layer

0 = VDo, (5.53)

such that the lowest order density is undetermined to this order. This implise that
the lowest order pressure is constant over the boundary layer. The lowest order
continuity equation is X X

0=Vi-uy, +V-uy. (5.54)

The lowest order dynamics in the boundary layer in the baroclinic model is actu-
ally completely similar to the lowest order dynamics in the boundary layer in the
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barotropic model. Thus, we expect that the solution of the boundary value condi-
tions will be exactly the same. The only difference so far is that the lowest-order
pressure in the interior depends on the vertical coordinate in the baroclinic model,
in contrast to the barotropic model. This means that we can not connect the vari-
ables in the interior with the variables in the boundary layer in the same way as
for the barotropic model. By using the vertical Laplace operator @ﬁz on equation
(5.52), the system transforms into two linear fourth-order differential equations

Vit + 4w, = 4Z x V.. (5.55)
The general solution to equation (5.55) is given by

uy = 7 x @L]%; +eZ (A1 cos Z* + Ay sin Z*) L (Ag cos Z* + A, sin Z*) ,
(5.56)
where the coefficients are given by

A =[A-B]", A,=[B A", As=[C,D]", A,=[D,—-C]". (5.57)

By using that the boundary layer variables must merge smoothly to the interior
variables in the transistion region AR 0o, and that the boundary layer velocity
is zero at the bottom Z* = Roy/+ /EkHiLb it can be shown (by the same way as
previously) by using the continuity equation (5.54) that the first order boundary
condition to the vertical velocity in the interior at Zy=0is

o — o 1/Ekjs -
i (XL,O,t) = 0.1 - Vi 4+ 5V 17 (vL X ﬁm) . (5.58)
L

This is the same result as for the barotropic model, just as we expected.

5.2.2 The upper Ekman layer

As for the barotropic model, the stretched boundary layer coordinate at the upper
boundary Zy =1 is

. 1-27
A (5.59)

VER

and the corresponding vertical nabla-operator is

- s 0 0
0z 07

All other variables have the same scaling in the boundary layer as for the interior
domain, except for the vertical velocity, which is given by (5.46). Hence it follows



88 CHAPTER 5. THE BAROCLINIC MODEL

that the rescaled equations of motion in the upper boundary layer is

R ) 1 A 2,** FEk o
**) ur = ek VLP J_VQ

]_ + ROLFLp
V**Q”‘* —RoL«/E YY xaf

) .
R FAT-V, -0
o (8t Lo

1+ Rop Y ) Z x u®*  (5.61)
- )2

0=Vi"s —VE Z (5.62)
0=V, 47—V (5.63)

and the rescaled boundary conditions at the free surface Z* = —Ro,Fy /A /E”é o

R ROLFL<3 ~ ~ )A
wr = —+u, -V **, 5.64
(5 V) (5.64)
i
o™ T == 5.65
XZ 97+ ( )
ov**
T 5.66
YZ 97+ ( )

where the new rescaled dimensionless number is o™ = o /Ek). By applying that
the solution can be expanded in a regular power serie in Roy, equations (4.42),
(4.43), (4.44) and (5.51), we find that the lowest order dynamics in the upper
boundery layer is described by

0 = —V.p, + v**”** —Zxuy, (5.67)
0 = Vi'd . (5.68)

with the corresponding boundary value conditions at 7% =0

Wt =0, (5.70)
8 N kok

a**fxz = aZ** (571)
. aA**

Oé**TYZ == aZ** (572)

The lowest order dynamics in the upper boundary layer for the barotropic model
is very similar to the lowest order dynamics in the upper boundary layer in the
baroclinic model, the only difference is the boundary value condition (5.70). What
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this mean is that the deformation of the interface, ¢ makes no contribution to the
lowest order dynamics since the local rotational Froud number is of O(Roy) and
the local Burger number is of O(1). Similar to the lower boundary layer, the zeroth
order mass density ;7;* in the upper boundary layer is undetermined to this order.
This means that the stratification will have no effect on the upper boundary layer
to the lowest order. Thus, we expect that the solution of equation (5.67) will
give the same solution as in the barotropic model, apart from the contribution of
vorticity due to the deformation of the interface. By using that the boundary layer
variables must merge smoothly to the interior variables in the transistion region
7% oo, and that the boundary layer velocity is zero at the free surface (5.70)
Z** = ( in addition to the dynamical boundary conditions (5.71) and (5.72), it can
be shown (by the same way as previously) by using the continuity equation (5.69)
that the first order boundary condition to the vertical velocity in the interior at

Zo=11is
R N . Ek}H a** ~ ~ ~
1 (XL, 1,t> =122 (vl X T) . (5.73)

or, 2

where T is the dimensionless wind-stress vector given by T = Tx Z)/i + Ty Z?.

5.3 The baroclinic quasi-geostrophic potential vor-
ticity

Since the horizontal momentum equation to zero- and first order in Roy is the
same for both the barotropic model and the baroclinic model, the corresponding
vorticity equation associated with the geostrophic velocity g ; is equal. The
zeroth order vorticity @y is given by equation (4.94), which is described by the
vorticity equation (4.104). Taking the dot product of the unit vector in the vertical
direction Z with equation (4.104), the vorticity equation may be written as

1

oo Vb — o - Vs (87) + vy iy (5:74)
1

(% + g, - VJ.) Vip =
Similar to in the barotropic model, the vorticity equation depends on the first
order vertical velocity. In the barotropic vorticity equation we had that all terms
was independent of the vertical coordinate, so that we could eliminate w; by
integrating the equation over the vertical coordinate. In this case the baroclinic
vorticity equation depends on the vertical coordinate, thus we must eliminate w; in
a different way. The best way to do this is to use the thermodynamic equation for
the mass density (5.42), since we know the relationship between the zeroth order
mass density ;70 and pressure ;50. By substituting equation (5.30) into equation
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(5.42), we find an expression for the vertical velocity to first order,

~ 8 ~ al 1 1 apo
=—| =+ -V
o= (o9 ()
1
—v2 | T, (5.75)

1 1
— V2
+ROLFLBUL N2 (P t P|t|

where we have used that the buoyancy frequency N only depends on the verti-
cal coordinate. Thus, by differentiating equation (5.75) with respect of Z and
substituting the result into equation (5.74), the vorticity equation becomes

o . 1 0 (1 0p .
— o Vi) [Vt [ o2 | +8Y
((% o L) ( 0t B, oz <N2 az) ’ )

1 o (11 ., 1
1 9 (L T .
Rtvipo RopF,Buy, 02 <N2 (Pe‘iv +Pﬁv> 0)’ 10

where we have used that the vorticity due to the variation in the Coriolis parameter
can be written as g ; - \val (B?) = B0y = ﬁ@ﬁo/(?X' together with the defini-
tion of the meridional velocity vy = <8/ ot + U | - \Y, L) Y. The lower boundary

condtion to the quasi-geostrophic potential vorticity equation at Zo = 0 can be for
formulated as

o . 1 10p, -
(at i L) (BUL N2 oz b)

1 1 1 = 1y E)
= (_vQ P tv ) T(] - VJ_ 07 (577)

~ Ro,FLBuy N2 \ Pel 2 Roy,

where we have used the lower boundary conditions for the first order verical velocity
(5.58) together with (5.75), and the upper boundary condition at Zy = 1 can be
formulated as

o . - 1 1 dp,
— + U -V =
(at o l) (BuL g az)

1 1 1 - 1 - A Ek‘” o™ ~ N «
S S (N v R v/ . z-(v T).
RonFLBu; N2 (PetL LT Pl ) °" "Ro, 2 L

(5.78)

where we have used (5.73) together with (5.75).



Chapter 6

An interacting baroclinic ocean
circulation model

In this chapter we will extend the model from the previous chapter by taking into
account the interaction between the global and local scales. The method we will use
is a multi-scale expansion which is based on spatial and temporal scale separation.
Since the model will depend on the global scale, we can not use slab-coordinates,
such that we have to keep the equations in a spherical coordinate system. To
illustrate the method in a best possible way, we neglect all dissipation terms, so
that the heat equation and salinity equation disconnect from the system. If we
use that the dimensionless numbers have the same magnitude as in the previous
chapter and filters out sound waves as in the previous chapter, it follows that the
truncated continuity equation is

A

0=V-u, (6.1)
the truncated momentum equations are
du 1 o -
Ro|— ) =——V.p—7coshO xu; —sinfr x a, 6.2
(dt)L 1+ RoFp ” 6.2)
0= Vit (6.3
and the truncated thermodynamic mass density equation is
/d\ Ja SIS
Ro(—|p = BuN-*w, (6.4)
dt
where the horizontal acceleration term is
du o, . " i
— | = - - Vi I'—u [—tanfr x 0, |, 6.5
(dt)L (at R e ‘”) (6:5)

91
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and the total time derivative is

" 5 .
— ) = +0u-V). 6.6
(dt) (815 - ) (6.6)
Since the equations are in a spherical coordinate system the nabla-operators are

~ 1 g ~1 0 0
Vi= ¢rmf’c0598_¢ +07’mf’%’ Vi = Y97

(6.7)

where the normalized operators are @l =0L,,V, and @” = 0Ly, V) and the
normalized radius 7 is given by equation (2.171), i.e. 7 = 1 +~T'Z. Where we
have redefine the vertical coordinate Z = r — r,,. It should be noted that the
model will be limited to the midlatitude, such that sinf, cosé will be of O(1).
This means that the local Rossby number Roy is replaced by the Rossby number
Ro. Therefore, we have used that Ro Fu ~ O(1) and that the dimensionless mass
density is p = pj, + Ro F ,?)' Similar to the previous chapter we have used that
the fluid is shallow, such that the background mass denisity and the gravity is
approximated constant, i.e., p, ~# 1 and g = —T.

6.1 The local and global equations

For the dynamics in the midlatitudes, there exist two distinct scales. One large-
scale assosiated with the planetary scale, which means phenomena comparable to
the earth’s radius r,,, and then also one scale that is comperable to the deforma-
tion radius Lp. From now we will call this small-scale. The deformation radius is
given by that length scale where rotational effects becomes equally important as
other phenomena, e.g., buoyancy. As previously discussed, we have that the di-
mensionless number that indicates the importance of stratification versus rotation
is Burgers number Bu. From the definition of Bu, equation (2.194), it follows that
the length-scale where stratification and rotation are equally important is

_ NpdLy

D 50 (6.8)

such that the Burgers number can be written as

Lp \?
Bu = ( 5L¢,m> . (6.9)

Since the local dynamics in our case is characterized such that Bu is of O(1), it
follows that the characteristic length scale dL ,, of the local dynamics is of O(Lp).
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Therefore, we anticipate the existence of small and large spatial scales associated
with the local and global motions, respectively. These are formally defined by

£, =po+00, XL:F<2>¢+§0>, (6.10)

where &, = q/z’;gbl + §9l are the local independent horizontal coordinates and
X, = (Aﬁqﬁg + 599 are the global independent horizontal coordiantes. In the fol-
lowing, these spatial scales will be treated as distinct independent variables. The
separation of scale implies that the horizontal nabla operator transforms as

VLZVZVL-FFVQ# (6.11)
where
~ 1 0 ~1 0
— L 6.12
Vi ¢rmf cos B, Oy + Tt 00; (6.12)
~ 1 0 ~ 1 0
= — 6.13
Va.l ¢rmf cosB, 0p,  rmi 00, (6.13)

In dimensionless form the new nabla operator is
@L = ﬁl,i + Fﬁg,L‘ (6.14)

Similary, there exists fast and slow temporal scales associated with the local and
global motions, given by

ty=t, t,=TI%, (6.15)
such that the partial time derivative transforms as
0 0 0
r (6.16)

—x = —= + o
ot ot Ot
This means that the local motion occurs on a time scale that is O(1) and the global
motion takes place on a time scales that is O(1/I'). In the following, these two
temporal scales will be treated as distinct independent variables. By introducing

the seperation of fast and slow spatio-temporal scales into the equations of motion,
(6.1), (6.2), (6.3) and (6.4), we obtain the continuity equation,

0= (@I,J_ + P@g# + @”) -, (6.17)

the horizontal momentum equation

ou T ~ 0\ ou A
Ro AJ_ +U'<v17J_+V||>UJ_ +T AL —|—u-Vg,Lul
oty e, e Oty o e;
0 U - 1 - A S
AT %, + T2 tan 07 x uLl S S— (m + rvg,L) b
r r 14+ RoFp

—’ycosﬁaxﬁ” —sinfr X U, (6.18)



94CHAPTER 6. AN INTERACTING BAROCLINIC OCEAN CIRCULATION MODEL

the vertical momentum equation
0=—Vp— it (6.19)
and the thermodynamic mass density equation

8;5 A~ — - P 075 N ~ o
(6{, +u- <VZ,J_+V>p> +T (ag —|—u.Vg,L,0>

9

Ro

= BuN%*b.  (6.20)

Similar to the previous chapters, we will assume that the solutions of equations
(6.17), (6.18), (6.19) and (6.20) can be expanded in a regular power series in the
Rossby number Ro, but since we have introduced multiple scales in the equations,
there must be some small adjustments. From equation (6.20) it follows that the
advection of p by the vertical velocity 1 must be of O(1/Ro), in order to satisfy
the right hand side of the equation. This implies that the regular expansion of the
mass density must be

~

Ao p 1 N o e e
P (:U,t; Ro) = %ZRO% 0; (éL,XL,Z,tl,t9>, (6.21)
i=0

which in turn implies that the pressure must be scaled similarly in order to to
satisfy equation (6.19),

A 1 N e e
p (&,¢ Ro) = %ZRolpi <£L,XL,Z,tl,tg>. (6.22)
=0

The horizontal momentum equation (6.18) gives that the velocity must be of O(1)
to prevent the velocity field to achieves unnaturally large values. If the velocity
field was of O(1/Ro), this would imply that the Rossby number was of O(1), which
is wrong. Therefore, the expansions in the velocity fields are

lAlL (Z%,Z?;RO) :ZROZIIAILL (él,XL,ZA,tAl,fg), (623)
=0

ay (2, Ro) = 3 Ro' (éb X.. 7.4, £g>. (6.24)
=0

Due to introduction of multiple scales in the equations, we can not guarantee a
well defined asymptotic expansion of the solution. Therefore, we must impose
a solvability condition to guarantee that the expansion of the solution is well

defined. To guarantee that the asymptotic expansion of (,AE, z%, a L,ﬁu) is well

defined, (ﬁl, ]251-, u; |, ﬁi,H) must have the property that it grows slower than linearly
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in any of the local coordinates <é s fl> . This solvability conditions is known as the

sublinear growth condition. Mathematically it can be formulated as follow: Let C

denotes one of the local spatio-temporal coordinates <§ s fl>, and let C'g denotes
one of the global spatio-temporal coordinates (X 1, fg> . Then the sublinear growth

condition for C implies that each variable V= <f)2, f)’i, |, ﬁi7‘|) must satisfy the

limit . .

\%4
lim — = lim — =0, (6.25)
Ro—0 () + 1 Ro—0 % +1

when all coordinates are held fixed with respect to Ro, exept G, Equation (6.25) is
not particularly useful, but has the significant consequence that the local average
of the derivative of V with respect of C; must disappear, e.g.

Cp , 5Cim
oV Ro Rot Ro OV
<ac,> Rom30 20Ch /gp_éch,m oc, 7 (0:20)

where 0C),, is the characteristic length scale of C;. Therefore, it is natural to
split all variables into a local average part and the deviation from this average.
Where the average is a spatio-temporal avarege over the local scale. This means
for example that the velocity field can be splitted as

(€, X1, 20 0) =0t (X0, 200,) + 0 (6L, X0 Z000d,) . (627)

where 1, is the spatio-temporal average of i and 1; is the deviation. We will just
use the notation (), for the spatio-temporal average operator later. Note

<ﬁ>l = u®,

<ﬁl>l =0.

6.2 The reduced equation

In this section we will substitute the expansions (6.21), (6.22), (6.23) and (6.24)
into the equations of motion (6.17), (6.18), (6.19) and (6.20), and collect terms of
the same order to obtain the dynamics to desired order.

6.2.1 The lowest order dynamics

To lowest order in Ro the continuity equation reduces to

0= Wu + W) (o, + o) = Vi -G+ V) -, (6.28)
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where we have used that the vertical divergence of the horizontal velocity is zero,
ie., V| -1ug = 0, since the horizontal unit vectors in the spherical coordinate

system does not change with radius. In addition, it should be noted that @l, 1
g = QF% does not give any contribution to lowest order, since this term is
of O(T"). The lowest order horizontal momentum equation states that the lowest
order pressure is independent of local spatio-temporal coordinates,

0=—V.1p (6.29)

which means that the deviation from the spatio-temporal avarege of 50 over the

local scale is zero, i.e. ﬁé = ;70 and ffg = 0. Thus, the zeroth order pressure ]%0
may be associated with the large-scale dynamics. Later we will see that it is this
pressure that gives rise to the lowest-order horizontal velocity on a global scale.
The vertical momentum equation gives that the zeroth order pressure gradient is
balanced with the zeroth order buoyancy force,

0= —Vypy — ol (6.30)

which implies that the zeroth order mass density ;50 is also independent of local
spatio-temporal coordinates. We will not write down the thermodynamic equation
for the mass density to lowest order, since it later will appear that this does not
make any contribution because the vertical velocity to lowest order will turn out
to be zero.

6.2.2 The geostrophic flow
To first order in Ro the continuity equation reduces to

A

N . ~ R I R
0= vl,L -uy g+ V” “up |+ ﬁvg’L “Ug, |, (6.31)

where @17 L -y and @g, 1 - g are not included since these terms are one order
of magnitude higher than the other terms. The first order horizontal momentum
equation gives that the Coriolis force is balanced by the local pressure gradient to
first order and the global pressure gradient to zeroth order

oo ey 2
0=-V,.p, — %VQ,LPO —sinf, T x Qg 1, (6.32)

since % is of O(1). Note that the only contribution to the first term on the right

. . U A
hand side of the horizontal momentum equation is p,, since ﬁf only depend on the
global coordiantes. By taking the spatio-temporal average of equation (6.32) over
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the local scales, it follows that the Coriolis force that is associated with the large-
scale part of the horizontal velocity field is balanced by the horizontal pressure
gradient which corresponds to the large-scale dynamics,
F al ~ . ~ ~g
0= _EVQ’LPO —sinf, T x 0 . (6.33)
Similar, by subtracting the average equation (6.33), from equation (6.32), it follows
that the Coriolis force that is associated with the small-scale part of the horizontal
velocity field is balanced by the horizontal pressure gradient which correspond to
the small-scale dynamics,

0= V.10, —sinf, T x i, . (6.34)

If we take the cross product with T of equations (6.33) and (6.34), it follows that the
horizontal velocity field associated with the large and small scales are respectively
given by

I 1 . & a2

%, = g Vol (6.35)
1 . & =2
| = r X Vyip, (6.36)

sin 0,

such that the total horizontal velocity field is given by

U1 = ﬁ%,L + ﬁg,p (6.37)
I 1 A o4 1 . A

= — T XV, D XV .p;. 6.38

Rosin ng 9.LPo sin ng LLP1 ( )

Note that the large-scale horizontal velocity tf | will be independent of the local
spatio-temporal coordinates and that the horizontal divergence of the zeroth order
horizontal velocity, (6.37), is divergence free;

Vi -1y, = 0. (6.39)

Therefore, it follows from the lowest order continuity equation, (6.28), that the
vertical divergence of the zeroth order vertical velocity vanishes,

0=V, (6.40)

which implies that the zeroth order vertical velocity vanishes if it is zero at the
boundary. According to the boundary value conditions from chapter 5, it will be
zero to lowest order at the free surface, i.e.,
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everywhere in space and time. Because of equation (6.39), it also follows that the
horizontal velocity field which is associated with the small-scale dynamics also is
divergence free,

Vi g, =0, (6.42)

Py
sin g

hence, it follows from Helmholtz theorem and equation (6.36) that acts as a

streamfunction for the lowest order local horizontal velocity field ﬁ%], 1

The vertical momentum equation to first order in Ro gives the same balance as
the zero order vertical momentum equation, namely that the first order pressure
gradient is balanced with the first order buoyancy force

0= _@Ilﬁl - /Aalf? (6.43)

but since ]';50 and ,';50 are independent of the local spatio-temporal coordinates, equa-
tion (6.30) only describes a balance on a large scale, and hence there is a slight
difference between the equations. Because equation (6.43) describes a balance on
both small and large scale spatio-temporal scales. If we take the spatio-temproal
average of equation (6.43) over the local spatio-temporal scale, it follows to first
order that there exist a balance on the large scale,

A8,

~ AZ
0= —V”pl — pPr. (6.44)

Similar by subtracting equation (6.44) from equation (6.43) it follows that there
exist a balance on the small scale,

oAl oAl
0= —V”pl — T (6.45)

We see that (6.36), (6.42) and (6.45) are completely similar to the equations in
section 5.1.1. The only difference in this section is that we in addition determine
the dynamics that occurs on a large scales, and not surprisingly, the dynamics
associated with large scale are described by geostrophic balance and hydrostatic
equilibrium of the same order as the dynamics of small-scale when - is of O(1).

In section 5.1.1 we saw that the horizontal velocity field to lowest order depend
on the vertical coordinate because the mass density was dependent on the vertical
coordinate. Therefore there is a vertical shear in the horizontal velocity which
was given by the horizontal density gradients, equation (5.33). Hence we expect
that the local horizontal velocity flh | also has a vertical shear that depend on the

local gradient of ;51. By differentiating equation (6.36) with respect of the vertical
coordinate Z and use the first order momentum balance in the vertical direction
(6.43), it follows that the vertical shear in the local geostrophic velocity is related
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to the horizontal gradient of the first order mass density deviations by

afl%u_ 1 2 N
== — rx Viip;. 6.46
YA sin QQP * ViLh (6.46)

Similarly, differentiating equation (6.35) with respect of the vertical coordinate Z
and useing the zeroth order momentum balance in the vertical direction (6.30), it
follows that the global geostrophic velocity also has a vertical shear that depend
on the horizontal gradient of the zeroth order mass density deviations by

oug | B 1 T

5 = “smd T X Vi Po- (6.47)
g

The thermodynamic equation for the mass density to first order in Ro is given by

0 A A Ao T 0 N A R
~ 40y Vi) py - Vipg+—|—+109,-V 0y = Bu N2y,
<8tl 0,1 l,J.) P | I1Po Ro ((%Q 0,L g,J_> Po 1
(6.48)

where we have used that the zeroth order vertical velocity is zero, i.e., not included
in the advection terms. Already now we see how the separation of spatio-temporal
scales have led to interactions between scales. We see that the first order mass
density p, is locally advected by the zeroth order total horizontal velocity (6.37),
and similarly the zeroth order mass density ,;'50 is globally advected by the same
velocity (6.37). According to section 5.3 we know that the vorticity due to buoy-
ancy come from the thermodynamic equation for the mass density via the first
order vertical velocity. Thus, we expect that the term ay ) - @”ﬁo plays the same
role as t}}e stratification term Bu N 210, at least at the local scale. This means that
ug | - @Hﬁo will give rise to stratification on local scales in the sense that p, will be
a background density compared to ;71. Therefore, inspired by the definition of the
buoyancy frequency (2.192), we define a buoyancy frequency N, associated with
the zero-order mass density by

N2 = g@_ﬁo

S=— s (6.49)

Using dimensionless numbers, it follows that equation (6.49) can be written as
Bu, N2 = ——% (6.50)

where we have used that p, ~ 1 and defined the new Burger number Bug, as

Bu, = (NomOLim )’ (6.51)
Y=\ 2L, ) ‘
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Therefore, by substituting equation (6.50) into the thermodynamic mass density
equation (6.48) we get

( aat} R VM) o+ % <a% R vm) Py = <Bu N? + Bu, N3> .
(6.52)
By taking the spatio-temporal average of equation (6.52) over the local scales,
we can split the equation into an equation that describes the mass density at
the local scale and at the global scale. Before we do that, we will try to rewrite
the equation in a more friendly form, i.e., so it follows directly which part of
the equation which disappears under the averaging process. Since the buoyancy
frequency is independent of the local coordinates we can write equation (6.52) as

sin 0 o [
BuN? + Buy, N2 0Z \ sinf

1 r 0 N R
+ = —— | —+109, -V ) Dq. 6.53
BuN? + Bug Ng Ro (atg 0,L g,L | Po ( )

) R
Wy = — [~ 409 -V
1 ((915 0,1 u)

l

If we now use that the horizontal velocity field Gy ; can be split into two parts,
where the global part 1]1%7 | is independent of the local spatio-temporal coordinates
it follows that we can write equation (6.53) in such a way that we can isolate
all parts that are only dependent on global spatio-temporal coordinates from the
other terms, which depend on both global and local spatio-temporal coordinates.
The result is

9
ot

wy =

sin 0 2 ([ n
BuN? + Buy, N2 9Z \sinf

. ) sin 0 o [ p
- Vi1 Uo, | = TS -
BuN?+ Buy, Nj 0Z sin 6

y 1 . oug
+Vi.- _ - 0L
Bu N? + Bu, N2 oz
1 T o . A N
" Bune + Bu, N2 Ro (a_tg oL Vg,l) Po (6.54)

where the last term on the right side depends only on global spatio-temporal co-
ordinates and the vertical coordinate, the remaining terms depend on both the
global- and local spatio-temporal coordinates. Note that in the second term on
the right hand side we have used that the zeroth order horizontal velocity is in-
compressible at the local scale. In the third term on the right hand side we have
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used the scalar triple product as follows

s 1
/\1 ~
Uy, - V10 =

<? X @l,¢51> 'ﬁg,LﬁO

sin 0

=———;r: <@g,¢,’50 X @I,Lﬁi)

- ~ sind <? % vg’L'EO) Viip

~ g
RoOu; | o~ »

Ro - oug | .
=2V, (_OZL pl) (6.55)

with help of equation (6.47) and equation (6.36), in addition to using that the
global velocity ﬁg, | is independent of local coordinates. If we take the spatio-
temporal average of equation (6.54) over the local scale, it follows from the sublin-
ear growth conditions that the only surviving terms are the last term on the right
hand side of (6.54) and the global contribution of the vertical velocity w{ to first
order on the left hand side of (6.54), i.e.,

wn
==
— B
)

1 r [0 =\
W) = —— ————+0uE, -V )~. 6.56
' BuN?+ Bu, N2 Ro (atg 01" Yol JFo (6.56)

Since equation (6.56) is an evolution equation for the lowest order mass density ﬁg
confined to the global scale, it would be better to write (6.56) as

rro . A . A 5o
E (—A + U%A_ . Vg,J_ + w§—ZA) 0o — Bu NQU)‘i] (657)

where we have used equation (6.50). By subtracting equation (6.56) from (6.54)
it follows that the thermodynamic equation on the local scale is given by

sin ¢ 0 1%1
BuN? + Buy, N2 9Z \sinf

. 9 8ﬁg R ~
TR - v RN (6.58)
BuN?+ Buy,N¢ 0Z sin ¢

a S
~1 N
wy = — —+u . C
1 ( 3tl 0,1 Z,L>

If we compare equation (6.58) and (6.57), we see that these equations can be used
to solve for the zeroth- and first order pressure and mass density, which can then be
used to find the velocity field to lowest order. But to do this we need to know the
first order vertical velocity, which is undetermined to this order. However, the main
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difference between the equations is that the global thermodynamic equation (6.57)
does not contain any interaction terms from local scales. This is not surprising
since we have the sublinear growth condition which says that the spatio-temporal
average of a local divergence of a variable is zero and in addition we know that the
zeroth order mass density have to be independent of local coordinates. The local
thermodynamic equation (6.58) contains two interaction terms with the global
scale on the right hand side. The first term describes local advection of the first
order mass density (since the vertical gradient of the first order pressure is equal
to the first order mass density) with the zeroth order horizontal global velocity,
and the second term describe local advection of the first order pressure with the
vertical shear of the zeroth order horizontal global velocity.

6.2.3 The ageostrophic flow

The only equation we have to find to second order in Ro is the horizontal mo-
mentum equation, because this equation will close the thermodynamic equations
(6.57) and (6.58). This means that we can find a complete equation for the verti-
cal velocity to first order that depends on lower order quantities. The horizontal
momentum equation to this order reads

-
(9u0, 1

a pAS F 2 X . ~ A
o =—Vi1py— = Vgip; —sinf, T xay,. (6.59)
l

e; RO

. &
+ g1 - Vg

€;

where we have used that the global horizontal velocity to zeroth order is indepen-
dent of global coordinates. Note that the advection term can be written as

e.> X Ug, | + @I,J_ [ﬁ%u : (%floyl + ﬁ%,L>] .

(6.60)
Since equation (6.59) is a nonlinear evolution equation for the local geostrophic
velocity, it is difficult to use the sublinear growth condition to separate the equation
into a global equation and a local equation. Thus, we will in the following section
apply the vorticity formalism, which has a simpler structure according to the
application of the sublinear growth condition. In addition the introduction of
vorticity will also remove the second order pressure p,, which is undetermined to
this order.

" S 2 ]
o - ViU, | = (Vu Xy |

€;

6.3 The quasi-geostrophic potential vorticity

In the following we will derive the corresponding vorticity equation of the horizon-
tal momentum equation (6.59). Since the unit vectors of the local velocity field
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G, is kept constant during the material derivative in the horizontal momentum

equation, it will be natural to define the vorticity that is associated with the local
velocity field | as

A o 1
80: VZ’J_ xuo’l

e [ D
= . .61
e; I‘Vu <sineg> <6 0 )

Anyway, the unit vectors are independent of local coordinates, this means that the
unit vectors are constant on the local scales. Therefore, we do not need to require
that the unit vectors must be held constant during differentiation with respect
of local spatio-temporal coordinates. If we take the horizontal curl @l, 1 x of the
ageostrophic momentum equation (6.59), we get the vorticity equation

I T oo e
= +u0’J_'VZ’J_ @0:—— VLJ_XVg,J_pl —smé’gvux (I‘XULJ_)|
atl Ro e

7

e; ’

(6.62)
Just to point out that the unit vectors remain constant during the local differenti-
ation, we use the vertical line to symbolizes that the unit vectors are constant at
the local scale. Recognizing that the second term on the right-hand side can be
written as

@lyj_ X (/fX ﬁlvi)’ei =T (@lyj_ . lAlLJ_)

, (6.63)
e;
it follows that all terms have only a vertical component. Thus we can take the dot
product of the unit vector along the vertical direction T with equation (6.62) to
obtain a scalar equation

%) . -~y D r (. .
: an | -V V-2 3V, xV. D
(8151 + Up 1 I,L) LG g oF ( 1,1 9,1D1

) —sin 99 <@Z7J_ : ﬁLJ_)
€; €;
(6.64)
The first term on the right hand side of equation (6.64) represents the production
of vorticity due to local rotation of the global pressure gradient to first order. This
term is caused by the global horizontal compression of the fluid to lowest order
and the meridional variation of the Coriolis force. This can easily be shown by
taking the global horizontal divergence of equation (6.38) when the unit vectors
are held constant during the differentiation,

+ cos 0 0. (6.65)

€;

r- (vl,vag,Lpl ) :Singg ngL-u(M
€;

The second term on the right hand side of (6.64) represents the production of
vorticity due to local horizontal compression of the first order horizontal velocity
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field. This term can be rewritten with help of the first order continuity equation
(6.31),
r

| T Vg -tg.1 R (6.66)

With the help of (6.65) and (6.66), the vorticity equation (6.64) can be written as

Vig -ty ==V

0 . o \e P r P
((‘312 + g - VZ,L) Vii (ﬁ) = —p, Cos 6400 + sind, 8_21 (6.67)

Already now we can see that the vorticity equation (6.67) is quite similar to the
barotropic vorticity equation (5.74). The only difference is that equation (5.74)
only contains variables that are valid at the local scale, while equation (6.67)
contains variables that apply on both global and local scales. The second term
on the right hand side of equation (5.74) represents the planetary vorticity, which
we have shown in section 5.3 can be written as 37y, where the dimensionless
meridional variation/gradient of the Coriolis force [ is given by equation (3.4).
The planetary vorticity in equation (6.67) is describe by the first term on the right
side. The factor in front of the meridional velocity is the same as 3, except that
%COS 6, is not constant. However %COS 8, will be constant on the local scale,
since it only depends on the global coordinate of latitude. Thus, we will later use
that

_ L 0 6.68)

B = 72, 08 0- (6.

Similar to the thermodynamic equation for the mass density we want to write
the vorticity equation (6.67) in such a way that we can isolate all parts that
are only dependent on global spatio-temporal coordinates from the other terms,
which depend on both global and local spatio-temporal coordinates. This is done
by splitting the velocity fields into a local part and a global part. This results in

o . ) D r L o
<0fz + 10y, - vl,L) ViL (sinl€> + ECOSHgv(I) - 8111990—21
r ouwt
= ———cosf, 08 + sinf, —=, 6.69
T2 0805 04 + sin g, Y (6.69)

where the right hand side only depends on global spatio-temporal coordinates and
vertical coordinates, while the left hand side depend on both global and local
spatio-temporal coordinates. By substituting the equation for the local vertical

Note that equation (5.74) is only valid on local scales, and therefore 9 is the local meridional
velocity which corresponds to 9} in this chapter.
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velocity to first order, equation (6.58), the vorticity equation (6.69) can be written
in a very similar way to the potential vorticity equation (5.76),

0 R . ) .
<8A + ug, | - VZ,J_) qg— Vi1~

7]

9] sin? 0 P, Ouf
07 \ BuN2?+ Bu, ]\702 sind, 9Z

r o
= ——=—cosf, if + sind, %, (6.70)

where we have defined the quasi-geostrophic potential vorticity

O ]A?l 0 sin? 0, 0 ]%1 r
=V} , +— = —— | = + —cos0,0,. (6.71
T (sm%) 0Z (BUJW + Bug N9z \sinb, | | " Ro 07 670

Since the local horizontal divergence of the zeroth order horizontal velocity 4y | is
zero, equation (6.70) may be written in conservative form as

86} 2 ~ o 0 Sin28 ;i aﬂgL
~+ Vi (0,q) — Vi | — C V2 si ;
o, i1+ (0, 19) lL <82 <BuN2 + Bu, N§ sinf 97
T ows
— L cosh 8+ sing 2L 6.72
ROCOS 4 Uy + 810, Y ( )

The beauty of writing the vorticity equation (6.72) in conservative form is that it
is very easy to apply the sublinear growth condition in order to find the vorticity
equation on the local scale and the vorticity equation on the global scale.

6.3.1 The global vorticity equation

If we take the spatio-temporal average of equation (6.72) over the local scales; it
follows from the sublinear growth condition that all terms on the left hand side
vanish and the only surviving terms are those on the right hand side where the
variables are independent of local coordinates,

r ot
0= ~ oo €S 0,05 + sin 0, % (6.73)

Equation (6.73) is known as the global vorticity equation. To interpret this equa-
tion, we take the spatio-temporal average of the first-order continuity equation,
equation (6.31) which provides

0=+ —V,. . (6.74)
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Thos equation states that the global horizontal divergence of the global horizontal
velocity field gives rise to vortex-tube stretching. According to equation (6.73),
the vorticity production that is associated with vortex-tube stretching is balanced
by the planetary vorticity. Just to summarize a bit, the equations that form
a model on the global scale are given by the global vorticity equation (6.73), the
thermodynamic mass density equation (6.57) and the global horizontal geostrophic
velocity (6.35). Some people like to introduce a potential vorticity equation instead
of the thermodynamic equation. So if we differentiate equation (6.57) in respect
to Z , we get

r (o ., < Ro ., 0\ (p ol dp, -

A +_uag_A) 0o ) _ 001000 O f2g)
R0<8tg LR WY (az 07 02 az< /)
(6.75)

or equivalently

o . - Ro , 0 o 9p, O (RoBu . . ..
(agg—l—uaL-Vg,l—l—?wfa—ZA) (Slnﬁgaz()):%( - smegNQw*‘l]),

(6.76)
where we have used equation (6.73). Equation (6.76) is the global potential vortic-
ity equation and according to the buoyancy frequency (6.50), this is an evolution
equation for the stratification that is associated with the zeroth order global mass
density p,. Note that none of the equations for the global dynamics not contain
interactions terms with local variables.

6.3.2 The local vorticity equation

The equations that determines the dynamics on the local scale is given by the
deviation equations from global scale. If we subtract the global vorticity equation
(6.73) from the total vorticity equation (6.70), we get the local vorticity equation
that determines the vorticity on the local scale, The local vorticity equation reads

7]
) in2 ¢ ong | 5

. e R v (R ) (6.77)
0Z | BuN?+ Buy, N} 0Z sin, ¢

where the first term on the left hand side describes the evolution of the quasi-
geostrophic potential vorticity ¢ with the local scale. This part of the vorticity
equation is completely similar to the baroclinic quasi-geostrophic potential vortic-
ity equation (5.76) in the previous chapter in the limit where the fluid is inviscid.
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The additional terms describes interactions with global scale, where the second
term represent advection of the quasi-geostrophic potential vorticity ¢ with the
global velocity, and the third term describes interaction between the first order
mass density p; and the shear in the global velocity. The global flow will aslo
contribute to buoyancy dynamics on the local scale. This is because the global
flow will be associated with a mass density that will produce the same effect as
the real background state of the ocean, i.e., will give rise to stratiffcation on the
local scale. Therefore, the quasi-geostrophic potential vorticity ¢ depend on No.
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Chapter 7

Conclusion

In this thesis we have used a regular perturbation theory and scaling anaylse to
derive reduced models confined to the midlatitude region. The main result is
the quasi-geostrophic potential vorticity model in chapter 6, which describes lo-
cal dynamics in the midlatitude region under influence of global scales. This is a
modified version of the classical baroclinic quasi-geostrophic vorticity in chapter
5. The modified model included interaction between the local quasi-geostrophic
potential vorticity and the global geostrophic velocity. In addition the global flow
contribution to buoyancy dynamics on the local scale. This is because the global
flow will be associated with a mass density that will produce the same effect as
the real background state of the ocean, namely will give rise to stratification on
the local scale.

109
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Chapter 8

Appendix A

The equations of motion can be obtained in many differet ways; kinetic theory,
Raynholds transport theorem or with a control volum method. The equations
describes the evolution of mass density, momentum density, and energy denity.
These equations has more unknowns than the number of equations, thus we need
thermodynamic equations of state to close the system of equations. In this section
we will only present the equations, and it will always be understood that it only
applies during an initial system.

8.1 The equations of motion

8.1.1 The equation of continuity

The equation for the mass density p without any source and sink, reads in flux
form

ap
- . — Nl
T + V- pu=0, (8.1)

where u is the fluid velocity. By introducing the substantial time derivative

d 0
E—a‘l-u-v, (8.2)

the continuity equation can be written in parcel form as

dp
= TPV u=0. (8.3)

111
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The salinity equation

The ocean consists of salt water, where both components, salt and freshwater must
satisfy the continuity equation for mass, i.e.

0ps
*PsUs = ) 4
Vo 0 (8.4)
0pw B

The mass density of the salt ps and the mass density of the freshwater compose
the total mass density p, i.e. p = ps + pw. By adding (8.4) and (8.5) together,
yields the conervation of the salt water,

dp B

where we have used the mass-weighted mean velocity u = W%. The fraction
of the salt and freshwater are respectively given by

§="P = Pu (8.7)
p p
Therefor, the (8.4) can be written as an equation for the fraction of salt,
as
— =-V-Jg, 8.8
P s (8.8)

where Jg = pS (us — u) is the diffusive salinity flux. The equation for the fraction

of freshwater is
dw

Prat
where Jy = pW (u,, — u) is the diffusive freshwater flux.

— V. Jy, (8.9)

8.1.2 The equation of momentum

The equation for the momentum density pu with external density body forces f,
reads in flux form
9 (pu)

ot
where o is the stresstensor. By using the chain rule and the continuity equation,
(8.1), the equation of the momentum can be written in parcel form as
du

por=-Vio+f (8.11)

=—-V- (puu+o)+f, (8.10)




8.1. THE EQUATIONS OF MOTION 113
8.1.3 The equation of energy
The equation for the energy density % pu® + pe, reads in flux form

9 (1 P2 _
at(qu —|—pe)—|—V-[<2u +pe>u—|—u o+ Q| =f-u, (8.12)

where % pu? is the kinetic energy density, pe is the internal energy density, € is the
internal energy per unit mass and Q is the total heat flux density!. By taking the
dot product between the momentum equation, (8.11) and the fluid velocity u, we
obtain an equation for the kinetic energy in parcel form

d

o (%uQ) =—u-(V-o)+f u, (8.13)

or equivalent in flux form

o (1 1, _
E(apu)+v.(ﬁpuu)-Fu-(V-o-)_f-u. (8.14)

An equation for the internal energy is obtained by subtracting (8.14) from (8.12),
by then using the tensor identity

u-(V-o) = V-(u-o)—(0-V)-u

1
= V-(u-o0)—0: 5 <Vu+(Vu)T> : (8.15)
In flux form the equation read
0
a(pe)qLV-(peu)—l—V-Q:—a: D, (8.16)
and in parcel form the equation read
de
_— = — N D — . 817
where .
_ 4 T
D= 5 (Vu + (Vu) > (8.18)

is the deformation tensor.

IThe total heat flux density consist of energy transfers to the system that are not mechanical,
e.g. thermal conductivity, heat do to chemical reaction and so on.
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8.2 Thermodynamic and closure of the equations

8.2.1 The law of thermodynamics

The first law of thermodynamics (T1) states that if a small amount of heat per
unit mass Aq is applied to a system, the internal energy per unit mass € is changed
simultaneously with the system performing a certain amount of physical work per
unit mass Aw on the environment and chemical work — ). ; AN;. Since energy
can not be created or destroyed, this means that the energy must be conserved,
ie.

Ag=Ac+ Aw =Y AN, (8.19)

where p; is the chemical potential of particle type ¢« and N; is the fraction of particle
type 4. By using (8.7) and S + W = 1, the chemical work can be written as

> AN; = Apds, (8.20)

where Aup = pg — 11, is the chemical potential difference between the sea salt and
water.

The second law of thermodynamics (T2) states that the entropy per unit mass s
of an isolated system which is not in thermodynamic equilibrium increases with
time, and will instantant attempt to achieve thermodynamic equilibrium, so that
the energy has a minimum and entropy has a maximum. Thus, the inequality

Aq
> — .
As > T (8.21)

must be fulfilled. Where T is the temperature in the system and Agq are supplied
amount of heat per unit mass. For processes which are reversible, the inequality
sign go over to an equality sign. In the limit where the supplied amount of heat
per unit mass is infinitesimal, i.e. Ag — dg, all processes will be reversible. In
this limit the first and the second law, (T1) and (T2) becomes

de =Tds — dw + ApudsS. (8.22)

This equation is the fundamental equation of thermodynamics. It can be shown
that the work per unit mass dw of a fluid particle on its environment is

1
dw = pd (—) = —%dp, (8.23)
p p

where p is the kinematic pressure. If the volume of the fluid particle increases, dw
will be negative so the fluid particle has done work on its environment, and if the
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volume decreases, the environment have done work on fluid particle. By dividing
on the infinitesimal time d¢, the fundamental equation of the thermodynamics

becomes
de - ds pdp as

2y 2P — 8.24
aar ar SMar (8:24)
or equivalent
d d A
R A L v R v (8.25)
dt dat  p p
where we have used the continuity equation d—f = —pV-u and the salinity equation

p%Z—V'Js.

The entropy equation

By substituting (8.25) into (8.17), the equation for the internal energy becomes a
general equation of heat transfer

ds
pT%:pV~u—a:D—V-Q+AuV'Js. (8.26)
In the absence of heat exchange and energy dissipation due to internal friction.
The fluid motion is adiabatic, i.e. that the entropy of any fluid particle remains
constant. In this case the fluid is ideal, and it follows from (8.26) that the stress
tensor must be equal to the pressure times the unit tensor,

o =pl. (8.27)

8.2.2 Thermodynamic state relation
Gibbs’ phase rule and thermodynamic potentials

Gibbs’ phase rule state the the degree of freedom F', i.e. the number of independent
intensive variable that completely determines the thermodynamic properties of the
system (such as pressure, temperatur and salinity), is equal to

F=C—-P+2, (8.28)

where C' is the number of components of the system and P is the number of
phases in thermodynamic equilibrium with each other. The ocean consist of two
components, salt and freshwater, and consist of one phase, liquid. Therefor, the
number of independent variables are three. There are many different independent
variables that can be used. These form the basis for the representation of the
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thermodynamic relations describing the physical nature of the fluid. The four
most common choices of the intensive variables are

(p_l,s,S), (p,s,S), (p_l,T,S), (p,T,S). (8.29)

To represent the thermodynamic state of the fluid, there exist a thermodynamic
function that determines the thermodynamic properties of the fluid. This function
is often called the thermodynamic potential. It follows from (8.22) and (8.23) that
the internal energy per unit mass € is the thermodynamic potential when (p~1, s, S)
are chosen as the independent intensive variables. Therefor, it also follows that
the equations of state to this potential are given by

Oe Oe Oe
T—(%)S,; p“(ap—l)s,; A“—(%L' (5:30)

From Euler’s homogeneous function theorem it follows that the internal energy
per unit mass can be written as

e=Ts—pp '+ usS+uw(1-29). (8.31)

This equation is often called the Euler’s identity. By subtracting the first law
of thermodynamics, (8.22), from the total differential of Euler’s identity, (8.31),
result in the Gibbs-Durham relation

p~tdp — sdT = Sdus + (1 — S) duyw. (8.32)

Instead of using (p!, s, .9) as independent variables to describe the thermodynamic
properties of the fluid, we will choose (p,T,S) as independent variables. The
question is now: Which thermodynamic potential is a function of these variables,
and what is the equation of state? By adding the differential d (—=T's + pp~') on
both side of (8.22), and define the free enthalpy per unit mass

g=¢c—Ts+pp*, (8.33)

(8.22) becomes
dg = —sdT + p~'dp + ApdsS, (8.34)

which states that the free enthalpy per unit mass is the thermodynamic potetial
with (p,T,S) as independent variables. From the chain rule it follows that the
equations of state is

7)., (@) ()
s=— = , = | = , Ap= (== ) 8.35
(8T Sp g Ip ST : 05 T,p ( )
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Since the equations of state will be a function of (p,7,S5), these equations can
be used to transform the entropy equation, (8.26) to prognostic equations for
temperature and mass density. The FEuler’s identety for the free enthalpy per unit
mass is given by substitute the Euler’s identety for the internal energy per unit
mass, (8.31) in to the expression for the free enthalpy, (8.33),

g=usS+pw(1-29). (8.36)

The temperature equation

From the chain rule it follows that the evolution equation for the entropy s (p, T, S)

ds 0s dT 0s dp <8s> ds
T (&) Y p(E) P () 2 8.37
i=T(or) (), a T (Gs) a e

where T’ (g—;) = ¢, is the spesific heat capasity. By using the Maxwell relation

ds 1 (’9p> 1
Z) == (L) =-pr, 8.38
(8P>T,s p? <8T .S p/BT ( )

here fr is the thermal expansion coefficient, (8.26) and (8.8) the entropy equation,
(8.37) becomes an evolution equation for the temperature,

dT d 0
pcpE:TﬁTd—]Z—l—pV-u—a:D—V-Q—i- <AM+T(—S) )V-Jg (8.39)
p, T

DS

oS
Under adiabitic conditions, the stress tensor reduces to (8.27) and the temperature

equation reduces to
dl'  TpBrdp
_ =) =0. 4

pCP(dt pCp dt) 0 (8.40)

This means that the temperature and pressure are related by dT' = i—épo. Hence,
P

the temperature is not a conserved quantity under adiabatic conditions, since
change in pressure leads to change in temperature. Later we will introduce a
potential temperature, which are a conserved quantity under adiabatic conditions.
It will be more practical to deal with potential temperature instead of temperature.

The thermodynamic mass density equation

From the chain rule it follows that the evolution equation for the entropy p=* (p, T, S)

is
dp~! <8p_1) dr (8p‘1> dp <8p_1) ds
dt oT o dt dp 7.5 At oS o1 At ’

dp dT dp ds
w P (—BTE + Bp% + BSE) ) (8.41)
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where Br, B, and (s are the thermal expansion coefficient, the compresibility
coeffisient and the salinity contraction coefficient respectively. By using (8.39)
and (8.8), (8.41) becomes an evolution equation for the mass density,

dp  _dp Pr Br ds
P g PTG ou—o:D-V-Q—| L aut+T(E V.
o pfzdt . (pV-u—o Q) (cp ( "+ (as)p,T> —l-ﬂs) Js,

(8.42)
where k = 3, — O7I is the adiabatic compressibility coefficient and I' = 8771 /c,p is
the adiabatic temperature gradient. The adiabatic compressibility coefficient can
also be written as

gzl(@) :1<@> +£(@> , (8.43)
p\Op),s pP\O)rs p\IT), ¢

The relation between the adiabatic compressibility coefficient and the sound ve-
locity is given by
1
2

CcC = —
PR

(8.44)

It should be notet that (8.42) is not an equation for mass conservation, but an
equation for the energy conservation in the fluid.

Heat flux

The total heat flux Q given in all the energy equations is often decomposed into one
heat flux due to conductivity qeong, and one chemical heat flux qepe,, due to change
in salt and freshwater consentration. It is well known from thermodynamics that
the change in enthalpy h is equal to the amount of heat added to the system due
to chemical prosesses, when the pressure is constant. By adding the differential
d (pp~') on both side of (8.22), and define the enthalpy per unit mass as

h=e+pp !, (8.45)

(8.22) becomes
dh = Tds + p~dp + AudS. (8.46)

The enthalpy can be spitt into two parts, one part hg due to the salt, and one
part hy due to the fresh water. The total enthalpy is given by the mass-weighted
mean

h=hsS +hy (1—85). (8.47)

The chemical heat transport through a surface element dA is therefor given by

Achem * dA = (hsJS + thW) - dA. (848)
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Since the diffusive fluxes satisfies

Js+Jw =0, (8.49)
it follows that the chemical heat flux is

Qehem = AhJ g, (8.50)

where Ah = hg — hy is the partial enthalpy difference. From equation (8.47) it
follows that the partial enthalpy difference is given by the thermodynamic state

oh
an=(5g) - (8.51)
S ) ¢

In order to describe the chemical heat flux with (p, T, S) as independent variables,
we need to find the relation between the free enthalpy and enthalpy. By combi-
nating (8.33) and (8.45), the relation between the free enthalpy and the enthalpy
becomes

g=h-—"Ts, (8.52)

therefor, it follows that (8.51) can be written in terms of free enthalpy and entropy

as
(5s), = (), = (5)
oS o oS T oS T
Os
- Au—i—T(—) . (8.53)
oS T

The chemical heat flux can then be written as

0s
Qchem — AM +T (—) Js. (854)
(e (5),,

8.2.3 Closure of the equations

In thermodynamic equilibrium?, each thermodynamic flux related to irreversible

effects must be zero, i.e. q =0, Jg = 0 and the part of the stress tensor o which
correspond to irreversible effects must be the zero tensor. From (8.27) it is natural
to decompose the stress tensor into two contribution,

o=pl—o, (8.55)

2Thermodynamic equilibrium is achieved when T = constant, Au = constant and D = 0
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where p is the thermodynamic pressure, | is the unit tensor and o’ is the viscous
stress tensor which gives the irreversible viscous transfer of momentum in the fluid.
Therefor, the fluxes we have to determined is the heat flux q, the salt flux Jg and
the viscouse stress tensor o”’. The methods we will use is based on the second law
of thermodynamics, linearization, symmetries and Onsager’s law. The equation
for the entropy, (8.26) can be rewritten in the form

p—+V-S=% (8.56)
1 0s
p,
is the entropy flux and

N—q-V (%) 3. (%v (A,@T) to (%D) (8.58)

is the entropy production rate. According to the second law of thermodynamic
the entropy production rate must satisfy 3 > 0. Just to simplify the notation,
introduce the flux as

where

Jl =q, J2 = JSv J3 = 0-/7 (859)
and the thermodynamic force as
F, =V (L), Foe—2V(Ap),, Fy— 4D (8.60)
1= T/ 2= "7 s 3= .

By using these notation, the entropy production can be written as

3
S=) J;ieF, (8.61)
=1

where e is the dot product - when the fluxes and forces are of rank one, and the
double dot product : when fluxes and forces are of rank two. Assuming that the
gradients of the pressure p, temperature T, salinity S and velocity u to be not
large, and that the fluxes J; are linear functions of the thermodynamic force, i.e.

=> Li-F;+ O(F%), (8.62)

J=1

where L;; is the phenomenological coefficients tensor which correspond to flux ¢
and force j. It should be noted that the sub indices is just the "name” of the tensor
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and have nothing with the tensor indices. The phenomenological coefficients tensor
must must fulfill
Rank (L;; - F;) = Rank (J;) . (8.63)

According to (8.62), the fluxes are
q = Ly -V (%) YL (—%v (Aﬂ)T) 4l - (%D) (8.64)
1 1 1
Js = Ly -V (T) + Lo - (—?V (AM)T) + Los - (TD) (8.65)
o = LV (7 )+t <V @) e (70), so0)
T T 4 T)’

where Li1, Lo, Lo and Loy are tensors of rank two, Li3, Loz, L3 and L3y are tensors
of rank three and L33 is a tensor of rank four. We will assume that the sea water
is isotrophic and therefor, the tensors L;; also have to be isotrophic. Isotrophic
tensors of rank two depend only on one scalar [ and has the form

{I—RankQ}ij = léw (867)
Isotrophic tensors of rank three is equal to the zero tensor,
Lranks = 0, (8.68)

and therefor, the heat and salt fluxes due not depend on the deformation tensor
D and the viscouse stress tensor o’ due not depend on the

1 1
— ——V (A 8.69
v(7) 7V (5.69)
Furthermore, an isotrophic tensors of rank four depend on three scalars [y, l5 and
I3 and has the form
{LRankz;},»jkl = 110501 + 12030, + 13010, (8.70)

Since the deformation tensor D and the viscouse stress tensor o’ are symmetric,
L Ranks must be symmetric in the indices (7, j) and (k,[). Therefor, (8.70) reduces
to

{I—Rankll}ijkl = 11040k + l2 (001 + dadjic) - (8.71)

Using the rules for isotropic tensors, the thermodynamical fluxes becomes

q = av (%) +b (—%V (AM)T> (8.72)

Jo = v (%) +d(—%V(AM)T) (8.73)
o' = e(V-u)l+2/D, (8.74)
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where a, b, ¢, d, e and f are molecular diffusion coefficients which depend on
temperature 7', pressure p and salinty S. It follows from Onsagers principle that
the matrix of coefficients must be symmetric, this implies that b = ¢. By using

that the gradient to the chemical potential difference is given by

dA AA
V (Ap), = (8—;> Vp + (a—;‘> Vs
T,S T.p

(8.75)

and rewrite the gradient in the equation of the thermodynamic fluxes. The ther-

modynamic fluxes can be written as

ad — b? b

b d OAp OAp
Jg = ——VT— = [ (£ s
g (5, (), )

o' = e(V-u)l+2fD,

To make the physical picture more clear, we introduce new coefficient

B ad — b?
T T
D - d (0Ap |
pT \ 0S ),
b
kr = A ’
d(a_;)p,T
(%)
o ) st
kp = D Y, )
(G_)p,T
n = f
de+2f
¢ = =
and new tensors
S = D-V,
1

(8.76)

(8.77)

(8.78)

(8.79)

(8.80)

(8.81)

where k is the thermal conductivity that specifies heat transfer in the absence of
salt flux. D is the salt diffusion coefficient that specifies salinity transfer in the
absence of thermal and pressure gradient. k7 is the thermo-salt diffusion coefficient



8.2. THERMODYNAMIC AND CLOSURE OF THE EQUATIONS 123

that specifies salinity transfer in the absence of salinity and pressure gradient. k,
is the baro-salt diffusion coefficient that specifies salinity transfer in the absence
of salinity and temperature. 7 is the dynamical shear viscoisity and ¢ is the bulk
viscoisity due to compression and expansion. By using the new coefficients and
decompositions, the fluxes becomes

OAu
q = —/{VT + kT (W)ILT JS (887)
kr k,
Js = —pD ?VT + EVp + VS (8.88)
2
o' = n(Vu—i—(Vu)T—g(V-u) I) + (V- -u)l, (8.89)

It is not clear that the heat flux q depends on gradients of pressure and tem-
perature. This is because the salt flux Jg carrying a flow of entropy, due to the
deviation from the thermodynamic equilibrium state V.S = —%Vp. The ques-
tion now is: Which constraints due to the second law of thermodynamics due we
have on the coefficients. To answer this, we have to substitute the expressions for
the fluxes into the expression for the entropy production rate, (8.58). The result
becomes

1 1 (0Ap K 1,
Y = —ﬁq-w—?<¥>ﬂ.}5-(;vp+vs)+?a £ (S+3V)

1 OAp 1 (9Au Js  kr
= —— | kYT 4k ([ —==) Js| VI —=(=2) Js- (-2 - IvT
T2< I{v - T( aS )p,T S) v T < aS )p,T ° ( pD Tv )

+% (2nS +2¢V) : (S+3V)

K 1 OAL 1
= VI -VI'+ — | —5 . — (2nS : V:V
TQV v +TpD(aS )p,TJS Js+T(nS S+ 3¢ ),

By using the thermodynamic inequalities 7" > 0 and (%A—S“)p - > 0 and the second
law of thermodynamics, it follows that the thermal conductivity Kk, the salt diffu-
sion coefficient D, the shear viscoisity n and the bulk viscoisity ¢ are positiv. In
contrast, the coefficients k7 and k, have no constraints on the sign. It should be
noted that the mechanical pressure pyecn is equal to

1

Pmech = §Tr (o). (8.91)

This implies that the mechanical pressure is not equal to the thermodynamical
pressure. By taking the trace of the stress tensor, it follows that the difference
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between the pressures are

d
p_pmech:gv'u: _%d_i (892)

In thermodynamic equilibrium the pressure difference must be zero, hence the bulk
viscosity must be zero.

8.2.4 The complete set of equation
(p, T, S)-representation

To get more overview of the equations describing single-phase, two component
fluids, we here present an list over the equations of motion by using the pressure,
temperature and salinity as independent thermodynamic variables. By using the
equation for the chemical heat flux, (8.54), and the equation for the stress tensor,
(8.55), the prognostic equations of motion are given by

du

Ndp . 5T /.
pig = —pVout—(0':D—V q—J5 V(Ah)) + BsV(8H4)
P
dT dp
- _rx — "“D-V.q— . A .
Pcp<dt dt) o V.-q—Js-V(Ah) (8.95)
dS
o2~ v (8.96)

where we have substitute the the continuity equation, (8.1), into the thermody-
namic mass density equation, (8.42), to get an prognostic equation for the pressure.
The thermodynamic flux parameterization is given by

q = —kVI+kr ((‘M_u) Js (8.97)
oS ) ,r
iy k,
Js = —pD TVT—FEVP'FVS (898)

o = n(Vu+(Vu)T—§(V-u) I> +¢(V-u)l (8.99)
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where

k(p,T,S)
kr (p,T,S)
ky (p, T, S)
n(p,T,5)
C(p.T,9).

125

To close the system we have to specify the equations of state as a function on the

pressure, temperature and salinity

p

Cp

Ah

(o)
S ), r

p(p,T,S)
CP (p)Tv S)
Ah(p,T,S)

aA,u)
Y (p7T7 5)7
(%),

where the other thermodynamical coefficients are given by the equations of state as

Name Definitions
- )
Thermal expansion Br = —% (a_qp“)p, s
coefficient
Compresibility By = 5 ( p)TS
coefficient
.. 1 (9p OAp
Salinity Bs = ; (—S)pT —p <8_p)TS
contraction coefficient
Adiabatic compressibility k=p8,—TpBr
coefficient
Adiabatic temperature I'= BCTZ;
P
gradient
Speed of sound c= /%
PR

(p, 0, S)-representation

As discussed earlier, it will be more convenient to introduce a potential tempera-
ture which is a conserved quantity under adiabatic conditions. Let us define the
potential temperature 6 as the temperature a fluid particle of temperature 7" and
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pressure p will assume when it is brought adiabatically to a location with pressure
po- On mathematical form is given by

P

0(p,T,S) :T—/ dp'T (p, T (s,5,7),9), (8.109)
Po

where

s(S,T,p) =s(S,0,py) = s"(S,0) (8.110)

is the entropy. From the chain rule it follows that the evolution equation for the
potential equation is

o (00N dS (090 dT (90 dp
(L) 2, (L) 2, () @ 11
dt (as)m ar " (8T>S7p ar <8p)T’S dt (8.111)

By differentiating (8.110), it can be shown that

oy 0 ((osy (o WY b (0N b
oS T}p_cg oS o 0S o T ’ oT S’p_ch’ dp T,S_ o

c
(8.112)
where the specific heat capasity evaluated at the refrence pressure is
0s°
A=0 (—) : (8.113)
P 90 ), s
The Maxwell relation also gives
0 oS 0A
<_5> _ b (_> _ (_“) , (8.114)
op 7.8 p oT o oT S
which implise that
(%)
o) 1.5
50 =T (8.115)
(a_T) S,p

Therefor, equation (8.111) can be written as

OApL° dr dp
Ap—Ah—T . — —-I'—= 11
( g ( oT )s,p>v JS+Cpp<dt dt)] (8.116)

where we have used (8.53) and (8.8). By using (8.95) it follows that the equation
for the potential temperature is

do

o 10

dt capT

p% — 5 (8.117)
0 OAp° ’.
Fy = cg_T <AM—T( a7 )Sjp)V'Js-l-(U' 'D_V‘q—vahJ&)Dﬁ&)
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Under adiabatic conditions, the potential temperature is conserved. When (p, 6, S)
are the independent variables. The equations of motion reads

% = —pV-u (8.119)
p(fi—? = —Vp+V.-o' +f (8.120)
p‘;—f = F (8.121)
p% = -V-Jg (8.122)

p = p(pd,>9s) (8.123)
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Chapter 9

Appendix B

9.1 Spherical coordinates

Spherical coordinates consist of the radial distance r, the polar angle ¢/, and the
azimuthal angle ¢. Choose the z-axis as the polar axis and z-axis as the origin for
azimuthal angle, then the transformation from spherical to Cartesian coordinates
becomes

x=rsindcos¢p, y=rsindsing, z=rcosd, (9.1)

with domains 0 <7r < oo, 0 <9 <7mand 0 < ¢ < 2w. Therfor, it follows that
the lokal unit vectors in spherical coordinates are given by
= sin cos ¢X + sin ¥ sin @y + cos ¥z,

cos 1 cos ¢X + cos ¥ sin ¢y — sin ¥z,

) ) Hy
|

= —sin¢X + cos ¢y,

where X, y and z are the unit vectors in the Cartesian coordinate system. The
unit vectors in spherical coordinates are such that T, 9 and ¢ form a right handed
basis, which is orthogonal. Therefor, an arbitrary vector field can be written out

as
A=AT+ A0+ Ay, (9.5)

where A,, Ay and A, are projections of A on the spherical basis. Since the
unit vectors are a locally basis, which depends on the position, the derivatives are
non-vanishing. This non-vanishing derivatives reads

or __ o _ 9 ar o

8_I_07 @—19, @—Slnﬂ?,

9 99 -~ 99

g_f = 0, %A: —r, ~ 6 = COS 19¢, (96)
96 _ 06 _ 90 _ _ gin 7 — 9

ar — 0, 0 = O, 3_¢> = sin Jr COS 19'(9,

129



130 CHAPTER 9. APPENDIX B

The position may also depend on time, which implise that the unit vectors do it
also. So, the totale time derivate of the unit vectors are

dr do | d19 3

d9 d<;5

T - aere- (98)
dpp dgb

i n (sm 9T + cos ) 19) (9.9)

Now we have all relations to transform from a Cartesian coordinate system to a
spherical coordinat system. It is straigt forward to show that the del-operator in
spherical coordinat system is given by

o ~10 ~ 1 0

V= ra_ +ﬁ_% ¢rsin198_¢'

(9.10)

In geophysical fluid dynamics is more common to use gAb, 0 and T as a right
handed orthogonal basis. Where 6 = 7 — 9 is the latitude angle, which varies

from —7 to 7 in direction of the unit vector 0= —9. Therefor, an arbitrary
vector field can be written out as
A=Asp+ 490+ AT, (9.11)

where A,, Ag and A, are projections of A on the new spherical basis. In the
following, we will use ¢ 0 and T as a rlght handed basis. It is just to use that

sint = cos#, cost) =sinf and = 0. The del-operator is given by
~ 0 =10 0
0— T— 9.12
¢rcos@8¢ 0+r37“’ (9.12)

and the Laplacian operator is
1 & 19 o\ 19 (,0
2 2
pu— .1
v 72 cos® 0 0¢? T 2 eos 000 <008986) 2oy <T 87“) (9-13)

1 0 o 0 2% 290
B 7’2COS2987¢2+ (892 tan 96’9) (W+T8r> (9.14)

Below there is listed some well-known results from vector calculus based on these
operators:

1 04y 1 0 10
rcosf O0¢ * r cos 6 00 (cos4) + r2or (r A ) (9.15)

1 0As 1[0 J 2
- T (2 A+ (L +2) 4 1
reosd 99 + (86 tan@) 9+(8 + ) »  (9.16)

V-A =
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9.1.1 Material derivativ of the velocity field

The velocity field in spherical coordinates is given by

u - dr
Cdt
EE
— T T ar
d dg ~ d
= rcos@—¢¢+ra0—l— d?“ (9.17)
(9.18)
where 7 cos 9d = u is the zonal velocity, r% = v is the meridional velocity and

3: = w is the radlal velocity. By using these relations, the total derivative of the

unit vectors becomes

d(Aﬁ utanf ~ u .

—/ = 0— — 9.19
dt r r k ( )
de utanf ~ v

- _ _ -7 2
dt T ¢ - r L (9-20)
dr U~ U

— = — - 0. 21
dt r ¢+ r (9-21)

Therefor, the total derivative of the velocity field, which we need in the Navier-
Stokes equations, is given by

Ccll—l; = Z(uqﬁ%—véhtwr)

~du ~dv _dw dd dO  dr

p— — 0— — PR —_— —_—
il it L

du uw  uvtand dv  vw ultané
= ¢ +— - 40—+ —+

dt r r dt o r
_(dw  u?+v?

— = 9.22
r < dt r ) ’ (9:22)

where the operator for the total derivative is the material derivative given by
d 0
E = E +u-V
0 u 0 wvo 0

B a+r00898_¢+;%+ ar’ (9.23)

In geophysical fluid dynamics, the dynamics in horizontal and vertical directions
are very different. Therefore it will be advantageous to split everything into a
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horizontal component and a vertical component. Hence, equation (9.22) can be

splitted as
da) - (dw
), dt
du duy
at dt

where the vertical line symbolizes that the unit vectors remain constant during
the differentiation.

)—i—EuLjLEtan@?x u, (9.24)
e, T r

r

) . (9.25)

9.1.2 Local Cartesian system

If one wants to describe phenomena on small scale in relation to the earth radius,
it will be advantageous to introduce a local Cartesian system (X, Y, Z) fixed on
the Earth’s surface. Let the origin to this local coordinate system be given by the
position vector ¢o¢, + 08¢ + 1oTo, where the unit vectors which spand out the
coordinate system is defined by

X = EZ\)O = —sin ¢oX + €cos ¢yy, (9.26)
Y = 50 = —sin Ay cos ppX — sin by sin ¢y + cos 6z, (9.27)
7 = Ty = cos by cos ¢pX + cos by sin gy + sin Hyz. (9.28)

For small excursions on the plane, the geometry gives that the coordinate is related
to spherical coordinates by

X = XX+YY+Z21Z,
= (6 — o) rocosOy X + (0 — 0) oY + (r — 10) Z. (9.29)

By using the chain rule it follows that the relation between the derivatives in the
lokal coordinate system and the spherical coordinate system is

% = 7y COS Qoa—X, % = ToaiY’ % = 8% (9.30)
and
do_ 1 dX 9 _1dy dr_dZ 95
dt  rocosby dt ' dt rodt’ dt dt '
The del-operator in this coordinate system is
~rocosby O ~719 O ~ 0
V:X T’COSQ ﬁ‘f‘ 76_Y+Za—z, (932)

and the velocity is

rcosf dX ~ rdY ~ dZ ~
= — X4+——Y+—7Z 9.33
" rocosfy dt + ro dt + dt ( )
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9.2 From inertial systems to non-intertial sys-
tems

Let the Cartesian coordinate system in section 9.1 rotate with an angular velocity
Q along the polar axis z. Then, an arbitary vector field A represented in these
Cartesian coordinate system

A=AXx+AYy+ Az, (9.34)

will change with time in relation to an observer fixed in the rotating frame with

A A A A
(d ) 4o @ A, (9.35)

R — v
i), " @ T e YT

Note that the unit vectors in this frame are fixed in length and direction. For an
observer fixed in an non-rotating frame of reference, both the components of the
vector field A and the unit vectors will change with time according to

dz
dt’

— ] = 'y A, A A,
7 S e R e A - +

dA dA, . dA,. dA..  dx dy
( )1_ dt d dt dt - Vdt (9:36)

Since both X and y will move in the azimuthal direction (/]5 with angular velocity
Q. It follows that ‘Cll;’f = 0z xX and % = 0z xy. The unit vector z along the polar
axis will not move, but of course % = Oz x z = 0. Therefor, the change with time
in the non-rotating frame is given by

dA dA
) = (=) +axa 9.37
(), (), o 950

where we have used (9.35) and Q = Qz.

Let for instance the vector field A be the positon vector r to an arbitary fluid
element. According to (9.37) the velocity field observed in the non-rotating frame
is given by

u =ug+ Qxr, (9.38)



134 CHAPTER 9. APPENDIX B

where u; = (%)1 and ug = (%)Q. The rate of change of (9.38) observed in the

non-rotating frame is

du; du[
R — - - (9
(&), = (&), =
dt o

dug dQ dr
= | — — Q — Q Q
(), (@), e (@), s o

= (d&) +2(2qu+9><(er)+<@) X T. (9.39)
at /o dt /o
The second term is known as the Coriolis acceleration, the third term is known as
the centrifugal acceleration and the last term is the acceleration due to the change
of rate of the angular velocity vector. For our case, the angular velocity is constant
along the polar axis. Therefor, the last term will vanish.

9.2.1 Pseudo acceleration in spherical coordinates

The angular velocity vector = Qz of the earth, point along the polar axis. In
spherical coordinat it is given by

Q=0 (coseb\ + sin 9?) : (9.40)

An observer who is standing in a rotating frame of reference, will observe moving
objects to deflect according to this rotation. In this frame of reference, there exist
two pseudo-forces who will act on the object according to (9.39). In spherical
coordinates the Coriolis acceleration reads

20 x u =2 (wcosf — v2sin ) ¢ + 2usin 6 6 — 2u cos HT, (9.41)
and the centrifugal acceleration reads
Qx (2 xr)=0%cosb <sin9§ + cos 9?) . (9.42)
The Coriolis acceleration can be written as
2@ xu= (22 xu), + (202 xu), (9.43)
where horizontal and vertical components reads
2Qxu), = 16 xuj+ fFxu, (9.44)
(2@ xu), = 10xu,, (9.45)

here, f =2|Q| sinf and [ = 2 || cos 6.
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9.3 Poisson brackets

In a Cartesian coordinat system the Poisson bracket of two dynamical variabels
A and B is defined as

0AOB 0AJOB

The Poisson bracket can also be written as
{A,B}=z-(VAxXxVB), (9.47)

or equivalent as

[A,BY=(ExVA)- VB (9.48)

In two-dimensional nearly incompressible flow the advective operator u - V have
the structure {¢,-}, where 1 is a stream function. Therefor, introducing Poisson
bracket will simplify the notation. From the definition of the Poisson bracket,
(9.46), it follows that the Poisson brackets have the following properties:

{A, A} = 0 (9.49)
(A,B}Y = —{B,A} (9.50)
{A+B,C} = {AC}+{B,C} (9.51)
{AB,C} = B{A,C}+A{B,C} (9.52)

It should be pointet out that it is often more convenient to write out the Poisson
bracket in flux form as

0 0B 0 0B
o 0 0A 0 0A

9.4 Reynholds stress tensor in spherical coordi-
nates

The momentum exchange between turbulent small-scale flow and large-scale flow
is given by the divergence of the Reynholds stress tensor

= —pp (uu), (9.55)
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where u is the velocity field assosiated with the small-scale motion. Since the
equation which describe this small-scale field is very complex, it is natural to
parameterize the stress tensor in terms of the large-scale velocity u. In many text
books they do it in a Cartisian coordinate system. We will try in this section to
do it in the spherical coordinate system. From the definition of the stress tensor,
it follows that the tensor is a rank two tensor, which is symmetric. According
to [6, p.58] the stress tensor is parameterized as follows

II=p |:AJ_ (VJ_ Ru+ (V. ® u)T) -f—AH (V” Qu+ (V” & u)T>] (9.56)

where the coefficients A and A are the horizontal and vertical turbulent viscosity
coefficients respectively, and where V is the horizontal gradient operator, V)
is the vertical gradient operator and where ® is the dyadic product. In spherical
coordinates, the products in the tensor reads

~ 1 0 <10 ~ ~
= — 4+ 0-— 7] T
Vi®u (¢7’C0896¢+ r89>®<u¢+v +wr>

~ ~ 1 9ou - ~ U
- = — oS OF + i 99)

¢®¢r00598¢+¢®( cosUr -+ sin r cosf

~ ~ 1 0Ov ~ ~tanf

0 =

T oou rcosf 0¢ PP r

~ 1 ow ~ ~w
+ ¢®r7"00898_¢+¢®¢_

~ ~10u

) -7z
+ r 00
N 5@5 81}_5 v

r 00 r?“

~ 10w ~ =

0R1T-— + 00—
* ®rr(90 r

ou vtanf w ov utan 6 ow u
rcis&%?a tr +7 rcis§2_+ tr rcc}sg%_;

= v 90 vo T T va — 7 | (957)

0
0 0 0
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Viou = (?— @ (ug+v8+ui)

0
0 (9.58)

Therefor, it follows that the components of the stress tensor is given by

M, = 24, (misgg—z + % - Utine) (9.59)
My = A, (%% + @g—; + “tjM) (9.60)
M, — A (ml)seg—z - %) A (9.61)
My = 24, (%% + %) (9.62)
My, = A, (%g—g’ - ;) +AH% (9.63)
I, = 2A||aa—l: (9.64)

Since the momentum transfer is given by the divergence to the tensor, we need
to calculate these components. According to [4, p.260] is given by

<

=
|

<)

< 1 8H¢¢ + 16H¢9 8H¢r + 2H¢r + Hr¢ B tan 91_[ tan 0H¢9>

rcosf O¢ r 00 ar r r r T Ty
~ 1 8H9¢ 1 8H99 61'19 r QHQT Hrg tand tan 8
0 - — 11 I1
* (7" cos O0¢ * r 00 or * r * r o+ r %
—~ 1 GHM, 1 8HT9 an QHW tan 6 Hg@ H¢¢
- — Iy————) (9.65
r(rcos@ 0p +r 00 or * r r Ty r (9:65)
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By substituting the components of the stress tensor, we get

V-II = ¢ <ALVLu—|—A”V”u+ Al 088¢V u—l—@%
+r22(f(1;9 ( ‘ neg—; %) a 7“213381;9>
+ §<ALV2LU+A”Vﬁv+A—§0V M%
+7“22§(1):9 (tan@% +008089> — r;clgszé)
+ T <AlViw +A,,Vﬁw+AL%V u+ 2(,470;22@)@0
%% %éf@ (v cos 9)) (9.66)
where the horizontal and vertical Laplacian operators are define as
Vi = m%Jr (aa; tan@(%) (9.67)
Vi = V2-Vi. (9.68)

In the limit where the turbulent mixing is isotrophic, i.e. A, = A = A, and the
fluid is incompressible, (9.66) reduced to

- 2
V.l = ¢A(V2u+ ( tane@ a“’)—L)

r2 cosf d¢p 0o r2 cos? 6
~ 2 ou ow v
A 2 = e ) -
+ 6 (V v+r20039 (tane&b—l—coseae) r2cos26)
2 2 Ou 2 0
T <V TR T 2 c0sg 8¢ rZcosaf (v cos 9))
= AViu, (9.69)

which is the same result given by Batchelor |7, p.617]. Note that Batchelor use the
polar angle 9 instead instead of the latitude angle ¢. By introducing a horizontal
velocity u; = u¢ + v and a vertical velocity uj = wr, the following identities
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can be shown

~ 2tand
Via, — Q”(Viu u an 817)

" r2cosf  r2cosfdg

(o2 W 2tan 6 du
o <VLU r2cosf  r2cosf 0p
2
- ?(;m.ul) (9.70)
VﬁuL = &\bVﬁu + EVﬁv (9.71)
2w ~ 2 Ow 420w
2 _ w2, ¥ _ e ow 4Hea0w
Vigy =1 (Vlw > ) + d)rQ cos0 90 + 298 (9.72)
Viy = tVjw, (9.73)

which provides the stress tensor,(9.66) in a more compact form the stress tensor:
V-I1I = ALViuL + AHVﬁuL + ALV%_UH + A”Vﬁu” +A,V, (V . u) + ALVH (V . 11)

+¥ (% (LIJ_ — uH) +V- u) . (974)

9.5 Viscous Stress Tensor

The part of the momentum flux that is not due to the direct transfer of momentum
with the mass of moving fluid is given by the minus of the divergence of the stress

tensor
o=pl—o, (9.75)

where p is the pressure, | is the unit tensor and o’ is the viscous stress tensor
which gives the irreversible viscous transfer of momentum in the fluid. According
to Chapman-Enskog method! the viscous stress tensor is given by

2

a’—n(V@u—l—(V@u)T 3

(V-u) I) +((V-u)l, (9.76)
where 1 and ¢ are the coefficients of viscosity which both are independent of

velocity and positive quantities. In the case where the coefficients of viscosity are
constant, the divergence of the stress tensor reads

V-a:Vp—nV2u—(C—I—%n)V(V-u), (9.77)

1See [8] for how to derive the viscous stress tensor from the Chapman-Enskog method , or
see [5].
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where we have used that the diadic product can be written as V ® u = Vu and
the identety V- (Vu + (Vu)T> = V?u+V (V- u). In spherical coordinates ¢, 6,r
the components of the stress tensor are equal to the components of the Reynholds
stress tensor with pA; = pA; = n, when the fluid is incompressible.

9.6 Helmholtz’s theorem

Helmholtz’s theorem states that a vector field u can be decomposed into one
irrotational vector field ug;, and one divergence free vector field u,o as

u = Ugiy + Uyot- (9.78)
Where the decomposition must satisfy
V- Uyot = O, V x Ugiv = 0, (979)

which implies that
UWot = V XA, ugy =V, (9.80)

where A and A are respectively the vector potential and the scalar potential. As
a consequence of, (9.78), it follows for a two-dimensional vector field u; that

U = Uy giv + Uy ot (9.81)
where
VJ_ Ul rot = O, VJ_ X U] div = 0. (982)
This implies that
Ul o = VI XA, upg,=-—VIA (9.83)

however, since u, ,o; should only have horizontal components, it follows that A
must be given by,

A = yq, (9.84)

where 1 is the unit vector in the vertical direction.
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